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Abstract 
The mechanisms driving the Atlantic meridional overturning circulation (AMOC) low-

frequency variability and the climate impact are investigated in the atmosphere-ocean coupled 
general circulation model (AOGCM) IPSL-CM6A-LR. A centennial to multi-centennial 
variability of the AMOC emerges in this model, which increases the uncertainties associated with 
internal variability in the climate projections. We isolate the low-frequency variations in a 2000-
yr preindustrial control simulation and show the dominant role of the freshwater exchanges 
between the Arctic Ocean and the North Atlantic in controlling the AMOC intensity.  

As the AMOC increases, the ocean transports heat northward, which leads to the sea-ice 
melting in the Arctic Ocean. Combined with the weakened southward East Greenland Current, the 
freshwater export from the Arctic reduces, and a progressive accumulation of freshwater occurs in 
the central Arctic. Meanwhile, the saltier Atlantic inflow through the Barents Sea results in a 
positive salinity anomaly in the Eastern Arctic subsurface. The mean transpolar drift across the 
Arctic towards the Lincoln Sea tends to transport the positive salinity in the Eastern Arctic 
subsurface to the central Arctic and the central freshwater anomaly to the Lincoln Sea north of 
Greenland. In parallel, a cyclonic circulation anomaly is simulated around Greenland, which 
competes with the tendency of the transpolar drift transporting freshwater southward towards 
Greenland. This competition leads to the relatively long retainment of a surface freshwater 
anomaly in the Arctic Ocean. When this accumulated freshwater finally reaches the Lincoln Sea, 
the oceanic currents around Greenland reorganize, leading to the export of the anomalous Arctic 
freshwater to the North Atlantic, enhancing the stratification in deep convection sites. The AMOC 
then decreases, positive salinity anomalies appear in the Central Arctic, and the variability switches 
to the opposite phase. 

We further examine the climate responses to this low-frequency AMOC and associated 
oceanic meridional energy transport (OMET) variability using AOGCM sensitivity experiments. 
The underlying mechanism is also revealed by comparison to a slab ocean model (SOM) coupled 
with the same atmospheric module as in IPSL-CM6A-LR. In the AOGCM experiments, we 
constrain the AMOC anomalies using a novel scheme modifying online the baroclinic current of 
the AMOC in the North Atlantic Ocean. These simulations do not use any flux correction into the 
climate system, so that the climate responses to an intensified AMOC can be investigated in the 
framework of energy flow diagnostics in the climate system.  

A strengthening of the AMOC is found to be responsible for a wide warming in the Northern 
Hemisphere and a northward displacement of the intertropical convergence zone (ITCZ). 
According to Bjerknes compensation, at the decadal time scale and beyond, a decreasing 
atmospheric meridional energy transport (AMET) should compensate for the AMOC-associated 
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increasing OMET. Such compensation is verified when the AMOC increases, as the ocean heat 
storage changes are small, and the energy balance at the top of the atmosphere (TOA) is hardly 
modified. Therefore, the northward OMET anomaly due to strong AMOC is balanced by a 
southward AMET. In the tropics, the abnormal southward AMET is completed by an anomalous 
equatorial Hadley circulation through its upper branch. Thus, the moisture and heat are transported 
northward via its lower limb, leading to the shift of ITCZ. The anomalous wind stress associated 
with the Hadley cell also leads to the formation of an overturning cell transporting heat northward 
in the Indo-Pacific Ocean. In contrast, in analogous SOM experiments, where the ocean is 
motionless, the imposed increase in Atlantic OMET is therefore solely balanced by a decrease in 
AMET. The resulting climate variations in SOM experiments are similar to that in AOGCM but 
with much larger amplitudes. In addition, the SOM atmospheric circulation changes are further 
amplified by more intense radiative changes at the TOA than that in AOGCM, which are driven 
by the tropical low cloud changes. 

Résumé  
Les mécanismes à l’origine de la variabilité à basse fréquence de la circulation méridienne 

de retournement de l'Atlantique (AMOC, pour Atlantic Meridional Overturning Circulation) et la 
réponse du climat à cette variabilité, basée sur le modèle de circulation générale atmosphère-océan 
(AOGCM, pour atmosphere ocean general circulation model) IPSL-CM6A-LR. Une forte 
variabilité centennale à multi-centennale de l'AMOC apparaît dans le modèle, ce qui engendre de 
fortes incertitudes pour les projections climatiques. Nous isolons les variations à basse fréquence 
dans une simulation de contrôle préindustrielle de 2000 ans et avons trouvons que les échanges 
d'eau douce entre l'océan Arctique et l'Atlantique Nord jouent un rôle déterminant.  

Lors d’une intensification de l'AMOC, le transport de chaleur vers le nord réalisé par l’océan 
augmente. Ceci entraîne la fonte de la banquise dans l'océan Arctique. Nous trouvons également 
que le courant Est du Groenland orienté vers le sud s’affaiblit. Ainsi, l'export d'eau douce de 
l'Arctique diminue, entrainant une accumulation progressive d'eau douce dans le centre de 
l'Arctique. Parallèlement, l'afflux d'eau salée provenant de l'Atlantique Nord à travers les détroits 
bordant la mer de Barents entraîne la formation d’une anomalie de salinité positive de sous-surface 
au niveau de l'Arctique orientale. La dérive transpolaire à travers l'Arctique vers la mer de Lincoln 
tend à transporter cette anomalie de salinité positive de vers l'Arctique central, tandis que 
l'anomalie centrale d'eau douce de surface se propage vers la mer de Lincoln au nord du Groenland. 
En parallèle une anomalie de circulation cyclonique est simulée autour du Groenland, alors que 
des anomalies positives de salinité se forme le long des côtes du Groenland. Les courants générés 
entrent en compétition avec le renforment du transport d’eau douce vers le sud de de la dérive 
transpolaire. Cette compétition conduit à une rétention relativement longue de l'anomalie d'eau 
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douce de surface dans l'océan Arctique. Lorsque cette eau douce accumulée atteint finalement la 
mer de Lincoln, un seuil est alors atteint. Les courants océaniques autour du Groenland se 
réorganisent alors, entraînant un export massif de l'eau douce de l’Arctique anormale vers 
l'Atlantique Nord. L'AMOC diminue alors, et des anomalies positives de salinité apparaissent dans 
le centre de l'Arctique, alors que la phase opposée de la variabilité se met en place. 

Nous examinons en détail les réponses climatiques aux anomalies de l’AMOC se formant à 
basse fréquence en utilisant des expériences de sensibilité avec le même AOGCM. Les 
mécanismes sous-jacents sont également mis en évidence par comparaison avec un modèle 
analogue utilisant une couche de mélange océanique (SOM, pour slab ocean model) couplé au 
même modèle atmosphérique que celui utilisé dans IPSL-CM6A-LR. Dans les expériences 
AOGCM, les courants barocline associés à l'AMOC dans l'océan Atlantique Nord sont contraint 
par une méthode innovante ne modifiant que la dynamique océanique. Ces simulations n'utilisent 
pas de correction de flux et les réponses climatiques à une intensification de l'AMOC peuvent être 
étudiées en étudiant les bilan et flux d'énergie dans le système climatique.  

Le renforcement de l'AMOC conduit à un fort réchauffement de l'hémisphère nord et déplace 
vers le nord de la zone de convergence intertropicale (ITCZ, pour Intertropical convergence zone).  
Selon la compensation de Bjerknes, à l'échelle décennale et au-delà, un transport méridien 
d'énergie dans l'atmosphère (AMET, pour atmopheric meridional energy transport) vers le sud doit 
se former pour compenser l'OMET (pour ocean merdional energy transport) vers le nord engendré 
par une intensification de l’AMOC. Cette compensation est vérifiée dans nos simulations car le 
contenu de chaleur océanique varie peu, de même que le bilan radiatif au sommet de l'atmosphère. 
L'anomalie de l'OMET vers le nord due à une forte AMOC est ainsi compensée par un AMET vers 
le sud. Dans les tropiques, l'anomalie de l'AMET vers le sud est réalisée par une cellule de Hadley 
anormale au niveau de l’équateur transportant de l'énergie dans sa branche supérieure. L'humidité 
et la chaleur sont en revanche transportées vers le nord par sa branche inférieure, ce qui est cohérent 
avec le déplacement de la ITCZ. La modification des vents alizées associée entraîne également la 
formation d’une cellule de circulation océanique superficielle transportant de la chaleur vers le sud 
dans l'océan Indo-Pacifique. En revanche, dans les expériences SOM, le changement de l'OMET 
imposé dans l’océan Atlantique est uniquement équilibré par un changement de l’AMET. Ainsi, 
les variations climatiques dans les expériences SOM sont similaires à celles du AOGCM, mais 
avec des amplitudes beaucoup plus grandes.  Les changements de la circulation atmosphérique 
dans les expériences SOM sont également amplifiés par une rétroaction positive liée aux 
changements des nuages bas, entrainant une variation du bilan radiatif au sommet de l’atmosphère. 
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1 Ocean and atmosphere energy budget and 
transports 
1.1 Energy budget 
The energy that drives climate systems is almost entirely from the radiative shortwave flux coming 
from the sun. In this thesis, we focus on the atmosphere and ocean components of the climate 
system. For a climate of equilibrium, the incoming shortwave (or solar) radiation needs to be 
balanced by a radiative flux returned to outer space. From the top of the atmosphere (TOA), part 
of the incoming solar radiation is firstly reflected and scattered by Rayleigh scattering, clouds, and 
aerosols or absorbed in the atmosphere. The net shortwave radiation designates the incoming 
minus reflected shortwave radiation. At the earth surface, the remaining incoming radiation is then 
either reflected or absorbed by the Earth’s surface. The Outgoing longwave radiation (OLR) is the 
radiative longwave (or thermal) flux emitted by the earth surfaces and the atmosphere at the TOA. 
The OLR necessarily balances the net shortwave radiation so that the energy of the climate system 
remains stable. The partitioning of the energy fluxes in the climate system to achieve this balance 
is usually referred to as Earth’s energy budget. 
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Figure 1.1. The global annual mean Earth's energy budget for Mar 2000 to May 2004 (W m-2). 
The broad arrows indicate the schematic flow of energy in proportion to their importance. The 
yellow arrows indicate the shortwave fluxes. The beige arrows indicate the longwave fluxes. 
The orange and blue arrows are the sensible and latent heat flux. Reprinted from Trenberth et 
al. (2009). 

There is a long history of attempts to understand and estimate this budget, at least dating 
back to Dines (1917). Dines (1917) provided a global annual mean surface-atmosphere energy 
budget for the earth. Over the years, improvements in estimating the global annual mean energy 
budget due to the application of remote sensing have been made by numerous research (e.g., Hunt 
et al., 1986; Kiehl and Trenberth, 1997; Stephens et al., 2012; Trenberth et al., 2009). Trenberth et 
al. (2009) constructed a delicate global mean energy budget based on various measurements, 
models, and previous estimations. The TOA terms use satellite retrievals from the Earth Radiation 
Budget Experiment (ERBE) and the Clouds and the Earth’s Radiant Energy System (CERES) 
datasets. The global atmospheric temperature and moisture fields are available from the reanalyses 
datasets of the National Centers for Environmental Prediction (NCEP) – National Center for 
Atmospheric Research (NCAR) Reanalyses (NRA), and European Centre for Medium-Range 
Weather Forecasts (ECMWF) Re-Analyses (ERA) and Japanese Re-Analyses (JRA). Figure 1.1 
shows the global annual mean earth’s energy budget for 2000–2005. The incoming shortwave 
radiation is 341 W m-2, and part of it, 102 W m-2, is reflected or scattered by the atmosphere and 
the Earth surface. The albedo of the earth is thus approximately 0.3. The surface absorbs most of 
the shortwave radiation, 161 Wm-2, and 78 W m-2 is absorbed by the water vapor and ozone in the 
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atmosphere. OLR consists of the emission from the atmosphere (169 W m-2) and the clouds (30 W 
m-2). Another small component is also emitted at the surface and transmitted through the 
atmospheric window (40 W m-2), where a range of wavelengths of the electromagnetic spectrum 
can pass through the atmosphere.  

Nevertheless, even if the OLR and the net shortwave radiation are almost balanced globally, 
such fluxes are not balanced locally, i.e., for a specific location. This regional imbalance induces 
oceanic and atmospheric motions. The storage, transport of the energy, and conversion among 
different types, lead to motions in the atmosphere and ocean, driving the weather on the earth.  

A similar balance also needs to be achieved for the energy entering and leaving the 
atmosphere. The shortwave energy absorbed by the atmosphere (78 W m-2), the absorbed 
longwave radiation from the earth’s surface (356 W m-2), the sensible heat flux (17 W m-2), and 
the latent heat flux (80 W m-2) are the source of the incoming energy. The outgoing energy includes 
the longwave emission by the atmosphere and clouds to outer space (169 Wm-2 and 30 Wm-2) and 
to the earth’s surface by the atmosphere (333 W m-2). Similarly, for the surface, the longwave 
radiation (396 W m-2), the sensible (17 W m-2), and latent heat fluxes (80 W m-2) cancel the 
absorbed shortwave radiation from the sun (161 W m-2) and the longwave back radiation from the 
greenhouse gases in the atmosphere (333 W m-2).  

Over the 2000-2005 period, the OLR and net shortwave radiation were not balanced. The 
rising greenhouse gas concentration leads to the increasing longwave radiation absorption in the 
atmosphere, decreasing the OLR and giving rise to a global imbalance at the TOA of 0.9 W m-2. 
This imbalance is usually estimated through the changing ocean heat content, the principal 
reservoir of energy in the climate system (Hansen et al., 2005; Levitus et al., 2000; Meyssignac et 
al., 2019), as the accuracy of remote sensing estimates, is insufficient to provide this value.  

This thesis aims at exploring the intrinsic variability emerging from the atmosphere, the 
ocean, and their interactions and how it affects the energy flows within the climate system. 
Therefore, in the following, we focus on the mean energy flows within the climate system rather 
than track changes in the earth’s energy budget caused by external forcings.  

1.2 Atmospheric and oceanic energy transport  
As noted before, the uneven distribution of the radiative fluxes induces the transport of energy by 
the atmospheric and oceanic circulations. Due to the sphericity of the earth, high latitudes receive 
less shortwave radiation than low latitudes. Therefore, the atmosphere and the ocean transport 
energy from the equator to the poles, forming the Earth's climate as we know it today and 
maintaining its stability. Such a mode of transport is called meridional energy transport. 
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The meridional energy transport in the climate system has been assessed in much research. 
Heat transport is often used as a shorthand for what is really energy transport (Warren, 1999). 
Based on the definition, heat transport is computed from the velocity and temperature fields. For 
instance, the ocean heat transport (OHT) can be adequately approximated as (Yang and Xu, 2015; 
Zhang et al., 2002): 

 𝑂𝐻𝑇 =  ∫ ∫ 𝜌𝑐𝑝𝑤𝜃𝑣𝑤𝑑𝑧𝑑𝑥
𝑧
−𝐻

𝑥𝑒
𝑥𝑤

,   ( 1.1) 

where 𝑣𝑤 is the meridional velocity of oceanic current perpendicular to the cross-section 
from the western (𝑥𝑤) to the eastern (𝑥𝑒) boundaries, and z indicates the vertical coordinate. 𝜌 is 
the density of seawater, and𝑐𝑝𝑤 is the density and specific heat capacity of the seawater at constant 
pressure. 𝜃 is the potential temperature. 𝑤 in 𝑐𝑝𝑤 and 𝑣𝑤 denotes seawater. 

 
Figure 1.2. Schematic of the main flows of energy through the climate system for the atmosphere 
and ocean, including net radiation at the top and surface RT and Rs, surface sensible heat flux 
Hs, and surface latent heat flux LE. The last three terms combine to give the surface flux Fs. 
Latent heat is realized in the atmosphere as precipitation LP. The vector transports of total 
energy in the atmosphere FA and ocean FO are indicated. Reprinted from Trenberth et al. (2019).  
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 In the ocean, heat transport is dominant in energy transport, despite in some cases where the 
transport of latent heat by sea ice and icebergs needs to be considered at high latitudes. The 
meridional ocean heat transport thus approximately equals the OMET in most cases. While for the 
AMET, heat, latent heat, and geopotential energy must be taken into account. The significant 
cancellation among these individual components leads to a smooth meridional transport of total 
MSE by the MMC (Trenberth and Stepaniak, 2003).  

However, considering the sparse observations and uncertainties for the dynamic and thermal 
structures in the atmosphere and ocean, heat transport is often derived from the heat fluxes. The 
total meridional heat transport is usually calculated by integrating the radiative flux, defined as the 
difference between the net shortwave radiation and the OLR at the TOA. The OMET can be 
estimated instead as an integration of the net surface heat flux entering the ocean, and the 
atmospheric energy transport is obtained by subtracting the OMET from the total (Hsiung, 1985; 
Wunsch, 2005). Reversely, some studies treat the OMET as a residual of the TOA radiation and 
the atmospheric energy budget (Fasullo and Trenberth, 2008; Vonder  Haar and Oort, 1973; Oort 
and Vonder Haar, 1976; Trenberth and Caron, 2001). The method of computing OMET or AMET 
as a residual is referred to as the indirect approach in the following.  

Figure 1.2 presents a schematic of the indirect methodology (Trenberth et al., 2019). The 
climate system is simplified as two layers: the (top) atmosphere and (bottom) ocean. The main 
flows of energy through the climate system include radiation at the TOA (RT) and the surface (Rs) 
and surface sensible heat flux Hs. The surface latent heat flux is given by LE, where L is the latent 
heat of vaporization, and E the evaporation. The combination of the last three terms provides the 
total surface flux FS, although a small precipitation enthalpy term can also be included. Latent heat 
is realized in the atmosphere by the formation of precipitation, so that in the atmosphere, latent 
heat is given by LP, where P is the precipitation. The vertically integrated energy transport in the 
atmosphere and ocean, namely AMET and OMET, are indicated by the vectors named as FA and 
FO. Either AMET or OMET is computed as a residual. For instance, the OMET is computed as a 
residual: 

 𝐹𝑂 = 𝑅𝑇 − 𝑆 − 𝐹𝑎, ( 1.2) 

where S denotes the energy stored in the atmosphere, ocean, land, and ice. The most dominant heat 
reservoir is the ocean, as the ocean heat capacity is much larger than the one of the atmosphere or 
the land surfaces. In the ocean, energy is stored through the ocean heat content, which is defined 
as the vertical integration of heat:  

 𝑆 = 𝑂𝐻𝐶 = ∫ 𝜌0
−𝐻  𝐶𝑝𝑤𝑇𝑤𝑑𝑧,   ( 1.3) 
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with the same notations as in Equation 1.1. 𝑇𝑤 is the conservative temperature of the seawater 
in °C and H is the ocean's depth. The widely adopted indirect computation of AMET and OMET 
assumes that the changes in the ocean heat content are negligible. The horizontal ocean circulations 
balance all net surface flux into the ocean.  

Energy transport takes place in various ways in the atmosphere. For example, the annual 
mean energy transport by the atmosphere from ocean to land regions is 2.2 ± 0.1 PW (Petawatts = 
1015 W), as the air is drier and the OLR is larger over land than over the ocean. This transport is 
especially pronounced in the Northern Hemisphere winter, when the transport exceeds 5 PW 
(Fasullo and Trenberth, 2008). This manuscript will focus on the meridional energy transport, 
carried mainly by the oceanic and the atmospheric large-scale overturning circulations, including 
the Hadley cell in the tropics, or by baroclinic storms in extratropics. The atmospheric and oceanic 
meridional energy transports are referred to as AMET and OMET, respectively. Although the heat 
capacity of the global atmosphere only corresponds to that of the ocean to a depth of 3.5 m 
(Trenberth and Stepaniak, 2004), AMET is a dominant contributor to the mean poleward transport 
of energy outside the tropics. 

 
Figure 1.3. Long-term averaged zonal-mean annual meridional transports in PW (1PW = 1015 
W) for the period 2000-2016. (a) Those inferred from TOA radiation (black), within the 
atmosphere from ERA-I (red), and the residual for the oceans (blue). (b) The breakdown for the 
oceans for the Atlantic (purple), Pacific (red), and Indian (green) and combined for the Southern 
Ocean south of 35°S (blue) in PW. Error bars denote the standard errors. Reprinted from 
Trenberth et al. (2019). 
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The indirect estimation of AMET/OMET dates back to the beginning of the satellite era. 
Vonder Haar and Oort (1973) firstly estimated the OMET as a residual in the atmospheric energy 
balance using radiosonde data. Over the past decades, calculations using satellite measurements 
and reanalysis data have been made by many studies (Liu et al., 2020; Oort and Haar, 1976; Peters 
et al., 2008; Trenberth and Caron, 2001; Wunsch, 2005). Using ERBE measurements at the TOA 
in the mid-1980s, a complete picture of AMET and OMET is given by Trenberth and Caron (2001). 
They found the annual mean AHT peak at 5.0 PW at around 40°N/S. At 35° latitudes, where the 
total meridional energy transport peaks in both hemispheres, the contribution of AMET is as high 
as 78% in the Northern Hemisphere and 92% in the Southern Hemisphere (Figure 1.3). The OMET 
is comparable to AMET only in the tropics.  

Afterward, rapid progress has been made using similar methodology and new observational 
data sets (Ganachaud and Wunsch, 2003; Mayer and Haimberger, 2012; Wunsch, 2005; Zheng 
and Giese, 2009). The TOA radiation measurements from the ERBE in Trenberth and Caron (2001) 
have been replaced by higher-quality CERES observations since March of 2000 (Loeb et al., 2009). 
The atmospheric reanalysis data from ECMWF also has been improved with the advances in 
assimilation techniques and updates in the general circulation model formulation (Dee et al., 2011). 
In particular, ECMWF-Interim Re-Analysis (ERA-Interim) has proven the most stable and reliable 
(Trenberth et al., 2011; Trenberth and Fasullo, 2013). Trenberth and Fasullo (2018) made further 
improvements in this methodology, providing adjustments for the inevitable spurious mass 
imbalance and accounting for the enthalpy associated with precipitation. Nevertheless, these 
improvements do not significantly change the results shown in Trenberth and Caron (2001).  

1.3 Decomposition of the atmospheric meridional energy 
transport 

The estimations of heat transport presented above use the indirect approach. However, one of 
AMET and OMET is computed as residual so that they are not obtained independently. The 
indirect approach fails in studying the relationship between the changes in the AMET and OMET. 
The improvements in numerical models and the increased coverage of the observational data have 
facilitated the ‘direct computation’ of heat transport, using the observed state variables in the ocean 
and atmosphere together with the velocity field. As there is no radiation imbalance at TOA for a 
stable climate, the transports given by the residual methodology and direct computation should be 
consistent.  

The atmospheric circulation is highly variable both in space and time domains and 
understanding the roles of different physical processes in the meridional energy transports is 
interesting. Partitioning of AMET and OMET is thus a subject of much research (Trenberth et al., 
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2011; Trenberth and Fasullo, 2013). The direct estimations also allow decomposing energy 
transport into the contribution by mean circulations, eddies, and dissipation (Nummelin et al., 2017; 
Yang et al., 2015).  

For the tropic-to-pole horizontal transport, only synoptic scale systems such as mid-latitude 
(anti) cyclones, planetary scale systems such as planetary-scale waves, and slow general 
circulations extending over thousands of kilometers make significant contributions. The total 
energy per unit mass in the atmosphere is defined as: 

 𝐸 =  𝐶𝑝𝑎𝑇𝑎 + 𝐿𝑞 + 𝑔𝑍⏟          
𝑀𝑆𝐸

+ 1
2
𝑉2,   ( 1.4) 

where 𝐶𝑝𝑎 is the specific heat capacity of the air at constant pressure (J kg−1 K−1). 𝑇𝑎 is the absolute 
air temperature (K), L is the specific heat of condensation (J kg−1), q is the specific humidity (kg 
kg−1), g is the gravitational acceleration (kg m−1 s−2), Z is the geopotential height (m), and V is the 
wind velocity (m s−1). The four terms on the right-hand side are internal energy, latent heat, 
geopotential energy, and kinetic energy, respectively. The internal energy accounts for 70% of the 
total energy, and the potential energy accounts for 27%. The kinetic energy makes a minor 
contribution (0.05%) and is thus neglected in AMET calculation (Hartmann, 2015). The sum of 
the first three terms is commonly referred to as moist static energy (MSE).  

 
Figure 1.4. Atmospheric annual mean meridional mass stream function, in 1010 kg s−1. Contour 
interval is 2 × 1010 kg s−1, and the arrows on the zero contour indicate the directions of vertical 
motion. Red is positive, and blue is negative. Reprinted from Hartmann (2015). 
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At the latitude 𝜑, the atmospheric meridional energy transport (AMET) is given by the 
vertically integrated energy in the atmosphere: 

 𝐴𝑀𝐸𝑇(φ) =  
−2𝜋𝑎 cosφ

𝑔
∫ [𝑣𝑀𝑆𝐸]𝑑𝑝
0

𝑝𝑠
  ( 1.5) 

with a indicating the radius of the earth, and 𝑝𝑠 denoting the pressure at the surface. Note that v 
designates the meridional velocity of air. The overbar represents the time average, and square 
brackets denote the zonal average. Zonal average captures a physically meaningful subset of the 
climate and simplifies the computation of the general circulations of the atmosphere, as the net 
radiation is independent of longitude. Averaging over time removes the consideration of weather 
variations. 

The product [𝑣𝑀𝑆𝐸] is traditionally decomposed into: 

where primes and stars denote deviations from time and zonal averages, respectively, following 
the conventions in Lorenz (1967). The first term on the right-hand side represents the energy 
transport associated with the mean meridional circulations (MMC). It represents the transport due 
to the Hadley cells in the tropics (30°S-30°N) and the minor contribution of the Ferrel cells in mid-
latitudes. The MMC can be described by the meridional streamfunction characterizing the zonal 
mean meridional and vertical velocities, which are much slower than the zonal wind. Figure 1.4 
shows the annual-averaged mean meridional mass stream function, with the two tropical Hadley 
cells visible between 30°S and 30°N.  

 

 [𝑣𝑀𝑆𝐸] =  [�̅�][𝑀𝑆𝐸̅̅ ̅̅ ̅̅ ]⏟      
𝑀𝑀𝐶

+  [𝑣∗𝑀𝑆𝐸∗]⏟      
𝑆𝑇𝑁

+ [𝑣′𝑀𝑆𝐸′̅̅ ̅̅ ̅̅ ̅̅ ̅̅ ] ⏟      
𝑇𝑅𝑆

 ( 1.6) 
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Figure 1.5. (a) Annual average meridional transport of moisture by the atmosphere in 109 kg 
s−1; totals and contributions by the mean meridional circulation and eddies are shown. 
Reprinted from Hartmann (2015). (b) Annual average northward meridional energy transport 
(in PW); totals and contributions by the mean meridional circulation, transient and stationary 
eddies are shown. CERES satellite observations and ERA-Interim data are used. Reprinted from 
Armour et al. (2019). 

In the tropics, the troposphere is heated by the ocean and land. Warm air rises near the 
equator and flows poleward in the upper atmosphere. Compensating downwelling occurs in the 
subtropical latitudes and then moves equatorward. The near-surface flow brings air back to the 
equator and forms northeasterly trade winds in the Northern Hemisphere and southeasterly trade 
winds in the Southern Hemisphere due to the Coriolis effect. This resulting MMC is the so-called 
Hadley cell, which George Hadley proposed in 1735 to explain the trade winds. Hadley cell plays 
a central role in the global circulation of the atmosphere and is associated with the formation of 
intertropical convergence zone (ITCZ), subtropical deserts, and jet streams. The descending 
branches of the two cells locate at about 30°S and 30°N, respectively (Figure 1.4). The annual 
mean Hadley cell is slightly more substantial in the Southern Hemisphere than in the Northern 
Hemisphere. The southern cell extends in the Northern Hemisphere to about 7°N, likely attributing 
to a weak net energy transport from the Northern to the Southern Hemisphere in the atmosphere, 
as shown by the negative AMET at the equator calculated from radiation budget measurements 
(Figures 1.3a and 1.5b).  

If one focuses on moisture transport, the moisture transport by MMC mainly occurs within 
the Hadley cells between 30°S and 30°N and is equatorward. The location of maximum transport 
coincides with the position of the trade winds over the oceans. The water vapor then condenses, 
and heavy precipitation occurs as warm moist air converges at the ITCZ. The release of latent heat 
provides the energy for the ascent of air in the upward branch of the Hadley cell. During ascending, 
latent heat and internal energy are converted into potential energy.  

Therefore, in the low troposphere, the lower branch of the Hadley cell transports warm and 
moist air from the subtropical oceans to the ITCZ (Figure 1.5a). Conversely, geopotential energy 
is exported poleward in the upper branch. The poleward flow of potential energy in the upper 
branch of the Hadley cell exceeds the sum of the equatorward flow of latent and sensible energy 
in the lower branch, leading to a poleward AMET in the Hadley cell.  The maximum AMET by 
the MMC is around 1.5 PW at 20°S and 15°N, dominating the total local transport of around 2 PW 
(Armour et al., 2019). In the mid-latitudes, eddies are responsible for most poleward atmospheric 
water vapor transport (Figure 1.5a). The heat transport by eddies also dominates the mid-latitude 
AMET, as the eddies hardly transport the geopotential energy.   
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The transport by stationary planetary waves (STN) and transient eddies (TRS) is denoted by 
the second and third terms in Equation 1.6, respectively. Transient eddies represent the rapid 
development and decay of weather fluctuations in the mid-latitudes, which generally move 
eastward along with the prevailing flow and contribute to the wind and temperature variations, 
especially during winter. These disturbances are very apparent on weather maps and have a typical 
duration of 2 to 10 days.  

Cyclones and anticyclones are the major transient eddies. They are fundamental in modern 
meteorology and synoptic climatology due to their crucial contribution to the wind and temperature 
variations. The growth and decay of these mid-latitude weather systems can be understood based 
on baroclinic instability theory. The tendency of the temperature wave to be displaced westward 
relative to the pressure wave, especially in the lower troposphere, leads to a positive correlation 
between poleward velocity and temperature in large-scale atmospheric waves. Thus, the available 
potential energy in the meridional temperature gradient associated with vertical shear of the mean 
flow is converted to the kinetic energy of waves. Cyclone waves whose amplitude increases rapidly 
with time have a large zonal phase shift between their pressure and temperature waves and thus 
produce efficient poleward transports of heat and moisture. As the temperature gradient is 
strongest during winter and weakest during summer, cyclones are usually most active during 
winter. Such a seasonal cycle is observed in the Atlantic (Nakamura, 1992). Nevertheless, the 
annual mean TRS transport peaks at about 45°N of 3.2 PW. The corresponding maximum in the 
Southern Hemisphere is even larger than the total transport, with a value of -4.5 PW (Figure 1.5b). 
Furthermore, the transient component exhibits a considerable local variability with sporadic 
extreme episodes exceeding the mean transport values by orders of magnitude (Messori et al., 2017; 
Messori and Czaja, 2013).  

Stationary waves do not move around much and are fixed in specific geographic locations. 
It is computed by the departures of the time average from zonal symmetry (Equation 1.6). Indeed, 
stationary waves, such as the eddies of wavenumbers of 1-3 in the Northern Hemisphere, mainly 
result from zonal asymmetries in topography and land-sea thermal contrast. The structure and 
amplitude of the stationary waves depend on the structure of the seasonally varying zonal-mean 
zonal winds, i.e., the jet stream. TRS fluxes dominate the meridional flux of temperature except in 
the Northern Hemisphere during winter, when STN contributes up to half of the flux (Hartmann, 
2015). 

The maximum STN transport occurs at 70°N in the Northern Hemisphere, of ~1.5 PW, and 
the minimum occurs at 25°S in the Southern Hemisphere, of -1PW (Figure 1.5b). It is more robust 
in the Northern Hemisphere than in the Southern Hemisphere as the Himalayas and Rocky 
Mountain ranges provide mechanical forcing of zonal variations in the time mean winds and 
temperatures. In particular, the thermal contrast between the warm waters of the Kuroshio and 
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Gulf Stream ocean currents and the cold temperatures in the interiors of the continents also 
provides strong thermal forcing of STN during winter. The poleward transport of moisture by 
stationary and transient eddies peaks at about 30° of latitude in two hemispheres in the lower part 
of the troposphere (Figure 1.5a).  

We have introduced the roles of three individual components in AMET. However, the 
seamless nature of the AMET also directly relates to the interactions between these components. 
The latent heating in the upward branch and the radiative cooling in the downward branch are 
regarded as the main driver of the Hadley circulation. While, as shown by some simulation studies 
deliberately exploring the possible atmospheric states without eddies (e.g., Kim and Lee, 2001), 
these eddies also force a large part of the Hadley circulation. The absence of eddies leads to a 
reduction of 75% in the Hadley cell (Kim and Lee, 2001). The cooling of the downward branch is 
more fundamentally caused by the transient baroclinic eddies advecting cooler air into the region. 
These eddies also strengthen the Hadley cells by interacting with other processes such as surface 
friction. The zonal asymmetries in topography are the leading cause of the STN. In addition, the 
heat and momentum fluxes by TRS also contribute to shaping the stationary flows. The preferred 
regions of baroclinic eddies are organized into storm tracks that are symbiotic with the quasi-
stationary waves as the location and activity in storm tracks are determined by and, in turn, help 
maintain through eddy transports, the quasi-stationary flow.  

1.4 Oceanic transport 
The global ocean plays several critical roles in the Earth’s climate system, mainly due to its low 
albedo and large heat capacity. Oceans provide a perfectly wet surface, with a low albedo except 
over the sea ice in polar regions. Therefore, the majority of the solar heat is absorbed by the ocean, 
particularly in tropical waters. The evaporative cooling of oceans balances much of the solar 
energy absorbed by the oceans, making them the primary source of water vapor and heat for the 
atmosphere. The world ocean is thus the boiler that drives the global hydrologic cycle. It also 
provides the bulk of thermal inertia of the climate system on time scales from weeks to centuries. 
The great capacity of oceans to store heat reduces the magnitude of the seasonal cycle in surface 
temperature by storing heat in summer and releasing it in winter. Because seawater is a fluid, 
currents in the ocean can move water over large distances and carry heat and other ocean properties 
from one geographic area to another. Oceanic currents transport substantial amounts of heat from 
lower latitudes, where heat is absorbed by the upper ocean, to higher latitudes, where heat is 
released into the atmosphere. The OMET plays an essential role in reducing the pole-to-equator 
temperature gradient. Horizontal and vertical energy transport in the ocean can also alter the 
regional climates by controlling the local sea surface temperature (SST). The effective heat content 
of the ocean and the function of the deep ocean as a reservoir of excessive heat are of significant 
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importance for the transient warming of the climate system in response to changing external 
forcing, such as the increase in greenhouse gases associated with human activities.  

We have introduced that the annual mean OMET is usually estimated as residual of the TOA 
radiation and the atmospheric energy budget. The ocean heat transport represents OMET well in 
most cases. This estimation shows that the maximum OMET in the Northern hemisphere is only 
1/3 of the AHT and occurs at a lower latitude, peaking in the tropical rather than the middle 
latitudes (Figure 1.3a). The maximum OMET in the Northern Hemisphere (1.7 PW at 15°N) is 
nearly twice that in the Southern Hemisphere (0.9 PW at 10°S). This asymmetry may result from 
the different topography in the two hemispheres. The transports by the ocean and atmosphere are 
comparable in the tropics.  

Efforts have also been made to distinguish the OMET in each basin (e.g., Boccaletti et al., 
2005; Hsiung, 1985; Trenberth et al., 2019; Trenberth and Caron, 2001). Despite the disagreement 
in magnitudes, the direction of transport from different studies is consistent. As shown in Figure 
1.3b, the transport in the Pacific Ocean is poleward in both hemispheres, centered on 10° of latitude, 
with the peak value of 0.5 PW in the Northern Hemisphere and ~ 1 PW in the Southern Hemisphere. 
While in the Atlantic basin, the transport is northward in both hemispheres, with a peak of 1.1 PW 
at 20°N. As discussed next, this is associated with the shallow subtropical cells and the Atlantic 
Meridional Overturning Circulation (AMOC; Trenberth and Caron, 2001). The Indian Ocean 
transports energy southward, with a maximum of ~0.4 PW at 15°S. 

Model simulations reveal that the absence of OMET would cool the high latitudes, and polar 
ice packs would spread. The Earth might freeze further as the profound influence on climate 
exerted by the ocean is likely through its crucial role in forming radiatively important sea ice and 
low oceanic cloud cover (Winton, 2003). In addition, for a time scale of several decades, AMET 
and OMET usually offset the changes of each other to achieve the energy balance at the TOA. 
This straightforward scenario is known as Bjerknes compensation (Bjerknes, 1964), indicating the 
significance of OMET in maintaining the earth’s energy balance. For instance, the northward-
oriented OMET at the equator needs to be balanced by a southward-oriented AMET. In the tropics, 
atmospheric energy transport is mainly achieved by the Hadley circulation through the 
geopotential transport in the upper branch. Thus, a total southward AMET corresponds to a 
northward flow in the lower branch, transporting heat and water vapor and forming the rainfall 
belt. Therefore, the northward OMET contributes to the northward shift in the mean position of 
the ITCZ (Frierson et al., 2013; J. Marshall et al., 2014). Then, what processes drive this important 
OMET? 

Ocean circulation can be conceptually divided into two main components: a fast and 
energetic wind-driven surface circulation and a slow and sizeable density-driven circulation that 
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dominates the deep ocean, although the ocean circulation is not a simple addition of the effects of 
these two types of forcings. Winds also play a significant role in thermohaline circulation (Shrestha 
et al., 2014). Wind-driven or tidal mixing are key components of the global thermohaline 
circulations (Oka and Niwa, 2013; Wunsch and Ferrari, 2004). Wind-driven and deep-oceanic 
circulations are responsible for a significant part of the OMET, the former having a central 
influence in the tropics. The role of the oceanic eddies is less well-known, but they can be 
significant in the Southern Ocean (Marshall and Speer, 2012), where eddies feed energy and 
momentum back into the mean flow and help drive the deep ocean circulation (M. Susan Lozier, 
1997; Morrow et al., 1994). 

1.4.1 Wind-driven surface Currents 
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Figure 1.6. Surface ocean current vectors and sea surface temperature (SST) for (a) January 
and (bb) July. SST data is from ERA-Interim. Current vectors are from the OSCAR data set. 
Reprinted from Hartmann (2015). 

The wind blows across the ocean surface and moves the sea water due to its frictional drag on the 
surface. The large-scale global wind field consists of the westerlies in the mid-latitudes and the 
easterly trade winds in the tropics. The wind stress acting on the ocean resembles the near-surface 
winds and transfers momentum to the ocean. Figure 1.6 shows the global distribution of large-
scale surface ocean currents in the Atlantic and Indian basins. Due to the presence of continental 
barriers, the trades and westerlies result in currents forming loops called the subtropical and 
subpolar gyres. The surface currents in the subtropical gyres are intensified along the western 
boundaries of the oceans, forming well-known western boundary currents (WBCs), such as the 
Gulf Stream off the eastern coast of North America and the Kuroshio Current off Japan. At higher 
latitudes in the Northern Hemisphere, there are weaker subpolar gyres. While in the Southern 
Ocean, the absence of continents and the strong westerlies induces the formation of the eastward 
flowing Antarctic Circumpolar Current that connects all the ocean basins. The Antarctic 
Circumpolar Current at about 60°S is one of the strongest currents on Earth, with a mass transport 
of about 130 Sv (1 Sv = 106 𝑚3𝑠−1 ). These currents and gyres circulate in almost the same 
direction as the applied wind stress (Figure 1.7). In contrast, the position of the ITCZ north of the 
equator induces the formation of equatorial countercurrents and thermoclines in all ocean basins, 
which flow in the direction opposite to trade winds.  
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Figure 1.7. Schematic of the westerly and trade winds and associated Ekman transport and 
wind-driven surface gyres. Reprinted from (Talley et al., 2011). 

As shown in Figure 1.8a, the balance between Coriolis and turbulent drag forces leads to a 
vertically integrated transport in the ocean surface layer normal to the applied wind stress (to the 
right in the Northern Hemisphere, to the left in the Southern Hemisphere). This transport, known 
as the horizontal Ekman transport, plays an important role in explaining the path of the wind-
driven surface currents. Furthermore, conservation of mass requires vertical motions in the ocean 
to compensate for the surface convergence/divergence caused by the horizontal Ekman transport. 
For instance, the coastal upwelling results from the offshore Ekman transport driven by the 
alongshore winds (Figure 1.8c). The cold tongue of SST in the eastern equatorial Pacific Ocean 
results from the coastal upwelling of the deep cold seawater.  
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Figure 1.8. Ekman transport divergence near the equator driven by easterly trade winds. (a) 
Ekman transports. (b) Meridional cross-section showing effects on the thermocline and surface 
temperature. (c) Coastal upwelling system due to an alongshore wind with offshore Ekman 
transport (Northern Hemisphere). The accompanying isopycnal deformations and equatorward 
eastern boundary current and poleward undercurrent are also shown. Reprinted from (Talley 
et al. 2011). 

In addition, as the trade wind converges toward the ITCZ, the Ekman transport diverges at 
the equator. The resulting divergence at the equator is compensated by an upwelling there (Figure 
1.8b), leading to a pair of shallow meridional overturning cells on both sides of the equator, known 
as the shallow tropical cells (McCreary and Lu, 1994). It consists of poleward surface Ekman 
transport that subducts in the subtropics and flows in the subsurface layers equatorward to the 
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equator, where it upwells to close the cell. These two subtropical cells are shallow, extending from 
the surface to about 500-m depth.  

Figure 1.3a shows the equal importance of the atmosphere and ocean in the meridional 
energy transport in the tropical regions (0-10°), of about 1.5 PW for each. Many studies have 
suggested that both the wind-driven ocean circulation and the deep overturning cells are 
responsible for the considerable OMET (Klinger and Marotzke, 2000; Talley, 2003). Note that the 
heat transport depends on the surface winds that drive the mass transport and the surface heat 
fluxes that shape the temperature distribution. Hence the OMET cannot be explained uniquely with 
ocean mass transport. Although the mass transport in the WBCs is much stronger than the Ekman 
mass transport (31.4 Sv versus 3.8 Sv; see details in Chapter 2.1), between the equator to 10°N/S, 
the zonal temperature gradient is not as strong as that at subtropical regions (30°- 40°; Figure 1.6). 
The horizontal tropical gyre associated with WBCs might not contribute a large fraction to the 
meridional energy transport in the tropics (Figure 1.8). The shallow tropical overturning related to 
Ekman transport may be mainly responsible for the mean ocean heat transport within ∼25° of the 
equator (Levitus, 1987). 

Numerical simulations indicate that in the Atlantic Ocean, heat transport by the subtropical 
cell peaks at 10°N/S, of about 0.1 PW. Due to the higher meridional temperature contrast in the 
South Indian Ocean, the shallow subtropical overturning transport is about 0.23 PW (Klinger and 
Marotzke, 2000). This transport in the broader Pacific Ocean in both hemispheres is around 0.3 
PW. Meanwhile, between 10°N and 10°S, the maximum total OMET is ~0.9 PW in the Atlantic, 

~ 0.4 PW in the Pacific, and ~0.3 PW in the Indian Ocean (Figure 1.3b). Therefore, the contribution 
of subtropical cell transport is minor in the Atlantic Ocean but plays an important role in the Pacific 
and Indian Oceans. This is consistent with the hydrographic measurements, which show that in the 
North Atlantic, the OMET is dominated by the meridional overturning circulation associated with 
deep flows (Bryden et al., 1991; Hall and Bryden, 1982; Roemmich and Wunsch, 1985). 

The importance of Ekman transport in the OMET is also reflected by its contribution to 
driving the subtropical gyres and WBCs. The subtropical gyre and the WBCs such as the Gulf 
Stream in the Atlantic Ocean and the Kuroshio in the Pacific Ocean carry large amounts of heat 
poleward. For instance, the Gulf stream and the associated eastward North Atlantic Current lead 
to relatively high temperatures along their pathway compared to other oceanic regions at the same 
latitude. The atmospheric circulation then brings relatively warm air of oceanic origin to Europe, 
causing the different winter temperatures in Eastern Canada and Western Europe. 

1.4.2  Deep thermohaline circulation 
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The thermohaline circulation, sometimes used to refer to the overturning circulation, is driven by 
the water density gradients, which are in turn related to sources and sinks of heat (thermo) and salt 
(haline). However, the term overturning circulation is preferred in this manuscript as the wind is 
another key component driving the deep currents. The overturning designates the presence of 
current in opposite directions for different depths of the ocean. Specifically, we will focus on the 
meridional overturning circulation, which refers to the overturning due to meridional flow. Figure 
1.9 presents a strongly simplified sketch of the global oceanic circulation. The wind-driven gyres 
and the associated WBCs, such as Gulf Stream, carry warm and salty water poleward from the 
equatorial regions, losing water vapor and heat to the atmosphere along its path. Sea ice forms in 
the polar regions as the ocean surface loses heat during winter and melts in summer, discharging 
salt into the ocean where the sea ice grows and adding freshwater where the sea ice melts. Surface 
water may then be dense enough to sink. The resultant deep water moves equatorward through the 
deep western boundary current (DWBC). The conventional view is that the sinking process, often 
called deep ocean convection, only occurs in a few places, mainly in the Labrador Sea and Nordic 
Seas in the Atlantic basin and the Southern Ocean. Nevertheless, based on observations from 
OSNAP, some recent work pointed out that the conversion of warm, salty, shallow Atlantic waters 
into colder, fresher, deep waters occurs in the eastern than western subpolar gyre (Lozier et al., 
2019; Menary et al., 2020). 

In the North Atlantic, the hydrography defines the North Atlantic Deep Water (NADW) 
formed by mixing the deep water of different origins in the Atlantic basin. The NADW flows 
southward along the western boundary of the Atlantic and eventually reaches the Southern Ocean. 
In the Southern Ocean, it then blends with other ambient water masses and then forms the 
circumpolar deep water. Next, this circumpolar deep water slowly upwells towards the thermocline 
in all oceanic basins. Although sinking is confined to very small regions, the upwelling is broadly 
distributed throughout the ocean. The return flow to the North Atlantic downwelling regions is 
achieved through the surface and intermediate-depth circulation.  
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Figure 1.9. Sketch of the global overturning circulation system. In the Atlantic, warm and saline 
waters flow northward all the way from the Southern Ocean into the Labrador and Nordic Seas. 
By contrast, there is no deepwater formation in the North Pacific, and its surface waters are 
fresher. Deep waters formed in the Southern Ocean become denser and thus spread to deeper 
levels than those from the North Atlantic. Note the small, localized deep water formation areas 
compared to the broad zones of mixing-driven upwelling. Wind-driven upwelling occurs along 
the Antarctic Circumpolar Current. Reprint from (Kuhlbrodt et al., 2007). 

In the Southern Ocean, Antarctic Bottom Water is mainly produced in the Weddell and Ross 
Seas. This water mass is colder and denser than NADW and thus flows below it. Therefore, the 
AMOC (Figure 1.9), the most prominent branch of the global meridional overturning circulation 
(Kuhlbrodt et al., 2007), consists of two primary overturning cells: (1) an upper cell in which warm 
ocean waters are transported northward in the upper 1,000 m and lose buoyance gradually during 
the path, leading to the formation of the NADW, which returns southward at depths of 
approximately 1,500-4,500 m and (2) an abyssal cell in which Antarctic Bottom Water flows 
northward below depths of about 4,500 m west of the Mid-Atlantic Ridge and gradually rises into 
the lower part of the southward-flowing NADW (Clark, 2009).  

The AMOC connects northward flowing warm waters on the surface and southward flowing 
cold waters at great depths in the entire basin. In the South Atlantic, the northward heat transported 
by this deep overturning cell overwhelms the shallow subtropical cell transport, leading to a 
positive OMET along the whole latitude range from 30°S to 80°N in the Atlantic (Figure 1.3b). 
The Pacific Ocean does not support a significant deep-reaching overturning cell; the transports are 
mainly due to near-surface subtropical overturning cells and gyre circulations. Therefore, the 
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OMET is symmetrically poleward in two hemispheres. Because of the unique geometry, the 
transport by the cross-equatorial cell in the Indian Ocean is southward due to the Ekman flow 
driven by the southwesterly summertime monsoon winds (Lutsko et al., 2019). 

The heat transported by the AMOC at 26°N is around 1.3 PW, calculated with the short-term 
(about four years) observational data (Johns et al., 2011). There is a discrepancy between the 
observed AMOC transport and the total OMET in the Atlantic computed with the indirect approach. 
The AMOC transport should be smaller than the total transport as the wind-driven transport is also 
northward. This difference might be explained by the different temporal coverage of these 
estimations.  

The significant heat transport achieved by the deep overturning circulation in the Atlantic 
Ocean has a broader impact beyond the Atlantic sector. For example, the northward cross-
equatorial Atlantic OMET due to the AMOC is important to determine the mean position of the 
ITCZ north of the equator (Chapter 1.4). More details of its impact on climate are given in Chapter 
2.5. 

1.4.3 Mesoscale eddies 

Although the history of computing the time mean OMET is long, with hydrographic observations 
and different estimations of surface fluxes, our understanding of its temporal variability is not 
sufficient, partly due to limited observations of mesoscale processes in many regions. In addition, 
the role of eddies in OMET is sometimes thought to be minor because of their small spatial scales 
compared with the scale of the oceans. These oceanic eddy structures are smaller than the eddies 
in the atmosphere approximately by a factor of 100. Indeed, the eddy heat transport is generally 
weak in the central gyres. However, some observations and eddy-permitting models have indicated 
that eddy heat transport is intense near the WBC extensions and the Antarctic Circumpolar Current 
(Dong et al., 2014; Jayne and Marotzke, 2002; Volkov et al., 2008). The Argo data reveals that the 
eddy transport reaches 0.12 PW in the northwestern boundary current band and −0.38 PW in the 
Antarctic Circumpolar Current band, respectively (Zhang et al., 2014). The eddy transport is 
confined to the upper 1000 m of the ocean (Jayne and Marotzke, 2002; Zhang et al., 2014). These 
results are likely beneficial to improving the parameterization scheme in models. 
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2 Atlantic Meridional Overturning Circulation 
2.1 The observed AMOC 
As the AMOC plays a significant role in the Earth’s climate, the continuous instrumental records 
of the AMOC and associated heat transport have existed since 2004, by the Rapid-MOCHA-
WBTS project (RAPID array in the following), which developed and maintained an observing 
system at 26.5°N in the Atlantic (Cunningham et al., 2007). RAPID concentrates on western 
boundaries and owns the longest temporal coverage, available from April 2004 to March 2020, 
compared to other AMOC observing arrays in the trans-basin areas: OSNAP in the subpolar North 
Atlantic since 2014 (Li et al., 2017; Lozier et al., 2017) and SAMBA in the South Atlantic at 
34.5°S since 2009. Next, we give an overview of the results retrieved from the AMOC 
observations, mainly from RAPID data. 
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Figure 2.1. Observational Atlantic meridional overturning circulation (AMOC) transport from 
RAPID array data from 2nd April 2004 to 9th March 2020. Ten-day (colors) and three-month 
(black) low-pass filtered timeseries of Florida Straits transport (blue), Ekman transport (green), 
upper mid-ocean transport (magenta), and overturning transport (red). Positive transports 
correspond to northward flow. The same figure but with data from April 2004 to October 2012 
is provided by McCarthy et al. (2015). This figure calculates the transports in the same way, but 
the data is updated by the RAPID array team. 

The AMOC is commonly described by the overturning streamfunction: 

with the same notations as in Chapter 1. Ψ is the zonally and vertically integrated meridional 
volume transport in a unit of Sv. The AMOC strength at a given latitude is defined as the maximum 
vertical value of the streamfunction. 

Figure 2.1 shows the AMOC timeseries (red line) at 26.5°N from RAPID. The meridional 
overturning circulation is computed as the sum of the three different components derived through 
different observational data: the Gulf stream transport (Florida cable; blue line) through the Florida 
Straits, the wind-driven Ekman transport (atmospheric reanalysis; black line), and the mid-ocean 
transport (RAPID array hydrography; pink line) in the upper mid-Ocean. The mid-ocean transport 
is derived from the differences between vertical density profiles from the eastern and western 

 Ψ(z) = ∫ ∫ 𝑣(𝑥, 𝑧)𝑑𝑧𝑑𝑥
𝑧

−𝐻

𝑥𝑒

𝑥𝑤
  (2.1) 
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boundaries. The strength of meridional overturning circulation is 16.9 ± 4.6 Sv. The Gulf stream 
transport, Ekman transport, and upper mid-ocean transport are 31.4 ± 3.2 Sv, 3.8 ± 3.5Sv, and -
18.1 ±3.5Sv, respectively. 

Many other features of the AMOC have been explored with the observational data. Johns et 
al. (2011) showed that the overturning carries 88% of the total OMET in the Atlantic Ocean, while 
the rest, 12%, is due to the gyre circulation. On seasonal time scales, the peak-to-peak amplitude 
of the AMOC was found to be 6.7 Sv, with important contributions from the geostrophic mid-
ocean transports (Kanzow et al., 2010). They also suggested that the seasonal cycle is dominated 
by wind stress at the eastern boundary, while Chidichimo et al. (2010) showed that the changes in 
the eastern-boundary densities give rise to 5.2 Sv peak-to-peak transport variability. At the western 
boundary, the variability of the DWBC was studied by Johns et al. (2008), who showed that the 
DWBC is −26.5 Sv and is divided nearly equally between upper and lower NADW. The 30% 
decline in the annual mean AMOC caused by unusually low AMOC in winter 2009/2010 was 
attributed by McCarthy et al. (2012) to anomalous Ekman transports from December 2009 to 
March 2010 and the intensification of the geostrophic mid-ocean transports. Using the relatively 
short OSNAP data (2014 - 2018), Li et al. (2021) proposed that DWBC variability is not firmly 
related to AMOC variability. Indeed, they found that the observed wintertime deep water 
formation in the interior basin has minimal impact on density changes in the DWBC, suggesting a 
dominant role in the overflows connecting the Nordic Seas to the North Atlantic. 

The wealth of information from the RAPID array calls for a comparison with results from 
general circulation models (GCMs), as presented in the next section. 

2.2 The simulated AMOC 
Because the observations of the AMOC are limited in terms of sampling, numerous studies 
investigated the AMOC using numerical modeling. Figures 2.2 show the AMOC stream function 
from various models, including non-eddy and eddy-rich simulations, high- and low-resolution runs, 
atmosphere-ocean GCM (AOGCM) simulations and ocean-only GCM (OGCM) runs. In addition, 
we show an estimation of the observed AMOC from Lumpkin and Speer (2007) in Figure 2.3. It 
is a zonally averaged mean AMOC stream function with an inversion of multiple observational 
data (air-sea fluxes of heat and freshwater, recent hydrographic sections, and direct current 
measurements) that Buckley and Marshall (2016) converted into depth coordinate.  
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Figure 2.2. AMOC stream functions in the depth coordinate in models from non-eddying to 
eddy‐rich simulations. The highest resolutions are shown in the top row and the lowest in the 
bottom. Ocean‐atmosphere coupled models are indicated in red. Reprinted from Hirschi et al. 
(2020). 

The models present different strengths and structures of the AMOC from the observed 
AMOC. The maximum stream function occurs at around 24°N in observations (Figure 2.3), while 
in the models, the maximum values are generally located at about 40°N (Figure 2.2). The strength 
of the simulated AMOC varies by a factor of 2 between the strongest and the weakest simulations. 
The coupled version of the model tends to present a stronger AMOC than the ocean-only 
configurations (Hirschi et al., 2020). Improvement in oceanic resolution also usually leads to a 
stronger simulated AMOC due to the stronger air-sea interactions (Grist et al., 2018; Roberts et al., 
2016). Nevertheless, significant differences exist among the different models, even for those of 
similar resolution and configuration.  
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Simulating a realistic AMOC structure and associated Atlantic OMET remains challenging 
(Zhang et al., 2019). The simulated weak AMOC is linked to a pronounced cold SST bias in the 
mid-latitude North Atlantic in many AOGCMs (Wang et al., 2014). It is also related to a fresh bias 
of the North Atlantic sea surface salinity (SSS), especially over the NADW formation sites (Drews 
et al., 2015; T. Park et al., 2016; Talandier et al., 2014). 

 
Figure 2.3. Mean Atlantic Meridional Overturning Circulation (AMOC) stream function in 
depth coordinates estimated from tracer inversion by Lumpkin and Speer (2007). Grey shading 
indicates the ocean bottom (maximum depth in the Atlantic at each latitude), and the black line 
indicates the crest of the Mid-Atlantic Ridge. The thick white line near the topography represents 
the deepest (climatological) mixed layer depth. Reprinted from Buckley and Marshall ( 2016). 

2.3 Drivers of the AMOC variability 
Under the background of climate change, the long-term trend of the AMOC has been a concern in 
the climate community for decades. Numerical simulations with double atmospheric CO2 suggest 
a slowdown of the AMOC in response to global warming through radiative warming and 
freshening due to sea ice melting (Swingedouw et al., 2007; Zhu et al., 2015). The palaeo-proxy 
evidence suggests a slowdown of the AMOC started in the nineteenth century and enhanced during 
the mid-twentieth century (Caesar et al., 2021). Some other palaeo-proxy studies also found a 
reduction in AMOC in the twentieth century (Rahmstorf et al., 2015; Thornalley et al., 2018). The 
continuous observation by the RAPID array reveals a substantial decline in the AMOC between 
2004 and 2012 (Smeed et al., 2014). Studies simulating a dramatic collapse of the AMOC with 
internal perturbations or external forcings have suggested a cooling at least in the Northern 
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Hemisphere resulting from the weakened AMOC (e.g., Brunnabend and Dijkstra, 2017; Drijfhout, 
2015; Vellinga and Wood, 2002). The potential global cooling related to the shutdown of the 
AMOC may obliterate global warming (Drijfhout, 2015). 

On the other hand, based on a comprehensive set of palaeo-proxy data, a recent work argues 
that the strength of AMOC over recent centuries is poorly constrained, and the projected slowdown 
in response to global warming may not have started yet (Kilbourne et al., 2022). Jackson et al. 
(2016) also proposed that the recent slowing of Atlantic overturning circulation is a recovery from 
earlier strengthening. However, it is difficult to distinguish the influence of global warming on the 
AMOC from its natural variability without a proper understanding of the underlying mechanisms 
of AMOC variability on different time scales. In particular, the low-frequency variations have an 
important influence on the long-term trend of the AMOC.  

Fluctuations in the AMOC have been linked to changes in essential ocean variables, such as 
SST and subsurface temperature (Zhang, 2008), sea level (Bingham and Hughes, 2009; Frajka-
Williams, 2015; Park and Latif, 2008), deep density gradients (Zanna et al., 2011), and Arctic sea 
ice (Mahajan et al., 2011; Park and Latif, 2008). These associations can enable the prediction or 
attribution of SST or Arctic sea ice variations in response to AMOC changes. A robust variability 
mechanism can provide appropriate ocean initial conditions for use in the decadal prediction 
experiments, where the AMOC and upper-ocean temperatures are crucial to assess the decadal 
climate forecast skills (Cassou et al., 2018). Moreover, we have shown the scarcity of instrumental 
measurements of the AMOC both in temporal and spatial domains. Understanding the mechanism 
of the AMOC variability helps figure out the key regions where the local variations drive the rest 
of the Atlantic and facilitate the design of observational networks. 

The variability of the AMOC on different timescales, ranging from interannual to multi-
centennial, has been widely explored in many previous studies. We have briefly shown the 
seasonal to decadal variability investigated with observational data in Chapter 2.1. Whereas for 
multi-decadal to multicentennial variations, instrumental records are not enough. Some paleo-
proxy studies have shown the existence of low-frequency variability in the North Atlantic (Nyberg 
et al., 2002; Sicre et al., 2008) or in the Northern Hemisphere (Ayache et al., 2018; Laepple and 
Huybers, 2013; Mann et al., 1995). Nyberg et al. (2002) and Farmer et al. (2008) found centennial 
variations of SST in the North Atlantic in the Holocene. Centennial to millennial-scale variability 
also has been found in the North Atlantic Ocean circulation in the surface and deep layers (Bond 
et al., 2001; I. R. Hall et al., 2004; Kissel et al., 2013). A reconstruction of past AMOC based on 
multiple proxy-derived SST records suggested a multi-centennial variability over the Holocene 
(Ayache et al., 2018). However, it is difficult to distinguish this internal variability from external 
forcings, such as solar irradiance and volcanic aerosol variations (Mann et al., 2021). Therefore, 
even though the simulated cold and fresh bias in North Atlantic SST/SSS might lead to the 
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underestimation of the low‐frequency AMOC variability at multidecadal timescales (Park et al., 
2016) and the deficiencies in models may alter our understanding of the role of AMOC in climate, 
numerical models remain the main method to explore a large spectrum of AMOC variability, at 
the interannual, decadal, multidecadal or multi-centennial time scales.  

In the following, we will present the dominant mechanisms of the AMOC variability. Firstly, 
we will present the direct role of the atmospheric variations. Secondly, we will investigate the 
oceanic mechanism which can drive AMOC variations in models. 

2.3.1 Atmospheric forcing 

The AMOC variability is largely regulated by atmospheric variations. The linkage between the 
atmospheric forcing and the AMOC variations is usually examined with OGCM forced by the 
historical atmospheric forcing estimated during the last decades. Such runs are also called ocean 
hindcasts and use the so-called bulk formulae to estimate the fluxes exchanged between the ocean 
and the atmosphere. The ocean hindcast simulations used to investigate the AMOC variability 
adopts, for instance, NCEP reanalysis (Kalnay et al., 1996) or ERA-40 (Uppala et al., 2005). The 
Coordinated Ocean-ice Reference Experiment framework defines protocols for performing these 
simulations, for example, using inter-annually varying atmospheric forcing over the 60 years from 
1948 to 2007 to force the ocean and sea-ice model (Danabasoglu et al., 2014). Based on these 
ocean hindcast simulations, the role of buoyancy fluxes and wind stress can be investigated on 
interannual to decadal time scales, even if a salinity restoring has to be used. 

The North Atlantic Oscillation (NAO), associated with a large-scale atmospheric pressure 
see-saw at sea level in the North Atlantic region between the Azores islands (the subtropical high) 
and low pressure centered over Iceland (the subpolar low), is the most prominent atmospheric 
mode that can drive the AMOC fluctuations. The NAO index is defined by the sea level pressure 
(SLP) difference between these two regions and is most dominant in the winter. The observed 
winter NAO index has been available since 1864, provided by the Hurrell North Atlantic 
Oscillation Index from NCAR. Fluctuations of the NAO-related surface fluxes are found to 
increase the deep water formation in the subpolar regions, which then intensifies the AMOC (e.g., 
Danabasoglu et al., 2016; Xu et al., 2019). The AMOC variations are often detected in the subpolar 
gyre by changes in temperature, salinity, and, hence, density anomalies (Häkkinen et al., 2011), 
particularly in deep-water formation regions. Xu et al. (2013) found that the observed decadal 
variability of wintertime NAO index leads the boundary current transport in the subpolar gyre by 
2 years and leads the simulated AMOC by about 1 year. Böning et al. (2006) reported that the 
NAO weakens subpolar gyre intensity, consistent with sea surface height observations. The 
associated volume transport changes in the DWBC off the Labrador Sea reflect the variations of 
AMOC. The gyre circulation variations connect the NAO and the AMOC oscillations. 
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Figure 2.4. Winter (from December to March) heat flux anomalies (W m-2) that correspond to a 
one-standard-deviation anomaly of the North Atlantic Oscillation (NAO). Negative values 
indicate a flux of heat from the ocean to the atmosphere. Heat flux data is from ECMWF ERA-
Interim. The NAO index uses the station-based index provided by the NCAR–UCAR climate data 
guide. Reprinted from (Delworth and Zeng, 2016). 

More specifically, during the positive phase of the NAO, both the subpolar low and the 
subtropical high are higher than average. The intensified pressure contrast between the two regions 
leads to stronger westerlies manifested by the Atlantic jet stream. Intensified westerlies can extract 
more heat from the ocean to the atmosphere in the subpolar gyre regions through increased 
turbulent fluxes (Marshall et al., 2001). Anomalous heat is released from the ocean to the 
atmosphere in the subpolar gyre and the Nordic Seas (Figure 2.4). The convection in the deep 
water formation sites increases due to the buoyancy loss. The lower branch of the AMOC (NADW) 
intensifies concomitantly. Some studies found that the enhanced convection occurs in the Labrador 
Sea associated with the WBCs (Danabasoglu et al., 2012; Delworth and Zeng, 2016; Kwon and 
Frankignoul, 2012; Yeager and Danabasoglu, 2014). However, other studies suggested other key 
regions. For instance, Deshayes and Frankignoul (2008) found that the increased deep water 
formation driven by the interannual-to-decadal variability of the NAO occurs in the Irminger Sea 
instead of the Labrador sea. The subpolar gyre is weakened in the south and strengthened in the 
north by the anomalous Ekman pumping associated with NAO-related wind stress anomalies. The 
buoyancy loss in the Labrador sea increases in smaller amplitude than that in the Irminger Sea. 
Therefore, the subpolar gyre and the AMOC intensifications are initialized in the Irminger Sea.  
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Some other work based on the short-term observations (OSNAP since 2014) instead found 
that buoyancy anomalies driving AMOC variability do not occur in the Labrador Sea. The changes 
in the Irminger and Iceland basins are important (Lozier et al., 2019). The comparison between 
OSNAP observations and models further reveal that the eastern subpolar gyre plays a more 
prominent role in the AMOC variability (Menary et al., 2020). 

Although the debate on the role of currents in the Labrador or the Irminger Seas exists, 
another crucial source of the NADW is found related to the Nordic Seas (Greenland Sea, 
Norwegian Sea, and Iceland Sea) outflow, which is the cold/dense water from the Nordic Seas 
returning southward in the form of bottom-attached gravity currents (Darelius et al., 2015). 
However, the variability in the Labrador Sea and the Nordic Seas convection driven by decadal 
air-sea fluxes in the convective region are related to opposite phases of the NAO. The enhanced 
convection in the Labrador Sea tends to be favored by cold and dry air masses during the positive 
NAO. The increasing Labrador Sea sea-ice extent also contributes to the convection via brine 
release. Similar effects of the air-sea fluxes are seen in the Nordic Seas during a negative phase of 
NAO when fewer warm and moist air masses are brought into the region by reduced storms 
(Medhaug et al., 2012). The Labrador Sea convection driven by NAO primarily regulates the 
variability in AMOC. Connections between the outflows in the Nordic Seas and the AMOC are 
less direct and more complicated due to the barrier of the Greenland-Scotland Ridge.  

In summary, although whether the interannual-to-decadal AMOC variability is a dynamic 
ocean response to the atmospheric forcing is still under debate, a consensus is achieved that 
anomalous surface buoyancy fluxes over the subpolar gyre driven by the NAO through 
modifications in the air-sea fluxes of heat, water, and momentum, are significant to the variations 
of the NADW formation and associated AMOC variability. 

Apart from NAO, the East Atlantic pattern (EAP), which has a similar configuration as NAO 
but displaces southeastward to the approximate nodal lines of the NAO pattern, is found to play a 
role in affecting the AMOC decadal to multidecadal variability (Msadek and Frankignoul, 2009; 
Ruprich-Robert and Cassou, 2015; Song et al., 2019). In the IPSL-CM4 model, Msadek and 
Frankignoul (2009) found that during the negative EAP phase, the associated anomalous cyclonic 
atmospheric circulation over the subpolar gyre increases the heat released from the ocean to the 
atmosphere, leading to negative SST anomalies at high latitudes. The subpolar gyre and the North 
Atlantic Current hence intensify, and the warm salty water is advected to the subpolar convection 
site south of Iceland. The positive density anomalies generate in the deep convection sites, and the 
AMOC is enhanced. Ruprich-Robert and Cassou (2015) also suggested that the EAP should be 
included a forcing in addition to NAO for the multidecadal AMOC variability, using the CNRM-
CM5 model. With Kiel Climate Model (KCM), Song et al. (2019) proposed that under Large 
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Glacial Maximum conditions, multidecadal AMOC variability is mainly forced by EAP while 
NAO dominates under the preindustrial conditions.  

2.3.2 Intrinsic oceanic dynamics  

In the mechanism for atmosphere-driven AMOC variations, the density anomalies in the subpolar 
gyre result from the NAO or EAP-related fluxes cooling the ocean surface. Meanwhile, many 
studies have suggested that AMOC variability over multi-decadal to multi-centennial time scales 
tends to be intrinsic to the ocean rather than forced by the atmosphere. Most of these studies 
emphasize the importance of salinity on the density changes (Ba et al., 2014; Delworth and Zeng, 
2012; Jackson and Vellinga, 2013). For instance, the AMOC variations are found to be driven by 
the salinity anomalies from the Arctic (Jungclaus et al., 2005), primarily due to an anomalous 
freshwater export, or from the Southern Ocean through a slow propagation (Delworth and Zeng, 
2012; W. Park and Latif, 2008), or a combined contribution of the salinity anomalies from the 
Arctic and the tropical North Atlantic (Jackson and Vellinga, 2013; Vellinga and Wu, 2004). We 
focus on the time scales greater than 50-yr in this subsection. 
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Figure 2.5. Lagged regressions between the AMOC at 30°N and the density (black) and 
corresponding contribution of temperature (blue) and salinity (red) anomaly in convection sites 
of nine AOGCMs. An 11-year running mean is applied to all variables before the regression. In 
each model, the relationships are calculated in the regions where increased mixed layer depth 
significantly precedes AMOC changes. Reprinted from Ba et al. (2014). 

Figure 2.5 shows the density anomalies in the sinking regions where a significant deepening 
of the mixed layer leads the AMOC variations in nine models. The density anomalies are 
decomposed into anomalies induced by the salinity and temperature. Most of the models show that 
the sign of the density anomalies is the same as the salt contribution. The density anomaly induced 
by temperature changes has the opposite sign and acts as a damping effect for the density anomaly. 
Similar results are also found in other studies (Delworth and Zeng, 2012; Jackson and Vellinga, 
2013). Although Jungclaus et al. (2005) found that the temperature variations might be important 
in the Greenland Sea, the salinity variations still dominate in the Labrador sea, where most of the 
deep convection occurs in their AOGCM. The positive (negative) upper layer salinity anomalies 
in the subpolar North Atlantic strengthen (weaken) the AMOC by regulating upper ocean density 
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and vertical stratification. Nevertheless, the source and propagation of these prominent salinity 
and concurrent density anomalies differ in various model studies.  

 

Figure 2.6. Zonal integral of the regression coefficients of salinity in the Atlantic versus the 
AMOC time series in the GFDL CM2.1 climate model. Units are in PSU m Sv -1. Negative 
(positive) values on the time axis indicate periods before (after) a maximum AMOC (occurring 
at lag 0). (a) Values at sea surface. (b) Values at 2500 m depth. Reprinted from Delworth and 
Zeng (2012). 

With a 4000-year control simulation of the Geophysical Fluid Dynamics Laboratory coupled 
model (GFDL CM2.1), Delworth and Zeng (2012) found that the AMOC variability at low 
frequencies is linked to a century-scale (approximately 100–150 years) propagation of salinity 
anomalies from the Southern Ocean to the subpolar North Atlantic (Figure 2.6). The upper-ocean 
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positive salinity anomalies propagate northward in the Atlantic, and resultant intensified 
convection in the North Atlantic leads to a positive salinity anomaly at depth, which then 
propagates southward. Transport variations in the upper and deeper layers (2500m) in the Atlantic 
Ocean are in the opposite directions. This slow propagation appears to set the time scale of the 
low-frequency AMOC variations. Park and Latif (2008) pointed out that in the KCM, the important 
freshwater anomalies originating in the Southern Ocean are linked to the sea ice extent changes.  

 

Figure 2.7. Net surface freshwater flux into the tropical North Atlantic (between 0° and 15°N) 
versus cross-equatorial Atlantic SST gradient (0°– 15°N minus 0°–15°S) in the HadCM3 
model. Solid triangles (circles) denote decades lagging (preceding) the 20 decades with the 
strongest (weakest) AMOC by 60 yr. Reprinted from Vellinga and Wu (2004). 

Using the Hadley Centre Coupled Model (HadCM3) simulations, Vellinga and Wu (2004) 
showed that the salinity anomalies are transported from the subtropical North Atlantic to the 
subpolar Atlantic. In a strong phase of the AMOC oscillation, the increased northward OMET 
leads to a cross-equatorial SST gradient. This temperature gradient causes an intensification and a 
northward displacement of the ITCZ. The anomalous ITCZ results in extra precipitation and hence 
imposes a positive freshwater anomaly in the tropical North Atlantic (Figure 2.7). In five to six 
decades, these substantial freshwater anomalies are advected toward the subpolar Atlantic.  

However, some studies argue that the variations come from the Arctic. Jungclaus et al. (2005) 
suggested that the anomalous export of freshwater from the Arctic center and anomalous 
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circulations in the Nordic Seas are responsible for the 70–80-year variability in the Max-Planck-
Institute for Meteorology global atmosphere-ocean–sea ice model (MPI coupled model). The 
anomalous northward heat transport associated with a strong AMOC leads to a warming in the 
subpolar North Atlantic and the Greenland Sea. A relatively light water pool forms and is 
associated with anticyclonic circulation anomalies in the Norwegian and Greenland Seas (not in 
the Iceland Sea). The anomalous northward East Greenland Current inhibits the freshwater export 
from the Arctic so that the freshwater anomaly accumulates in the central Arctic for a relatively 
long period. Eventually, this freshwater anomaly from the Arctic overwhelms the northward 
abnormal East Greenland Current and is released through the Fram Strait, propagating southward 
toward the Labrador Sea and decreasing the convection. In addition to the salinity, the temperature 
changes contribute to the overall oscillation cycle, with positive temperature anomalies in the 
subpolar North Atlantic propagating westward into the Labrador Sea and initiating the decay of 
convection. The mechanism suggesting the importance of the freshwater exchanges between the 
Arctic and North Atlantic regions is also proposed in other studies (Hawkins and Sutton, 2007; 
Jahn and Holland, 2013; Pardaens et al., 2008).  

 
Figure 2.8. Simultaneous correlations of (a) upper layer (averaged from the surface to a depth 
of 535 m) salinity, (b) rate of change of upper layer saliniy, and (c) wind stress curl, with a 
Beaufort gyre SLP index (average of 70°–90°N, 90°–270°E). All fields are from the HadCM3 
model. Only regions that are considered significant are shaded. Reprinted from Jackson and 
Vellinga (2013). 

With an ensemble of perturbed physics based on HadCM3, Jackson and Vellinga (2013) 
proposed that the salinity anomalies in the deep convection sites originate in the tropical North 
Atlantic and the Arctic Ocean. The mechanism involved with tropical salinity anomalies is 
described in Vellinga and Wu (2004). The Arctic salinity anomaly is suggested to be driven by the 
stochastic atmospheric forcing. When there is a high SLP anomaly over the Arctic basin, the 
associated anticyclonic wind stress leads to downwelling in the basin's center and upwelling at the 
coasts (Figure 2.8c). This results in a freshening in the middle of the gyre, and salinization at the 
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coasts, as surface water is colder and fresher than the subsurface (Fig. 2.8b). Therefore, the positive 
salinity anomalies at the coast, particularly in the north of Greenland, are further salinized, as 
shown by the positive rate of change of the salinity (Figure 2.8b). Thus, the SLP plays a role in the 
salinity anomaly in the Arctic, which is important to AMOC variations in the HadCM3. 

The precise mechanisms driving the AMOC variability on the decadal to multi-centennial 
scale remain open questions. We have presented that at multidecadal (longer than 50 yr) to multi-
centennial timescales, the propagation of salinity anomalies might dominate the AMOC variability. 
The impact of NAO on AMOC variability mostly occurs on the decadal time scale. However, the 
relatively low-frequency variability of AMOC does not necessarily relate to the atmospheric 
forcing or oceanic salinity anomalies. Many model studies also suggest that the AMOC variability 
at decadal to bi-decadal timescales arises from variations in the subpolar North Atlantic through 
westward propagation of subsurface temperature anomalies in the North Atlantic (Escudier et al., 
2013; Gastineau et al., 2018; Ortega et al., 2015; Sévellec and Fedorov, 2013). Muir and Fedorov 
(2017) examined this mode with 25 CMIP5 (Coupled Model Intercomparison Project Phase 5) 
models and found this westward propgation of temperature anomalies in more than half of the 
models.  

The AMOC variability presented above plays an important role in climate not only over the 
North Atlantic and surrounding landmass but also globally, mainly because of the associated basin-
scale heat and salt transport. Next, we introduce its impacts on climate. 

2.4 What does the AMOC variability drive? 
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Figure 2.9. Observed AMV index and SST pattern associated with AMV derived from Hadley 
Centre Sea Ice and Sea Surface Temperature (HadISST) data set. (a) Observed AMV index, 
defined as the 10‐year low‐pass‐filtered area‐weighted average of SST anomalies over the North 
Atlantic (80°W to 0°E, 0–65°N). The effect of global warming was first removed using a 
regression of the SST at each grid point on the global mean SST. (b) Observed SST pattern 
associated with AMV computed as regression of SST anomalies on the AMV index shown in (a). 
Reprinted from Zhang et al. (2019). 

The influence of AMOC variability on climate occurs on a range of timescales with significant 
societal and economic implications. On interannual to decadal timescales, the AMOC fluctuations 
in the subtropical Atlantic likely influence the coastal sea level off North America (Little et al., 
2017). On the multidecadal scale, numerous studies have suggested that the AMOC variability is 
often linked to the pattern of SST changes, known as the Atlantic Multidecadal Variability (AMV), 
with a range of climate implications (e.g., Buckley and Marshall, 2016; Muir and Fedorov, 2015; 
Zhang et al., 2019). The AMV is defined as averaged SST in the North Atlantic sector, lowpass 
filtered using a cutoff period typically of 10-yr. The pattern associated with the AMV is basin-
wide SST anomalies in the North Atlantic, with a maximum over the subpolar region ( Figure 2.9b; 
e.g., Danabasoglu et al., 2016; Zhang, 2008). AMV is previously known as the Atlantic 
multidecadal oscillation (AMO; Kerr, 2000), but recently the term “AMV” has been preferred in 
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the community as the observed SST anomalies do not oscillate at a single frequency but consist of 
a broader band of low-frequency signals (Sutton et al., 2018; Zhang, 2017).  

 
Figure 2.10. SST anomalies (in °C Sv−1) associated with AMOC in 26 climate models. SST is 
regressed onto the AMOC index (evaluated at 30°N) at the lag corresponding to the maximum 
correlation between the AMOC and the Atlantic Dipole index (the best lag). The Atlantic Dipole 
index refers to the SST difference between the Northern Hemisphere Atlantic (60°W-10°W, 
40°N-60°N) and Southern Hemisphere Atlantic (50°W-0°E, 60°S-40°S) by subtracting the latter 
from the former. Numbers at the top of the panels indicate the model number. Numbers at the 
bottom indicate the lag (in years) of the SST Index with respect to AMOC variations. Reprinted 
from Muir and Fedorov (2015). 

The instrumental observations of AMV reveal a possible dominant variability of about 50-
70 yr, while more sampling is needed to better quantify the periodicity (Figure 2.9a). Although the 
direct instrumental observations of the AMOC only started in 2004 (see Chapter 2.1), 
reconstructed historical AMOC multidecadal variability using tropical North Atlantic subsurface 
temperature anomaly shows close connections with the observed AMV signal (Zhang, 2007; 
Zhang et al., 2019). These connections are usually explained through the heat and salt transported 
by the AMOC in the upper North Atlantic Ocean.  
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Figure 2.10 illustrates the regression of SST onto the AMOC index at the lag corresponding 
to the maximum correlation between the AMOC and the Atlantic SST index in 25 CMIP5 models. 
A warming pattern in the North Atlantic, with the largest anomalies occurring between 40°N and 
60°N, is shown in all models. Models No. 2, 6, 9, 19, 21, and 25 also present a cooling in the 
Nordic Seas. Given the multi-model average, SST changes of about 0.3 °C per 1 Sv of AMOC 
anomaly (Muir and Fedorov, 2015).  

On the other hand, comparing North Atlantic SST anomaly patterns in AOGCMs versus that 
in slab ocean models, Clement et al. (2015) proposed that SST changes associated with the AMV 
are a direct red noise response to stochastic atmosphere-induced surface heat flux forcing. 
Nevertheless, this view is disputed by Zhang et al. (2016), where the anomalous OMET 
convergence is the main driver, and the air-sea heat flux variations on a multidecadal scale do not 
drive the AMV but damp the effect of the convergence over the North Atlantic subpolar gyre. This 
negative correlation is consistent with observations (Gulev et al., 2013) and many other recent 
model studies (Drews and Greatbatch, 2016; O’Reilly et al., 2016). In the following subsection, 
we illustrate the climate response to low-frequency (multidecadal to multi-centennial) AMOC 
variability in terms of the regions.  

2.4.1 The Atlantic Ocean 
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Figure 2.11. Anomalous annual mean precipitation (shading; mm day-1) and wind arrows (m s-

1) anomalies at 1000 hPa between years above and below one standard deviation in the 10-year 
smoothed time series of (a) the AMV and (b) the AMOC, in GFDL CM2.1 climate model. 
Contours indicate climatological precipitation. Stippling masks statistically non-significant 
anomalies in precipitation at the 5% level, whereas blue arrows highlight statistically 
significant anomalies. (c) and (d) are the zonally averaged anomalies in precipitation (blue) 
and wind (red) in (a) and (b). Blue and red shading, respectively, mask anomalies in 
precipitation and zonal wind that are nonsignificant at the 5% level. Reprinted from Moreno-
Chamarro et al. (2019). 

Moreno-Chamarro et al. (2019) computed the precipitation and surface wind anomalies between 
years above and below one standard deviation in the 11-yr running mean smoothed AMV and 
AMOC indices with the GFDL model. Overall, a strong AMOC and a positive AMV result in 
more precipitation in the Northern Hemisphere and less in the tropical Southern Hemisphere in the 
tropics (Figures 2.11c and d), associated with a northward shift of the ITCZ. The increasing rainfall 
mostly occurs in the tropical North Atlantic and North Pacific, and the Sahel. Negative 
precipitation anomalies take place in the tropical South Pacific and Brazil and the equatorial 
Atlantic (Figures 2.11a and b). Based on the Bjerknes compensation, the northward OMET 
anomaly induced by a stronger AMOC and resulting in a positive AMV needs to be balanced by 
an anomalous southward AMET. As introduced in Chapter 1.3, in the tropical and subtropical 
regions, the AMET is primarily due to the geopotential transport in the upper branch of the Hadley 
circulation. Therefore, an intensified AMOC leads to a southward transport of the upper branch of 
the Hadley cell, while the transport of moisture is northward in the lower branch. The increased 
northward moisture transport can be seen with the strengthening (weakening) trade winds in the 
Southern (Northern) Hemisphere (Figure 2.11). These changes displace the ITCZ northward.  
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Figure 2.12. Relationship between the AMV and the winter NAO. (a) DJFM (December, 
January, February, and March) SLP anomalies associated with the AMO signal (positive AMV 
phase minus negative AMV phase) in the 20th-century reanalysis data (20CR) over 1901–2010 
(shading in hPa). Contours indicate the first empirical orthogonal function of the SLP north of 
20°N using the 20CR SLP data (in hPa). Anomalies significant at the 95% confidence level are 
stippled. (b) Lead–lag correlations (black curve) between the DJFM AMO and the DJFM 
decadal NAO indices over 1901–2010. Blue and black dashed lines indicate statistical 
significance of the correlation and 95% confidence level, respectively. Winter AMV index is 
constructed over 1870- 2012 period using Hadley Centre Sea Ice and Sea Surface Temperature 
data set. Reprinted from Peings and Magnusdottir (2014). 

An intensified AMOC may also induce negative NAO-like SLP anomalies in winter over 
the North Atlantic region on the multidecadal scale, with dipolar pressure anomalies weakening 
the subtropical high and the subpolar low (Gastineau and Frankignoul, 2012). This relationship is 
consistent with that found between the AMV and the SLP, as shown in Figure 2.12a. The 
correlation between the AMV and NAO is negative, and the minimum occurs when the AMV 
leads the NAO by a decade (Figure 2.12b). A negative NAO following the positive AMV on the 
multidecadal scale has been found in many studies (e.g., Frankignoul et al., 2015; Gastineau et al., 
2013; Msadek et al., 2011). Gastineau et al. (2016) showed the winter NAO response to the AMV 
with AGCM (Atmospheric general circulation model) simulations forced by the prescribed 
AMOC-SST signature obtained from AOGCMs, consistent with observational/reanalysis data 
analysis (Gastineau and Frankignoul, 2015; Peings andMagnusdottir, 2014). Even though both the 
observations and model simulations exhibit a statistical relationship between the AMV and the 
decadal fluctuations of the atmospheric circulation (NAO), the underlying mechanism remains an 
open question. One possible explanation is that an intensification of the AMOC and associated 
warm AMV-like SST anomalies leads to an enhanced heat loss over the subpolar North Atlantic. 
The lower tropospheric baroclinicity over the SST gradient anomalies shifts northward, resulting 
in fewer eddy activities in the North Atlantic storm track and weakened westerly, and thus a 
negative wintertime NAO phase (Figure 2.13b). A warm AMV also increases the upward 
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propagation of planetary waves, leading to the weakening of the stratospheric polar vortex and 
warming in the high‐latitude stratosphere, which in turn propagates downward to the troposphere 
and enhances the negative NAO response in winter (Gastineau et al., 2016; Omrani et al., 2014). 

 
Figure 2.13. Schematic diagrams of impacts of the positive AMV-like SST anomalies induced by 
a strong AMOC. Reprinted from Zhang et al. (2019). 

The NAO associated with the AMV and AMOC likely modulates the pathway of the Atlantic 
storm track and the probability of blocking events, largely regulating the temperature and 
precipitation patterns over Western Europe and the Eastern United States. Atmospheric blocking 
is a quasi‐stationary high‐pressure system involving the isolation of large regions of air from the 
westerly circulation for 5 days or more. Blocking events are known for their contribution to the 
extremely cold winter temperatures in Europe (Sillmann et al., 2011). Häkkinen et al. (2011) 
suggested that increased Greenland and western Europe blockings occur when the North Atlantic 
is in a warm state. The wind stress and heat flux associated with blockings, in turn, sustains the 
warm AMV. It is hard to separate cause and effect between increased blocking activity and the 
warm Atlantic surface. Such a relationship between blocking and AMV or NAO is also shown in 
other studies (Davini et al., 2015; Woollings et al., 2008, 2010; Yao and Luo, 2015). Rimbu et al. 
(2014) found that the correlation between the blocking and the AMV peaks when the AMV leads 
by 5-10 years. But in general, the causality remains an open question.  

In addition, as the meridional temperature gradient decreases, the Atlantic jet stream formed 
by the thermal wind relation is weakened and presents a more west-to-east orientation. The reduced 
temperature and pressure gradients also result in fewer and weaker winter storms through this more 
west-east pathway, leading to reduced storminess, less precipitation, and lower temperatures in 
northern Europe. In contrast, southern Europe experiences increased storminess, more 
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precipitation, and warmer temperatures. In eastern North America, the negative phase of NAO 
generally brings lower air pressure, a condition associated with stronger cold-air outbreaks and 
increased storminess. 

Some studies pointed out a southward propagation of the AMOC-induced AMV SST signal 
from the subpolar to the tropical North Atlantic (Smirnov and Vimont, 2012; Yuan et al., 2016). 
The warm ocean surface in the mid-latitude induces a cyclonic circulation over lower latitudes and 
weakens the trade winds (Figures 2.11a and b). The dust emission over the Sahara reduces, and 
the transport of dust from the Sahara to the tropical Atlantic weakens. Therefore, the low cloud 
cover over the tropical North Atlantic decreases, likely leading to the increase in the tropical North 
Atlantic SST ( Figure 2.13a; Yuan et al., 2016). 

2.4.2 The Arctic 

Observations reveal a significant multidecadal variability of the surface air temperature (SAT) 
over the Greenland ice sheet correlated with the observed AMV index (Drinkwater et al., 2014). 
The mass loss from the Greenland ice sheet quadrupled from 1992 to 200l. This change was partly 
attributed to the warming in the subpolar gyre consistent with multidecadal ocean variability and 
partly attributed to a long-term increase in the North Atlantic’s upper ocean heat content since the 
1950s (Straneo and Heimbach, 2013). On the multidecadal scale, sea ice extent and the duration 
of the iceberg season fluctuations off the Eastern Newfoundland are associated with a combination 
of the NAO and the AMV signals. Positive ice anomalies lag the negative AMV by several years 
(Peterson et al., 2015). 

 
Figure 2.14. Regression of 10-year lowpass filtered (a) Arctic surface air temperature, (b) sea 
ice thickness, and (c) concentration on standardized lowpass filtered AMOC index. (d) Linear 
trend (per decade) of satellite-observed Arctic sea ice concentration from 1979–2008 derived 
from National Snow and Ice Data Center. Data in (a)-(c) is from GFDL CM2.1 model. Reprinted 
from Mahajan et al. (2011). 
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The AMOC variability and AMV are also associated with the Arctic SAT and sea ice 
variations on the multidecadal time scale (Figure 2.14; Mahajan et al., 2011). Figures 2.14b and c 
show simulated winter Arctic sea ice decline induced by an intensification of the AMOC in a 
climate model simulation. The pattern obtained resembles the observed winter Arctic sea ice 
decline over the past decades (Figure 2.14d), suggesting that the intensified AMOC has contributed 
to the observed decline in winter Arctic sea ice. This anticorrelation between the Arctic sea ice and 
the AMOC on a multidecadal timescale is also found in other model studies (Day et al., 2012; R. 
Zhang, 2015). 

 
Figure 2.15. The Arctic Ocean and its marginal seas. Shading shows annual mean sea ice 
concentration and sea surface temperature in Community Earth System Model (CESM) model 
from 2010 to 2019. The black arrows show the main pathways of Atlantic water toward the 
Arctic Ocean. The black dashed lines indicate two main sections through which the Atlantic 
Water enters the Arctic Ocean. BSO denotes Barents Sea Opening and NwAC stands for 
Norwegian Atlantic Current. Reprinted from Årthun et al. (2019). 

The warm Atlantic water enters the Arctic Ocean mainly through the Fram Strait and the 
Barents Sea Opening (Figure 2.15). With the GFDL model, Zhang (2015) found that at the 
multidecadal timescale, the AMOC and associated heat transport entering the Arctic Ocean lead 
the Atlantic inflow temperature by several years and anticorrelates with Arctic summer sea ice 
extent (Zhang, 2015). Using five CMIP3 models, Day et al. (2012) suggested that the 
anticorrelations between AMV/AMOC and the Arctic sea ice extent occur in both summer and 
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winter and are stronger in winter than in summer. Delworth et al. (2016) further attributed this 
correlation to the changes in the AMOC heat transport driven by the NAO.  

In addition to oceanic processes, atmospheric teleconnections driven by the SST anomalies 
associated with AMV lead to adjustments in atmospheric circulation patterns, driving the low-
frequency Arctic sea ice variations through both dynamic and thermodynamic effects, even 
without any influence of OMET changes (Castruccio et al., 2019). The weakening of the Beaufort 
Sea high and the increased prevalence of an Arctic dipole–like SLP pattern in late winter/early 
spring lead to anomalous winds that drive anomalous ice motions (dynamic effect). Warmer 
surface temperatures resulting from increased low cloud cover reduce winter sea ice formation 
(thermodynamic effect). The combined effects lead to thinner and more vulnerable sea ice in the 
Arctic. These atmospheric teleconnections that occur after a phase shift to positive AMV may 
produce a decadal Arctic sea ice thinning on the order of 8% to 16% of the reconstructed long-
term trend and a decadal decline in September Arctic sea ice extent of up to 21% of the observed 
long-term trend (Castruccio et al., 2019). Lastly, the multidecadal variations in the Antarctic SAT 
are anticorrelated with the SAT fluctuations in the Arctic. The low-frequency AMOC variability 
and associated AMV are invoked as a key player in the bipolar seesaw, i.e., antiphase changes in 
Arctic and Antarctic climates, through the AMOC-related OMET variations (Chylek et al., 2010; 
Skinner et al., 2007). 

2.4.3 The Pacific Ocean 
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Figure 2.16. (a) Observed 20th century PDV index derived from HadISSST data set. (b) Modeled 
(GFDL CM2.1) PDV index in response to the prescribed AMV‐like forcing. PDV indices in (a, 
b) are 10‐year low‐pass filtered. (c) Modeled (GFDL CM2.1) AMV index induced by the 
prescribed AMV‐like forcing. (d) Schematic diagram of the interactions between the PDV and 
AMV. H stands for “high” and W indicates “warm”. Reprinted from Zhang et al. (2019). 

Many observational and model studies suggest a teleconnection between the AMV and the climate 
variations in the Pacific. The Pacific Decadal Oscillation (PDO) or Pacific Decadal Variability 
(PDV) is the leading mode of SST variability in the North Pacific. The PDV and Interdecadal 
Pacific Oscillation (IPO) are sometimes described as a long-lived El Niño-like pattern of Pacific 
climate variability. The PDV refers to the SST anomalies in the Northern Hemisphere, while the 
IPO rather designates the Pacific-wide pattern. The positive (or warm) phase of PDV corresponds 
to horseshoe-shaped warm anomalies along the west coast of North America and into the tropical 
Pacific, concurrent with an anomalous cooling in the interior North Pacific. A warm PDV is 
accompanied by lower SLP over the North Pacific, reinforcing the Aleutian low. Analyses using 
observational data indicate the multidecadal component of PDV is strongly correlated with the 
AMV, following the AMV by approximately 13 years or preceding the AMV by 17 years 
(d’Orgeville and Peltier, 2007). AOGCM simulations with prescribed AMV‐related surface heat 
flux anomalies induced by the AMOC variations also suggested that the AMV contributes to the 
multidecadal component of PDV and the associated Pacific/North America (PNA) pattern (Zhang 
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and Delworth, 2007), which is defined by opposite mid-troposphere height anomalies over the 
Aleutian low and northwestern Canada. The AMV leads the PDV by several years (Figures 2.16 
a-c).  

The mechanism of Zhang and Delworth (2007) relies on the impacts of the AMV on the 
storm tracks over the Pacific and Atlantic Oceans. During a strong AMOC/positive AMC, the 
enhanced Atlantic OMET reduces the northward atmospheric eddy energy transport and mid-
latitude storms in the Northern Hemisphere (see Chapter 2.4.1). The weakening of the mid-latitude 
winter storm track results in a poleward shift of the westerly wind, and thus a weekend Aleutian 
Low and associated positive PNA pattern (Figure 2.16 d1). The associated negative wind stress 
curl leads to a warming over the western North Pacific through the westward oceanic Rossby wave 
propagation (Figure 2.16 d2). The atmospheric response to the warm western North Pacific 
amplifies the weakening of the Aleutian Low and PNA pattern over the North Pacific (Figure 2.16 
d3). Therefore, the AMV contributes to the multidecadal variability in the North Pacific via 
atmospheric teleconnections, which are enhanced by the ocean dynamics and coupled air‐sea 
interactions in the North Pacific.  

Some studies also find the impacts on the Pacific Ocean through a tropical pathway. The 
positive AMV drives a northward shift of the ITCZ, and associated rainfall anomalies leads to a 
reorganization of the Walker circulation through diabatic heating. The perturbed Walker 
circulation, with an anomalous rising branch over the North Atlantic and descending motion over 
the central tropical Pacific, can trigger a stationary Rossby wave pattern extending northward into 
the extratropics. The stationary wave increases subsidence over the northeastern Pacific by the 
abnormal advections of vorticity and temperature. The enhanced descending motion leads to the 
weakened Aleutian low and the intensified subtropical high over the eastern North Pacific (Lyu et 
al., 2017).  

The model simulations also indicate that the AMV regulates the tropical Pacific variability 
to some extent. The positive AMV leads to La Niña‐like cooling over the eastern tropical Pacific 
through stronger trade winds and a reorganization of the Walker circulation (Polo et al., 2015; 
Ruprich-Robert et al., 2017), which further results in stronger vertical wind shear and reduced 
tropical cyclone frequency over the western North Pacific (Zhang et al., 2018), and a northward 
displacement of the Pacific ITCZ (Levine et al., 2018; Ruprich-Robert et al., 2017). Moreover, the 
AMV can modulate the amplitude of the El Niño– Southern Oscillation (ENSO) variability on 
multidecadal timescales (Levine et al., 2017; Ruprich‐Robert et al., 2017). A warm AMV damps 
the ENSO variations through the background cooling over the central equatorial Pacific (Kang et 
al., 2014). The weakening of the Aleutian low and the strengthening of the subtropical high over 
the eastern North Pacific associated with the positive AMV extend to the central equatorial Pacific 
through the wind‐evaporation‐SST feedback and strengthen the trade wind over the central 
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equatorial Pacific (Yu et al., 2015). This leads to a more frequent occurrence of the central Pacific 
type of El Niño events characterized by a westward shift of the warm SST anomaly from the 
eastern Pacific to the central Pacific. Therefore, the positive AMV phase may contribute to the 
observed shift of El Niño events to the central Pacific type in recent decades (Yu et al., 2015). 

In some AOGCM experiments, the response to the AMV exist in both the tropical and North 
Pacific, i.e., anomalous SST over the central tropical Pacific and the PNA pattern in the mid-
troposphere over the North Pacific. The North Pacific response may be amplified by the tropical 
Pacific response through the Rossby wave propagation into the North Pacific (Ruprich-Robert et 
al., 2017). The relative contribution of the two different pathways (the tropical and the extratropical 
paths) for the North Atlantic and North Pacific teleconnection likely depends on the different 
models and the detailed structure of the Atlantic forcing used in various experiments.  

In summary, the AMOC multidecadal variability has a profound impact on global and 
regional climate. Its impact is primarily realized by the heat transport and associated AMV-like 
SST anomalies, regardless of whether the AMOC/ocean circulation is the major driver of the AMV.  

2.5 Summary 
We have introduced the inadequate ocean observations (Chapter 2.1), the mechanisms of the 
AMOC low-frequency variability (Chapter 2.3) and associated impacts on climate (Chapter 2.4). 
Climate models are one of the main tools to investigate the variabilities and impacts especially on 
long time scales. However, mechanisms vary in different models. CMIP provides a framework for 
comparison among models performing common sets of experiments. Advances in numerical 
modelling enables better representation of various oceanic and atmospheric fields and better 
understanding of the mechanism driving their variations. In the following chapter, we will 
investigate the AMOC variability in a AOGCM called IPSL-CM6A-LR that participates the latest 
CMIP phase 6. Then, in Chapter 4, the impacts of the AMOC variability studied in Chapter 3 on 
climate will be explored with dedicated sensitivity experiments in the same model.  
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3 Centennial variability of the AMOC in coupled 
IPSL model  
3.1 Introduction 
As presented in previous chapters, the AMOC is a key player in the climate system and exhibits 
variations on different time scales ranging from seasonal to multi-centennial. In this context, I have 
been involved in investigating the low-resolution CMIP6 version of the IPSL model. This IPSL-
CM6A-LR model was under development as I started my PhD. Boucher et al. (2020) presented 
the emergent properties of this climate model and pointed out a low-frequency variability of the 
AMOC with a period of around 200 years in this model. The aim of the first part of my PhD then 
was to explore the underlying mechanism of this low-frequency fluctuation. The following section 
will present this model in more detail. 

3.2 IPSL-CM6A-LR model  
The IPSL (Institut Pierre Simon Laplace) model participates in the CMIP6 (Eyring et al., 2016), 
which provides a framework for comparison among models performing common sets of 
experiments. In this thesis, we use the low resolution (LR) of the coupled ocean-atmosphere model, 
as the development of versions using higher resolutions was not finished at the start of the PhD. 
The IPSL-CM6A-LR consists of the atmospheric model LMDZ (Laboratoire de Météorologie 
Dynamique; Z standing for Zoom) version 6A-LR (Hourdin et al., 2020), the ocean component 
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NEMO (Nucleus for European Models of the Ocean) version 3.6 and the ORCHIDEE land surface 
model Version 2.0 (Cheruy et al., 2020).  

The LMDZ model has 144 points in longitude and 142 in latitude with a corresponding 
resolution of 2.5° × 1.3°. The number of vertical levels is 79, and the upper boundary is 80 km in 
height. Thus, it is a “high-top” model that has a well-resolved stratosphere compared to the “low-
top” models with a lower top boundary and a fairly coarse vertical resolution in the stratosphere. 
The ocean model NEMO consists of three sub-modules, i.e., the ocean physics NEMO-OPA, the 
sea ice dynamics and thermodynamics NEMO‐LIM3, and the ocean biogeochemistry NEMO‐
PISCES. NEMO model is based on the eORCA1 grid, the quasi‐isotropic global tripolar grid with 
a 1° nominal resolution. The coupling between the ocean and the atmosphere models is performed 
with the OASIS3-MCT coupler.  

Compared to the CMIP5 version named CM5A, IPSL-CM6A-LR includes many 
improvements and simulates more realistic ocean physics. Boucher et al. (2020) evaluated and 
presented the performance of IPSL-CM6A-LR. We show here three main advances related to our 
work. 

• Structure of the AMOC: all versions of IPSL models underestimate the AMOC maximum 
at 26°N compared to the RAPID array observations, likely due to the biases in the North 
Atlantic and the representation of the Nordic Seas overflow and the WBCs. The Atlantic 
meridional streamfunction reverses the sign at around 2800 m in IPSL-CM6A-LR but at 
4500 m in observations (see the depth of the zero-isoline in Figure 2.3). Nevertheless, the 
strength of the deep cell is realistic. The maximum of the upper AMOC cell is around 14 
Sv in the IPSL-CM6A-LR and is more realistic than in previous versions. This 
improvement is closely linked to the changed location of the deep water formation site, as 
shown by the mixed layer depth. In IPSL-CM6A-LR, large values for the winter depth are 
located in the Nordic Seas and the Labrador Sea, while CM5A simulates maximum mixed 
layer depth south of Iceland and in the subpolar gyre. The new location of the deep water 
formation site is more consistent with the observations.  

• Heat transport: both the global and the Atlantic OMET in IPSL-CM6A-LR are closer to 
the observations than in previous versions. However, a likely unrealistic feature remains in 
the IPSL-CM6A-LR: a northward global heat transport of ~0.5 PW at 40°S. There are no 
direct observations at that latitude, but the consensus is that the global OMET is southward 
in the entire Southern Hemisphere (Trenberth et al., 2019). This discrepancy might result 
from the excessive mode water formation in the Atlantic Ocean, leading to a strong 
convergence of heat at 40°S. Although OMET in the Atlantic Ocean is still underestimated 
at all latitudes, especially in the tropics, the biases are largely reduced in IPSL-CM6A-LR. 
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This improvement in simulating heat transport might be partly responsible for the 
alleviation of the SAT bias over Europe and North Africa due to the increase in the amount 
of heat carried to the high-latitude Atlantic Ocean.  

• Multidecadal variability: the AMV in IPSL-CM6A-LR presents a pattern with warm SST 
anomalies from the subpolar North Atlantic to the subtropical regions comparable to 
observations. The anomalous SST associated with the AMV in previous versions was 
restricted to the subpolar region and the eastern Atlantic (model No. 19 in Figure 2.10; 
Zhang and Wang, 2013). In addition, a relatively clear teleconnection between the AMV 
and the Pacific is found in IPSL-CM6A-LR, with a negative IPO-like pattern linked to a 
positive AMV, consistent with observations. This teleconnection is not simulated in 
previous CM5A models. However, as instrumental observation has been available since 
1850, the sampling remains relatively limited to thoroughly investigating the multidecadal 
relationships, especially for the AMV/IPO connections.  

3.3 Article 
As pointed out in Boucher et al. (2020), the AMV index seems to oscillate with a period of about 
200 years in IPSL-CM6A-LR. This multi-centennial variability is robust but weakens toward the 
end of the 1200-year pre-industrial control (piControl) simulation. The AMOC also exhibits a 
predominant variability at centennial time scales. To explore the exact origin of this new low-
frequency variability emerging in the North Atlantic, statistical analyses of the 2000-y piControl 
simulation in coupled IPSL-CM6A-LR model are used to investigate the involved mechanism and 
also its impact on the climate. The results were published in the Journal of Advances in Modeling 
Earth System and dedicated to the special collection ‘The IPSL Climate Model Used in CMIP6’ 
in 2021 (Jiang et al., 2021). 

The primary driving mechanism is that this multicentennial variability is driven by delayed 
freshwater changes between the Arctic and Atlantic oceans. The increased heat transport 
associated with an intensified AMOC leads to the warming of the North Atlantic. The lower 
troposphere in the Northern Hemisphere warms promptly, especially in winter over the Arctic, 
with an amplitude of 1.5°C near the surface. This fast warming in the atmosphere, in turn, 
contributes to the sea ice melting over the Arctic, leading to the formation of anomalous freshwater 
in the surface Arctic Ocean. Positive salinity anomalies around Greenland and weakened East 
Greenland Current lead the AMOC by around 40 years. The sea ice export through the Fram Strait 
via East Greenland Current reduces and further contributes to the freshwater anomaly on the Arctic 
surface. This freshwater anomaly builds up progressively in thermal wind balance with an 
anomalous anticyclonic circulation that helps maintain it inside the Arctic. Meanwhile, the saltier 
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Atlantic inflow enters the Arctic through the Barents Ocean Opening and leads to a positive salinity 
anomaly, opposite to the freshwater anomaly on the surface. The freshwater content in the upper 
layer (the top 150 m) is almost in phase with the AMOC with a short lag. The surface freshwater 
anomalies in the Arctic extend for four to five decades until they reach the Lincoln Sea north of 
Greenland. Then, the salinity anomalies around Greenland change the sign to become negative 
when lagging the AMOC by 30-40 years. Eventually, the anomalous freshwater propagates to the 
Nordic and Labrador Seas, inhibiting the deep convection and weakening the AMOC. The 
oscillation enters the opposite phase.



1. Introduction
The North Atlantic exhibits a pronounced variability on different timescales, ranging from interannual to 
multicentennial. A proper understanding of the low-frequency intrinsic variability is essential for detecting 
the anthropogenic climate change and assessing decadal climate forecast skills (Cassou et al., 2018). Besides, 
since the scarcity of instrumental measurements hampers research on variations on a multidecadal or longer 
timescale (Vellinga & Wu, 2004), this knowledge is also important for designing observational networks.

The Atlantic Meridional Overturning Circulation (AMOC) consists of a warm northward near-surface cur-
rent and a colder southward return flow, extending over the full latitude range. It has a significant influence 
on climate over the North Atlantic and peripheral land masses due to the associated basin-scale meridional 
heat transport: a strengthening of the AMOC increases the oceanic northward heat transport and leads 
to a warming in the North Atlantic, extending into the Arctic (Jackson et al., 2015; Mahajan et al., 2011). 
The low-frequency fluctuations of the AMOC also have impacts in the Tropics and the Southern Hemi-

Abstract The IPSL-CM6-LR atmosphere-ocean coupled model exhibits a pronounced 
multicentennial variability of the Atlantic meridional overturning circulation (AMOC), driven by delayed 
freshwater accumulation and release in the Arctic. The AMOC fluctuations are preceded by salinity-
driven density anomalies in the main deep convection sites in the Labrador and Greenland seas. During a 
strong AMOC, a combination of reduced sea ice volume and anomalous currents reduces the freshwater 
export from the Arctic and leads instead to a slow accumulation of freshwater in the central Arctic. 
Simultaneously, the saltier Atlantic inflow through the Barents Sea results in a positive salinity anomaly 
in the Eastern Arctic subsurface. When the surface Central Arctic freshwater pool finally reaches the 
Lincoln Sea, the oceanic currents around Greenland reorganize, leading to the export of the anomalous 
Arctic freshwater to the North Atlantic, enhancing the stratification in deep convection sites. The AMOC 
then decreases, positive salinity anomalies appear in the Central Arctic, and the variability switches to 
the opposite phase. These AMOC and sea ice fluctuations have broader climate impacts, with a strong 
AMOC leading to a mean warming of about 0.4°C north of 20°N, reaching up to 1°C in the Arctic lower 
troposphere during winter. In all seasons, a northward displacement of the intertropical convergence zone 
is also simulated.

Plain Language Summary The North Atlantic Ocean is known to have large climate 
fluctuations emerging from the different components of the climate system and their interactions. 
These fluctuations play a crucial role in the North American and European climate or the Arctic sea 
ice. A proper understanding of such internal variations is key to attribute the observed climate changes 
to anthropogenic activities or to assess the skill of decadal forecast systems. However, investigations of 
the long-term basin-scale variations are restrained by the limited instrumental observations. Therefore, 
an atmosphere-ocean general circulation model is used here to explore the low-frequency variability. 
This model simulates a large variability in the North Atlantic with a period between 1 century and 1 
millennium. We found that this variability owes its existence to the freshwater exchanges between the 
North Atlantic and Arctic. Such North Atlantic variability has important impacts, as typical positive 
anomalies of the Atlantic oceanic northward heat transport reduce the sea ice, warm up the whole 
Northern Hemisphere by 0.4°C, and shift northward the intertropical convergence zone.
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sphere: a stronger AMOC and cross-equatorial northward heat transport often lead to a northward shift 
of the Intertropical convergence zone (ITCZ; Frierson et al., 2013; Vellinga & Wu, 2004) and a cooling of 
the Southern Hemisphere (Muir & Fedorov, 2015; Stocker, 1998). The AMOC has also been linked in cli-
mate models to the multidecadal variability of the basin-wide North Atlantic sea surface temperature (SST; 
Knight et al., 2005; Roberts et al., 2013), known as the Atlantic multidecadal variability (AMV), although 
other mechanisms have a large role, such as the atmospheric stochastic forcing (Cane et al., 2017; Clement 
et al., 2015) or the changes associated to external forcings (Murphy et al., 2017; Qin et al., 2020).

Most previous studies of the North Atlantic climate variability (e.g., Brown et al., 2016; Colfescu & Schnei-
der, 2020; Danabasoglu, 2008; Kerr, 2000; Nigam et al., 2011; Zhang et al., 2017) mainly focused on periods 
within 10–70 years, in agreement with the variability observed in the instrumental period since 1850. Here, 
we concentrate instead on the centennial to multicentennial periods. Several paleoproxy records have sug-
gested the existence of a centennial to multicentennial variability in the North Atlantic (Nyberg et al., 2002; 
Sicre et al., 2008) or in the Northern Hemisphere (Ayache et al., 2018; Laepple & Huybers, 2013; Mann 
et al., 1995). However, the relative significance of internal variability compared to the external forcing from 
solar irradiance and volcanic aerosol variations remains unknown.

The potential mechanisms for low-frequency variability in the North Atlantic (multidecadal to multicentenni-
al) remain an open question due to the limited availability of instrumental records. The AMOC observing sys-
tems have both short temporal and sparse spatial coverage. Continuous observations of the AMOC conducted 
by the Rapid Climate Change (RAPID) program only started in 2004 and are confined in the subtropical North 
Atlantic (Cunningham et al., 2007). Hence, models are needed to explore the low-frequency variability of the 
AMOC, even if biases in the simulated AMOC and its associated heat transport remain in most general cir-
culation models (GCMs; Xu et al., 2019; Zhang et al., 2019). Variability of the North Atlantic on multidecadal 
(particularly referring to scale longer than 70 years hereafter) to multicentennial scale is found in a number of 
models. Delworth and Zeng (2012) found connections between the Southern Ocean and the subpolar North 
Atlantic through the propagation of salinity anomalies in the GFDL CM2.1. Park and Latif (2008) also empha-
sized in the KCM model the importance of freshwater anomalies from the Southern Ocean, associated with 
sea ice cover anomalies. Vellinga and Wu (2004) proposed that the subtropical salinity anomaly generated by 
the AMOC-driven northward shift of the ITCZ was the source of the AMOC oscillations in the model Had-
CM3. The freshwater anomaly is advected toward the subpolar Atlantic in five to six decades. On the other 
hand, some studies argue that the variations come from the Arctic. Jungclaus et al. (2005) suggested that the 
anomalous export of freshwater from the Arctic center and anomalous circulations in the Nordic Seas were 
responsible for the 70–80-year variability in the MPI coupled model. A dominant role of freshwater exchanges 
between the Arctic and North Atlantic regions also appears in other studies (Hawkins & Sutton, 2007; Jahn & 
Holland, 2013; Pardaens et al., 2008). With an ensemble of perturbed physics based on HadCM3, Jackson and 
Vellinga (2013) proposed that the salinity anomalies in the deep water formation sites not only originated in 
the tropical North Atlantic as described previously in Vellinga and Wu (2004), but also originated in the Arctic 
Ocean, probably driven by the stochastic sea level pressure.

In the present study, we explore the centennial variability emerging in the North Atlantic in the IPSL (Insti-
tut Pierre Simon Laplace) atmosphere-ocean model developed for CMIP6 (Coupled Model Intercomparison 
Project Phase 6, Eyring et al., 2016). Boucher et al. (2020) identified that in the multicentennial preindus-
trial control simulation of this model, both the AMOC and AMV fluctuate with an approximate period of 
200 years. We will show that these oscillations are generated by a slow build-up of freshwater anomalies in 
the central Arctic when the AMOC is intensified, resulting from reduced sea ice export. This freshwater is 
eventually flushed into the Nordic Seas and the North Atlantic with a delay of four to five decades, reversing 
the sign of the AMOC anomalies.

2. Data and Methodology
2.1. Model Description

IPSL-CM6A-LR is the low resolution (LR) version of the IPSL-CM6A model developed by the IPSL for 
CMIP6. A complete description of this model is provided in Boucher et al. (2020), and we will focus be-
low on the main characteristics relevant to the investigation of the low-frequency climate variability. The 
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atmospheric component is LMDZ6 and has a resolution of 1.26 2.5qu q and 79 levels in the vertical (up 
to 1 Pa). The oceanic model NEMO has 75 vertical levels and a nominal resolution of about q1  in the hori-
zontal, refined up to q1 / 3  in the equatorial and polar regions (ORCA1 grid). The sea ice module is LIM3.6 
and adopts five sea ice thickness categories. We use the outputs from a 2,000-year preindustrial control 
simulation performed for CMIP6. This run follows a 100-year spin-up and uses preindustrial land use and 
atmospheric concentration of greenhouse gases, aerosols, and stratospheric ozone. A cooling drift exists in 
this simulation, although it remains small at about 0.2 K in 2,000 years. This drift was approximated by a 
quadratic trend, which was removed from all data before analysis.

2.2. Assessment of the Arctic Ocean in the Model

To evaluate the simulated salinity and temperature fields in the Arctic and the North Atlantic, we use the 
World Ocean Atlas 2018 (WOA18) data set (Locarnini et al., 2018; Zweng et al., 2018) for comparison. In this 
study, the regions of interest are the Arctic and the North Atlantic (Figure S1). The Arctic is defined as being 
enclosed by the Fram, Bering, and Davis straits and the Barents Sea. The location of the four cross sections 
is given in Figure S1. In the top 200 m, the simulated Arctic temperature has a good agreement with the 
WOA18 data set (Figure S1d). However, the warm and salty North Atlantic inflow, shown by the ∼1°C po-
tential temperature maximum at 400 m in WOA (Figure S1a), is absent in the model. Instead, IPSL-CM6-LR 
simulates a uniform water mass at ∼0.2°C from 300 to 2,000 m, suggesting either an underestimation of the 
inflow of Atlantic water or an unrealistic mixing of the North Atlantic inflow with the Arctic deeper water. 
In addition, the salinity in the top 200 m is overestimated in the Arctic, especially in the Eastern Arctic over 
the shallow continental shelf (Figure S1c), suggesting an underestimated runoff from the Eurasian conti-
nent or a bias resulting from the coarse resolution of the steep continental slope. The same diagnostics in 
the North Atlantic, from 30°N to the Fram Strait and Barents Sea Opening cross section, also show that the 
simulated upper North Atlantic Deep Water is too cold between 300 and 800 m (Figure S1b). This bias is as-
sociated with a relatively weak AMOC in IPSL-CM6A-LR, with a mean Atlantic meridional streamfunction 
at 30°N of 10.8 Sv (from 6.5 to 15.4 Sv), while the deep oceanic convection is underestimated in the Labrador 
Sea and overestimated in the Nordic Seas (see Boucher et al., 2020). The model also simulates a cold and 
fresh bias in the subpolar gyre (Figures S1c and S1d), as the Gulf Stream and North Atlantic current are not 
well resolved when using a low-oceanic resolution (Flato et al., 2013; Wang et al., 2014).

Figure  S2a shows the mean oceanic currents and salinity in the top 150  m. The Atlantic water inflow 
through the Barents Sea is well simulated in the model, while the intensity of the West Spitzbergen Current 
in the Eastern Fram Strait is underestimated compared to observations (Aksenov et al., 2011). This may 
contribute to the bias of the simulated Atlantic water in the Arctic, as discussed above. The fresh Beaufort 
Gyre located in the Canadian Basin is generally present in IPSL-CM6A-LR, but the associated anticyclonic 
circulation is not fully developed. Besides, the transpolar drift near 150°E and toward the Fram Strait is 
shifted west toward the north of the Canadian Archipelago in the Lincoln Sea (Petty et al., 2016; Pnyushkov 
et al., 2015). This might lead to an overestimation of the current north of Greenland and of the Atlantic 
inflow penetrating the Beaufort Gyre.

To further explore the origin of the broad positive salinity bias in the Arctic, we quantify the freshwater ex-
changes between the Arctic and the Atlantic. Freshwater can exit the Arctic in liquid form or as sea ice. The 
liquid freshwater transport is computed on the four cross sections previously identified, from the monthly 
mass transport and salinity fields. The mass transport used includes resolved and parameterized advective 
transport. As the mean Arctic salinity in our model and observations is about 34.8 (Figure S1), we take 34.8 
as reference salinity. These sections are along the ocean grid to facilitate the calculation. We use the sea ice-
mass transports provided by the CMIP6 outputs, at slightly different locations (given in Notz et al., 2016) 
from that shown in Figure S1, but still through the same passages. We assume a constant sea ice salinity of 
7.2 psu to compute the freshwater proportion in the sea ice mass transport. Table 1 compares the freshwater 
transport in IPSL-CM6A-LR to various observational estimates (summarized by Lique et al., 2009). The 
liquid export of Arctic freshwater occurs mainly through the Davis and Fram Straits, and the model under-
estimates the export through Fram to some extent. The freshwater input from the Bering Strait is realistic 
and leads to a relatively fresher Beaufort Gyre and a salinity gradient in the Arctic from the Pacific sector 
to the Atlantic sector (Figure S2a). The liquid freshwater transport at the Barents Sea Opening is smaller 
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compared with the other three sections. It has a sign opposite to that of observations, with considerable 
uncertainty, which possibly leads to the underestimation of salinity in the Arctic between 200 and 600 m 
(Figure S1a). The flux due to precipitation minus evaporation (P-E) is underestimated, which may explain 
the occurrence of the positive surface salinity bias in comparison with WOA dataset. Nevertheless, the 
freshening caused by the runoff seems to be well simulated and results in the salinity minimum apparent 
in the coastal seas of the eastern Arctic (Figure S2a). Therefore, the large positive bias in this region is more 
likely to result from the bottom topography (Figure S1c). Lastly, an overwhelming majority of the sea ice 
export is realized through the Fram Strait, and the model simulates well this export.

2.3. Statistical Methods
2.3.1. Empirical Orthogonal Function and Low-Frequency Component Analysis

To characterize the centennial variability, we first compute the empirical orthogonal functions (EOF) of the 
Atlantic yearly meridional stream function from 30°S to 80°N, after weighting the data by the square root 
of the grid cell thickness. Hereafter, the principal components (PC) time series are standardized, while the 
EOFs shown are the regressions onto the PCs. The resulting first EOF (Figure S3, left) explains 21% of the 
variance and has largest loadings in the Tropics between 10°S and 10°N. The corresponding first PC shows 
some centennial to multicentennial variability, but it also includes some variations with a period smaller 
than 10 years. Conversely, the second EOF explains 16% of the variance and has large loadings between 
40°N and 50°N. The associated second PC also shows a clearer centennial to multicentennial variability 
(Figure S3, right). The two PCs are positively correlated over a broad range of nonzero lags (with PC2 lead-
ing by a decade); this illustrates that standard EOF analysis, designed to maximize the variance, fails in our 
case to isolate a multicentennial variability with large meridional coherence. Therefore, we use instead a 
low-frequency component analysis (LFCA). The LFCA looks for the linear combination of the EOFs that 
maximizes the ratio of low frequency to total variance (Wills et al., 2018). The LFCA then provides the 
spatial pattern, called low-frequency pattern (LFP), that explains most of the low-frequency variance. The 
associated time series, called low-frequency component (LFC), is found by projecting the original unfiltered 
data onto the LFP. Here, we apply the LFCA using the first 8 EOFs, explaining 73.8% of the total variance, 
and the low-frequency time series are calculated using a third-order Butterworth filter with a 20-year cutoff 
period. The first LFP then explains 50.6% of the low-frequency variance (Figure 1, top) and is a meridional 
coherent overturning cell extending from 30°S to 80°N, with a typical variability of 0.8 Sv between 30°N and 
50°N. The associated LFC1 shows a clear multicentennial variability. Using 10 years as the cutoff period in 
the Butterworth filter applied does not lead to significant differences. In the following, LFC1 is used as an 
index of centennial AMOC fluctuations.

2.3.2. Regression and Significance Test

The regression of various fields onto the LFC1 AMOC index is used to investigate the mechanisms of the 
centennial to multicentennial variability. The statistical significance of the correlated time series is estimat-
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  Freshwater transport (mSv) Freshwater fluxes (mSv)

Fram strait Bering strait Barents section Davis strait Total Runoff P-E

IPSL-CM6-LR
Liquid −32.6 ± 23.3 71.2 ± 15.0 10.6 ± 13.2 −112.8 ± 33.3 −63.5 ± 32.2 108.9 ± 5.6 46.1 ± 5.2
Sea ice −63.1 ± 14.9 −0.63 ± 4.0 −11.7 ± 5.9 −8.9 ± 3.4
Observations
Liquid −63/−95/−28 57/79 −18 −92 94/102 65/31
Sea ice −56/−88 3.00 −3.9 −12.9

Reference salinity is 34.8 psu. Transport and fluxes are positive when entering the Arctic. Uncertainty in IPSL-CM6-LR 
is one standard deviation and is calculated from yearly outputs.

Table 1 
Mean Freshwater Budget in the Arctic Ocean
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ed by a nonparametric method (Ebisuzaki, 1997). We create a large number of surrogate time series with 
the same power spectra as the AMOC LFC1 time series but with randomized phases in Fourier space. The 
original correlation between the AMOC index and the field of interest is compared to the distribution of 
correlations with the surrogate time series. The statistical significance level is the fraction of surrogate time 
series with a larger correlation than the actual value. One hundred surrogate time series are used in our case 
to estimate the significance. To ease the calculation of the regression maps, we convert the annual mean 
data into decadal time series, replacing every 10-year blocks by their time average. Only few differences 
were found when using annual mean data.

In the following text, the sign convention is that the AMOC leading the regressed fields is positive. For in-
stance, “at lag −10 years” means that the AMOC lags by 10 years.

3. Results
3.1. Role of Salinity

As previously illustrated by the LFCA, a clear multicentennial variability is found in LFC1 (Figure 1). For 
comparison, the black line in Figure 1b is the standardized time series of maximum AMOC stream function 
at 30°N smoothed with a lowpass filter using 20 years as cutoff period. We find that LFC1 captures many 
characteristics of the raw AMOC time series. As noted in Boucher et al. (2020), the first 1,000 years of the 
preindustrial control run shows some variability with an approximate period of 200  years, but the last 
1,000 years shows a less regular variability. A spectrum analysis of LFC1(Figure 1c) indeed shows a broad 
maximum emerging for periods longer than 100 years, without any clear peak. We also note a small peak at 
30 year, which could be similar to the variability produced in the previous version of the IPSL model, IPSL-
CM5A-LR (Escudier et al., 2013; Ortega et al., 2015). But this peak has less variance than the multicenten-
nial variability and remains below the fitted red noise spectrum.
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Figure 1. (a) First low-frequency pattern (LFP1) of the meridional stream function in the Atlantic basin from 30°S to 80°N (colors) and the climatological 
mean meridional stream function (contours), in Sv. The stream function is positive for clockwise rotation. LFP1 accounts for 50.6% of the low-frequency 
variance sampled by the first eight empirical orthogonal functions. (b) (Colors) standardized first low-frequency component (LFC1). The black line shows 
the maximum of the Atlantic meridional stream function at 30°N, after applying a third-order Butterworth lowpass filter with a cutoff period of 20 years. (c) 
The variance-frequency spectrum of LFC1 (in black). The best-fit first-order Markov red noise spectrum (lower gray curve) and its 95% (upper gray curve) 
confidence bounds are also indicated.
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In IPSL-CM6A-LR, the mean mixed layer depth (MLD) in February-March-April (FMA) depicts one dom-
inant deep water formation site in the Nordic seas, with mean MLD of ∼1,400 m; and a smaller one in the 
Labrador Sea (Figure 2a), with mean MLD of ∼600 m. The lagged regression of the FMA MLD in these two 
sites onto LFC1 reaches a maximum anomaly of ∼120 m at both sites at lag −10 years (Figure 2b). To figure 
out the relative importance of salinity and temperature anomalies in driving the convection at those two 
sites, we calculate the density anomalies caused by anomalous salinity and temperature, while keeping the 
other field as its mean value. The results show that the upper (0–200 m) density anomalies are dominated by 
salinity anomalies and slightly balanced by temperature's impacts. The effect of temperature also decreases 
with depth and becomes negligible below 200 m (Figure 2c). The deepening of the MLD preceding the 
AMOC is therefore mainly induced by salinity anomalies. We also note that these salinity-driven density 
anomalies occur almost simultaneously in the Nordic and Labrador Seas (Figure 2b).
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Figure 2. (a) Mean mixed layer depth (MLD), in m, in February, March, and April (FMA). Two convective sites: the Nordic Seas (the upper one) and Labrador 
Sea (the lower one) are outlined with black boxes. (b) Lagged regression of FMA MLD onto AMOC LFC1. The lag is positive when the AMOC leads. The thick 
lines indicate significance level below 5%. (c) Density anomaly (in black), in kg m−3, regressed onto AMOC when the AMOC lags by 10 years, in the Nordic Seas 
and Labrador Sea convection sites. The density anomaly ρ(s,t) caused by salinity anomaly ρ(s) or temperature anomaly ρ(t) is given in red and blue, respectively. 
Full (dashed) lines indicate the significance level below (above) 5%. (d) Vertical section of the lagged regression of the Arctic-wide averaged salinity. Black lines 
indicate significance level of 5%. The vertical scale is proportional to the mean size of the model vertical levels.
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Figures 3a–3c show maps of temperature, salinity, and density anomalies in the top 150 m at lag −10 years, 
corresponding to the deepest MLD. In the subpolar gyre, the warming and salinization pattern is coherent 
with that found in other studies of low-frequency Atlantic variations (e.g., Drews & Greatbatch, 2017; Roberts 
et al., 2013), with a southward extension of the subpolar gyre. The similarity between the density and salinity 
anomaly patterns clearly reveals the solid impact of salinity on density. The corresponding thermal and haline 
components of the density anomalies, shown in Figures 3d and 3e, further illustrate that the Arctic density 
anomaly is almost entirely determined by the abnormal salinity. The temperature slightly influences the east-
ern part of the Nordic seas and subpolar gyre since the Atlantic Ocean warms when the AMOC is strong. But 
its impact is smaller than that of salinity. Despite a smaller density anomaly in the Nordic Seas compared to 
the Labrador Sea, the anomalous MLD at these two sites are of comparable amplitudes (Figure 3f), and even 
the Nordic Seas anomalies have a broader extent. This may be linked to deeper mean MLD in the Nordic Seas.

Farther from the convection sites, we find a sizeable negative salinity anomaly in the Central Arctic, con-
trasting with the positive salinity anomalies located around Greenland and in the East Siberian Sea (Fig-
ure 3b). The regression of the basin-averaged salinity shows that this Central Arctic freshwater anomaly 
is located above 200m and is present from lag −40 years to 40 years (Figure 2d). This fresh anomaly is 
balanced by a smaller positive salinity anomaly between 200 and 1,400 m. As the top ∼150 m presents an 
opposite salinity anomaly with the underlying ocean, in the following, we use the mean of the upper 150 m 
to characterize the Arctic salinity anomalies.
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Figure 3. Oceanic fields regressed onto AMOC LFC1 when the AMOC lags by 10 years. (a) Regressed temperature (in °C), (b) salinity (in psu), and (c) density 
(in kg m−3) in the top 150 m. (d) Thermal and (e) haline components (in kg m−3) contributing to the density anomaly in (c). Note the difference in color scale 
for (d) when compared to (c) or (e). (f) Regressed MLD in FMA (in m). The black lines in (a–f) indicate the significance level at 5%. The red lines in (a) indicate 
the locations of transects and the blue points indicate each section's starting position.
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To better illustrate the salinity anomalies in the Arctic Ocean, we regress the salinity onto AMOC LFC1 in 
a cross section across the Arctic from northern Greenland to the coast of northern Siberia (see Figure 3a 
for location). At lag −40 years, the AMOC strengthens from the neutral state. While salty anomalies are 
present at the north coast of Greenland, a fresh anomaly occupies the top 60 m in the rest of the Arctic. Its 
structure suggests both a deepening and poleward extension of the surface freshwater pool found off the 
Siberian coast. At lag −10 years (Figure 4b), corresponding to a strong AMOC, this initial fresh anomaly 
has grown and extended toward Greenland, where the positive anomalies have decreased. Small positive 
salinity anomalies have appeared at the continental slope of northern Siberia, and below 180 m.

Before investigating the link between the Arctic and North Atlantic salinity anomalies, we briefly inspect 
other possible drivers, such as atmospheric forcing or the propagation of salinity anomalies from the tropics 
(e.g., Vellinga & Wu, 2004) or the Southern Ocean (e.g., Delworth & Zeng, 2012). To characterize the var-
iations of anomalous salinity in the Atlantic Ocean, we show the Hovmöller diagram of the regression of 
the Atlantic zonal-mean salinity (0–150 m) onto LFC1 (Figure 5a). Indeed, the positive salinity anomalies 
occurring in the North Atlantic between 20°N and 60°N are associated with fresh anomalies between the 
equator and 15°N, as noticed by Vellinga and Wu (2004). However, these tropical fresh anomalies do not 
seem to propagate northward. Furthermore, few anomalies appear south of 40°S in the Southern Ocean, 
unlike previous studies (Delworth & Zeng, 2012; Park & Latif, 2008). The positive salinity anomalies in the 
middle-latitude North Atlantic seem instead to follow positive anomalies North of 60°N. Even if cause and 
effect cannot be fully distinguished, this suggests a stable linkage between the Arctic Ocean and the salinity 
anomalies driving the AMOC centennial variability. Finally, we investigate the potential role of the atmos-
pheric forcing, showing the regression of the sea level pressure (SLP) onto AMOC LFC1 when the SLP leads 
the AMOC LFC1 by 10 years (Figures 5b and 5c). The SLP decreases over the subpolar Atlantic during a 
strong AMOC, but the magnitude of the anomalies is small: about 40 Pa at maximum. As we will show in 
the following, the associated geopotential height anomalies at higher altitudes have the opposite sign. Such 
a baroclinic structure contrasts with the barotropic modes of atmospheric variability previously identified 
as driving the AMOC (Eden & Willebrand, 2001; Häkkinen et al., 2011). Moreover, the SLP anomalies over 
the Arctic are not statistically significant, nor are surface wind anomalies (not shown). Therefore, it is likely 
that the SLP anomalies and the tropical salinity anomalies are the results of the strong AMOC, not the cause 
of the AMOC changes. In the following, we will investigate how salinity anomalies coming from the Arctic 
regulate the AMOC.
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Figure 4. Salinity, in psu at the Arctic cross section, from (left) Northern Greenland to (right) the East Siberian Sea. (a) Anomalous (in colors) and mean (in 
black contours) salinity along the section, leading AMOC by 40 years. (b) Same as (a) but for leading AMOC by 10 years. Red contours indicate the significance 
level at 5%. The vertical scale is proportional to the mean size of the model vertical levels. AMOC, Atlantic meridional overturning circulation.
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3.2. Life Cycle of the Salinity Anomalies

To investigate the propagation of salinity anomalies and understand the associated mechanisms, Figure 6 
shows lagged regression maps of the top 150 m salinity and currents in the Arctic. From lags −80 years to 
−60 years, positive salinity anomalies occur in the Arctic center then propagate to the coast of Greenland, 
especially the Lincoln Sea and the Fram Strait. Minor negative anomalies appear in the East Siberian and 
the Laptev Seas. However, most of those anomalies are not significant at the 5% level. By lag −40 years, 
the salty anomaly around Greenland has grown and spread into the Nordic Seas, while a fresh anomaly 
appeared in the Central Arctic. These salinity anomalies are associated with an anomalous anticyclonic 
circulation in the central Arctic, and a cyclonic one around Greenland, with weakened West Greenland 
Current (WGC) in the Baffin Bay and East Greenland Current (EGC) through the Fram Strait, closed by a 
westward anomalous current north of Greenland.

From lags −20 years to 0 years, the AMOC gradually reaches its maximum value. The fresh anomaly in Cen-
tral Arctic intensifies to about −0.5 psu. The gradual accumulation of freshwater leads to the reinforcement 
of the associated anticyclonic geostrophic flow. This anomalous circulation likely contributes in turn to 
maintaining this fresh anomaly in the central Arctic instead of it flushing through Fram Strait, as observed 
in the recent decades (Petty et al., 2016; Proshutinsky et al., 2009). Both the abnormal freshwater pool and 
anticyclonic circulation peak together with the AMOC (lag 0 year), while the salty anomaly around Green-
land has started to decrease.

When the AMOC leads by 10 years, the Central Arctic freshwater finally reaches the Lincoln Sea and quick-
ly spreads around Greenland. The accumulated freshwater is then gradually exported toward the Atlantic 
Ocean through the Fram straight from lag 20 years to lag 40 years, presumably through advection by the 
mean current, as well as by a stronger southward WGC. We notice that the negative salinity anomaly decays 
before exiting the Arctic (lag 30), probably due to the advection of the positive anomalies from the Eastern 
coastal Arctic to the Central Arctic (Figure 4b). When the freshwater has completely disappeared from the 
Central Arctic (lag 40 years to lag 70 years), an anomalous anticyclonic circulation sets up around Green-
land, together with negative salinity anomalies. Simultaneously, a positive salinity anomaly initially located 
in the East Siberian and Laptev Seas at lag 30 years builds up and expands into the Central Arctic from lag 
30 years to lag 70 years . This salty anomaly is associated with an anomalous cyclonic flow. The pattern 
shown at lag 70 years is of the opposite sign when compared to that found during the strong AMOC (lag 
0 year). We can note during this cycle alternating near-surface salinity anomalies between the Central Arc-
tic and at the Greenland coasts, with positive anomalies around Greenland leading the AMOC by 40 years 
to 0 year and negative anomalies lagging the AMOC by 40 to 70 years, while the central Arctic anomalies are 
more in phase. This relatively uniform distribution around Greenland could result from a fast adjustment 
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Figure 5. (a) Zonal-mean salinity anomalies in the Atlantic basin regressed onto AMOC LFC1 (in colors). Black lines illustrate the significance level at 5%. (b) 
Anomalous sea level pressure (SLP), in Pa, in December, January, February (DJF) and (c) June, July, and August (JJA) regressed onto AMOC LFC1, when the 
AMOC lags by 10 years. AMOC, Atlantic meridional overturning circulation; LFC, low-frequency component.
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Figure 6. Regression onto AMOC LFC1 of the top 150 m salinity (colors), in psu, and currents (arrow), in cm s−1, onto AMOC LFC1. Red contours indicate 
the significance level at 5% for the salinity regression. The lag is positive when the AMOC leads. AMOC, Atlantic meridional overturning circulation; LFC, low-
frequency component.
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of salinity and current anomalies trapped around Greenland, associated with opposite anomalous EGC and 
WGC.

To trace the source of the surface freshwater, we inspect the variations of sea ice thickness (Figure 7a), 
volume (Figure  7b, red line), and area (Figure  7b, black line). The reduction of sea ice in all aspects is 
simultaneous with the AMOC. This is consistent with a sea ice loss associated with the persistent warm-
ing linked to the increased northward oceanic heat transport, as previously found in models simulating a 
substantial multidecadal Atlantic variability with a period larger than 40 years (Frankcombe et al., 2010; 
Mahajan et al., 2011). As we discussed before, the atmospheric circulation above the Arctic Ocean is not 
significantly modified by the multicentennial variability, while the oceanic anticyclonic oceanic currents 
anomalies increase at lag −10 years (Figure 6). This results in a clockwise sea ice velocity anomaly (see 
arrows in Figure 7a).

In summary, the anomalous salinity anomalies located in the central Arctic grow gradually with the AMOC, 
associated with anomalous oceanic currents and sea ice velocity. Conversely, the main convection sites 
located in the Nordic and Labrador Seas show salinity and density anomalies more linked to large salinity 
anomalies forming all around Greenland, that lead the AMOC. These anomalies around Greenland in turn 
result from the delayed propagation of the anomalies located over the Arctic.

3.3. Source of Salinity Anomalies

To understand the freshwater exchanges between the Arctic and the North Atlantic, we quantify the liquid 
freshwater and sea ice transports across the boundaries of the Arctic, as well as the contribution from the 
sea ice melting/freezing and surface fluxes due to runoff and precipitation minus evaporation (see Sec-
tion 2.2 for details).

Figure 8a reveals that in phase with a strong AMOC (and a maximum accumulated freshwater in the top 
150 m of the Arctic), there is a large compensation between a freshwater input from sea ice and surface 
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Figure 7. (a) Sea ice thickness in March (in colors), in m, and sea ice velocity (in black curved arrows), in cm s−1, when the AMOC lags by 10 years. Red 
contours indicate the significance level at 5% of sea ice thickness. (b) The lagged regression of Arctic sea ice extent (in black line), in 1012 m2, and the lagged 
regression of equivalent freshwater of Arctic sea ice volume (in red line), in 1012 m3. The lag is positive when the AMOC leads. Circles indicate significance level 
below 5%. AMOC, Atlantic meridional overturning circulation.
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fluxes (Figure 8a, black line), and an export by oceanic transport through the straits (Figure 8a, red line). 
Among the different contributors to the surface and freshwater fluxes, sea ice is by far the largest (∼9 mSv 
at lag 0; Figure 8b, red line). Increased runoff (∼1.5 mSv at lag 0) also contributes marginally to the positive 
surface input. The impact of precipitation and evaporation is negligible (Figure 8b, orange line). As we will 
show in the following subsection, the strong AMOC-driven heat transport warms the Northern Hemisphere 
high latitudes, especially in the lower troposphere in winter over the Arctic (up to ∼1.5°C near the surface). 
This warming is almost simultaneous with the AMOC due to the fast response of the atmosphere, and 
leads to sea ice melt all over the Arctic—possibly with some feedbacks. In addition, sea ice export decreases 
(∼5.5 mSv at lag 0; Figure 8d, black line), in line with the decreased volume and weaker currents, mostly at 
the Fram Strait (∼4.5 mSv Figure 8d, red line) with a small contribution from the Barents Sea (∼1.5 mSv at 
lag 0; Figure 8d, blue line).

To better understand the oceanic freshwater transport, we also detail in Figure 8c the oceanic transport at 
each cross section delimiting the Arctic boundaries. Anomalous transports at the Fram and Davis Straits 
precede the AMOC by 30–40 years. They are opposite in sign and balance each other to a large extent, with 
a slightly larger magnitude at Davis (Figure 8c). These transports are consistent with the cyclonic (anticy-
clonic) circulation and positive (negative) salinity anomalies trapped around Greenland at lag −40 years 
(50 years), as illustrated in Figure 6. The total oceanic transport is however in phase with the AMOC (Fig-
ure 8c, black line) and is mainly driven by the saltier Atlantic inflow through the Barents Sea (Figure 8c, 
blue line).

The oceanic transport anomalies are further decomposed into the advection of salinity anomalies by the 
mean current, and the anomalous advection of the mean salinity (Figure 8c). Both contributions are equally 
important at the Fram Strait (Figure 8c, dashed and dotted black lines). The current anomalies dominate at 
the Davis Strait, and the mean advection of anomalous salinity at the Barents Sea opening.

In order to link these freshwater fluxes with the salinity anomalies, we also compute a simple integrated 
freshwater budget:
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where FS denotes the surface and sea ice freshwater fluxes, and FOce is the total freshwater fluxes at the 
straits. ∆FWC is the anomaly of Arctic-integrated freshwater content (FWC). R is a small residue due to the 
off-line calculation of freshwater transports from monthly outputs. The regression of the terms of Equa-
tion 1 shows that the total Arctic FWC (Figure 8a, solid black line) continuously decreases from lag −70 to 
50 years, and is a residual of a large cancelation between the two terms on the right-hand side of Equation 1. 
The oceanic transport, dominated by the inflow of North Atlantic water through Barents (Figure 8e, red 
line), decreases the total Arctic FWC (Figure 8e, solid black line), resulting in the subsurface positive salty 
anomalies found below 150 m in Figure 2d or Figure 4b. Meanwhile, the surface and especially sea ice fluxes 
(Figure 8e, blue line) bring freshwater to the surface, damping the total FWC variations. Although these 
two terms thus largely cancel each other on average, their impacts on the vertical structure differ, resulting 
in opposite salinity anomalies in the surface layer and at depth (Figure 2d). Indeed, the FWC anomaly re-
stricted to the top 150 m (Figure 8e, dashed black line) is positive in phase with a strong AMOC or with a 
short lag, consistent with the surface freshwater input and with the salinity anomalies shown in Figure 6. 
The results suggest that the changes of the accumulated oceanic transport dominate the total and deep FWC 
anomalies while the surface freshwater fluxes dominate the near-surface FWC, with a contribution from 
transport anomalies.

Lastly, we compare the FWC variation in the top 150 m (Figure 8f, black line) to the accumulated contri-
bution from cross-neutral diffusion (Figure 8f, red line). The impact of diffusion is negligible. The internal 
wave-driven vertical mixing scheme produces low mixing in the polar region (de Lavergne et al., 2016), 
which is consistent with the little role played by the diffusion in IPSL-CM6A-LR.

The salinity and current at the three main boundaries of the Arctic Ocean are shown in Figure 9, at the 
lags when the respective transport anomalies peak (preceding the AMOC by 40 years for Fram and Davis, 
lag 0 for Barents Sea Opening). At Fram Strait, salty anomalies (largest above the halocline) and a weaker 
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EGC appear near the Greenland coast (Figures 9c and 9d). These changes are in thermal wind balance, 
and both acts to reduce the freshwater export from the Arctic with a similar magnitude (Figure 8d, dashed 
and dotted black lines). The Davis Strait shows anomalous southward flow, consistent with the anomalous 
cyclonic circulation around Greenland. The salinity anomalies are more complicated, with salty anomalies 
near Greenland and fresh ones on the other side (Figure 9b). They correspond to outflow of saltier water 
from the Lincoln Sea through the Nares Strait and of fresher water from the Beaufort Sea through the Bar-
row Strait. These opposite salinity anomalies compensate, so the changes of current velocity transporting 
climatological mean freshwater southward dominate. In the Barents Sea, during strong AMOC conditions 
(lag 0 year), the smaller northward freshwater transport is mainly caused by an increase of the salinity of the 
water entering the Arctic where the mean current is oriented northward (Figure 9e). This saltier Atlantic 
inflow enters the Arctic through the Barents Sea Opening and propagates below the halocline toward the 
Eastern Arctic (Figure 4b).

Next, we will evaluate the global impacts of the North Atlantic multicentennial variability.

3.4. Climate Impacts of the Multicentennial Variability

The atmospheric changes associated with the AMOC variations are quite similar from lag −10 years to lag 
10 years. To better evaluate the atmosphere's response to the AMOC variations and separate it from the at-
mospheric forcing, we show in Figure 10 the regressions when the AMOC leads by 10 years, but the results 
presented next are hardly modified for lag 0 year and lag −10 years.

Associated with the strong AMOC and increased northward heat transport, the Arctic warms by ∼1.5°C in 
winter and ∼0.8°C in summer. The amplification of the warming in winter is likely linked to the anomalous 
heat release from the ocean to the atmosphere associated with sea ice loss (Deser et al., 2015) and to the 
North Atlantic warming. The Arctic atmosphere being more stable near the surface in winter, the warming 
is confined to the lower troposphere (Pithan & Mauritsen, 2014), while it reaches 400 hPa or 300 hPa in 
summer. Aside from the polar region, the entire Northern Hemisphere north of 20°N also warms by ∼0.5°C, 
and the tropics between 20°S and 20°N show a weak warming of ∼0.05°C (Figures 10a and 10e). The zon-
al-mean tropospheric temperature shows a local warming maximum in the tropical upper troposphere (Fig-
ures 10b and 10f), following changes in the moist adiabat (Chiang & Bitz, 2005; Zhang et al., 2017). It is 
larger in summer, as the SST anomalies are warmer, and possibly because deep convection occurs more fre-
quently in the Northern Hemisphere. These tropospheric temperature anomalies resemble the “mini global 
warming” pattern found in many modeling works simulating the Arctic sea ice loss (e.g., Deser et al., 2015; 
Liu & Fedorov, 2019; Screen et al., 2018; Sun et al., 2018). However, in those cases, sea ice loss is imposed, 
and the resulting warming and freshwater release lead to an AMOC decrease. In IPSL-CM6A-LR, the intrin-
sic variability shows instead simultaneous AMOC increase and Arctic sea ice extent decrease.

In summer, the geopotential height at 500-hPa increases uniformly in the Northern Hemisphere, with a 
larger amplitude at high latitudes (Figures 10c and 10g). At the same time, the SLP anomalies are negative 
over the Arctic and North Atlantic Ocean (not shown at lag 10, but similar to Figure 5c at lag −10), indi-
cating a thermal low structure resulting from the heating of the lower troposphere. The situation is similar 
in winter, apart from some small positive SLP anomalies over the Arctic sea ice edges (not shown). An 
exception to this baroclinic structure is the SLP and geopotential height increase over the Aleutians. This 
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Figure 8. Freshwater content (FWC), in 1012 m3, and fluxes, in mSv, regressed onto AMOC LFC1 in the Arctic ocean. (a) Regression of the freshwater flux into 
the Arctic caused by surface and sea ice thermodynamics fluxes (black line) and liquid freshwater fluxes (red line). (b) Regression of the surface and sea ice 
fluxes (black line), sea ice only flux (red line), the precipitation and evaporation (orange line) and runoff (blue line). (c) Regression of the total liquid freshwater 
transport (black line) and individual freshwater transport at each section: Fram (red lines), Davis (orange lines), and Barents (blue lines). Solid lines indicate FW 
transport anomalies; dashed lines represent anomalies caused by mean currents transporting salinity anomalies; dotted lines are anomalies due to mean salinity 
transported by anomalous currents. (d) Regression of freshwater flux due to sea ice export in total (black line) and through each passage Fram (red line), Davis 
(blue line) Straits, and Barents Sea Opening (orange line). (e) Regression of the Arctic Ocean FWC variation (solid black line) and FWC variation of the top 
150 m (dashed black line), and corresponding variation due to accumulated oceanic transport (red line) and freshwater fluxes including sea ice thermodynamics 
and surface fluxes (solid blue line) and residual (orange line). (f) Regression of the FWC variation in the top 150 m (black line), and contribution from 
cross-neutral diffusion (red line). In (a–f), the significance level below 5% is shown in circles. AMOC, Atlantic meridional overturning circulation; LFC, low-
frequency component.
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could be related to the relative cooling of the Equatorial Pacific in winter, itself possibly a consequence of 
the warm surface anomalies in the Atlantic Ocean driving La Niña-like anomalies through a reorganization 
of the Walker circulation (Polo et al., 2015; Ruprich-Robert et al., 2017).

Another typical pattern associated with a warming Northern Hemisphere and an intensified AMOC is the 
northward shift of the ITCZ. Precipitation indeed increases north of the equator and decreases south of the 
equator, especially over the tropical Atlantic in summer (Figure 10h) and over the Indo-Pacific in winter 
(Figure 10d). This displacement causes more summertime rainfall in the Caribbean, African Sahel, and 
the Indian and Asian monsoon regions but less in Brazil (Figure 10h). Similar responses of rainfall to a 
strong AMOC are found in other models (Folland et al., 2001; Smith et al., 2017; Sutton & Hodson, 2005) 
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Figure 9. Salinity, in psu, and cross-section current, in cm s−1at the Davis and Fram straits and Barents Sea Opening. 
(a and c) The mean salinity (in black contours) and anomalous currents (in colors); (b, d, and e) the mean currents (in 
black contours) and anomalous salinity (in colors). Note that the depth axis and scale in each plot is different. Red lines 
indicate the significance level at 5%.



Journal of Advances in Modeling Earth Systems

JIANG ET AL.

10.1029/2020MS002366

16 of 21



Journal of Advances in Modeling Earth Systems

as well as in observations (Folland et al., 1986; Zhang & Delworth, 2006). An explanation involving the 
energy budget was put forward in atmospheric model simulations coupled to a mixed layer ocean (Frierson 
et al., 2013; L'Hévéder et al., 2015; Kang et al., 2008; Tomas et al., 2016): to balance the anomalous north-
ward cross-equatorial energy transport by a stronger AMOC, the atmosphere needs to transport energy 
southward. In the Tropics, this is accomplished by a cross-equatorial Hadley circulation, transporting total 
energy in the direction of its upper branch. The anomalous near-surface circulation is then northward, 
transporting more moisture into the northern hemisphere and leading to a northward shift of the ITCZ.

4. Discussion and Conclusions
The variability emerging from the North Atlantic and Arctic oceans in the 2,000 years IPSL-CM6-LR pre-
industrial control simulation is dominated by multicentennial fluctuations, as previously noted in Boucher 
et al. (2020). We show that this multicentennial variability is caused by delayed oceanic freshwater exchang-
es between the North Atlantic and the Arctic, with little influence of the atmospheric forcing. The AMOC 
changes are driven by density anomalies in the deep convective regions, caused by salinity anomalies. The 
cycle starts with the build-up of a positive salinity anomaly around Greenland, increasing the surface sea-
water density and the deep convection in the Labrador and Nordic Seas. This leads to an intensified AMOC, 
and the associated heat transport causes a surface warming in the North Atlantic. The associated warming 
of the lower troposphere then warms the ocean and melts the sea ice. A negative salinity anomaly thus ap-
pears at the surface in the Central Arctic. This freshwater anomaly builds up progressively, in thermal wind 
balance with an anomalous anticyclonic circulation that helps to maintain it inside the Arctic. Meanwhile, 
the advection of the positive salt anomaly by the mean inflow of Atlantic water leads to a positive salin-
ity anomaly over the Laptev and East Siberian seas. The freshwater anomalies in Central Arctic broaden 
during four to five decades until they reach the Lincoln Sea north of Greenland. Then, the salinity anom-
alies around Greenland change sign to become negative, associated with a faster anticyclonic circulation. 
Eventually, the anomalous freshwater spreads to the convection sites in the Nordic and Labrador Seas, the 
AMOC decreases and the oscillation shifts to the opposite phase, with positive salt anomalies propagating 
from Eastern Arctic to Central Arctic.

The investigation of salt tendencies reveals that the parameterized diffusion does not play a significant 
role, as expected from the low mixing in polar region (de Lavergne et al., 2016). Thus, we suggest that the 
multicentennial timescale emerges mostly from the freshwater holding capacity in the central Arctic, and 
the interplay between this central freshwater pool and the circulation circling Greenland. Besides, we spec-
ulate that the salt anomalies advected by the Atlantic inflow into the Eastern Arctic are acting as a negative 
feedback, reversing the sign of the Arctic freshwater content anomalies. The oceanic circulation over the 
continental shelf in the East Siberian Sea and the Laptev Sea might bring the subsurface salty Atlantic water 
to reach the surface. However, the actual pathway of the salt anomaly remains to be fully understood with 
tools such as Lagrangian tracers. More work is also needed to quantify the advective time scales involved to 
fully understand this Arctic freshwater holding capacity as well as the mixing processes in the Laptev and 
East Siberian Seas.

The primary driving mechanism in our study reminds of the one proposed by Jungclaus et al. (2005, J05), in 
which the anomalous freshwater exchanges between the Arctic and North Atlantic are also the key driving 
factor, but with some important differences. First, their period is shorter, about 70–80 years, and the deep 
convection is not in phase in the Labrador and Nordic Seas. The initial reduction in sea ice export results 
from anticyclonic circulation anomalies in the Greenland Sea caused by ocean warming, and the geopoten-
tial height difference between the Greenland Sea and the Arctic Ocean. But in our study, the influence of 
temperature does not contribute to the density anomalies in the regions of interest. We also find that current 
and salinity anomalies are in phase in the EGC, unlike in Jungclaus et al. (2005). Besides, in our case, the 

JIANG ET AL.

10.1029/2020MS002366

17 of 21

Figure 10. Regression onto AMOC LFC1 of various climate fields in winter (DJF, [a–d]) and summer (JJA, [e–h]), when the AMOC leads by 10 year: (a) Air 
temperature at 2 m height, in K, (b) zonal-mean air temperature, in K, (c) geopotential height at 500 hPa, in m. (d) Precipitation, in mm d−1. In (a, b, and d), 
colors are shown if anomalies are statistically significant at 5% level, while blue contours intervals correspond to that shown in color bar. In (d), black contours 
indicate significance level at 5%. (e–h) are the same as (a–d), but for summer. Note the different color scale in (b and f). AMOC, Atlantic meridional overturning 
circulation; LFC, low-frequency component; DJF, December, January, February; JJA, June, July, and August.
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atmospheric circulation anomalies remain small and hardly statistically significant. More generally, the ac-
cumulation of freshwater in the central Arctic seems to play a larger role in our case, rather than circulation 
changes in the Nordic Seas.

We did not find significant salinity anomalies propagating from the Southern Ocean, which is the key mech-
anism proposed in Delworth and Zeng (2012). Some negative salinity anomalies in the subtropical Atlantic 
are found associated with the ITCZ northward shift, as in Vellinga and Wu  (2004) or Jackson and Vel-
linga (2013), but these anomalies are much weaker than those propagating from the Arctic. Therefore, we 
suggest that they do not have an active role in the centennial variability.

A strong AMOC phase shows significant climate impacts, with a Northern Hemisphere warming, max-
imum in winter. The warming is mainly baroclinic over North Atlantic and Arctic, with only a few sea 
level-pressure changes, as found in a previous study focusing on the impacts of North Atlantic warming 
(Ruprich-Robert et al., 2017). We also found an important northward shift of the ITCZ, influencing both the 
West African and Indian monsoon. All these impacts are consistent with a Northern Hemisphere warming 
caused by Arctic sea ice reduction and AMOC intensification. Further work would be needed to distinguish 
the specific role for climate of the AMOC from the sea ice loss and polar amplification feedbacks.

Although such multicentennial variability is not as dominant as the multidecadal variability, climate proxies 
indicate that a centennial to multicentennial North Atlantic variability exists (Ayache et al., 2018; Laepple & 
Huybers, 2013; Mann et al., 1995). More work is still needed to further assess the realism of the variability 
found in IPSL-CM6A-LR with proxy data. Similar centennial variability also occurs in other climate models 
participating in CMIP6. CNRM-CM6 (Voldoire et al., 2019) has an even more dominant centennial variabil-
ity, while EC-Earth3.3 has a comparable one (Ruprich-Robert, personal communication). As EC-Earth3.3 
and CNRM-CM6 share the same oceanic component as IPSL-CM6-LR, that is, NEMOv6 with a q1  nominal 
resolution, but with a different embedded sea ice module in the case of CNRM-CM6, the question about the 
properties within the ocean favoring the emergence of such centennial variability remains open. Our results 
suggest that such variability is characterized by an alternating salinity anomaly between the Central Arctic 
and at the coast of Greenland. A better understanding of the freshwater budget over these specific locations 
is needed to investigate the relevant evolution. Besides, the rapid adjustment of salinity anomalies around 
Greenland could be exacerbated by an over-simplistic bathymetry around Greenland, with the Nares strait 
being too deep (Figure S2b). However, multicentennial sensitivity experiments would be required to further 
assess the role of bathymetry.

Lastly, human activities are estimated to have caused approximately 1°C of global warming above preindus-
trial levels (IPCC, 2018). The presence of such centennial variability might potentially regulate and cover up 
the anthropogenic-driven climate change. Therefore, ongoing efforts aim to assess the signature of centen-
nial to multicentennial variability in the warming climate and investigate how it impacts the historical and 
scenario simulation in terms of spread or uncertainty.

Data Availability Statement
The data of the simulation presented here are available on ESGF-CMIP6 (https://doi.org/10.22033/ESGF/
CMIP6.1534).
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Introduction  

Our analysis is based on a 2000-yr pre-industrial control simulation of the low-resolution 
atmosphere-ocean model developed by the IPSL for CMIP6 (CMIP6.CMIP.IPSL.IPSL-CM6A-LR; 
doi:10.22033/ESGF/CMIP6.1534). The mean simulated salinity and currents in the North Atlantic 
at high latitudes and the Arctic are shown, and the World Ocean Atlas 2018 (WOA18) dataset is 
used to assess the salinity and temperature fields in the model. We use empirical orthogonal 
functions (EOF) to analyze the Atlantic yearly meridional streamfunction from 30°S to 80°N, after 
weighting the data by the square root of the grid cell thickness. The principal components (PC) 
time-series are standardized, and the EOFs are the regressions onto the PCs. A small cooling drift 
of about 0.2K in 2000 years exists in this simulation. We approximated this drift as a quadratic 
trend and removed it from all data before analysis.  



 
 

2 
 

Figure S1. Comparison between model results and World Ocean Atlas 2018 (WOA18) dataset. 
Mean salinity and temperature in (a) the Arctic and (b) the North Atlantic. The Arctic is enclosed 
by four cross-sections at the Bering Strait, the Fram Strait, the Davis Strait and the Barents Sea 
Opening, indicated with black lines in (c). The cross-section across the north pole is called the 
Arctic cross-section. The North Atlantic is from 30oN to the Fram Strait and Barents open ocean 
cross-section. Difference of (c) salinity, in psu, and (d) temperature, in °C, between model and 
WOA18 (model minus WOA18) integrated over top 200 meters. 
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Figure S2. (a) Top 150m mean salinity (in colors), in psu, and current (in black curved arrows), in 
#$ ∙ &!". (b) The bathymetry of the model, in m. 
 

Figure S3. (Top left) First empirical orthogonal function (EOF1) of the Atlantic meridional 
streamfunction, in Sv, and (bottom left) associated normalized principal component (PC1). Right 
panels are the same as left panels, but for the second EOF and PC. The variance explained (in %) 
is provided by the numbers in top panels. 
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3.4 Conclusion and discussions  
In Chapter 2.3.2, we have introduced that some studies attribute the AMOC variability on 
multidecadal timescales (longer than 50 yr) to the salinity anomalies originating in the tropical 
Atlantic or the Southern Ocean. Our study found that salinity anomalies associated with AMOC 
changes are confined to the Atlantic north of 20°N and not significantly related to the tropical 
Atlantic or the South Atlantic (Figure 5a in the article). Jackson and Vellinga (2013) also suggested 
the importance of the salinity anomalies in the Arctic Ocean driven by the stochastic SLP (see 
Chapter 2.3.2 and Figure 2.8). We, however, proposed that the atmospheric forcing is minor as the 
amplitude of SLP anomalies is small, at 40 Pa at maximum (Figures 5b and c in the article). Here, 
we further examined the wind field over the Arctic Ocean. The climatological mean summer winds 
are anticyclonic and up to ~ 1 m s-1, especially over the Beaufort Sea (Figure 3.1). The mean 
wintertime winds are strongly westward. But the wind anomalies in both seasons are weak (~5 cm 
s-1) compared to the mean winds, and they are nowhere statistically significant. Therefore, we 
believe that in IPSL-CM6A-LR, the atmosphere plays a marginal role in driving the AMOC 
variations.  
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Figure 3.1. (a) Climatological mean winds, in ms-1, in June, July, and August (JJA). (b) 
Regression of JJA winds, in cms-1, onto AMOC LFC1. (c – d) the same as (a – b) but for 
December, January, and February (DJF). Red contours in (b) and (d) indicate the significance 
level of 95% for the longitudinal velocity. 

3.5 Simplified model for the freshwater recharge mechanism 
Here we propose a conceptual model to summarize the mechanism for centennial variability found 
in the IPSL-CM6 GCM, and potentially yield some insight into the parameters setting the timescale 
of the AMOC fluctuations.  
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As shown in the paper, the key driver of the AMOC strength AMOC is the surface salinity in the 
Nordic Seas and around Greenland G’: 

 ∂AMOC
𝜕𝑡

∼ G′ 
(3.1) 

The AMOC being driven by density anomalies at the convection sites downstream of G’ 
is consistent with the observed phase relationship between anomalies at the Fram Strait and AMOC. 
For instance, the occurrence of positive salinity anomalies in the Greenland Sea leads the AMOC 
by 40 years and lasts from lag -40 to lag 20 (Figure 6 in the article). This is consistent with the 
freshwater transport through the Fram Strait peaking when leading the AMOC by 40-yr and 
decreasing until the AMOC leads by 40-yr (Figure 8c in the article). Other impactors, such as 
stochastic forcing, rainfall, and runoff, can be considered damping terms. 

The Greenland Sea salinity anomaly G’ is in turn driven by different advective terms, which 
can be expressed as: 

 𝜕𝐺′

𝜕𝑡
∼ 𝑉′𝛿𝑆̅̅ ̅ + �̅�𝐴′ + 𝛼𝑆 AMOC 

(3.2) 

The first term on the right-hand side represents the anomalous advection of the mean salinity 
gradient in the Arctic 𝛿𝑆̅̅ ̅ by the anomalous current along Greenland 𝑉′. Note that V’ is taken 
positive here if the East Greenland current is weak, and 𝛿𝑆̅̅ ̅ is positive. So a weak Greenland current 
leads to less freshwater export from the Arctic, and salty anomalies G’. The second term represents 
the extension of the central Arctic freshwater anomaly to the Lincoln Sea north of Greenland 
driven by the transpolar drift (Figure S2 in supplementary and Figure 6 in article). The mean 
current �̅� measures the mean intensity of this transpolar drift, and 𝐴′ is the salinity anomaly in the 
central Arctic. Finally, the last term represents the anomalous salinity brought in the Nordic Seas 
by the anomalous AMOC circulation, the classical AMOC “internal salinity feedback”. 

We further suppose that the anomalous current around Greenland is in thermal wind balance 
with the anomalous salinity gradient between the coast and the central Arctic: 

 
𝑉′ ∼ 𝛾(𝐺′ − 𝐴′) (3.3) 

where 𝛾 depends on the Coriolis factor 𝑓, gravity g (notations same as previous), and the halocline 
depth.  

Finally, the equation for the central Arctic salinity anomaly A’ is: 
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 𝜕𝐴′

𝜕𝑡
∼ −𝛼𝑇 AMOC − �̅�𝐴′ 

(3.4) 

where the first term represents the impact of AMOC-related heating on surface freshwater fluxes 
– mostly due to less sea-ice export – with an intensity 𝛼𝑇, and is driving the freshwater anomaly. 
The second term is the export by the mean currents (transpolar drift) advecting this anomaly 
towards Greenland. As there is a large cancellation between the surface freshwater flux and the 
oceanic transport (Figure 8e in the article), the evolution of A’ is much smaller than either term. 
We then have approximately 

 𝐴′ ∼ −
𝛼𝑇
�̅�
𝐴𝑀𝑂𝐶 (3.5) 

which is consistent with the observed phase relationship between AMOC intensity and surface 
freshwater content in the Arctic. 

Solving his system for AMOC, we find: 

 𝜕2AMOC
𝜕𝑡2

= (𝛼𝑆 + 𝛾𝛿𝑆̅̅ ̅)
𝜕AMOC
𝜕𝑡

− AMOC 𝛼𝑇 (1 −
𝛾𝛿𝑆̅̅ ̅

�̅�
). (3.6) 

 
We thus have two main feedback loops, corresponding to the two terms on the right-hand side: 

• A positive loop given by the first term on the right-hand side, involving AMOC, G’, 
and V’, similar to the AMOC internal salinity feedback given by 𝛼𝑆 , plus the 
weakening of the East Greenland current decreasing the Arctic freshwater export. 

• A slower, delayed negative loop, given by the second term, involving the buildup 
of A’ by the AMOC, and its subsequent discharge by �̅�. 

One key parameter that controls the timescale appears to be (𝛾𝛿𝑆̅̅ ̅ − �̅�) (second term), that 
is, given a central Arctic anomaly A’, the competition between the mean current transporting the 
anomaly towards Greenland, and the geostrophic anomalous current that maintains the salty 
anomalies at the Greenland coast. If the two are close, the resulting timescale can be much longer 
than either mechanism by itself. 

While this simple model reproduces some key phase relations between some variables of the 
GCM, and gives a possible mechanism for the long time-scale of the AMOC variations, it would 
still need to be validated quantitatively, for example by estimating its different parameters from 
regressions using the GCM outputs. 

Except for the investigation and discussion of the driving mechanism of the AMOC 
centennial to multicentennial variability, in the article, we also examined its climate impact with 
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the statistical analysis using the control simulation. The second part of my PhD will be presented 
in the next chapter: a study of the climate response to the AMOC changes with a series of 
experiments in the same model. 
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4 Experimental design to investigate the influence of 
low-frequency AMOC variability on climate 
The proposal of my PhD is to investigate the role of the ocean in the North Atlantic climate 
variability on long timescales. We have shown in detail the mechanisms driving the Atlantic 
overturning circulation variability on centennial to multicentennial scales, emerging in the IPSL-
CM6A-LR piControl simulation. This chapter focuses on the climate response to the AMOC 
variations.  

4.1 Introduction 
The investigation of the climate response to the centennial AMOC was studied using regressions 
in the control simulation in the previous chapter. However, regressions cannot distinguish causality. 
Furthermore, the AMOC impacts might depend on the mechanism generating the variability. The 
AMOC impacts related to the multi-centennial variability might not apply to the decadal or 
multidecadal variability.  

Many model studies use water hosing experiments to isolate the impact of the AMOC 
variations from the fields driving the AMOC changes. Anomalous freshwater flux or equivalent 
negative salinity flux is applied to some regions of the Atlantic Ocean to generate a weakened 
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AMOC and explore its impact on the climate (e.g., Hawkins et al., 2011; Jackson and Wood, 2018; 
Mignot et al., 2007). Jackson et al. (2017) found that the response of AMOC to the input freshwater 
flux is sensitive to the method by which the freshwater input is compensated. For instance, the 
compensation can be applied at the surface or throughout the volume. In addition, the application 
of a large amount of freshwater forcing makes it difficult to disentangle the relative contribution 
of the dynamical ocean response from the freshening of the Atlantic Ocean itself. Therefore, a 
method that can better constrain the AMOC and clearly distinguish between forcing and response 
is needed to better understand the climate response to the AMOC variations.  
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4.2 A method to implement a flow field correction  
Here, we will present the method adopted in the PhD to constrain the AMOC in a fully coupled 
climate model. 

In ocean dynamics, a widely adopted approach is to split the oceanic flow into a depth-
independent portion, referred to as the barotropic flow, whose density is only a function of pressure, 
and the deviation, called the baroclinic flow. In conventional wind-driven ocean circulation theory, 
barotropic flow is the flow in dynamical balance with the sea surface slope. The baroclinic 
component is instead generated by the density distribution due to different temperatures and 
salinity. The AMOC is almost a baroclinic flow with varying density and velocity with the depth, 
as it is usually measured in the depth-latitude diagram (shown by the zonal mean stream function 
in Chapter 2). In this work, we control the AMOC by constraining the baroclinic component with 
prescribed density in the momentum equations. 

In the NEMO model, the primitive equation for the local horizontal velocity 𝑈ℎ vector is 
given by: 

 𝑑𝑼𝒉
𝑑𝑡
=  −𝑓 𝒌 ×  𝑼𝒉 −

1
𝜌𝑜
∇ℎ𝒑 + 𝐷 + 𝐹, (4.1) 

where 𝑡 is the time, 𝜌𝑜 is a reference density, p is the pressure, f is the Coriolis acceleration, and k 
is the local upward vector. D denotes the small-scale physics for momentum and F the surface 
forcing terms. The first term on the right-hand side is the Coriolis force term, and the second term 
is the pressure gradient term.  

The total pressure at a given depth z is composed of a surface pressure 𝑝𝑠 at a reference 
geopotential surface (z = 0) and a hydrostatic pressure 𝑝ℎ: 

 𝑝 =  𝑝𝑠 + 𝑝ℎ. (4.2) 

The former surface pressure is given by: 

 𝑝𝑠 =  𝜌𝑔𝜂 (4.3) 

with 𝜂 denoting the sea surface height and 𝜌 the in situ density of the seawater. 

The latter depth-dependent pressure is computed as an integral from the depth z to the surface 
based on the hydrostatic hypothesis: 

 
𝑝ℎ =  ∫ 𝑔𝜌(𝑇, 𝑆, 𝜍)𝑑𝜍

𝜍=0

𝜍=𝑧
 

(4.4) 
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where 𝜍 is the vertical coordinate. S and T denote the salinity and potential temperature of the 
seawater, respectively. g is the gravity. 𝑝𝑠 is the barotropic part of the pressure and 𝑝ℎ denotes the 
baroclinic pressure. The corresponding flows are the barotropic and baroclinic flows.  

In this study, to explore the influence of the oceanic flow with the same IPSL-CM6A-LR 
model, we constrain the baroclinic currents in the North Atlantic using the flow-field correction 
method derived from Drews et al. (2015). The method was initially developed to correct the 
displacement of the North Atlantic Current by Drews et al. (2015) and Drews and Greatbatch (2016, 
2017). It is referred to as the flow-field correction, following the terminology of Drews et al. (2015) 
and the other two studies.  

As shown by Equation 4.4, the density 𝜌 depends on the salinity and potential temperature. 
The flow field correction is implemented by replacing the in situ model density 𝜌𝑚  in the 
computation of the pressure gradient and the horizontal component of the flow in Equation (4.1).  

The in situ model density 𝜌𝑚 is replaced with a linear combination of 𝜌𝑚 and input in situ 
density 𝜌𝑖: 

  𝜌 =  (1 − 𝛼𝛽)𝜌𝑚 +  𝛼𝛽𝜌𝑖  (4.5) 
where 𝛼 is a fixed scalar parameter. 𝛼 indicates the percentage of the external input density 𝜌𝑖 to 
the total combined density 𝜌. 𝛽 is a two-dimensional field indicating the region used for the flow 
filed correction. This procedure is only applied from the surface to a certain depth. 𝛼, 𝛽, and the 
cutoff depth need to be carefully tested to use the flow field correction. It is important to note that 
the density is only modified when calculating the pressure gradient term and is otherwise not 
modified in the ocean models.  

We aim at constraining the AMOC in the extratropical North Atlantic, where the baroclinic 
flow is dominant. In the tropics, the wind-driven barotropic flow is likely more important (see 
Chapter 1.4). To specify the region to which the input density is applied, we use the value β as 1 
or 0 to switch on or off the flow field correction. We also build smooth transition zones with β 
varying from 1 to 0 at the meridional boundaries of the constrained region.  

The input density 𝜌𝑖 is computed from two three-dimensional fields that are read during the 
integration of the model. These fields are the conservative potential temperature and absolute 
salinity. The input density is then calculated on-line by the state equation in the model. The model 
used to investigate the influence of AMOC is still IPSL-CM6A-LR (see section 3.2 for more 
details). To avoid mismatches between the input data and model data when using such flow field 
correction, the input conservative temperature and absolute salinity are derived from the same 
model.  
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4.3 Adjustment of the parameters  
For testing purposes, we used an input density calculated with the climatological monthly salinity 
and temperature computed from the IPSL-CM6A-LR piControl simulation. Specifically, we use 
the first 1200-year of the 2000-year simulation. But we expected only a few differences using the 
climatology calculated from the whole 2000-yr run.  

Sensitivity experiments are used to confirm the choice of three parameters, i.e., the scalar 
parameter 𝛼, the distribution of 𝛽, and the cutoff depth. We next compare the results from the 
sensitivity experiments with the long-term (1200-year) piControl run, hereafter referred to as CTL-
CM.  

4.3.1 Correction strength: 𝜶 
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Figure 4.1. Yearly mean (a) AMOC, (b) SST, and (c) SSS averaged over 20°N and 60°N in 
the Atlantic basin. The solid black lines indict the CTL-CM and red lines show the corrected 
simulation with α of 1 and a cutoff depth of 750m. Dashed black lines represent the 
climatology from CTL-CM. The input data is climatology.  

We first did a series of tests using a baroclinic flow field fully corrected (α = 1) with a cutoff depth 
of 750 m. We then focused on the simulated AMOC, the temperature, and salinity in the North 
Atlantic to evaluate the simulations. The AMOC strength is defined as the maximum 
streamfunction over the whole depth at 30°N. We compare pairs of runs starting from the same 
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initial conditions, one fully-coupled run (a portion of the piControl control run), and one run 
including a flow filed correction. In a first simulation, the AMOC decreases from ~11 Sv to ~6 Sv 
within 100 years (Figure 4.1a). The associated SST in the North Atlantic reduces from 14.7°C to 
14.1°C (Figure 4.1b). Apparent drifts exist in the AMOC and SST over the North Atlantic. The 
SSS shows a swift increase in the first 20 years and then drifts toward a freshening. The simulated 
salinity is largely higher than the climatology or SSS from CTL-CM in the same period (Figure 
4.1c). 

We then modified the value of α to see whether such drift toward a weaker AMOC and a 
warmer North Atlantic Ocean is modified. The values 1, 0.9, 0.7, 0.5, and 0.3 are tested. 
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Figure 4.2. Yearly mean (a) AMOC (in Sv), (b) SST in (°C), and (c) SSS (in psu) averaged over 
20°N and 60°N in the Atlantic basin, from simulation with α of 1, 0.9, 0.7, 0.5, 0.3 respectively. 
Dashed black lines represent the climatology from CTL-CM. The cutoff depth is 1000m. The 
input data is climatology. 

Figure 4.2 shows the simulated AMOC, SST, and SSS with different α. Note that the cutoff 
depth is 1000 m in these five experiments. There are smaller modifications of these three oceanic 
fields when using small α values, at least in the first 10 years of simulations. Nearly all runs show 
an increase in SST and SSS compared to the climatologies. When α is 1 and 0.9, the difference 
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between simulated SST/SSS and climatology is relatively larger than when α is 0.7, 0.5, and 0.3. 
There is no similar tendency in the AMOC. To maintain an effective correction and constrain the 
currents to the greatest extent, we choose α = 0.7 because it leads to only a few perturbations of 
the mean state. In the following (Chapter 4.4), a multi-centennial run has proven that the simulation 
with α = 0.7 shows negligible drift. 

4.3.2 Localization of 𝜷 

𝛽 is used to apply the flow field correction only in the North Atlantic Ocean. Transition zones are 
set between 10°N and 20°N, and between 60°N and 70°N. Out of this region, the flow is not 
constrained. However, as the flow field correction might affect the coastal Kelvin wave, which is 
important for the AMOC equilibration (Zhang, 2010), we tested two different distributions of 𝛽 
with and without smoothing at the western and eastern boundaries (Figure 4.3). 

In order to maximize the correction, 𝛼 is set as 1 here. In this case, the original model density 
is entirely replaced by the input density. The cutoff depth is 750 m. The two simulations with 
different 𝛽 (Figures 4.3a and b) last for 30 years each.  

Unfortunately, we misleadingly used the non-conservative temperature and practical salinity 
rather than conservative temperature and absolute salinity that satisfy the equation of state in the 
model. Therefore, the results in these two experiments (Figure 4.3) should be interpreted with 
caution. When the western and eastern boundaries are fully constrained, the simulations using α = 
1 and correct input data have been shown previously (see Figures 4.1 and 4.2). The simulated 
AMOC is weaker when compared to the CTL-CM or the climatology. With the same α but 
improper data, the AMOC anomaly presents a more massively reduced and extended pattern in the 
latitude (Figure 4.3d). The negative anomaly extends downward to the 2000 m depth.  

When the western and eastern boundaries are smoothed out, the AMOC shows a lighter 
reduction around 30°N, where the strongest WBC is located, and is more weakened south of 30°N 
and north of 40°N. The negative anomaly is also shallower, confined to the top 1500 m of the 
ocean (Figure 4.3c). However, we do not know whether the differences are due to the smoothed 
boundaries or to the improper data. The choice of 𝛽 needs further tests. 

We decided arbitrarily to fully constrain the flow field in the eastern and western boundaries. 
The distribution of 𝛽 shown in Figure 4.3 panel b is used in the following experiments. The input 
data is only misused in this subsection 4.3.2 and not in the following sections.  
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Figure 4.3. (a - b) Distribution of parameter 𝛽 (a) with and (b) without transition zones at 
eastern and western boundaries. (c) Departures of the mean AMOC from the 1200-y 
climatology from CTL-CM in a simulation using β defined as (a). (d) Same as (c) but for a 
simulation with β as defined in (b). The two solid vertical lines indicate the fully constrained 
area. Dotted lines show the edge of transition zones. 

4.3.3 Cutoff depth 
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Figure 4.4. The difference between simulated AMOC and the climatology from CTL-CM (the 
former minus the latter), in Sv, when the cutoff depth is (a) 1000 m, (b) 1500 m, and (c) 2500 
m. Each simulation runs for 10 years. Two solid vertical lines indicate the fully constrained 
area, and dotted lines show the edge of transition zones. 
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Different cutoff depths were tested with the chosen α (value of 1) and β (no transitions in zonal 
boundaries). The input density is also calculated from the climatological CTL-CM temperature 
and salinity. We did 3 runs with a duration of 10 yr with the cutoff depth of 1000 m, 1500 m, and 
2500 m, respectively. The meridional streamfunction difference with the CTL-CM simulation is 
shown in Figure 4.4. 

The anomalies are smaller than 1 Sv when the cutoff depth is 1000 m, except for the negative 
anomalies situated at 3000m and 25°N (Figure 4.4a). Such strong and sharp negative anomalies 
might result from the slow adjustments of the DWBC to the constraints applied in the upper layer. 
The flow field correction is applied deeper in the ocean when the cutoff depth increases. Ideally, 
the correction should only apply to the upper limb of the AMOC, and the lower limb is expected 
to adjust to the changes imposed on the upper levels. For cutoff depth larger than 1000 m, the 
AMOC differences with the CRL-CM show a larger amplitude, and the maximum anomaly locates 
at a deeper depth (Figures 4.4b and c). Moreover, the anomalies concentrate on the tropical to 
subtropical North Atlantic, where the barotropic flow is important. It may not satisfy our purpose 
to constrain the AMOC in the extratropical North Atlantic, where the baroclinic current dominates. 
Considering the amplitude and location of the anomaly, we use the cutoff depth as 1000 m in the 
following.  

4.4 Performance of control run 
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Figure 4.5. Comparison between the control simulation with and without flow-field correction. 
Yearly mean (a) AMOC (in Sv), (b) SST in (°C), and (c) SSS (in psu) averaged over the subpolar 
gyre between 50°N and 70°N in the North Atlantic, from CTL-CM (in red) and CTL-FFC (in 
blue). Dotted lines depict yearly time series, and solid lines use 20-y Butterworth lowpass 
filtered data. Numbers in red and blue indicate the standard deviation of raw timeseries. (d) 
The difference between simulated AMOC from 600-y control simulation CTL-FFC and the 
AMOC from CTL-CM (the former minus the latter), in Sv. Black contours indicate the 95% 
confidence level using student t test assuming equal variance. Two solid vertical lines indicate 
the fully constrained area, and dotted lines show the edge of transition zones. 

As revealed by the test experiments, the smooth transition zones are only set at the northern and 
southern boundaries to make the important WBC fully constrained. 𝛼 is chosen as 0.7 to maintain 
a strong correction and avoid the potential drift when the correction is even stronger. The cutoff 
depth is 1000 m, in which configuration the simulated AMOC pattern is the most idealized. This 
set of parameters is adopted in all following experiments. The control simulation with input 
climatological temperature and salinity is extended to 600 years, referred to as CTL-FFC hereafter. 

We assess the performance of CTL-FFC by comparing the key elements to the CTL-CM 
during the same period. The AMOC shows no apparent drift in CTL-FFC (Figure 4.5a), confirming 
the choice of 𝛼 as 0.7 compared to results using 𝛼 =1. The variability is weaker in CTL-FFC, as 
the standard deviations in the AMOC are smaller (indicated in the top left corner of Figure 4.5a). 
SST and SSS in the North Atlantic indicate consistent long-term mean between CTL-FFC and 
CTL-CM, but these three variables all suggest a modest amplitude of variability with flow fields 
being constrained to the climatology, which is confirmed by the standard variations (Figures 4.5a-
c).  
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Figure 4.6 The variance-frequency spectrum of AMOC from CTL-CM (in black) and CTL-
FFC (in red). 

Spectrum analysis of the AMOC indeed shows a clear reduction in the variance for periods 
longer than 10 years (Figure 4.6). The centennial variations of the AMOC in CTL-FFC are reduced 
effectively as the currents are corrected by the climatological state. The variability in CTL-FFC is 
about one-third of that in CTL-CM for a period longer than 100 yr. The analysis of these time 
series indicates that the decadal to centennial variability is damped in CTL-FFC. But some decadal 
variability remains in CTL-FFC. This can be linked to the fact that the flow is only partly 
constrained, as 30% (1- α = 0.3) of the original model density is not constrained in calculating the 
horizontal flow. 

We also inspect the AMV here. The AMV index is defined as the 10-y Butterworth lowpass 
filtered area-weighted average of residual SST anomalies over the North Atlantic from 0 to 65°N 
and from 80°W to 0°W. The patterns of SST anomalies regressed onto the AMV index in the two 
simulations are similar, but the amplitude in CTL-FFC is smaller, at 3°C versus 4°C in CTL-CM 
(Figures 4.7 a and b), likely resulting from the damped variability of AMV in CTL-FFC. As shown 
in Figure 4.7c, the AMV experiences a similar decrease of variability at the centennial scale, while 
on periods shorter than 50 years, two simulations exhibit comparable variance. This relatively 
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unchanged variance on shorter scales may be attituded to feedback through the density and salinity, 
as the currents are only partially constrained. For instance, the fluctuations in the Arctic sea ice 
may be linked to the AMV via the anomalous propagation of salinity on multidecadal scales 
(Frankcombe and Dijkstra, 2011; Jungclaus et al., 2005) and through the atmospheric 
teleconnections (Castruccio et al., 2019). But a more precise explanation remains established.  

  

 

Figure 4.7 SST regressed onto the AMV in (a) CTL-CM and (b) CTL-FFC. AMV is defined as 
10-y lowpass filtered SST averaged over the North Atlantic from 0 to 65°N and from 80°W to 
0. (c) The variance-frequency spectrum of AMV from CTL-CM (in black) and CTL-FFC (in 
red). 
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The AMOC positive anomalies concentrate within the corrected area and extend to the 
uncorrected regions (Figure 4.5d). The anomaly is ~0.3 Sv, except for a strong dipole anomaly 
near the surface between 35°N and 45°N. We speculate that this dipole anomaly might be related 
to the intensified Gulf stream and associated displacement of the eastward North Atlantic Current. 
The weakened surface current likely leads to the southward extension of the subpolar gyre (Figure 
4.7). The weakened AMOC variability is consistent with the reduced amplitude of SST anomalies 
associated with the AMV as the oceanic circulation is generally considered as part of the cause of 
the AMV (Figures 4.7a and b; Zhang et al., 2016).  

In summary, the flow-field correction method successfully brings the AMOC to the input 
state, and the simulation runs without drift when 30% of the AMOC is not constrained. We next 
constrain the AMOC with circulation conditions associated with an intensified or a weakened 
AMOC computed from the same 1200-y from CTL-CM to produce a corresponding strong or weak 
AMOC state and study the impacts on climate. 
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5 Response of climate to AMOC low-frequency 
variations 
5.1 Introduction 
In Chapter 3, we have presented the driving mechanism of the low-frequency AMOC variability 
that emerged in the 2000-year IPSL-CM6A-LR piControl simulation. The second part of my PhD 
is to investigate the impacts of this AMOC variability on the climate, using novel sensitivity 
experiments and diagnostics of the energy flow in the climate system. This study uses the same 
model as Chapter 3, namely, the IPSL-CM6A-LR model. In the following, I present the main 
results in a manuscript formatted for future submission to the Journal of Climate or Climate 
Dynamics.  

5.2 Article 
We use the on-line flow field correction procedure presented in Chapter 4 to constrain the Atlantic 
overturning circulation and investigate the climate response to the changes in the AMOC. The 
philosophy of the method is to modify the baroclinic component of the oceanic currents through 
the horizontal pressure gradient. This horizontal pressure gradient is calculated using a well-chosen 
input ocean density. Here, to simulate an intensified (a weakened) AMOC, we superpose 
temperature and salinity anomalies associated with a strong (weak) AMOC to the climatology to 
produce the input density. The anomalies are computed as regressions of the three-dimensional 
annual mean fields onto an AMOC index. The AMOC index used is the AMOC LFC1, the first 
low frequency component of the AMOC introduced in Chapter 3. Before being added to the annual 
climatological cycle, regression coefficients are multiplied by 1.5 (-1.5) to simulate amplified 
strong (weak) AMOC changes. Therefore, the input anomalies correspond to those associated with 
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1.5 AMOC standard deviations. The results show that the enhanced AMOC and northward OMET 
leads to a warmer Northern Hemisphere and a northward shift of the ITCZ. These climate 
responses are associated with an abnormal direct Hadley cell in 20°S-20°N that settles to transport 
MSE southward in its upper branch. This southward AMET compensates for the intensified 
oceanic transport in the tropics and leads to moisture and heat transport northward in the lower 
branch of the Hadley cell. The associated trade wind anomaly applies a negative wind stress curl 
over the tropical ocean and drives an anomalous indirect overturning cell in the upper ocean. This 
oceanic cell can be understood as an anomalous southward Sverdrup transport in the tropical ocean.  

Meanwhile, the AMOC-induced anomalous air-sea heat fluxes in the Atlantic basin found 
in these flow-field constrained simulations are applied in simulations using a slab ocean model 
(SOM) coupled to the same atmosphere model LMDz. Such experiments allow us to study the role 
of ocean dynamics in shaping the AMOC impacts by comparison with the analogous AOGCM 
experiments. The atmospheric responses are similar in the SOM runs, indicating a relatively minor 
role of the ocean dynamics. However, we also find several differences. The atmospheric variations 
are of greater amplitudes in the SOM than in the AOGCM, suggesting that ocean circulations 
seemingly damp the atmospheric response, especially near the equator, where the amplification in 
SOM is maximum. It coincides with the southward OMET anomaly in the Indo-Pacific peaking at 
the equator.  

In addition, the tropical changes in the SOM experiment are magnified by positive low cloud 
feedback. In the tropics, the large-scale atmospheric circulation reorganizes with more subsidence 
south of the equator and more ascent and atmospheric convection north of the equator. This leads 
to a decrease (increase) of the low cloud amount north (south) of the equator. Low clouds have a 
large impact on the planetary albedo, so their changes lead to more (less) incoming shortwave 
north (south) of the equator. Eventually, the energy transport implied by such changes of the 
radiative flux at TOA is southward in the tropics, reinforcing the southward AMET anomaly.  
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Key Points 
• AMOC anomalies are imposed by constraining the baroclinic component of the North 

Atlantic Ocean currents in an atmosphere-ocean general circulation model. 

• Northward Atlantic meridional energy transport anomaly leads to a compensating 
southward energy transport split between the atmosphere and the Indo-Pacific Ocean. 

• Analogous slab ocean model simulations systematically overestimate the tropical climate 
response to AMOC anomalies, due to the lack of changes in the Indo-Pacific Ocean and a 
positive tropical low cloud feedback.  
  



Abstract 
The climate impacts of fluctuations of the Atlantic meridional overturning circulation (AMOC) 
variations are studied in an atmosphere-ocean general circulation model (AOGCM). The 
baroclinic component of the North Atlantic Ocean currents is modified online in two experiments 
to reproduce typical strong and weak AMOC conditions deduced from a preindustrial control 
simulation using the same model. These experiments are compared with slab ocean model (SOM) 
experiments that use heat flux corrections derived from the coupled model in the Atlantic Ocean.  

The major impacts of a strong AMOC include a widespread warming in the Northern Hemisphere 
and a northward shift of the intertropical convergence zone (ITCZ). Slab ocean model (SOM) 
experiments exhibit a similar atmospheric response to AMOC-related heat flux anomalies but with 
a much larger amplitude in the Tropics. The atmospheric changes are driven by an anomalous 
cross-equatorial Hadley circulation transporting energy southward and moisture and heat 
northward. In the AOGCM, changes in the Indo-Pacific Ocean circulation and heat transport, 
driven by the wind stress associated with the abnormal Hadley cell, damp the atmospheric 
response. In the SOM simulations, the lack of Indo-Pacific transport and of ocean heat storage 
leads to larger atmospheric changes, that are further amplified by a positive tropical low cloud 
feedbacks.  

  



1. Introduction 1 

The deep overturning circulation in the Atlantic Ocean plays a unique and active role in the global 2 
climate system due to the associated oceanic meridional energy transport (OMET). The surface 3 
flow of the Atlantic Meridional Overturning Circulation (AMOC) is northward over the whole 4 
basin, while the deep return flow originates at the high latitudes and transports relatively cold 5 
North Atlantic Deep Water southward to the Southern Ocean. The resulting heat transport 6 
overwhelms the one realized by the wind-driven shallow subtropical cells (STC) in the Tropics 7 
(Johns et al. 2011), leading to a total Atlantic OMET oriented northward along the whole latitude 8 
range from 30°S to 80°N (Buckley and Marshall, 2016; Ganachaud and Wunsch, 2003; Klinger 9 
and Marotzke, 2000; Talley, 2003) and peaking at about 1.1 PW at 20°N (Trenberth et al. 2019).  10 

At the decadal time scale and beyond, if the ocean heat storage can be neglected, the atmospheric 11 
meridional energy transport (AMET) should compensate for fluctuations or asymmetries in the 12 
global OMET to balance the energy budget at the top of the atmosphere (TOA). This phenomenon 13 
is known as the Bjerknes compensation (Bjerknes 1964). As the TOA radiative budget is almost 14 
symmetrical about the equator, implying nearly zero total transport across the equator, the 15 
northward-oriented OMET associated with the AMOC at the Equator is balanced by a southward-16 
oriented AMET. In the tropics, the atmospheric energy transport is dominated by the Hadley 17 
circulation. The net moist static energy (MSE) transport is dominated by the geopotential transport 18 
that is in the direction of its upper branch. Such MSE transport is partially balanced by heat and 19 
water vapor transports in the lower branch of the Hadley cells. The required southward AMET at 20 
the equator thus implies northward heat and water vapor transports near the surface, explaining the 21 
mean position of the intertropical convergence zone (ITCZ) north of the Equator (Frierson et al. 22 
2013; Marshall et al. 2014). At higher latitudes, fluctuations of the AMOC and associated heat 23 
transport may also contribute to opposite changes in the Arctic and Antarctic regions (Blunier and 24 
Brook 2001). Palaeo-proxy evidence suggests a slowdown of the AMOC in the twentieth century 25 
(Caesar et al. 2021; Rahmstorf et al. 2015; Thornalley et al. 2018), and the AMOC is projected to 26 
further slow down or even shut down in the scenario simulations of global warming (Weijer et al. 27 
2020; Jackson et al. 2022). Considering the essential role of OMET in global climate and the 28 
tremendous contribution of AMOC to redistributing heat in the Atlantic Ocean, it is necessary to 29 
understand the response of the climate to the associated heat transport (Oldenburg et al. 2021). 30 

Continuous instrumental records of the AMOC and its heat transport exist since 2004 at 26°N 31 
provided by the RAPID-MOCHA array (Cunningham et al. 2007; Johns et al. 2011; Kanzow et al. 32 
2010). Other observational arrays have been set up in the subpolar gyre (OSNAP; Lozier et al., 33 
2017) or in the South Atlantic (SAMBA), but such observations are recent and are limited to a few 34 
years. The OMET at other latitudes (Trenberth and Caron 2001; Trenberth et al. 2019) is usually 35 



deduced from satellite observations of the TOA radiative budget (Barkstrom 1984; Wielicki et al. 36 
1996) combined with ocean heat content (OHC) and AMET estimations. As the knowledge of 37 
OHC is still limited in time and space, and significant uncertainties exist in the satellite observation 38 
of the earth radiative budget (Kato et al. 2020), climate models are used to study the impact of the 39 
OMET and AMOC on the climate at decadal to centennial time scale.  40 

The climate impacts of the AMOC have previously been investigated using statistical relationships 41 
in multi-centennial control simulations of numerous climate models with fixed external forcing 42 
(e.g., Delworth and Zeng, 2012; Mahajan et al., 2011; Muir and Fedorov, 2015, 2017). These 43 
impacts include a warming of the North Atlantic Ocean surface temperatures, with a local 44 
maximum in the subpolar gyre, driven by an anomalously strong AMOC (see Zhang et al., 2019 45 
for a review). A strong AMOC also induces an interhemispheric SST see-saw pattern in CMIP5 46 
models, with cooling in the subtropical Southern Ocean together with North Atlantic warming 47 
(Muir and Fedorov 2015). A strong AMOC also shifts the intertropical convergence zone (ITCZ) 48 
northward, and, therefore, impacts tropical precipitations (Menary et al., 2012; Moreno-Chamarro 49 
et al., 2019; Vellinga and Wu, 2004). Gastineau and Frankignoul (2012) suggested that the 50 
anomalous warming in the North Atlantic subpolar gyre decrease the lower tropospheric 51 
baroclinity, which induces a negative North Atlantic Oscillation (NAO) – like sea level pressure 52 
(SLP) anomalies in winter. The northward heat transport associated with a strong AMOC also lead 53 
to Arctic sea ice loss in many models (Day et al., 2012; Delworth and Zeng, 2012; Mahajan et al., 54 
2011; Zhang, 2015). The AMOC was also linked to the main mode of sea surface temperature 55 
(SST) variability in the North Atlantic region, known as the Atlantic multidecadal variability 56 
(AMV), with positive (negative) AMV phase following a strong (weak) AMOC (Knight 2009; 57 
Muir and Fedorov 2015; Ting et al. 2009; Zanchettin et al. 2014; Zhang et al. 2016). Nevertheless, 58 
the origin of AMV is debated, as other mechanism are at play, such as the mixed layer response to 59 
stochastic atmospheric forcing (Clement et al. 2015), or the influence of aerosol concentration 60 
variation (Booth et al., 2012; Watanabe and Tatebe, 2019; Qin et al. 2020).  61 

In this paper, we focus on the results obtained with the IPSL-CM6A-LR model, which exhibits a 62 
multi-centennial AMOC variability with important climate impacts (Boucher et al., 2020). This 63 
low-frequency variability was found to be driven by the delayed exchanges of salinity between the 64 
North Atlantic and the Arctic. In the ascending phase of the AMOC, surface freshwater 65 
progressively accumulates in the Arctic Ocean, then reverses the AMOC when it reaches the deep-66 
water formation sites in the North Atlantic (Jiang et al. 2021). During a typical strong AMOC 67 
phase, this variability is responsible for mean warming of about 0.4°C in the Northern Hemisphere 68 
and 1°C warming in the wintertime Arctic lower troposphere. It also leads to a northward 69 
displacement of ITCZ and more summertime rainfall in the Caribbean, African Sahel, and the 70 
Indian and Asian monsoon regions and less in Brazil.  71 



Here, we will investigate in more detail the potential mechanisms of the climate response to the 72 
AMOC variability through dedicated sensitivity experiments with IPSL-CM6A-LR. Many 73 
sensitivity experiments have been analyzed to understand the AMOC climate impacts. 74 
Atmospheric experiments using the SST and sea ice anomalies associated with AMOC variability 75 
have shown the influence of the subpolar (Gastineau et al., 2016) and tropical Atlantic SST 76 
(Montade et al. 2015). However, these experiments do not simulate correct surface or top of the 77 
atmosphere fluxes and more generally do not conserve energy, with the ocean acting as an infinite 78 
source or sink of heat. Atmospheric experiments coupled with a slab-ocean model (SOM) solve 79 
this problem, and have suggested that the global impact of the AMOC anomalies is significant in 80 
the tropics (L’Hévéder et al., 2015; Yu and Pritchard, 2019). However, these experiments fail to 81 
simulate the oceanic circulation response and overestimate the AMOC impacts (Zhang 2017). 82 
Atmosphere-ocean coupled general circulation model (AOGCMs) are therefore needed to 83 
understand the AMOC influence through the investigation of meridional energy transports. Many 84 
studies implemented “hosing” experiments in which an artificial freshwater flux is applied into the 85 
North Atlantic to inhibit deep convection and hence reduce the AMOC strength (e.g., Brunnabend 86 
and Dijkstra, 2017; Mignot et al., 2007; Stouffer et al., 2006; Thomas and Fedorov, 2019; Zhang 87 
and Delworth, 2005). However, the weakening of the AMOC induced is sensitive to the hosing 88 
method adopted (Jackson et al., 2017). These technics also introduce an extra heat/freshwater flux 89 
forcing and make it difficult to disentangle the contribution of the dynamical ocean response from 90 
the forcing used (Kim et al., 2020; Tandon and Kushner, 2015). A method that can better constrain 91 
the AMOC and clearly distinguish between forcing and response is therefore needed to better 92 
understand the climate response to the AMOC variations. 93 

In this paper, we constrain the baroclinic currents in the North Atlantic in the AOGCM, using the 94 
flow-field correction method derived from Drews et al. (2015). The climate response to the induced 95 
AMOC change is investigated and compared to that produced by an equivalent (meaning same 96 
OMET in the Atlantic Ocean, the Indo-Pacific being free to evolve) simulation using a SOM. The 97 
climate response to an AMOC intensification includes warming in the Northern Hemisphere, a 98 
northward shift of the ITCZ, and more precipitation in West Europe and Eastern North America. 99 
We found that the anomalous OMET imposed in the Atlantic Ocean is compensated by a 100 
southward transport by both the atmosphere and Indo-Pacific Ocean in the AOGCM. In the SOM 101 
simulations, the atmospheric response is similar but much stronger as the Indo-Pacific transport 102 
remains fixed by construction. Another contribution to the larger tropical response in the SOM is 103 
that top-of-the atmosphere radiative feedbacks by clouds and water vapor changes amplify the 104 
response. 105 

The paper is organized as follows. Section 2 describes the experimental design for the AOGCM 106 
and SOM. The resulting climate response is explored in section 3. Changes in the AMET and 107 



radiative feedback are studied in section 4. Discussion of the results and conclusions are given in 108 
section 5. 109 

2. Model and experimental setup 110 

2.1. Coupled model experiments 111 

We use the low resolution coupled model IPSL-CM6A-LR (Boucher et al., 2020), which 112 
participated in the CMIP6 experiment (Coupled Model Intercomparison Project Phase 6). Its 113 
atmospheric component is LMDZ6, with a horizontal resolution of 1.26° × 2.5°	and with 79 levels 114 
and a top at 1 Pa. LMDZ6 is coupled to the land surface module ORCHIDEE with the same 115 
horizontal grid (Cheruy et al. 2020). The oceanic model is NEMO with the eORCA1 grid with a 116 
resolution of about 1°, refined to 1/3° in the equatorial and polar regions and 75 levels. The 117 
analyses of this study are based on the first 1200-yr of the IPSL-CM6A-LR preindustrial control 118 
simulation, hereafter referred to as CTL-CM.  119 

As noted in Boucher et al. (2020), in IPSL-CM6A-LR, the leading deep formation sites are located 120 
in the Nordic Seas and the Labrador Sea. The simulated AMOC is slightly weaker than observed, 121 
with a strength of 14 Sv, compared to 16.9 ± 4.6 Sv at 26.5°N from the RAPID array observations 122 
(McCarthy et al. 2015). 123 

The AMOC represents the zonally-averaged contribution of baroclinic currents in the Atlantic 124 
Ocean. Therefore, we constrain the AMOC in IPSL-CM6A-LR simulations by changing the three-125 
dimensional baroclinic current in the North Atlantic. This is realized by replacing in the calculation 126 
of the horizontal hydrostatic pressure gradient the raw simulated in-situ density +!	with a linear 127 
combination of +! and an input in-situ density +", as presented in Drews et al. (2015) and Drews 128 
and Greatbatch (2016, 2017). The baroclinic flow is thus changed by modifying the horizontal 129 
pressure gradient force in the model, which then determines the flow in the momentum equations. 130 
We only apply this modification from the surface to the depth of 1000 m so that the deep return 131 
flow adjusts to the upper ocean changes. The ocean density is only replaced when calculating the 132 
pressure gradient force and is not modified elsewhere in the model. 133 

The modified hydrostatic pressure is thus expressed as follows: 134 

,-

,.
= −1[(1 − 45)+! + 	45+"] 135 

with p, the pressure, z, the depth, and g, the gravity. 4 is a scalar parameter controlling the intensity 136 
to modify the currents, 5 is a two-dimensional horizontal field with values varying between 0 and 137 
1 to specify the region where the currents will be constrained. 138 



Only currents in the North Atlantic between 20°N to 60°N are constrained (see black contours 139 
illustrating β in Figs. S1a-c), with smooth transition zones at the meridional boundaries between 140 
10°N and 20°N, and 60°N and 70°N. Outside of this region, the baroclinic flow is not modified. 141 
In the constrained region, 4 is set to 0.7, so that the baroclinic flow is estimated at 70% by the 142 
input density, and the remaining 30% by the model density. 143 

To avoid mismatches between the input data and model data (Drews et al., 2015), we constructed 144 
the input density fields using outputs from the CTL-CM simulation of IPSL-CM6A-LR. We 145 
calculate the regression of the three dimensional temperature and salinity fields on an AMOC 146 
index. The AMOC annual index is the standardized first low-frequency component of the 147 
overturning stream-function, called AMOC LFC1 (Fig. S1). The AMOC LFC1 corresponds to a 148 
rotation of the truncated AMOC EOFs (empirical orthogonal functions), which explains the 149 
maximum low-frequency variability, defined with a cutoff period of 10-yr. This index is associated 150 
to a basin-wide AMOC anomalies and shows dominant centennial to multi-centennial variability 151 
(see Fig. 1 from Jiang et al. 2021). Similar results are obtained using other indices, such as the 152 
lowpass filtered maximum of the meridional overturning streamfunction at 30°N. We regressed 153 
the annual time series of the temperature and salinity from all calendar months. These regressions 154 
are then multiplied by 1.5 and added or subtracted to the monthly model climatology. The input 155 
density used to constrain the AMOC is then calculated on-line by the model’s seawater state 156 
equation from the temperature and salinity fields.  157 

The run constrained with strong AMOC conditions, referred to as SG, is obtained when adding the 158 
anomalies to the climatology of CTL-CM. The run constrained with weak AMOC conditions, 159 
called WK, is obtained when subtracting the anomalies to the climatology. All simulations use 160 
preindustrial fixed external forcings. To ensure the robustness of the results, WK and SG have 161 
three members each and last for 100 yr. The initial states of the three members are sampled in the 162 
years 1850, 2000, and 2080 of CTL-CM. It corresponds to neutral, strong, and weak AMOC initial 163 
states, respectively (Fig. S1). 164 

The regressions of surface temperature and salinity used to produce AMOC anomalies are shown 165 
in Figs. S2a and S2b. Fig. S2c is the corresponding abnormal surface density computed offline 166 
from the temperature and salinity. The input sea surface temperature anomaly for SG shows a 167 
broad warming in the Atlantic and Arctic Oceans, with a maximum between 0.8°C and 1.4 °C in 168 
the subpolar gyre. Similarly, the sea surface salinity anomaly is prominent in the subpolar gyre, as 169 
expected due to the intensified northward salt transport. The temperature is locally colder with 170 
negative salinity anomalies in the north Atlantic current (NAC), likely associated with the 171 
weakening of the North Atlantic subpolar gyre (Zhang 2007). The salinity and density anomalies 172 
are largely similar in the deep convection regions of the Labrador and Nordic seas, so that salinity 173 



has a dominant contribution for the density. Significant negative salinity anomalies also occur in 174 
the Arctic ocean in the AOGCM. This large freshwater anomaly is linked to sea ice loss and is 175 
suggested to play a key role in the AMOC variations in Jiang et al. (2021), but these anomalies in 176 
the Arctic are not used here to constrain the currents.  177 

2.2. Slab ocean model experiments 178 



 
Fig. 1. Distribution of anomalous Q-fluxes (in W m-2) used in (a) ST-SOM and (b) STS-SOM. 
The dashed black lines indicate the mean 10% sea ice concentration. Note the different color 
bars used in panels (a) and (b). (c) Anomalous ocean meridional energy transport (OMET) 
implied by the anomalous Q-flux in ST-SOM (red) and STS-SOM (blue), in PW. These changes 
in OMET are restricted north of 35°S to the Atlantic, like the corresponding Q-fluxes. The black 
line indicates for comparison the anomalous Atlantic OMET given by the difference between 
the first member of SG and WK simulations. 



To identify the role of the oceanic dynamical changes, the atmospheric component of IPSL-179 
CM6A-LR is also coupled to a mixed-layer ocean with a depth of 50m. As the capability of using 180 
the sea-ice module from NEMO is not implemented, this SOM uses a simplified interactive 181 
thermodynamical sea-ice. The sea-ice model only has one ice layer and one snow layer, matching 182 
the slab ocean complexity. Once the seawater temperature falls below freezing, the ocean 183 
temperature is set to the freezing point, and sea ice forms using the heat content change resulting 184 
from the temperature differences. In addition, the ice and snow evolve following surface fluxes, 185 
and or ocean-ice fluxes (see Liu et al., 2021 for details). A prescribed annual cycle of additional 186 
heat fluxes, hereafter referred to as Q-flux, is added to the oceanic mixed layer to reproduce the 187 
pattern of SST and sea ice simulated in CTL-CM. In the control experiment, called CTL-SOM, 188 
this mean Q-flux is calculated from the monthly climatology of surface fluxes, SST and sea ice 189 
volume from CTL-CM. To study the influence of the AMOC, an anomalous flux is computed by 190 
taking the difference of the total surface heat fluxes between the SG and WK runs from 35°S to 191 
80°N in the Atlantic basin (Fig. 1a). The area-weighted average of flux anomaly in the between 192 
35°S and 80°N in the Atlantic basin is non-zero and is about 0.11 W m-2. To avoid any drifts, this 193 
net heating of the atmosphere is, therefore, compensated by a uniform cooling in the Southern 194 
Ocean south of 35°S. The experiment called SG-SOM is obtained using this Atlantic heat flux 195 
compensated in the Southern Ocean added to the Q-flux and corresponds to an intensified AMOC. 196 
The anomalous flux was calculated using only the first SG and WK members, but we verified that 197 
this taking three members instead leads to a similar anomalous flux. 198 

To examine whether the climate variations are sensitive to the spatial structure of the imposed Q-199 
flux, an additional experiment with uniform anomalous heating over the North Atlantic basin from 200 
35°N to 80°N is performed and called SGS-SOM. The mean area-weighted Atlantic flux anomalies 201 
from 35°N to 80°N is calculated in SG-SOM provides the uniform heat flux anomaly used from 202 
35°N to 80°N in SGS-SOM. Similarly, the mean area-weighted Atlantic flux anomalies from 35°S 203 
to 35°N from SG-SOM is applied uniformly in that location in SGS-SOM. To avoid any drift, the 204 
anomalous flux is also compensated by a uniform cooling in the Southern Ocean south of 35°S. 205 
Figure 1b shows resulting the anomalous flux used in SGS-SOM (note the different scales in Figs. 206 
1a and 1b).  207 

Figure 1c shows the meridional energy transport in the Atlantic Ocean implied by the imposed Q-208 
fluxes in SG-SOM and SGS-SOM experiments, as given by the integrated heat flux from the North 209 
pole. The implied energy transport matches the Atlantic OMET simulated in flow-constrained 210 
simulations, with about 0.07 PW northward at 30°N in both cases. Although the surface fluxes in 211 
the Atlantic basin are the same, the heat storage in the AOGCM simulations explains the difference 212 
between the Atlantic OMET and the meridional transport implied by the heat flux. In other basins, 213 
the Q-flux is identical in ST-SOM and CTL-SOM simulations. Each SOM simulation uses the 214 



same initial conditions as the first member of the simulation in AOGCM and lasts for 50-yr after 215 
a spin-up of 10-yr. All SOM simulations use preindustrial fixed external forcings, as in CTL-CM. 216 

2.3. Statistical methods 217 

In the following, we illustrate the differences between the ensemble mean of the SG and WK 218 
simulations, denoted SG minus WK. The mean fields are given by the average across the SG and 219 
WK experiments. The level of significance for differences in ensemble means is established using 220 
a two-sample Student t-test, assuming equal variance. The e-folding time scale of the AMOC is 221 
20-yr in the long-term CTL-CM simulation and around 4-yr in the flow field corrected AOGCM 222 
simulations. To be conservative, all statistical tests for differences are built using the time series 223 
from the three members concatenated and averaged by blocks of 20-yr. The block of 20-yr are then 224 
assumed to be independent. Changing the size of the blocks to 4-yr does not modify the results. 225 
Meanwhile, the e-folding time scale of surface air temperature is about 2 years in the SOM 226 
simulations. To compute statistical significance in SOM runs, all time series are, therefore, 227 
averaged by blocks of 2-yr, which are assumed to be independent,   228 

The significance for regression on the AMOC LFC1 in the free-running control simulation CTL-229 
CM is estimated as in Jiang et al. (2021). We create 100 surrogate time series with the same power 230 
spectra as the AMOC LFC1 time series but with randomized phases in Fourier space (Ebisuzaki 231 
,1997). The statistical significance level is estimated as the fraction of surrogate time series with a 232 
larger correlation then the original correlation. The time series used are averaged over blocks of 233 
10 years to ease the computation, and similar results are obtained when using annual data.  234 

2.4. Evaluation of model performance  235 

We compare the AMOC from the coupled simulations with (SG and WK) and without (CTL-CM) 236 
flow field correction. Time-series of the AMOC strength, defined as the maximum of the 237 
meridional streamfunction at 30°N, are plotted on Fig. 2a. The AMOC in SG (11.8 Sv) and WK 238 
(10.5 Sv) are comparable to the AMOC found in typical strong and weak states in CTL-CM. The 239 
standard deviation of the AMOC is 0.52 (0.65) in SG (WK) as given in Fig. 2a (bottom left), which 240 
is smaller than that of CTL-CM (1.3 Sv) in SG and WK, likely due to the flow field correction 241 
applied toward a fixed AMOC. A lowpass filter with a cutoff period of 7 years removes most of 242 
the variability associated with ENSO (El Niño–Southern Oscillation, which has maximum power 243 
between 2 and 7 years) and thus reduces the standard deviation in SG and WK. In the last 15 years, 244 
the ensemble mean AMOC in WK increases. This increase can be interpreted as driven by the 245 
leaking salinity accumulated in the Arctic region through the Fram Strait, leading to more deep 246 
water formation in the Nordic Seas and increasing the AMOC, with an approximate time scale of 247 



50-yr. This negative feedback is consistent with the multi-bicentennial variability mechanism 248 
found in CTL-CM ( Jiang et al., 2021), but is less active in the constrained runs, as only 30% of 249 
the baroclinic current is in balance with the actual model density.  250 



 

  
Fig. 2. Comparison of AMOC from the constrained simulations and AMOC from the CTL-CM. 
(a) Lowpass filtered time series (with a cutoff period of 7-y) of AMOC from SG (red line), WK 
(blue line), and CTL-CM (black). For SG and WK runs, solid lines represent the ensemble mean 
of the three members; dotted and dashed lines represent the minimum and maximum values of 
the three members. For CTL-CM, solid line indicates the mean in the first 100-yr, and dashed 
lines show the mean plus and minus one standard deviation. The standard deviations of raw and 
lowpass filtered ensemble mean time series are indicated in the panel. (b) Difference (colors) of 
AMOC between SG and WK and the mean AMOC average over all runs (contours). The stream 
function is positive for clockwise rotation. The solid vertical lines indicate the fully constrained 
area, and dotted vertical lines show the edge of transition zones. (c) Regression of AMOC onto 
AMOC LFC1 in CTL-CM. The stipples show a significance level of 5%.  

The pattern of the Atlantic Meridional streamfunction anomaly given by the difference between 251 
SG and WK is similar to the analogous regression on AMOC LFC1 in CTL-CM, even outside of 252 



the region where the flow is constrained. Both anomalies maximize between 30°N and 45°N and 253 
gradually decrease below 2500 m. However, the anomalies in the sensitivity experiments are 254 
shallower, with a maximum located at 700 m in SG minus WK and at 1300 m in CTL-CM. This 255 
difference may be related to the flow field correction cutoff depth at 1000 m (see section 2.1), 256 
which explain that the anomalies below 1000 cannot be captured. Besides, SG minus WK shows 257 
anomalies of 1.6 Sv maximum (Figs. 2b and c), with a larger amplitude than CTL-CM (0.9 Sv 258 
maximum. As the anomalies for SG minus WK correspond to that obtained from (1.5) minus (–259 
1.5) AMOC standard anomalies, the amplitude of SG minus WK should be compared to that 260 
obtained with three (1.5 x 2 = 3) AMOC standard deviations. The amplitude of  AMOC differences 261 
in the constrained simulations (1.6 Sv) are smaller than the three times regression on AMOC LFC1 262 
in CTL-CM (0.9 x 3 = 2.7 Sv). Thus, the AMOC anomaly simulated when using the flow field 263 
correction is smaller than the one expected from the density anomaly used. However, this is 264 
consistent with the input density only accounting for only 70% of the total density when applying 265 
the flow field correction (see section 2.1).  266 

The comparison of SST, SSS, and surface density anomalies also shows a broad agreement 267 
between SG minus WK and the analogous regressions on AMOC-LFC1 from CTL-CM (Fig. S2). 268 
Within the flow flied correction domain, the pattern of density anomaly resembles that of SSS with 269 
positive anomalies in the eastern subtropical gyre and the western subpolar gyre. A local minimum 270 
is simulated off Newfoundland in the location of the North Atlantic current. The main difference 271 
are located in the eastern subpolar region, where the flow field corrected runs show a negative 272 
salinity anomaly, while the regressions from the free runs find positive salinity anomalies.  273 

Moreover, the amplitude of the density salinity in SG minus WK is comparable to, or slightly 274 
smaller than that obtained with the regression on the AMOC index in the free run. These anomalies 275 
are smaller than that obtained with the regressions multiplied by three, which further agrees with 276 
the fact that flow field runs produce smaller anomalies than the one expected from the density 277 
anomaly used.  278 

and the dominance of salinity variations on density changes associated with low-frequency AMOC 279 
variability are also found in other studies (Ba et al., 2014; Delworth and Zeng, 2012; Jackson and 280 
Vellinga, 2013). Regression on CTL-CM presents relatively wide salinization and enhanced 281 
convection in the subpolar gyre. In comparison, SG-WK reproduces the essential features of a 282 
strong AMOC found in the IPSL-CM6A-LR standard configuration but exhibits an additional 283 
freshening and positive buoyancy anomaly along the NAC. 284 

However, the positive freshwater anomaly in the Arctic in SG-WK is much smaller than that in 285 
CTL-CM, and the freshening along the NAC in SG-WK is more apparent. This clearly suggests 286 
that the anomalous freshwater in the Arctic appears progressively before propagating into the 287 



Atlantic Ocean, consistent with the stronger WK AMOC in the late 15-yr. We have compared the 288 
differences between SG-WK using the two halves of the 100-yr available for each simulation. 289 
Results are not significantly modified compared to using differences over 100-yr, and thus the 290 
latter is adopted to better utilize the samples in the following analysis.  291 

3. Results 292 

3.1. Climate response 293 



  

  

  

  
Fig. 3. Anomalous annual (a) air temperature at 2-m (in K), (c) sea level pressure (in Pa), (e) 
geopotential height at 500 hPa (in m) and (g) precipitation (in mm/day) for SG minus WK. (b), 
(d), (f), and (h) are the same but for ST-SOM minus CTL-SOM. The black contours in (g) and 
(h) indicate the mean precipitation every 5 mm/day starting from 5 mm/day. The stipples 
indicate a significance level of 5%. Note the different scales in the left and right columns. 



The difference in AMOC between SG and WK leads to a variety of global climate impacts. The 294 
annual mean near-surface air temperature anomalies (Fig. 3a) show widespread warming of 295 
~0.8°C in the high latitude Northern Hemisphere. The warm anomaly reaches up to 1.5°C in the 296 
Labrador Sea and 2.5°C at the Arctic sea ice edge, due to the increase in sensible heat from the 297 
ocean to the atmosphere associated with Arctic sea ice loss (Mahajan et al. 2011; Moore et al. 298 
2014). The significant warming over the subpolar Atlantic and Arctic extends into the continents 299 
with an amplitude between 0.25°C and 0.5°C. Conversely, there is a slight cooling of about 0.1°C 300 
above the Southern Hemisphere oceans, visible in the South of the Atlantic, Indian, and Southern 301 
Oceans. The negative SLP anomaly and positive geopotential height anomaly above the Arctic, 302 
North Atlantic, and Northern Europe indicate a thermal low structure in the lower troposphere 303 
(Figs. 3c and e) linked to the warming near the surface. This structure also typically appears as a 304 
response to sea ice loss (Deser et al. 2015; Screen et al. 2018). However, these SLP anomalies are 305 
hardly statistically significant, except in Northern Africa and Western Europe. Both the SLP and 306 
geopotential height anomalies are positive over the Aleutian islands, indicating a barotropic 307 
atmospheric anomaly associated with eddy-mean flow interaction. In-phase negative SLP and 308 
geopotential height anomalies are also found in the Southern Indian Ocean and, to a lesser extent, 309 
in the Southern Pacific. Lastly, positive SLP anomalies are found over the tropical Atlantic and 310 
Pacific oceans, suggesting a reorganization of the Walker circulation. The anomalies in summer 311 
and winter (not shown) resemble the annual mean results.  312 

The warming in the analogous SOM simulations is more substantial (from 1°C to 1.5°C) than in 313 
the constrained AOGCM simulation, and more confined to the North Atlantic subpolar gyre, with 314 
little impact on the Arctic Ocean (Fig. 3b), likely because the anomalous Q-flux ends at 80°N (Figs 315 
1a and b) and perhaps because SOM uses a simplified sea ice module (see methods). Meanwhile, 316 
the SLP shows a dipolar pattern resembling negative NAO with negative anomalies over the 317 
Azores and positive anomalies north of Iceland. This negative NAO is trigged by the subpolar SST 318 
warming (Fig. S1a) that corresponds to AMOC-induced positive AMV found in previous studies 319 
(Gastineau and Frankignoul, 2015; Peings and Magnusdottir, 2014; Zhang et al., 2019). 320 
Nevertheless, the anomalies are different at 500-hPa, with a non-significant negative geopotential 321 
height over the East and Central Atlantic, and positive anomalies are found in the North Atlantic 322 
and over the Aleutians (Fig. 3f), as in SG-WK.  323 



  

Fig. 4. (a) Climatological (black) and anomalous (red) zonal mean precipitation (in mm/day) in 
the AOGCM simulations. (b) Same as (a), but for the SOM simulations. Red and blue lines 
indicate the two different SOM experiments. Circles denote the significance level below 5%. 
Note the difference in the y-axis in (a) and (b). 

The cold anomaly over the Southern Ocean is accompanied by a decrease in the lower-troposphere 324 
thickness south of 40°S with negative geopotential height anomalies in the Southern Hemisphere 325 
and positive SLP anomalies from 30°S to the Equator. This cooling might result from the negative 326 
Q-flux applied in this region of the experimental setup. The cold anomaly is consistent with the 327 
negative abnormal rainfall over the Southern Ocean in ST-SOM, which are much weaker in 328 
AOGCM simulations (Figs. 3g and h).  329 

The largest rainfall anomalies concentrate in the tropics (Figs. 3g, 3h, and 4). An increase north of 330 
the Equator and a decrease south of the Equator indicate a northward shift of the ITCZ, and this 331 
displacement of ITCZ has long been recognized as linked to the interhemispheric thermal gradients 332 
(e.g., Chiang and Friedman, 2012; Green and Marshall, 2017; Schneider et al., 2014; Sutton and 333 
Hodson, 2007). This northward displacement is found in both AOGCM and SOM experiments. 334 
One potential mechanism of ITCZ migrations is that the enhanced asymmetry of oceanic heat 335 
transport induced by a stronger AMOC leads to a reorganization of the Hadley circulation, with 336 
an anomalous near-surface branch transporting moist and warm air northward (Fig. 6). The 337 
enhanced precipitation in the north is linked to the poleward shifted ascending branch of the 338 
Hadley cell.  339 

The zonal-mean precipitation anomaly at 10°N is 0.32 mm day-1 in SOM compared to 0.07 mm 340 
day-1 in SG-WK (Fig. 4). The tropical rainfall anomaly is therefore four times larger in SOM than 341 
that in the AOGCM. Besides, SOM shows a more completed narrow rain-belt anomaly in the 342 
Pacific, with opposite anomalies on two sides of the Equator (Fig. 3h). While in the coupled model, 343 
rainfall increases in the north but barely decreases in the south (Figs. 3g). In the northern mid-344 



latitudes, the precipitation shows instead a comparable increase at 0.04 mm day-1 in the two models 345 
(Fig. 4). In the Atlantic Ocean, more rainfall is found along the Gulf Stream and in the Nordic 346 
Seas. In SG-WK, the small-scale dipole anomalies at midlatitudes Atlantic Ocean are likely linked 347 
to a shift of the Gulf Stream (Fig. 3g). In the Arctic, SG-WK shows increased precipitation, 348 
consistent with the enhanced warming (Fig. 3a). 349 

In summary, SG-WK shows a broad warming in the Northern Hemisphere, while in SOM it is 350 
more confined to the Atlantic basin. The baroclinic pressure response and precipitation increase 351 
are consistent with these different extents, although the amplitudes are comparable. In the Tropics, 352 
both models show a northward shift of ITCZ, but this migration is much larger with the slab model 353 
(note the different scales in Figs. 3 and 4). This suggests that the ocean circulation acts to damp 354 
the atmospheric response, especially near the Equator. To better understand these different 355 
responses to a stronger AMOC/OMET, we next turn to an energy budget perspective to see how 356 
the meridional energy transports by the different components of the system reorganize.  357 

3.2. Analysis of the meridional energy transport 358 

The ocean transport OMET is computed using the sum over the x-axis ocean grid of the vertically-359 
integrated meridional heat transport, calculated online in the ocean model at each grid point and 360 
time step. This global OMET is further decomposed into transports in the Atlantic and Indo-Pacific 361 
basins, using a two-dimensional mask to define each basin. To better understand the redistribution 362 
of heat in the ocean, we compute at each latitude a simple energy budget integrated zonally and 363 
from the South Pole as follows: 364 
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where F is the latitude, F' is the latitude of the South Pole, and F&	the northern edge of the region 365 
of integration, and RT is the earth's radius. ∆OHC	denotes the (zonal-mean) change of ocean heat 366 
content during the period ΔA (corresponding to the simulation length), estimated by the difference 367 
between the last and the first time steps. The OHC	is calculated as an integral over the depth of the 368 
ocean: 369 
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where + and N are the density and temperature of the seawater, z is the depth and M(,*  is the 370 
specific heat capacity of the seawater at constant pressure. HF	is the total heat flux entering the 371 
ocean (i.e., positive downward). R	is a small residue because the integration of the fluxes received 372 
by the ocean does not fully account for the OHC variations of the IPSL-CM6-LR. This imbalance 373 



remains weak and unexplained (Mignot et al., 2021). Equation (1) thus expresses that the total 374 
surface fluxes entering an ocean region are balanced either by local heat storage, or energy 375 
transport out (through the northern edge) of the region. 376 

  

  

Fig. 5. Anomalous northward energy transports in SG minus WK (a-c) and ST-SOM minus 
CTL-SOM (d). (a) Atmospheric transport (AMET; red line) and total oceanic transport (OMET; 
blue line). Black line indicates the total energy transport implied by the net radiative flux at the 
top of the atmosphere (TOA). (b) Quantification of the terms of equation (1). Brown line depicts 
cumulated ocean heat content (OHC) changes from the South Pole, and the green line shows the 
heat transport implied by the total heat flux entering the ocean. The anomalous OMET (same as 
a) and the residue term are indicated by blue and dashed black lines. (c) global OMET anomaly 
(blue, same as a,b) and its Atlantic (brown) and Indo-Pacific (green) components. (d) Energy 
transport implied by the anomalous Q-flux (brown) in ST-SOM, integrated net radiative flux at 
TOA (black), and AMET in ST-SOM minus CTL-SOM. In all panels, the unit is PW. Circles 
indicate a significance level below 5%. 



The total meridional energy transport implied by top of atmosphere fluxes (i.e. the transport that 377 
would exactly balance these fluxes) is computed as the meridional integral from the South Pole of 378 
the net TOA fluxes on the atmospheric grid. The global mean TOA value is removed, as it is non-379 
zero due to the potential heat storage in the ocean as well as the small non-conservation in the 380 
atmosphere (Hobbs et al. 2016). The AMET is computed similarly but using the difference 381 
between the net radiative forcing flux at the TOA and the net air-sea heat fluxes (the storage term 382 
is negligible in that case). All computations regarding energy analysis use monthly outputs. 383 

The mean OMET dominates in the tropics with an amplitude of 1.5 PW at 15°N/S, while the 384 
AMET peaks at 45°N/S with 5 to 5.5 PW (Fig. S3). The main features are consistent with 385 
estimations derived from satellite observations of TOA net forcing and atmospheric reanalysis data 386 
(Trenberth et al. 2019), except that the OMET is generally underestimated in the IPSL-CM6A-LR 387 
model compared to direct observations (Boucher et al. 2020). 388 

In SG-WK, the stronger AMOC implies an intensified northward OMET in the two hemispheres, 389 
with a maximum of 0.065 PW at 30°N (Fig. 5a). The total energy transport implied by the net 390 
radiative forcing at TOA remains small, only showing opposite anomalies in the Southern 391 
Hemisphere tropics and mid-latitudes (Fig. 3a). The AMET (Fig. 5a, red line) and OMET (blue 392 
line) should therefore approximately balance one another (Bjerknes 1964), and indeed the AMET 393 
anomaly structure is almost symmetrically opposite to the anomalous OMET. However, their sum 394 
is different from zero, with the amplitude of OMET exceeding that of AMET by about -0.02 PW 395 
(or 30% of OMET) at 30°N. This discrepancy is due to the storage of heat in the ocean, with a net 396 
decrease of 49 ZJ (1 ZJ = 1021 J) of the global OHC in SG minus WK over 100 years (Fig. 5b, 397 
brown line). The OHC change is dominated by a decrease south of 30°N and compensated by a 398 
smaller increase in the Atlantic Ocean between 30°N and 60°N. The AMET is, therefore, smaller 399 
than the one expected from Bjerknes compensation, and surface fluxes only balance about half of 400 
the northward OMET on average. The residual is minor and negligible. 401 



  

Fig. 6. (a) Mean (black contours) and anomalous (colors) atmospheric overturning mass 
streamfunction (in Sv) for the difference of SG minus WK. (b) Same as (a) but for the difference 
of ST-SOM minus CTL-SOM. The stream function is positive for clockwise rotation. Stipples 
indicate a significance level below 5%. 

The AMOC-induced northward OMET anomaly in the Atlantic Ocean (Fig. 5c, brown line) in SG 402 
minus WK is also partially balanced by a southward transport in the Indo-Pacific (Fig. 5c, green 403 
line), reducing the total OMET. The northward anomalous Atlantic OMET is positive and peaks 404 
with 0.07 PW at 30°N, while the anomaly in the Indo-Pacific has an opposite sign and shows a 405 
minimum of 0.03 PW in the tropics, or the same amplitude as the southward AMET at the equator.  406 



 

 

 

Fig. 7. (a) Anomalous (shading) and mean (contours) Indo-Pacific Ocean overturning 
streamfunction (in Sv) for the AOGCM (SG minus WK). (b) Anomalous wind stress (vectors, 
in Pa) and sea surface temperature (SST, shading, in °C) for SG minus WK. (c) Same as (b) but 
for ST-SOM minus CTL-SOM. Stipples indicate a significance level above 95% for SST.  

By construction, the heat transport implied by the anomalous Q-flux in SOM is equal to the 407 
Atlantic OMET in SG-WK (brown lines in Figs. 5c and d). Nevertheless, the amplitude of the 408 
southward AMET anomaly in ST-SOM reaches twice the implied OMET at the equator, or almost 409 
four times that of the AMET anomaly in SG-WK (see the different y-axes for Figs. 5a and 5d). 410 
This increased AMET is consistent with the structure of the energy transport implied by the net 411 
TOA radiative flux, that shows a large southward component peaking at -0.08 PW just north of 412 



the Equator. This large difference in the AMET response to the same Atlantic transport between 413 
the SOM and fully coupled experiments is reflected in the anomalous tropical atmospheric 414 
circulation, and more specifically the Hadley cell (Fig. 6). 415 

  

  

Fig. 8. (a) Mean (black) and anomalous (red) annual zonal wind at 850hPa (in m/s) for SG 
minus WK. (b) Decomposition of the AMET anomaly (red, in PW) into the contributions of 
time-mean circulation (MC, green) and transient eddies (TRS, orange). (c) and (d) same as (a) 
and (b) but for ST-SOM minus CLT-SOM. In (c), STS-SOM minus CTL-SOM is shown in 
blue line. Circles indicate a significance level above 95%. 

Both the ST minus WK and STS – CTL SOM differences show an abnormal cross-equatorial 416 
Hadley cell in the tropics between 20°S and 20°N, that would transport energy southward. The 417 
corresponding meridional winds in the lower branch are oriented northward, consistent with an 418 
increased northward transport of heat and moisture near the surface. This leads to enhanced rainfall 419 
(Fig. 4) and weakened trade winds in the Northern Hemisphere tropics, and opposite changes in 420 



the Southern Hemisphere (Fig. 8a,c). The response of the Hadley cell and trade winds is however 421 
four times as large in the slab simulations (compare the scales in Figs 6a,b and 8a,c), as is the 422 
impact on tropical precipitation (Fig 3,4). Similar associations among the Hadley cell, 423 
precipitation, and trade winds anomalies are also found in many other studies (for instance, McGee 424 
et al., 2018; Moreno-Chamarro et al., 2019).  425 

The tropical wind stress and the associated wind-driven Ekman transport explain in the mean 426 
climate the formation of two antisymmetric shallow circulation cells around the Equator in the 427 
tropical ocean, called the STCs. In the Indo-Pacific, the two STCs are well reproduced in IPSL-428 
CM6A-LR, as shown with contours in Fig. 7a. For an intensified AMOC, the anomalous northward 429 
cross-equatorial Hadley Cell results in anomalous south-easterlies in the Southern Hemisphere and 430 
south-westerlies in the Northern Hemisphere (Figs. 7b and c). The change of direction is located 431 
at the Equator and is analogous to that occurring in the Indian Ocean during the summer season 432 
because of the change of sign of the Coriolis force when crossing the equator. This change of 433 
orientation leads to an anomalous southward Ekman flow on both sides of the equator. At the 434 
equator, the Ekman flow is negligible but the negative wind stress curl anomaly leads again to a 435 
southward flow in the ocean following the Sverdrup balance. The anomalous cross-equatorial 436 
Hadley circulation therefore forces through its associated wind stress an analogous overturning 437 
cell in the ocean, apparent on Fig 7a for the Indo-Pacific, that can explain the southward OMET 438 
anomaly in the tropics (Fig. 5c).  439 

In the SOM case, the cross-equatorial wind stress anomaly displays a similar structure with a larger 440 
amplitude (Fig. 7c). However, the ocean is motionless in that case and the Q-flux in the Indo-441 
Pacific is fixed; there is thus no compensating southward OMET, explaining part of the larger 442 
AMET response.  443 

To better distinguish the roles of different dynamical processes in the atmosphere, we further 444 
decompose the AMET into contributions from transient eddies (TRS) and mean circulations (MC): 445 

 
QRSN(F) = 	−	

2TB#cos	(F)
1
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/0

+ [U1RWS1XXXXXXXXXX]	YZZ[ZZ\
#23

]-
+

("
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where -' is the surface pressure, U is the meridional velocity, 1 is the gravitational acceleration 446 
(Lorenz 1967). Overbar denotes time averages (here, monthly climatologies), and the prime 447 
denotes the departure from the time average. Square brackets are zonal averages; the asterisk 448 
denotes the departure from the zonal average. MSE denotes the moist static energy, which is 449 
computed as the sum of sensible, latent, and potential energy: 450 

 RWS = 	M(,4N4 + ^_ + 1. (4) 



where M(,4 is the specific heat of the air at constant pressure, N4 is the air temperature, ^ is the 451 
latent heat, _ is the specific humidity, and z is the geopotential height.  452 

The MSE transports terms were not saved online, so were reconstructed from the monthly outputs. 453 
We first compute the mean meridional circulation terms, i.e., the first and second terms on the 454 
right-hand side of Eq. (3), using the monthly climatologies. Then, the TRS component is calculated 455 
as the residue of the total AMET calculated previously from the TOA and surface fluxes, minus 456 
the MC component. 457 

The mean AMET and its MC and TRS components nearly overlap for the control AOGCM and 458 
SOM experiments (Fig. S3), suggesting a good agreement in simulating the mean atmospheric 459 
circulation state. The mean circulation includes the contributions of the mean meridional 460 
circulation and stationary waves in the conventional decomposition (Lorenz 1967). MC dominates 461 
the total transport between 30°S and 30°N, with a maximum of 2.5 PW due to the Hadley cells. 462 
The Ferrel cells and stationary eddies have smaller contributions. The TRS component of the 463 
AMET is associated with the transport by baroclinic eddies and peaks in mid-latitudes with an 464 
amplitude of 4/6 PW at 40°N/S.  465 

In both increased AMOC simulations, the anomalous southward AMET is primarily due to the 466 
MC component in the tropics (Fig. 8b,d), consistent with a dominant role of the cross-equatorial 467 
Hadley cell. In the mid-latitudes, the eddies (TRS) dominate the transport, opposed by the Ferrel 468 
cell (MC).  469 

In the fully coupled case, the TRS anomaly, like the total southward AMET, is much larger in the 470 
Northern Hemisphere.  This can be understood, as the more intense warming of the atmosphere at 471 
higher latitudes (Fig. 3a) leads to a reduced meridional temperature gradient and lower-472 
tropospheric baroclinicity. This results in a reduction of the storm track activity in the mid-latitude 473 
North Pacific, North Atlantic and in Northern Europe, as shown by the eddy meridional heat flux 474 
`1N1 at 850 hPa (Fig. S4), or the standard deviation of the geopotential height at 500-hPa (not 475 
shown). The eddy anomalies were calculated from daily outputs using a Lanczos high-pass filter 476 
with a window of 21 days and a cutoff period of 10 days. In the SOM case, the AMET and eddy 477 
transport changes are more symmetrical around the equator, consistent with the stronger cooling 478 
in the Southern Ocean. 479 

The relation between changes in the eddy energy transport and mean westerly winds are not 480 
completely straightforward. As seen on Fig 8, a decrease in poleward eddy heat flux generally 481 
coincides with lower (westerly) wind speeds, but the amplitude of the response can vary a lot: 482 
compare the Northern and Southern Hemisphere responses in Fig 8c,d. Presumably, the anomalous 483 
momentum transport caused by these anomalous wave sources depends on details of the mean 484 
flow and of the structure of the eddy forcing. For example, the mid-latitude wind anomalies in the 485 



coupled runs SG minus WK correspond to a weaker jet in the Northern Hemisphere, but a 486 
northward shift in the Southern Hemisphere. 487 

To sum up, in the coupled simulations, the increased ocean heat transport by the imposed AMOC 488 
in the Atlantic Ocean is balanced primarily by a southward AMET by eddies in the midlatitudes; 489 
while in the Tropics the anomalous cross-equatorial Hadley cell forces an overturning cell in the 490 
Indo-Pacific Ocean that transports a similar amount of energy (AMET and Indo-Pacific OMET 491 
are almost equal at the equator). Another factor reducing the atmospheric (and oceanic) response 492 
to the Atlantic OMET is the storage of energy in the ocean, with the global heat content decrease 493 
south of 30°N during the strong AMOC (Fig. 5b) reducing the “need” for a compensating 494 
southward transport. 495 

The absence of a dynamic ocean in the SOM simulations leads to a considerably larger atmospheric 496 
response than in the AOGCM, especially in the Tropics (Figs. 3, 6, and 8). First, the global heat 497 
content doesn’t change, so the compensating southward transport will be larger. Second, the lack 498 
of Indo-Pacific Ocean transport means that all of this transport in the Tropics is done by the 499 
atmosphere, instead of half of it. Finally, in the SOM simulation, large changes in the tropical top 500 
of atmosphere fluxes lead to an additional southward transport across the equator (Fig 5d). We 501 
thus turn now to these radiative fluxes at the TOA to better understand their variations in the SOM 502 
simulations.  503 

3.3. Radiative feedbacks 504 



  

  

  

Fig. 9. (a) Anomalous net radiative flux at the top of atmosphere (TOA), in a	b,$, for the 
AOGCM (SG minus WK) and for slab-ocean model (ST-SOM minus CTL-SOM). The net 
radiative flux in the slab-ocean model simulations is decomposed into (c) clear-sky (CS) and (d) 
cloud radiative forcing (CRF), in a	b,$. The flux is positive downward. (e) Low and (f) high 
cloud anomalies in slab-ocean model, in percentage. Stipples indicate a significance level below 
5%. 

The response of the net incoming radiative fluxes at the TOA to a stronger AMOC is similar in the 505 
North Atlantic Ocean for the AOGCM and SOM experiments (Figs. 9a and b). In both cases, the 506 
net TOA flux increases in the Labrador and Kara Seas (Figs. 9a and b), where the sea ice loss is 507 
largest, as a result of the decrease in surface albedo. The fluxes decrease slightly in the center of 508 
the basin, because the warmer temperature leads to more outgoing infrared radiation.  509 

In the Tropics, the structure is again broadly similar, but the amplitude is much larger in the SOM 510 
simulations, and the anomalies more significant: there is a general increase of incoming radiation 511 
in a band around 10-20°N north of the ITCZ, and a decrease south of the ITCZ and over the eastern 512 
tropical ocean basins of the Southern Hemisphere. To pinpoint the origin of these radiative 513 
changes, we compare the TOA net radiative flux for clear sky conditions (Fig. 9c) with the cloud 514 
radiative forcing (CRF, Fig 9d). As the AOGCM and SOM experiments show qualitatively similar 515 
changes (not shown), we only illustrate the larger anomalies for the SOM experiments. The clear 516 



sky TOA flux shows an increasing downward flux over a band between the Equator and 20°N, 517 
with local maxima over the continents: Sahel and western Africa or India. This can be explained 518 
by the anomalous Hadley cell bringing more moisture into the Northern Hemisphere, thereby 519 
increasing the local greenhouse effect and decreasing the outgoing longwave radiation (OLR). 520 
Changes in the mid-latitudes are consistent with changes in surface albedo near the sea-ice edge, 521 
and temperature elsewhere.  522 

The net cloud radiative forcing, defined as the difference of the total TOA net flux minus the clear-523 
sky TOA flux, explains most of the changes in the Tropics, especially over the oceans (compare 524 
Figs 9b and d). Furthermore, the spatial structure of the CRF coincides with changes in the low 525 
cloud cover (Fig. 9e). The amount of low clouds increases widely in the Southern Hemisphere, 526 
which is cooler and where the cross-equatorial cell forces a stronger subsidence. The larger albedo 527 
of these clouds reflects more solar radiation, increasing the energy deficit of the Southern 528 
Hemisphere. The opposite effects occur in the Northern Hemisphere, with warming, decreased 529 
subsidence and low clouds, and more incoming energy. The high clouds are also changing as the 530 
ITCZ moves northwards (Fig. 9f), consistent with previous model studies and satellite 531 
observations (Brachet et al. 2012; McCoy et al. 2017; Minobe et al. 2008). However, the high 532 
clouds have a relatively minor influence on the net cloud radiative forcing, as commonly found 533 
due to competition between the albedo effect and the greenhouse effect (Harrison et al. 1990; 534 
Zhang et al. 2010). 535 

Therefore, the TOA flux changes associated with AMOC anomalies are induced mainly in the 536 
tropics by the low cloud changes, with a contribution from clear-sky OLR over the monsoon 537 
continents. The asymmetric changes on both sides of the ITCZ as a response to a northward shift 538 
will be balanced by more southward AMET and a stronger cross-equatorial cell, thereby providing 539 
a positive feedback on ITCZ shifts. A similar feedback was already observed in a slab ocean setting 540 
in L’Héveder et al (2015); it also exists in the AOGCM simulations but is weaker in amplitude, 541 
just like the AMET and Hadley cell (see Figs. 5a and 5d, black lines).  542 

4. Discussion and conclusions 543 



 
Fig.10. Schematic diagram of the mechanisms that drive the response of the climate to the 
intensified AMOC and ocean meridional energy transport (OMET). Inspired by Kang (2020). 

The climate response to a stronger or weaker AMOC was examined in an atmosphere-ocean 544 
general circulation model (AOGCM) by imposing the baroclinic component of oceanic currents 545 
in the North Atlantic, hereby controlling the global AMOC intensity. This method has the 546 
advantage of not introducing any energy flux corrections, so that the climate response to an 547 
intensified AMOC can be investigated with diagnostics of the energy flow in the climate system.  548 

The enhanced AMOC and the associated northward ocean energy transport lead to a broad 549 
warming of 0.8°C in the mid- and high-latitude Northern Hemisphere. The ITCZ shows a clear 550 
northward shift, as an anomalous direct cross-equatorial Hadley cell develops between 20°S-20°N 551 
to offset the increased OMET in the Atlantic Ocean. Consequently, the rainfall presents an intense 552 
dipole anomaly of 0.3 mm day-1 in low latitudes. The changes in midlatitudes are weak, but show 553 
anomalies commonly associated with the AMOC or its SST and sea-ice loss signatures. In 554 
particular, the SLP shows a wide negative anomaly over the North Atlantic, while the mid-555 
tropospheric geopotential increases over the polar cap, so that the atmospheric circulation changes 556 
are mainly baroclinic. The precipitation also slightly increases by 0.15 mmday-1 over the North 557 
Atlantic. The anomalies are weaker and opposite in Southern Hemisphere.  558 

To quantify the role of a dynamic ocean, slab ocean model experiments were also performed with 559 
an equivalent prescribed OMET in the Atlantic basin, compensated in the Southern Ocean. The 560 
climate changes simulated are similar to that of the AOGCM but with much larger amplitudes in 561 
the tropics. The comparison between AOGCM and SOM simulation reveals the respective role of 562 



the ocean and atmosphere in the climate response to AMOC fluctuations. The underlying 563 
mechanisms are summarized in Fig. 10. 564 

To compensate for the anomalous northward OMET in the Atlantic Ocean, the anomalous 565 
atmospheric meridional energy transport (AMET) is necessary southward. In the mid-latitudes, 566 
this atmospheric transport is accomplished by anomalous southward transient eddy fluxes, leading 567 
to changes in the storm tracks and eddy-driven jet (here, a reduction in the Northern Hemisphere). 568 
In the tropics, the AMET is done by an anomalous cross-equatorial Hadley cell, with ascent in the 569 
warmed Northern Hemisphere, and the associated moisture transport shifts the ITCZ northwards. 570 
The amplitude of the AMET, Hadley cell, and precipitation changes are however much lower 571 
(factor of 4) with the dynamic ocean, for a number of reasons.   572 

First, in the AOGCM not all of the increased northward Atlantic OMET is transported back 573 
southward: part is stored in the ocean, as the OHC increases in the north and decreases south of 574 
30°N. These OHC changes are not balanced, and some of the transported energy is instead lost 575 
through larger outgoing top-of-atmosphere fluxes over a broad latitude band from 30°S to the 576 
North pole (not shown), reducing the compensating southward transport especially in the Southern 577 
Hemisphere. Second, a cross-equatorial shallow overturning cell develops in the Indo-Pacific 578 
Ocean between 20°S and 20°N in response to the modified trade winds associated with the cross-579 
equatorial Hadley cell, which transports about the same amount of energy as the atmosphere, 580 
hereby reducing by half the latter’s amplitude. This mechanism is absent in the inert SOM.  581 

In addition, the atmospheric changes are amplified by positive radiative feedbacks in the tropics: 582 
the ITCZ shift towards the warmer Northern Hemisphere reduces the low cloud amount and the 583 
planetary albedo there and increases the free tropospheric moisture, enhancing the greenhouse 584 
effect especially over continents. Conversely, the Southern Tropics have more low clouds and 585 
receive less energy. These radiative feedbacks are balanced by a southward energy transport that 586 
further enhances the initial southward AMET anomaly. This positive feedback exists in both cases, 587 
but is much stronger in the SOM case: because the AMET is larger to start with in that case, and 588 
because in the fully coupled case the forcing of the OMET by the Hadley cell means this positive 589 
feedback is also cut by half (i.e. half of the extra transport due to the radiative impacts of the ITCZ 590 
shift is taken up by the ocean).  591 

The role of the ocean in damping ITCZ migrations, because of the robust coupling through the 592 
surface wind stress between the energy transports by the Hadley cell and the shallow ocean cells, 593 
has been pointed out in other, more idealized, model studies (Green and Marshall, 2017; Kang, 594 
Shin, and Xie, 2018). Kang, Shin, and Codron (2018) further inspected the role of Ekman transport 595 
by coupling a SOM with parameterized Ekman transport to a gray radiation atmospheric model 596 
and found the same damping effect of ocean dynamics in the subtropics (their model did not allow 597 



for cross-equatorial transport), controlled by the ocean stratification. We also find that the climate 598 
responses in SOM are not sensitive to the spatial distribution of the heating in the extra-tropics, 599 
consistent with the results of L’Hévéder et al. (2015) and Kang et al. (2014). 600 

PNA Anomalies: In the mid-latitudes, both the AOGCM and SOM simulations show a positive 601 
PNA-like geopotential height anomaly over the Gulf of Alaska as a response to an intensified 602 
AMOC. These anomalies have a barotropic structure, unlike the thermal response over the Arctic. 603 
This connection between the AMOC and PNA could result from the midlatitude changes: a global 604 
reduction of the storm tracks and the zonal-mean winds. Alternatively, it could be a response to 605 
tropical heating anomalies (the northward shift of the ITCZ) through the propagation of Rossby 606 
waves, as observed during ENSO (Lau and Nath, 1996, Zhang and Delworth, 2007).  607 

Ocean heat storage: We found that when heat storage is integrated in whole depth, the ocean loses 608 
energy to the atmosphere during the strong AMOC phase, with significant impacts on surface 609 
fluxes even over 100 years. A strengthening AMOC is more frequently tied to increasing storage 610 
in the upper ocean (e.g., Cheng et al., 2021; Latif et al., 2019), and we verified that an increase in 611 
OHC indeed occurs in the North Atlantic ocean in the AOGCM, but it is exceeded by decreasing 612 
OHC in the Southern Hemisphere, as the northward OMET by the AMOC is not fully compensated 613 
by surface fluxes. Further work is needed to better understand this reduction in ocean heat content 614 
(OHC), and why the anomalous OMET is not fully compensated and the OHC changes not 615 
balanced globally. Nonetheless, this anticorrelation between AMOC and OHC was also found in 616 
Pausata et al. (2015), which showed a reduction in global OHC in response to an intensified AMOC 617 
induced by high-latitude volcanic eruptions.  618 

Future climate: The slowdown in the AMOC is a robust feature of model projections of global 619 
warming; however, the magnitude and impacts of this decline differ in different models. Bellomo 620 
et al. (2021) examined 30 idealized abrupt-4xCO2 climate model simulations. Models with larger 621 
AMOC decline were found to result in a southward displacement of ITCZ and a poleward shift of 622 
the mid-latitude jet. In models with a more moderate AMOC weakening, the precipitation rather 623 
showed a wet-gets-wetter, dry-gets-drier pattern, and there were smaller displacements of the mid-624 
latitude jet. Our study exhibits a distinct displacement of the ITCZ, but the response of the mid-625 
latitude jet is weaker and looks more like a weakening. But future changes in the northern 626 
midlatitudes are the result of a number of competing mechanisms such as tropical and Arctic 627 
warmings and therefore difficult to predict. To better isolate the role of the AMOC decrease, 628 
climate change simulations with constrained baroclinic currents are worth exploring, as well as 629 
comparisons of the energy transport changes between different models. 630 
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Climate response to the Atlantic meridional energy 
transport variations 

 
Fig. S1. Standardized first low frequency component (LFC1; in colors) of the Atlantic 
meridional overturning circulation (AMOC), adapted from Jiang et al. (2021). The solid black 
line shows the maximum of the Atlantic meridional stream function at 30°N, after applying a 
third-order Butterworth lowpass filter with a cutoff period of 20 years. The two vertical dashed 
lines indicate two different initial states for the SG and WK simulations, the third one being year 
0. 

 
  



   

   
Fig. S2. Differences of input sea surface (a) temperature (in °C), (b) salinity (in psu), and (c) 
density (in kg	m,5) between simulations SG and WK. Black contours in (a)-(c) indicate the 
spatial mask (varying from 0 to 1) for applying the input data correction. (e) – (f) are the same 
as (a) – (c) but for regression of the same fields onto the AMOC low-frequency index in CTL-
CM. The stipples show the significance level of 5%. 

 
  



 
Fig. S3. Mean oceanic meridional energy transport (in blue), atmospheric meridional energy 
transport (in red) and contributions in the atmosphere from the mean circulation (in green) and 
transient eddies (in brown). Average from the six runs with the fully coupled model.  

 
  



 

 
Fig. S4. (a) Mean (red contours) and anomalous (grey dashed contours and shading) eddy 
meridional heat flux `1N1 (in K ms-1) at 850 hPa for coupled runs SG minus WK. (b) Same as 
(a) but for SOM experiments ST-SOM minus CTL-SOM. `1N1  is calculated from daily 
temperature and meridional velocity at 850 hPa using a Lancos high-pass filter with a window 
of 21 days and a cutoff period of 10 days. Red contour intervals are 5 K ms-1 starting from zero. 
Grey dashed contours use same interval as shading, but the latter is only shown when the 
anomalies are significant at the 10% level. 
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5.3 Discussion 
The method used to constrain the flow field is derived initially from the semi-prognostic method 
developed by Greatbatch et al. (2004) and  Sheng et al. (2001). However, Eden et al. (2004) pointed 
out that some wave dynamics are changed with the application of this semi-prognostic method, for 
example, reduced Rossby wave speeds and damped eddy activity. Drews et al., 2015 and Eden et 
al. (2004) thus made the correction non-flow interactive to avoid these impacts, which can 
presumably affect the ocean dynamics and the resultant climate variability. Therefore, we also did 
a test to apply a non-interactive flow constraint. To implement it, the seawater density used to 
calculate the horizontal pressure force is written as: 

  𝜌 =  𝜌𝑚 + ∆𝜌 (5.1) 
The second term on the right-hand side is a density anomaly. This anomaly is given as an input 
repeated monthly climatological cycle. Such anomaly is independent of the actual on-line density. 
Some preliminary work using this non-flow interactive is discussed in Chapter 6.2.3. 

  



Conclusions and Perspectives 

   

 

147 

Chapter 6 
 

Contents 

6 CONCLUSIONS AND PERSPECTIVES ......................................................................... 147 

6.1 CONCLUSIONS .......................................................................................................................... 147 
6.2 PERSPECTIVES ........................................................................................................................... 153 
6.2.1 REALISM OF MULTI-CENTENNIAL VARIABILITY ......................................................................................... 153 
6.2.2 TOOLS TO UNDERSTAND AMOC VARIABILITY ......................................................................................... 154 
6.2.3 POSSIBLE IMPROVEMENTS IN FLOW-FIELD CONSTRAINT METHOD .............................................................. 157 
6.2.4 CONSTRAINING FLOWS TO STUDY CLIMATE CHANGE ................................................................................ 158 
6.2.5 TELECONNECTIONS WITH OTHER BASINS ................................................................................................ 159 
 
 

6 Conclusions and Perspectives 
6.1 Conclusions 
The AMOC low-frequency variability and its climate impact have been subjects of many model 
studies. In most studies, the focus is on the multidecadal timescale. In recent years, fluctuations on 
a centennial to multi-centennial scale have emerged in some AOGCMs since Delworth and Zeng 
(2012) first found them. On time scales longer than half a century, the AMOC variations are widely 
found as internal ocean oscillations governed by the salinity changes. There are studies stressing 
the roles of atmospheric forcing (Jackson and Vellinga, 2013) and oceanic temperatures (Jungclaus 
et al., 2005). Still, even in these studies, the influence of salinity is dominant. However, there is 
no agreement on where the salt anomalies originate. For instance, Delworth and Zeng (2012) found 
that these anomalies are generated in the Southern Ocean in the GFDL CM2.1 model. Vellinga 
and Wu (2004) suggested that meridional shifts of the ITCZ generate the salinity anomalies in the 
subtropical Atlantic in the HadCM3 model. Other studies emphasized the Arctic Ocean and the 
exchanges with the Atlantic Ocean (e.g., Hawkins and Sutton, 2007; Jahn and Holland, 2013; 
Jungclaus et al., 2005; Pardaens et al., 2008). 

When I started my PhD, the latest version of the IPSL model, IPSL-CM6A-LR, was under 
development. Boucher et al. (2020) pointed out the emergence of low-frequency variability of the 
AMOC with a period of around 200 years in this model. This variability was called the bicentennial 
variability. The first work in my PhD was to examine this low-frequency variability. The 
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variability instead appears to show a broad spectrum with a maximum for periods of 100-yr and 
longer but no clear peak. This variability is, therefore, called the multi-centennial variability. A 
statistical method called low-frequency component analysis (LFCA) was used to better isolate the 
low-frequency variations from high-frequency signals. The LFCA looks for the linear combination 
of the empirical orthogonal functions that maximize the ratio of low frequency to the total variance 
(Wills et al., 2018). The LFCA provid es a spatial pattern, called the low-frequency pattern (LFP), 
which explains most low-frequency variance. The associated time series, called the low-frequency 
component (LFC), is found by projecting the original unfiltered data onto the LFP. The first LFP 
shows a meridionally coherent overturning cell, extending from 30°S to 80°N, with a typical 
variability of 0.8 Sv for one standard deviation between 30°N and 50°N. The associated first LFC 
shows a clear multicentennial variability. Then lagged regression of other fields onto the first LFC 
was used to investigate the driving mechanism of this low-frequency variability.  

We found that the AMOC intensity is modulated by the delayed freshwater exchanges 
between the North Atlantic and the Arctic. The influence of the atmospheric forcing is found to be 
marginal. During a strong AMOC, the intensified northward heat transport leads to a warming 
surface in the North Atlantic Ocean and heats the lower troposphere. The warmer atmosphere and 
the increased inflow of North Atlantic water into the Arctic Ocean melt the sea ice. The decreasing 
sea ice volume diminishes the sea ice export at the Fram straight, which leads to a surface 
freshwater anomaly in the Central Arctic. In addition, the weakened southward East Greenland 
Current reduces the liquid freshwater export from the Arctic. The freshwater thus accumulates 
progressively in the Arctic center, in thermal wind balance with an anomalous anticyclonic 
circulation that helps maintain it inside the Arctic Ocean. Meanwhile, the inflow of Atlantic water 
in the subsurface through the Barents Sea results in a positive salinity anomaly in the Eastern 
Arctic subsurface, specifically in the Laptev and East Siberian seas.  

The simulated mean transpolar drift flows from the Laptev and East Siberian seas across the 
Arctic Ocean towards the Lincoln Sea. It tends to transport the positive salinity in the Eastern 
Arctic subsurface to the central Arctic and transports the central freshwater anomaly to the Lincoln 
Sea north of Greenland. At the same time, the abnormal cyclonic circulations and positive salinity 
anomalies around the coast of Greenland act to maintain the weak state of the East Greenland 
Current, preventing the export of the freshwater anomaly toward the North Atlantic ocean. This 
competition leads to the surface freshwater anomaly lasting for four to five decades in the Arctic 
Ocean until it reaches the Lincoln Sea north of Greenland. The salinity anomalies around the coast 
of Greenland then become negative, and an anomalous anticyclonic circulation is simulated. The 
East Greenland Current intensifies, and the anomalous freshwater spreads from the Arctic to the 
convection sites located in the Nordic and Labrador Seas. The AMOC decreases, and the 
oscillation shifts to the opposite phase, with positive salinity anomalies occurring on the Central 
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Arctic surface. In section 3.5, we proposed a simplified model for this freshwater recharge 
mechanism to explain the long time scale. But accurate quantification of the parameters and their 
realism remains established. 

Our study investigates the driving mechanism of the AMOC low-frequency variability in the 
preindustrial control simulation. With extended historical simulations (over the 1850-2059 period) 
in the same IPSL-CM6A-LR model, Bonnet, Boucher, et al. (2021) found that this centennial to 
multi-centennial variability regulates the global mean surface air temperature trend over the 
historical period (1850 - 2018) by about ~0.1 K per century. In comparison, the observed global 
mean surface temperature increased by about 0.7 K from the late 19th century to the year 2000 and 
warmed continuously at the rate of 0.2 K per decade in the first half decade of the 21st century 
(Hansen et al., 2006). Bonnet, Swingedouw, et al. (2021) found that in the IPSL-CM6A-LR, 
historical members simulating a large internally-driven weakening of the AMOC also show the 
lowest rates of global warming over the past 6 -7 decades. This indicates that the low-frequency 
internal variability from the Atlantic Ocean may have damped the magnitude of global warming 
over the historical era. The observations of the recent period may therefore represent only the lower 
bound of the changes induced by anthropogenic activities. Moreover, the recovery from the 
internally-driven weak AMOC may lead to increased surface air temperature in the Northern 
Hemisphere and may increase the risk of near-term global warming.  

Moreover, this low-frequency oscillation is not unique to IPSL-CM6A-LR. Two other 
CMIP6 models, i.e., EC-Earth3 (Döscher et al., 2022) and CNRM-CM6 (Voldoire et al., 2019), 
display similar centennial to multi-centennial variabilities of the AMOC. These two models also 
use the NEMO3.6 ocean model with the ORCA1 grid. In addition, among the CMIP6 models, the 
NEMO3.6-based models were shown to display the largest interdecadal global mean surface 
temperature variability in their piControl simulations. The results are similar to the last-millennium 
simulations when using the AOGCM simulation with estimated changes in the solar activity and 
volcanic aerosols since 1850 (Parsons et al., 2020). A careful comparison between the variability 
of these simulations and the proxies results would be needed to see if such variability is 
overestimated when using NEMO3.6 and the relatively coarse resolution of the ORCA1 grid (Van 
Noije et al., 2021). In general, models with increased ocean resolution simulate stronger AMOC 
(section 2.2). Koenigk et al. (2020) practically pointed out that increasing the ocean resolution 
from ORCA1 to ORCA025 leads to the intensification of the deep convection in the Labrador Sea 
in four out of the five models that use NEMO3.6. Nevertheless, the existence of the centennial to 
multi-centennial variability when using the ORCA025 grid remains to be examined. In addition, 
it is of interest to investigate whether this low-frequency variability emerges in other CMIP6 
climate models using different ocean components such as GFDL CM with isopycnal ocean models 
(Adcroft et al., 2019). In addition, the IPSL-CM6A model also tested and implemented 
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configurations similar to IPSL-CM6A-LR but using improved atmospheric resolution (called 
IPSL-CM6A-MR) or improved resolution in both the ocean and atmosphere (call IPSL-CM6A-
ORCA025-MR). Using higher resolution in the Arctic ocean might better simulate the sea ice and 
liquid freshwater exchanges between the Arctic and the North Atlantic. This will allow exploring 
if the ocean grid plays a role in this variability.  

After investigating the mechanism of the low-frequency variations, we explored the climate 
impact of this variability through dedicated sensitivity experiments using the IPSL-CM6A-LR 
model. The novelty is that we directly constrain the AMOC rather than applying imposed 
freshwater or heat fluxes to induce the targeted circulation changes. We constrain the AMOC by 
imposing a three-dimensional baroclinic current by replacing the raw model density in the 
calculation of the horizontal pressure force with a linear combination of the model in-situ density 
and an input in-situ density. The baroclinic flow is changed by the modified pressure force and the 
resulting horizontal flow in the momentum equations. We imposed input densities corresponding 
to strong (weak) AMOC associated with the multi-centennial variability. The input density is 
obtained with the sum of the salinity and temperature regressions onto the first LFC of AMOC 
presented previously and the climatology from the long-term preindustrial control simulation. The 
goal is to generate an intensified (a weakened) AMOC and investigate its climate impact.  

Before imposing the abnormal AMOC state, we have analyzed the performance of this 
method using densities corresponding to the climatological conditions of the preindustrial control 
simulation. We inspected the simulated AMOC and the North Atlantic SST. A 600-yr control 
simulation that is constrained toward AMOC control conditions shows only a small drift and 
reduced variability in all examined fields. The differences between constrained and unconstrained 
control simulations are relatively small. We conclude that the flow-field correction method is able 
to bring the AMOC toward a stable state corresponding to that of the preindustrial control 
simulation. 

A global impact of the AMOC variability on the atmosphere is found, with large anomalies 
located in the tropics and the Northern Hemisphere. An intensified AMOC transports more warm 
water northward at the surface and carries more cold water southward in its lower limb, leading to 
an increase in the northward heat transport in the Atlantic Ocean. The resultant warm ocean surface 
in the North Atlantic heats the atmosphere through the negative heat flux feedback. From an energy 
budget perspective, the increased northward ocean heat transport needs to be balanced. In response, 
the atmosphere transports abnormal moist static energy southward, which modifies the tropical 
Hadley circulations and the activity of mid-latitude eddies. The southward energy in the Hadley 
cell is accomplished by the geopotential energy in the upper branch. Therefore, the flow in the 
bottom branch is northward. This cross-equatorial northward branch near the surface applies a 
negative wind stress curl on the ocean, forming a southward transport in the Pacific Ocean. This 
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anomalous energy flow can be described with the Sverdrup balance applied in the tropics. The 
associated anomalous shallow overturning circulation transports heat southward. Without the 
ocean dynamics, the atmospheric variations present similar patterns with greater amplitudes. It is 
then concluded that the atmosphere produces most of the responses to a stronger AMOC and 
associated OMET changes through adjustments within the atmosphere, and the Indo-Pacific Ocean 
acts to damp the atmospheric variations. 

The impacts of the AMOC and associated meridional energy transport variability on climate 
have been extensively studied in previous studies by statistical relationships in multi-centennial 
control simulations or by sensitivity experiments. We also explored the climate impact with 
statistical analyses of the piControl run (Chapter 3.3). However, the cause-effect relationships 
might not be distinguished well via statistical analysis.  

In the atmosphere-ocean model GFDL CM2.1, Zhang et al. (2017) applied NAO-related heat 
flux to increase the AMOC intensity (NAO-AMOC linkage shown in section 2.3.1) and found a 
poleward displacement of the westerly jet in the Southern Hemisphere. But in our coupled 
experiments, the Southern Hemisphere jet tends to intensify on its equatorward side and does not 
show displacement. Many studies investigated the impacts of a slowdown or collapse of the 
AMOC through “hosing” experiments by applying an additional freshwater flux into the North 
Atlantic to inhibit deep convection and hence reduce the AMOC strength (e.g., Jackson et al., 2015; 
Kageyama et al., 2012; Stouffer et al., 2006; Vellinga and Wood, 2002). Some common features 
found in these studies include widespread cooling in the Northern Hemisphere, less precipitation 
in the northern hemisphere midlatitudes, large changes in the tropical rainfall and an intensified 
North Atlantic storm track. In general, these studies have shown a southward shift of ITCZ over 
the Atlantic Ocean, but the rainfall anomalies in the tropical Pacific Ocean vary in different studies. 
These impacts are consistent with our results: a strong AMOC leads to wide warming in the 
Northern Hemisphere, more precipitation and fewer eddy activities in the Northern Hemisphere 

midlatitudes, and a northward shift of the ITCZ.  

However, in the studies of hosing experiments, the application of an extra heat/freshwater 
flux forcing makes it difficult to disentangle the contribution of the dynamical ocean response from 
the effects of the forcing used (Kim et al., 2020; Tandon and Kushner, 2015). In addition, the 
weakening of the AMOC induced is sensitive to the hosing method adopted (Jackson et al., 2017). 
Haskins et al. (2020) suggested that the induced freshwater weakens the AMOC, but then a 
buoyant surface cap forms due to the reduced mixed layer depth, altering the atmospheric fluxes. 
The resulting warm subsurface layer under the surface cap is the primary driver of the AMOC 
weakening instead. In this perspective, ideally, our methodology can generate strong or weak 
AMOC states in a more explicit way without these issues. 
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Experiments in AGCM with prescribed the global SST and sea ice anomalies associated with 
the AMOC have revealed that the tropical Atlantic is the key region in promoting relationships 
between the AMOC and ITCZ (e.g., Montade et al., 2015). These experiments showed a larger 
ITCZ shift in the Atlantic than in the Pacific, as found in our coupled simulations. As these 
experiments do not simulate realistic heat fluxes at the air-sea surface, changes in the oceanic and 
atmospheric energy transport cannot be explored in these studies. Our methodology provides a 
possibility to investigate the mechanisms driving these connections from an energy perspective.  

Regarding energy transport, Yu and Pritchard (2019) used experiments with the CESM 
AOGCM and pointed out that the ocean circulation response to an interhemispheric radiative 
imbalance can reduce the migrations of the ITCZ. They suggested that the ocean response acts to 
reduce the AMET response, consistent with our results. They further investigated the sensitivity 
to the latitudes of the forcing: the tropics, the subtropics, the mid-latitudes, and the high-latitudes. 
In the Atlantic Ocean, the cross-equatorial OMET increases with the latitude of forcing and the 
response of shallow subtropical cells in the Pacific Ocean are not monotonic with latitudes. The 
increase of energy transport in the Atlantic Ocean induced by forcing is not necessarily associated 
with the same tendency in the Pacific Ocean.  

Thus, more work is needed to test the sensitivity of results to the location of the imposed 
density anomaly. The imposed modifications can be implemented in the subpolar gyre instead of 
in the broad North Atlantic Ocean between 20ºN and 60ºN in the current simulations. Moreover, 
the sensitivity to the model used also needs to be tested. As introduced above, the relatively coarse 
resolution of ORCA1 might amplify the AMOC low-frequency variability. The response of 
climates to the AMOC variations might differ in the AOGCM using other ocean models, 
considering the bias in simulating AMOC mean structure among the coupled models (section 2.2). 
The improvement of resolution in the atmosphere (IPSL-CM6A-MR) or in both ocean and 
atmosphere (IPSL-CM6A-ORCA025-MR) may better resolve the air-sea heat fluxes and provide 
chances to better simulate and understand the changes in total ocean heat content corresponding 
to an intensified AMOC (section 5.2). Lastly, in our present simulations using the IPSL-CM6A-
LR model with nominate 1º oceanic resolution, the AMOC constrained to abnormal conditions 
tends to recover to the neutral state in the late 100-yr (Figure 2a in the article of section 5.2). We 
suspect that the time needed to recover from the imposed conditions might be shortened in models 
with a higher oceanic resolution if the increasing resolution would reduce the low-frequency 
variations. 

We conclude here that the first application of flow-field constraint methodology provides 
inspiring results in investigating the climate impacts of the low-frequency AMOC variability. 
Meanwhile, more sensitivity experiments are necessary to further verify its performance and 
explore more possibilities for utilizing this method. 
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6.2 Perspectives 
A few subjects can be revisited in light of the results presented previously. In particular, the 
mechanism responsible for the time scale of AMOC variability needs to be further understood. In 
the following, we briefly discuss the realism of this AMOC multi-centennial variability in 
comparison to results of paleo-proxy records and introduce two tools that might help to figure out 
such a mechanism. In terms of the climate response to the Atlantic meridional energy transport 
changes, the teleconnections between the Atlantic and Pacific Oceans deserve further investigation. 
Finally, we describe possible applications of the flow-field correction method to understand the 
response of the climate system to global warming. 

6.2.1 Realism of multi-centennial variability 

Apart from the numerical modeling, the proxy-derived records are also often used to investigate 
the long-term climate variations in the past 11,700 years (the Holocene epoch). We have shortly 
introduced the low-frequency variations of the North Atlantic SST and AMOC found by paleo-
proxy studies (section 2.3). More discussion regarding the possible utilization of paleo-proxy 
records is present here.  

There have been several approaches to reconstructing past North Atlantic Ocean circulations. 
Proxies related to SST and sea surface salinity (SSS) can be used, for instance, inferred by 
Alkenones, foraminifera assemblages or dinoflagellates cyst. Other methods are based on proxies 
associated with past changes in the deep limb of the AMOC, using the 13C and 18O of benthic 
foraminifera. Sortable silts were also proposed to reconstruct the intensity of the deep western 
boundary current (Caesar et al., 2021). Lastly, the Northern Hemisphere land temperature proxy 
might also be used.  

Ayache et al. (2018) pointed out that inconsistencies among different proxy records remain 
in the reconstruction of the AMOC variations, while Caesar et al. (2021) suggested a consistency 
among the AMOC proxies. More work is needed to better understand the uncertainties in each 
proxy used to reconstruct AMOC and figure out the level of agreement among them. Thus, the 
direct comparison between reconstructed AMOC and simulated AMOC might be limited by the 
possible inconsistencies in proxy records. The observational SST data has been available since 
1870. We can reconstruct the pseudo-SST multi-centennial variations using the observed SST and 
simulated AMOC variations through the robust fingerprints of AMOC on the North Atlantic 
surface temperatures. The comparison between this pseudo-SST and proxy-derived SST may yield 
insights if this multi-centennial is realistic. However, the investigation of variability may be 
complicated by the effect of external forcings, as forcing and internal variability cannot be 
distinguished in the historical record. 
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6.2.2 Tools to understand AMOC variability 

We attempted to use an off-line mass preserving Lagrangian diagnostic tool named ARIANE 
(http://mespages.univ-brest.fr/~grima/Ariane/) to find the advective timescales and explicitly 
depict the actual pathway of the salt anomaly. ARIANE is a diagnostic tool dedicated to the offline 
calculation of three-dimensional streamlines in a given velocity field (Blanke and Raynaud, 1997; 
Döös, 1995). We implemented some qualitative experiments by releasing several salinity particles 
on the Arctic surface or in the mixed layer and aimed to calculate each individual trajectory. 
However, the trajectory of salinity originating in the Arctic Ocean either ceased at the margin of 
the Arctic circle or transported very fast after crossing the Arctic boundary. None of them were 
consistent with the slow propagation of salinity found with regression. The same situation 
happened when the backward integration was adopted to trace the sources of the Arctic salinity. A 
closer look at the definition of the ORCA1 grid with the developer of ARIANE would be necessary 
to establish the reason for this failure. During the PhD period, we failed to find reasonable and 
convincing results with the Lagrangian tracking method. An alternative way to use Lagrangian 
tracking is quantitative experiments in which numerous particles are deployed and move between 
the initial section (where they are released) and final interception sections. Only the end-point 
characteristics and the mean statistics and stream functions of the trajectories are then output. But 
in this mode, the ORCA1 grid still needs to be properly defined and recognized. It would be 
promising to continue these analyses in future work, either with the help of the developer of 
ARIANE or using another tool for the Lagrangian ocean analysis.  



Conclusions and Perspectives 

   

 

155 

 

Figure 6.1. (a) Rate of information transfer from AMOC to Fram Strait freshwater transport 
(red line and empty circles) and from the latter to the former (black line and triangles). The 
transfer of information is shown as a function of the averaging and measured along the axis on 
the left. The covariance is measured along the right axis (magenta curve and solid circles). The 
other three panels are the same as (a) but for (b) freshwater transport through the Barents 
Opening Sea, (c) through the Davis Strait and (d) the gyre intensity in the Western Arctic. The 
gyre intensity is given by the area-weighted barotropic stream function. Courtesy of S. 
Vannistem. 

In our study, the connections between AMOC and the liquid or solid freshwater transport 
were studied with lagged correlation or regression. However, the presence of correlation between 
two fields does not firmly indicate causality. A causal inference framework called Liang-Kleeman 
information flow (Liang and Kleeman, 2005) has been recently presented to identify the direction 
and magnitude of the cause-effect relationships of given variables (Liang, 2014, 2021). This tool 
has been applied in climate science studies to detect causation in correlated fields. For instance, 
Stips et al. (2016) found a one-way causality between the total Greenhouse gases and annual global 
mean surface temperature anomalies. Among the Greenhouse gases, CO2 is the primary driver of 
the recent warming. Aerosol makes a smaller contribution, and the influence of volcanic forcings 
was found in shorter time periods. Another study 
(https://www.essoar.org/doi/abs/10.1002/essoar.10507846.1; under review) suggested that the 

https://www.essoar.org/doi/abs/10.1002/essoar.10507846.1
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recent and future Arctic sea ice changes are primarily attributed to the air, sea-surface temperatures 
and OMET. Two-way influences exist, but the impact of the Arctic sea ice on the temperatures 
and OMET is progressively decreasing in the twenty-first century due to the reduction in sea-ice 
areas. In contrast, the effect of near-surface air temperature on sea ice stays relatively constant.  

We have suggested in Chapter 3 that the AMOC variations are determined by the exchanges 
of accumulated anomalous freshwater between the central surface Arctic Ocean and the North 
Atlantic Ocean through the Fram Strait. The surface freshwater anomaly is generated by the sea 
ice and the liquid transports. The runoff and precipitation make minor contributions. The main 
deep water formation site related to this oscillation is found located in the Nordic Seas. With the 
help of Stephane Vannistem (RMI, Belgium), we analyzed a selection of timeseries using the 
Liang-Kleeman information transfer. We selected the following time series:  

• The AMOC LFC1,  

• the freshwater transport at the (2) Fram Strait, Davis Strait, and at the Barents Sea 
opening, 

• the salinity in the top 150 m in the Arctic (defined as in Chapter 3.3) and in the Nordic 
Seas (defined North of the Danmark Straight and the Scotland-Farroé-Iceland ridges, 
and South of the Arctic region), 

• the surface freshwater flux due to exchanges with the atmosphere and runoff, and the 
surface freshwater flux due to sea ice melting and growth, 

• the intensity of the gyre circulation in the Arctic, calculated as the averaged 
barotropic streamfunction over the Arctic domain (roughly Beaufort gyre),  

• the North Atlantic SST (defined between 0°N and 60°N). 

To investigate the relationships among the variables at different time scales, the information 
transfer was calculated after applying a running mean over a time window that varies from 2-yr to 
60-yr. The covariance between each variable and the AMOC LFC1 is compared with the 
information transfer between the two time series in Figures 6.1 and 6.2. In all panels, the 
information transfer rate is significant between each variable and the AMOC, indicating that all 
variables and the AMOC influence each other. At the multi-decadal time scale, for the North 
Atlantic SST, the surface freshwater fluxes, the gyre circulation or the salinity contents, the rate of 
information transfer from the AMOC to the variable is larger than the rate from the variable to the 
AMOC. Therefore, the AMOC influence is dominant for all these variables, with a negative rate 
of information transfer suggesting that the AMOC stabilizes these variables. In addition, 
freshwater transports have a larger and positive information transfer rate. The Barents Sea Opening 
(Figure 6.1b) has the strongest influence on the AMOC for time scales larger than 30-yr. 
Freshwater transport through the Davis Strait (Figure 6.1c) influences AMOC on a shorter time 
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scale (20-30 yr). The rate of information transfer from the freshwater transport to the AMOC is 
positive, and they make the AMOC more uncertain. This suggests a dominant influence of the 
transport at the Barents Sea opening that needs to be better understood. Considering the differences 
in crucial impactors given by regression analyses and information flow, more work is needed in 
the future to unravel the drivers of the AMOC low-frequency variability. 

 

Figure 6.2. Same as Figure 6.1 but for (a) mean salinity in the top 150m in the Arctic Ocean, 
(b) mean salinity in the top 150m in the Nordic Seas, (c) total freshwater flux at surface in the 
Arctic due to atmosphere and land, (d) total freshwater flux at surface in the Arctic due to sea 
ice melting/growth and (e) anomalous mean SST over the Atlantic Ocean (80°W-0 and 0N-
60°N). Courtesy of S. Vannistem.  

6.2.3  Possible improvements in flow-field constraint method 
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First, the flow field correction method can be further tested. We have shown an important drift in 
the AMOC and SST over the North Atlantic when the AMOC is fully constrained, i.e., when the 
model density is entirely replaced by input density (section 4.3.1). We could investigate if such 
drift can be removed when using varying cutoff depth and when using a refined design of mask 
that controls the region to be constrained.  

Then, the flow field correction can be modified to build a time-independent flow correction 
procedure. The method used in this manuscript may lead to reduced wave dynamics (Drews et al., 
2015), which are the disadvantages of flow-interactive constraints (see Chapter 5.3). We have 
shown that it is possible to set up a similar simulation using a non-interactive flow correction. 
However, a comparison between simulations using different flow field correction settings is 
needed to reveal the origin of the drift and yield insights for better use of these methods in various 
applications.  

To compute this time-independent density anomaly, we use the simulations presented in 
section 5.3, using a flow-interactive constraint and lasting for 100-yr. During these simulations, 
we saved the density correction, calculated online as 𝛼𝛽(𝜌𝑖 − 𝜌𝑚) in the model (see Chapter 4 for 
notations). The annual cycle of this term is calculated from monthly outputs over the 100-yr. This 
term corresponds to the averaged correction as given in Equation 4.5. We use this term as a fixed 
correction of the horizontal pressure force, independent of the model flow or density. Such 
correction is, therefore, non-interactive. We launched a new 50-yr simulation with non-interactive 
flow correction, using the same initial conditions as the previous runs with the interactive flow 
correction. 

A preliminary analysis of the run suggests no distinct differences compared to the flow-
interactive corrected simulations. However, experiments with a longer duration and a larger 
ensemble are needed to confirm these results. A more careful investigation of the difference and 
their statistical significance would also be needed. Nevertheless, the non-interactive method might 
be useful for studying the AMOC in future work. More perspectives are discussed next. 

6.2.4 Constraining flows to study climate change 

I explored during my PhD the internal variability of the AMOC and its impact on climate. On the 
other hand, a consensus is achieved that the AMOC is projected to slow down under anthropogenic 
warming (e.g., Swingedouw et al., 2007; Zhu et al., 2015), affecting the regional and global 
climates. As shown above, a reduced AMOC intensity is usually accompanied by a cooling in the 
Northern Hemisphere, less precipitation and more eddies in the northern hemisphere midlatitudes, 
and presumably a southward displacement of the ITCZ. However, there is a difficulty in 
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quantifying the exact role of AMOC decline in climate change and separating it from the direct 
radiative effects of the external forcing. 

Recently, sensitivity experiments were used to study the role of the AMOC decline in climate 
change simulations. Liu et al. (2020) stabilized the AMOC intensity by removing a time-dependent 
freshwater flux from the subpolar North Atlantic in the CCSM4 model and investigated the impact 
of AMOC slowdown on climate change in the 21st century. They found that the weakening of 
AMOC is responsible for ocean cooling south of Greenland, resembling the North Atlantic 
warming hole. This warming hole was found in both historical observations and IPCC AR5 
projections (Drijfhout et al., 2012; Rahmstorf et al., 2015; Sgubin et al., 2017). An alleviated sea 
ice loss in all seasons was also found, and the emergence of an ice-free Arctic in boreal summer 
can be delayed for 6 years. An abnormal cooling was found to extend from the lower troposphere 
in high latitudes to the tropical upper troposphere, and the midlatitude jets thus shifted poleward.  

We suggest that the flow-field correction method can also be used in a similar way to 
stabilize the AMOC strength in historical or scenario simulations. First, we can stabilize the 
AMOC intensity in anthropogenic warming experiments by constraining the flow field using the 
input density calculated from the climatology from the preindustrial control simulations. Then the 
results can be compared to the warming experiments without AMOC corrected. Ideally, in this 
way, the AMOC climate impacts can be isolated and quantified. This pair of experiments can be 
implemented in historical simulations, double CO2 conditions or abrupt-4xCO2 simulations.  

6.2.5 Teleconnections with other basins 

Many studies have focused on teleconnections between the North Atlantic and other basins. For 
instance, the impact of the AMOC on the Pacific SST and sea level pressure is introduced in 
Chapter 2.4.3. We also found in our work a re-organization of atmospheric circulations and oceanic 
currents in the upper Indo-Pacific Ocean in response to the AMOC variations. In particular, we 
found a PNA-like mid-tropospheric geopotential height anomaly and a southward transport in the 
Sverdrup balance in the tropical Pacific Ocean (section 5.2). We speculate that these changes are 
likely driven by the mid-latitude storm tracks and Hadley circulation changes, but the relevant 
mechanism remains further established. Close inspections of the evolution of atmospheric 
circulations and equatorial SST might be necessary.  

In addition, an ensemble of abrupt-AMOC experiments can be used to investigate the time 
needed for the Pacific Ocean to adjust to the AMOC changes. Other basins, for instance, the South 
Atlantic, the Pacific Ocean, and the tropical Indian Ocean, are expected to exhibit different 
sensitivities at different time scales to the AMOC changes. In particular, the accelerated Indian 
Ocean warming is also a robust feature of anthropogenic warming. A tropical Indian Ocean 
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warming of 0.1 °C above the mean warming of tropical oceans intensifies the AMOC by ~1 Sv 
(Hu and Fedorov, 2019). It is of interest to investigate the impact of AMOC intensity variations 
on the extent of tropical Indian Ocean warming so that the influence of anthropogenic warming 
can be better isolated from natural variability. 
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