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Climate of Eastern Africa

Pierre Camberlin

Summary

Eastern Africa, classically presented as a major dry climate anomaly region in the otherwise
wet equatorial belt, is a transition zone between the monsoon domains of West Africa and the
Indian Ocean. Its complex terrain, unequaled in the rest of Africa, results in a huge diversity of
climatic conditions that steer a wide range of vegetation landscapes, biodiversity and human
occupations. Meridional rainfall gradients dominate in the west along the Nile valley and its
surroundings, where a single boreal summer peak is mostly observed. Bimodal regimes
(generally peaking in April and November) prevail in the east, gradually shifting to a single
austral summer peak to the south. The swift seasonal shift of the Intertropical Convergence
Zone and its replacement in January-February and June-September by strong meridional,
generally diverging low-level winds (e.g., the Somali Jet), account for the low rainfall. These
large-scale flows interact with topography and lakes, which have their own local circulation in
the form of mountain and lake breezes. This results in complex rainfall patterns, with a strong
diurnal component, and a frequent asymmetry in the rainfall distribution with respect to the
major relief features. Whereas highly organized rain-producing systems are uncommon,
convection is partly modulated at intra-seasonal (about 30-60-day) timescales. Interannual
variability shows a fair level of spatial coherence in the region, at least in July-September in the
west (Ethiopia and Nile Valley) and October-December in the east along the Indian Ocean. This
is associated with a strong forcing from sea-surface temperatures in the Pacific and Indian
Oceans, and to a lesser extent the Atlantic Ocean. As a result, Eastern Africa shows some of
the largest interannual rainfall variations in the world. Some decadal-scale variations are also
found, including a drying trend of the March-May rainy season since the 1980s in the eastern
part of the region. Eastern Africa overall mean temperature increased by 0.7 to 1°C from 1973
to 2013, depending on the season. The strong, sometimes non-linear altitudinal gradients of

temperature and moisture regimes, also contribute to the climate diversity of Eastern Africa.
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To Gérard Beltrando and Raphael Okoola, who contributed to our

knowledge of East African climates and both left us too soon in early 2016.

Eastern Africa, also called the Greater Horn of Africa, covers eleven countries (Sudan, South
Sudan, Eritrea, Djibouti, Ethiopia, Somalia, Kenya, Uganda, Rwanda, Burundi, Tanzania). In
the tropical belt, Eastern Africa stands out as a relatively dry area, despite its equatorial location.
Between 12°S and 12°N, it is actually the driest land area (Yang et al., 2015). Trewartha (1961)
emphasized the “widespread deficiency of rainfall” in the region as “the most impressive

climatic anomaly in all of Africa”.

This region is characterized by low average incomes: all the 11 countries belong to the 25%
poorest nations in the world, based on per capita gross domestic product (GDP) at purchasing
power parity (World Bank, 2014). This fact, added to the dependence of national economies to
the agricultural sector, in terms of GDP and employment, makes climatic conditions and

particularly rainfall a crucial issue for social and economic development.

1. Geographical features influencing the region's climate

Eastern Africa encloses both the highest and the lowest points of the African continent. This
wide altitudinal range, from Lake Assal in Djibouti (153 m below mean sea-level) to Mount
Kilimanjaro in Tanzania (5895 m above mean sea-level), is emblematic of a region of strong

elevation gradients and highly diverse topographical environments.

The highlands form an almost continuous north-south barrier from the Red Sea to southern
Tanzania (fig.1). They include the Ethiopian Massif, the most extensive highland area in Africa,
with almost 50% of the continent’s areas above 1500 m (McCann, 1995). Large tablelands are
dissected by deep valleys, and dominated by several summits culminating above 4000 m.
Further south lie the East African Highlands per se, organized as two mountain arcs following
the eastern and the western Rift valleys, from about 4°N to 10°S. In the east, the Kenya
Highlands, at an average elevation of 1500-2500m, are flanked to the east and south-east by
Africa’s two highest mountains: Mt Kenya (5199 m) and Mt Kilimanjaro (5895 m). To the
south, they are prolonged by the Eastern Arc Mountains, of lower elevation. In the west, the
western Rift Mountains run from western Uganda to southern Tanzania, and include several

peaks above 3000 m, among which are the Rwenzori Mountains (5109 m). Between the two



arcs is a large tableland around 1000-1200 m, in which lies Lake Victoria. Overall, the East
African Highlands have a major impact on both the regional and extra-regional climate (Slingo
et al., 2005). In particular, the wet conditions prevailing over the Congo Basin are a result of
the presence of the East African highlands. The local effect of relief on winds, temperature and

rainfall is discussed in sections 3 to 6.

The north-south highland barrier is interrupted by a major gap, the Turkana gap, between the
Ethiopian and the Kenya Highlands (fig.1). It is a 300-km wide depression, lower than 700
meters except for some isolated mountains. This gap, of great climatic significance (section 3),
connects two major low-lying areas. The first one, to the northwest, corresponds to the Nile
Plains, west of the Ethiopian Highlands, covering most of Sudan and South Sudan at an altitude
between 300 and 500 meters. The second one, to the east, are the plains and low plateaus
bordering the Indian Ocean, from Tanzania to eastern Kenya, eastern Ethiopia and Somalia.
The coast itself is generally low. North of a west-east ridge which prolongs the Ethiopian
Highlands, the Gulf of Aden trench connects to that of the Red Sea. Both constitute deep troughs
bordered on the African and Arabian sides by major escarpments which act to channel the low-
level winds. These troughs include a continental part, the Afar (or Danakil) depression, between

Djibouti, eastern Eritrea and northeastern Ethiopia.

Eastern Africa exhibits a number of large waterbodies and extensive wetlands. Numerous
elongated lakes dot the East African Rift system, from the Afar depression to Malawi (fig.1).
The largest of these lakes are Lake Abbe and Lake Abaya, in the Ethiopian Rift Valley, Lake
Turkana (6400 km?), Lake Natron and Lake Eyasi in the eastern Rift, Lake Albert (5300 km?),
Lake Edward, Lake Kivu, Lake Tanganyika (32900 km?) and Lake Rukwa, in the Western Rift,
and finally Lake Malawi (or Nyassa, 29600 km?) to the south. Several shallower lakes and
swamps also occupy the basin between the Eastern Rift and the Western Rift, among which is
Lake Victoria (68800 km?), the second largest freshwater lake in the world. The African Great
Lakes are important regulators for the regional climate (Thiery et al., 2015). In particular, Lake
Victoria drives land-lake breezes which explain a strong late night maximum in convective
activity over the lake (section 6). In South Sudan lie major swamp areas, among which the Sudd
along the While Nile, whose area varies between 6700 and over 30000 km? depending on the
season and year, and at an average of 20400 km? for 2001-2005 (Sutcliffe and Parks, 1999;
Shamseddin et al., 2006). An average 7800 km? should be added for the Bahr-El-Ghazal



swamps, a tributary of the While Nile (Sutcliffe and Parks, 1999). South Sudan swamps have a

strong effect, although mainly local, on temperature and rainfall (Zaroug et al., 2013).

Natural vegetation is dominated by (often wooded) grassland and shrubland. Over eastern
Ethiopia, northern Somalia and northern Kenya, drier conditions result in open grassland and
shrubland. The only continuous zones of closed evergreen forests lie in southwestern Ethiopia
and on the edges of the Congo Basin (fig.1). Other isolated patches are found across parts of
Kenya, Tanzania and Uganda, often on steep slopes. Being located in wet areas, they have been
heavily encroached, although the resulting landcover is often an agroforest which includes
many perennial species. Bare soil or bare rock dominate the shores of the Red Sea and Gulf of
Aden, the Afar depression, parts of northern Somalia, the Turkana gap and the northern Sudan,

where sandy areas are also found.

Cultivated areas are rapidly expanding, with a 28% increase between 1990 and 2010 in the
region (Tanzania excluded; Brink et al., 2014). Landuse conversion to agriculture in Kenya,
based on simulations with the RegCM4 regional climate model, was shown to drive a modest
reduction in precipitation and a surface temperature increase in the Lake Victoria region (Otieno
and Anyah, 2012). Irrigation remains limited in Eastern Africa. Among the main exceptions is
the 8800 km? Gezira irrigation scheme in Sudan. Davenport and Hudson (1967) found that
mean temperature, vapour pressure deficit and wind run were lower at the leeward edges of a
17-km transect across the Gezira cotton fields, resulting in much smaller evaporation than on
the windward edge.Alter et al. (2015), based on observations and numerical experiments, found
that the Gezira scheme locally inhibited rainfall while enhancing it to the east. The local rainfall
inhibition results from decreased air temperature causing atmospheric subsidence, while there
is increased upward motion to the east. Cloud development around Khartoum, Sudan was also

found to be influenced by water surfaces (Hammer, 1970).

Other land use changes in Eastern Africa include the expansion of urban areas. Although
Eastern Africa remains dominantly rural (in 2013 only Djibouti and Somalia had over 33% of
urban population), capital cities are quickly spreading. The evidence of an urban heat island in
Nairobi (Kenya), with an estimated population of 3.9 million in 2015 (United Nations, 2015)
has been shown by Okoola (1980) and Makokha and Shisanya (2010). In Khartoum, Sudan,
whose settled area increased fourfold between 1972 and 2000, and has an estimated 2015

population of 5.1 million, Elagib (2011) found a nocturnal urban warming, intensifying at



significant rates (1941-2005) with respect to the nearby rural station, for the dry and hot
seasons. At daytime, the urban station is only marginally warmer and shows less warming over

time than the rural station.

2. General atmospheric circulation features

Being located near the equator, Eastern Africa is directly affected by seasonal changes in the
Hadley circulation, which implies a twice-a-year migration of the Intertropical Tropical
Convergence Zone (ITCZ) across the region from south to north and backwards from north to
south (Hills, 1979; Asnani, 1993; Nicholson, 1996). This migration is accompanied by a shift
in the wind direction, from a northerly direction in boreal winter to a southerly direction in
boreal summer, which is characteristic of the monsoons. Eastern Africa is located at the
interface between two monsoon systems: the African monsoon to the west and the Indian Ocean
monsoon to the east. The East African highlands are actually a major north-south barrier which
both separates and connects the two systems. While the seasonal north-south amplitude of the
African monsoon is limited, that of the Indian Ocean, from 15°S to 25°N, is the greatest in the

world. This has major consequences on the climates of Eastern Africa.

In January (fig.2) and February, much of Eastern Africa is under the influence of low-level
northeasterly winds from Egypt and the Arabian Sea. They are relatively dry (850 hPa specific
humidity below 8 g.kg™) and divergent, especially over Somalia and Kenya, resulting in a stable
atmosphere (Yang et al., 2015). The northeasterlies from the Arabian Sea are deflected by the
Ethiopian and Kenya Highlands to enter the southern Red Sea and the Turkana gap as
southeasterly air flows. A low-level jet actually develops over the Lake Turkana area as a result
of orographic channeling (Kinuthia and Asnani, 1982; Nicholson, 2015a; see below). In the
central Red Sea around 16-20°N, a surface confluence is found between the northerly and
southerly flows, known as the Red Sea Convergence Zone (RSCZ) (Flohn, 1965b; Pedgley,
1966). A broad, diagonal ITCZ lies south of the study region, between the Congo Basin and

southern Tanzania.

Three-dimensional atmospheric dynamics are shown through meridional cross-sections (fig.3).
At 32°E, the northern Hadley cell is evident, with surface northerlies across the Nile plains,
weak (near the equator) and moderate (near 10°S) rising motion further south, close to the
ITCZ, and upper tropospheric southerlies. These southerly winds take a weak easterly



component in the southern hemisphere (Tropical Easterly Jet) and a strong westerly component
in the northern hemisphere (Subtropical Westerly Jet). Subsidence is found north of 5-10°N,
denoting the descending limb of the Hadley cell. At 37°E and 42°E the general pattern is the
same, but the Hadley cell expands further south, as a result of the Indian winter monsoon
penetrating far to the southern hemisphere. At 42°E mid-tropospheric descending motion is
found to about 7°S. Relief has a significant effect at these longitudes. Upward motion is found
on windward slopes or elevated surfaces (e.g., the Ethiopian Highlands), but north of the

equator it is restricted to the lower troposphere, denoting shallow / dry convection.

By March, the dry northeasterlies from the northern Indian Ocean begin receding. In April
(fig.2), over most of the region except Sudan, they are replaced by generally weak
southeasterlies. The ITCZ moves over equatorial Eastern Africa, but contrary to West Africa it
is diffuse, with no clear confluence of airflows from the two hemispheres. A mean low-level
wind divergence is actually still found over the eastern plains from Somalia to eastern Kenya,
and is particularly strong near the entrance of the Turkana Jet. The Indian Ocean being warmer,
the southeasterlies bring over Eastern Africa a moister air mass than in January-February,
especially towards the Lake Victoria basin and the slopes of the Ethiopian Highlands. But even
in the middle of this season, there is net upper tropospheric convergence over Eastern Africa,
as well as mean mid-tropospheric downward motion (or weak ascent only), conditions which
are not highly propitious to rainfall (Yang et al., 2015). Over Sudan, the dry northeasterlies
remain quite strong, but in the south appear wetter southwesterlies from the Congo Basin, in
conjunction with a northward shift of the ITCZ to 10°N (fig.2).

During May, as a high pressure ridge builds up from the south and pressure decreases over the
northern Indian Ocean, southeasterlies strengthen south of the equator and recurve to form
southwesterlies in the opposite hemisphere over Somalia (not shown). This nascent monsoon
flow is strongly divergent all along the East African plains bordering the Indian Ocean. It
strengthens in June to form a low-level jet, the Somali jet. The transition from the boreal spring
to the summer conditions is not always smooth but often characterized by two abrupt circulation
changes in early April and late May, with corresponding jumps in the monsoon rain belt (Riddle
and Cook, 2008; Riddle and Wilks, 2013). Discovered by Findlater (1969), the Somali jet is a
western boundary current resulting from the pressure gradient between the Indian low and the
Mascarene high (Anderson, 1976; Krishnamurti and Bhalme, 1976). With mean speeds of 10-
15 m.s near 850 hPa in July-August (fig.2), the jet persists until September. The presence of



the East African Highlands intensifies the cross-equatorial flow and controls its vertical
structure (Peagle and Geisler, 1986; Slingo et al. 2005; Chakraborty et al., 2009). The strong
southerly flow brings in relatively dry and cool air from the southern hemisphere, resulting in
atmospheric stability in most of Tanzania, eastern Kenya, Somalia and eastern Ethiopia (Yang
et al., 2015). It cools the surface water in the Western Indian Ocean, causing further stability.
Alongshore winds generate coastal upwelling in northeastern Somalia north of Obbia. Further
west in the Nile Valley, the ITCZ gradually shifts from about 10°N in April to 17°N in July
(fig.2; Osman and Hastenrath, 1969). The shift is accompanied by a replacement of the dry
northeasterlies by moister southwesterlies, which are part of the African monsoon, but with
moisture coming from both the Congo Basin and the Indian Ocean. A secondary, north-south
convergence zone, the Congo Air Boundary (CAB), between the stable south-easterlies across
Tanzania and the weak, moist westerlies shows well in the wind field and moisture contents,
from the north of Lake Tanganyika to South Sudan. A minor convergence zone is also found in

northern Uganda towards the western Kenya Highlands (fig.2; Anyamba and Kiangi 1985).

Meridional cross-sections for July (fig.3) show deep convection over the southern parts of the
Nile Plains (32°E) and the Ethiopian Highlands (37°E), where ascending motion is very strong.
Weaker ascent is found over the Afar depression (42°E). North of the main limb of the ITCZ,
shallower convection occurs, restricted to between 700 and 600 hPa. Over the Nile Plains
(32°E), it is associated with the low-level convergence at 17-18°N between the dry northerlies
and the moist southerly monsoon flow. In the upper troposphere near 10-15°N is found a strong
easterly flow, the Tropical Easterly Jet (TEJ), with speeds above 25m.s™ at 150 hPa. The TEJ
is a planetary scale phenomenon associated with upper tropospheric heat release over the
monsoon regions of Asia and to some extent Africa. It is decelerating over north-east Africa.
Slightly to the south of the TEJ core, there is clear upper tropospheric diffluence in the
meridional direction, in connection with the strong ascending motion over Sudan and Ethiopia
(fig.3; Hulme and Tosdevin 1989). At 42°E, over Somalia and the Indian Ocean, descending
motion predominates at most levels (fig.3). The Somali jet is well shown. North of the Ahmar
mountains (9.5°N), downslope winds converge with northerlies from the Red Sea along the
Afar Convergence Zone, a weak lee confluence which slopes upwards to the south and is capped
by weak air ascent (Tucker and Pedgley, 1977). Near 600-500 hPa, north-easterlies dominate,

which result from the injection of dry warm air, mainly from the Arabian Peninsula.



In October, the Somali Jet has collapsed. Southeasterlies persist south of the equator and in
northern Kenya, and the ITCZ starts to retreat to the south, towards northern Somalia where it
is very diffuse, and southern Sudan. Over the Red Sea, as the southeasterlies have replaced the
summer monsoon flow, the RSCZ reappears at about 17-19°N and will persist until April-May
(Pedgley, 1966). Rift flows over the Red Sea are capped by a persistent inversion around 800
hPa, which inhibits vertical motion. The November wind field (fig.2) illustrates the circulation
patterns at the time of peak rainfall in much of eastern equatorial Africa. The ITCZ has now
shifted close to the equator, but as in April it is very diffuse. Over the Indian Ocean, converging
northeasterlies and southeasterlies actually turn to westerlies along the equator. This reflects
the gradient between relatively cool sea-surface temperature (SST) in the western Indian Ocean
and the warmer waters around Indonesia. It decreases moisture advection towards East Africa.
In addition, mid-tropospheric mean vertical motion over equatorial Eastern Africa remains

weak, and convergence is found in the upper troposphere (Yang et al., 2015).

3. Local circulation features

The land surface heterogeneity arising from the contrasted topography and the presence of
major waterbodies accounts for a number of local- and regional-scale winds, of importance to

rainfall distribution.

In the gap between the Ethiopian and the Kenya Highlands, a strong southeasterly low-level
wind was detected by Kinuthia and Asnani (1982) and termed the Turkana Jet (fig.2 and 3).
This permanent jet, with mean winds around 10-12 m.s peaking at 850 hPa (Nicholson,
2015a), results from a Bernoulli effect, i.e. orographic channeling between the Ethiopian and
Kenya Highlands (Sun et al., 1999; Indeje et al., 2001). It is strongest in the late night and early
morning (0300 or 0900 EAT). High speeds (30 to 50 m.s™) were occasionally found based on
pibal ascents during a field campaign in 1983-1984 (Kinuthia, 1992) but in reanalysis products
wind variations are smaller. A strong divergence is found at the entrance of the jet (fig.2).
Descent occurs above its core (Sun et al., 1999), especially at daytime, which is suggested to
inhibit convection and contribute to the aridity of northern Kenya (Nicholson, 2015a). The jet
is nevertheless important to the advection of moisture from the Indian Ocean to the Ethiopian
Highlands (Viste and Sorteberg, 2013).



Another gap wind jet has recently been uncovered at the northern tip of the Ethiopian
Highlands, the Tokar Gap jet (Jiang et al., 2009; Davis et al., 2015). The Tokar jet is a seasonal
wind found in summer across the Sudanese coast on the Red Sea, as part of the monsoon wind
flow across Sudan which feeds into the Asian monsoon flow, through a breach in the mountain
ranges (fig.1 and 3b). It reaches more than 15 m.s, with a distinct early morning maximum
(Jiang et al., 2009). Taking the form of cross-sea southwesterly winds which last from days to
weeks, it disturbs the prevailing along-sea northwesterly winds (Zhai and Bower, 2013). Pulses
of the Tokar jet are related to the development of mesoscale convective systems (Davis et al.
2015).

Differential heating and cooling of the terrestrial surface at day- and night-time between
elevated and low-lying areas and between land and water bodies result in widespread breeze
systems across much of Eastern Africa, as exemplified in numerical experiments (Mukabana
and Pielke, 1996). Sea breezes occur all along the Red Sea and Indian Ocean coasts, but have
attracted few studies. Flohn (1965a) noted on both sides of the Red Sea the existence of well-
defined sea breezes. In winter, in conjunction with the inversion at about 1800 m and the activity
of the Red Sea Convergence Zone (Pedgley, 1966), they result into precipitating stratiform
clouds on the mountain escarpments. In summer, along the Sudanese Red Sea coast a sea breeze
of 3-8 m.s™ lasting for 2-6 hours, replaced after 2200 LST by a land breeze, often as a precursor
to the Tokar jet, was found in WRF simulations (Davis et al., 2015). Further south in Kenya,
Nganga and Masumba (1988) indicated that sea breezes can be detected 120 km away from the
coast, and found that the breeze circulation, including the upper return flow towards the ocean,
reaches a height of 2000 m. Along the flat coast of Tanzania, there is a complex interaction
between the sea and land breezes and the prevailing synoptic flow. Pronounced sea breeze
development occurs at Dar-es-Salaam when the synoptic flow is weak and alongshore (Sumner,
1982).

There is also evidence of major breeze systems over and around the larger lakes. Over Lake
Victoria, the strong diurnal variations of surface and upper winds were recognized as early as
1908 by Arthur Berson, whose expedition incidentally discovered that the tropical tropopause
was higher and colder than in the midlatitudes (Sirring, 1910). Daytime lake breezes from the
cool lake surface to the heated surroundings are associated with subsidence over the lake (Flohn
and Fraedrich, 1966; Anyah et al., 2006; Thiery et al 2015). East of the lake, lake breezes
combine with upslope breezes on the flanks of the western Kenya Highlands to generate strong



updraughts. In conjunction with the synoptic scale easterlies, this accounts for the asymmetric
pattern found between the western and the eastern part of the lake basin (Anyah et al., 2006).
At night, the thermal inertia of the lake generates a low pressure anomaly, land breezes which
converge towards the lake, and intense convection. Strong diurnal wind changes are also found
over Lake Tanganyika, but being a Rift lake, about half of its diurnal wind variations is due to
slope breezes, one quarter is strictly due to the thermal lake effect (lake breeze), while the rest
of the variations result from interactions with the southeast tradewinds (Savijarvi, 1997).

Broad-scale diurnal changes in atmospheric motion across Eastern Africa are illustrated based
on ERA-interim data, by plotting the afternoon minus early morning difference in zonal winds
and vertical velocity (fig. 4). The cross-section along the equator for April, the wettest month
at this latitude, shows enhanced rising motion in the afternoon over the highlands (eastern and
western Rift areas), although over the Kenya Highlands it does not extend above 500 hPa.
Afternoon rising motion is also found inland near the coastline (west of 43°E). Anomalous
afternoon descending motion occurs over the Indian Ocean above 700 hPa, as well as near 39°E
and over Lake Victoria (33°E). Surface lake breezes are noticeable west and east of the lake.

Afternoon upslope winds occur over the eastern flank of the Kenya Highlands.

Further north along 13°N, strong diurnal changes in atmospheric motion are also found during
the main Ethiopian rainy season (July, fig.4). Enhanced afternoon rising motion over the
Ethiopian Highlands reflects deep convection driven by daytime heating of the elevated surface.
It is fed by converging upslope low-level winds. To the west, over the Nile Plains, daytime
rising motion is also found, but restricted to the low troposphere. The upper tropospheric mass
excess over the Ethiopian Highlands is exported to the west via the Tropical Easterly Jet,
slightly stronger in the afternoon than in the morning. Strong daytime descending motion is

found in the lower troposphere over the Afar depression and Gulf of Aden.

4. Mean solar radiation and temperature patterns

Contrary to common belief, the space-time patterns of cloudiness and solar radiation in the
tropics in general, and Eastern Africa in particular, do not simply reflect the ITCZ and rainbelt
movements. Annual means of surface incoming shortwave radiation (fig.5), based on
METEOSAT second generation (MSG) satellite data, show high values (>250 W.m) over
much of Eastern Africa except southern Ethiopia, the area west of Lake Victoria towards the



Congo Basin, southwestern Tanzania and isolated mountains of Kenya. The lowest solar
radiation is found near Mt Ruwenzori (Uganda, 183 W.m™) as presumed by Griffiths (1972)
although data was unavailable, and the highest solar radiation (292 W.m) around Bosaso
(Puntland, northern Somalia). A notable feature is the patchwork of high and low radiation
values over some highland areas such as Ethiopia, reflecting convective cloud buildup over the

mountain tops while valleys are often cloud free.

Seasonal regimes from MSG estimates (fig.5, top right) are compared with World Radiation
Data Centre (WRDC) in situ measurements, showing a good overall agreement, although MSG
data tend to overestimate actual solar radiation over parts of Kenya and Tanzania. Monthly
maps (fig.5, bottom) reflect the influence of latitude, ITCZ shifts and orography, but the
relationship between solar radiation and rainfall regimes is often loose. In January, maximum
solar radiation is found close to the equator over the Indian Ocean, with high values (250-300
W.m2) in Somalia, Eastern Ethiopia, South Sudan, Northern Uganda and much of Kenya. To
the east (the Democratic Republic of the Congo) and south (southern Tanzania), clouds
associated with the ITCZ reduces incoming solar radiation to about 200-250 W.m2. Low values
are also found in the north of the region, due to the shorter day length with increasing latitude.
Over the central Red Sea, cloud cover associated with the RSCZ further reduces solar radiation
to about 150-170 W.m (Drake and Mulugetta, 1996). In April, maximum solar radiation has
shifted to the northern hemisphere, with very high values (>270 W.m?) everywhere north of
10°N as well as over Somalia and the equatorial Indian Ocean. The main rains over Kenya,
Somalia and Eastern Ethiopia are not accompanied by a strong reduction in solar radiation
(Huxley, 1965; Kuhnel, 1991), suggesting erratic, short duration convective clouds associated
with the diffuse ITCZ. Low solar radiation is found on windward slopes and high elevation
ranges in southern Tanzania, Rwanda, Burundi, and isolated mountains in Kenya and southern
Ethiopia. In July, cloudiness associated with the ITCZ again imperfectly explains solar radiation
distribution (fig.5). Very low insolation (140-200 W.m) is found over much of the Ethiopian
Highlands in conjunction with the main rains (only about 50 hours of sunshine per month at
Addis-Ababa in summer; Fazzini et al. 2015). This partly extends to South Sudan. North of the
ITCZ and in the Red Sea and Gulf of Aden trenches, dry air and a zenithal sun account for high
(270-327 W.m™) solar radiation. Although over Tanzania, Somalia and much of Kenya the
weather is dry, solar radiation is highly contrasted. Unexpectedly low values (150-220 W.m?)
are found east of the East African highlands and in southern Somalia. They result from

extensive low level stratocumulus cloud cover associated with a temperature inversion within



the southerly flow (Okoola, 1990). On windward slopes (Nairobi and Embu, fig.5, top right),
the phenomenon can be exacerbated, while downwind, over the Tanzania plateau or the
Turkana gap, divergence and a dried up atmosphere result in high solar radiation. In October,
solar radiation maxima shift to the southern hemisphere, except west of Lake Victoria where
persistent cloudiness associated with the main rains reduces solar radiation to about 180-220
W.m2, Further east, despite the ITCZ presence, solar radiation is quite high, as in April. A
minimum persists over the Bale mountains of southern Ethiopia, in agreement with Drake and
Mulugetta (1996).

Mean temperatures are evidently influenced by elevation (fig.6). Typical lapse rates in Ethiopia
are 5.1°C/1000 m for maximum temperature and 6.5°C for minimum temperature (Fazzini et
al 2015). As an average over Kenya, Uganda and Tanzania, they are slightly higher (5.6°C) and
lower (6.3°C) for maximum and minimum temperature respectively (Griffiths, 1972). Over Mt
Kilimanjaro, Appelhans et al. (2015) based on a dense station network demonstrated a clear
break-point in temperature lapse rate at around 2300 m (-8.4°.km™ below, -4.2°C.km™ above),
whatever the season. It corresponds to the average condensation level, with relative humidity
decreasing both downward and upward. Lapse rates tend to slightly increase away from the
equator in boreal summer and autumn (fig.6), and decrease in boreal winter. Isotherms
markedly slope down towards the south in summer (July), with the 15°C isotherm found around
1500 m near 11°S while it is as high as 2800 m near 13°N. Local temperatures sometimes show
significant departures from these mean patterns due to interactions between the large-scale
winds and orography. East of the Kenya Highlands for instance, persistent cloudiness (81%)
accounts for very low July maximum temperatures in Nairobi (21°C at 1800 m). The East
African Great Lakes significantly cool air temperatures, over the lakes themselves (except Lake
Kivu) and downwind of them (Thiery et al., 2015).

Eastern Africa includes the hottest known place on earth at Dallol in the Afar depression (130
m below sea level), with a 34.6°C annual mean temperature (1960-66; Pedgley 1967). The
lowest mean annual temperature is -7.1°C on the Mt Kilimanjaro summit (Thompson et al.,
2002). Over most of Eastern Africa, frost sporadically occurs around 2200-2400 m, although
above 3500 m it becomes a recurrent, almost daily feature. In Central Kenya, maps of frost
incidence based on MODIS satellite data show regular frost occurrence above 2000 m, making
tea plantations at risk, with occasional occurrence along valleys at lower altitudes due to cold
air drainage (Kotikot and Onywere, 2015). Over Mt Kilimanjaro, mean annual minimum



temperature reaches freezing point at 2700 m (Hemp, 2006). In austral summer, the southern

Tanzania Highlands regularly record frost at much lower elevations.

As expected from an equatorial region, the mean annual temperature range is generally small
(fig.7). In all of Eastern Africa except the southern highlands of Tanzania and the northern part
of the region (Sudan, Red Sea, Afar depression, northern Somalia), temperatures vary by no
more than 5°C. The smallest range (<2°C) is incurred along the equator in the wet and cloudy
regions from the eastern DRC to western Kenya through southern Uganda, Burundi and
Rwanda. In these regions, highest temperatures generally occur in February-March before the
main rains (e.g., Mbarara and Embu on fig.7, right panels), while lowest temperatures are found
in July-August, during the relatively dry but cloudy season. Over the Ethiopian Highlands, the
annual temperature range is also small (Fazzini et al., 2015). The reason is heavy cloud cover
and precipitation during summer, which depresses maximum temperature, lower in July-August
than in any other season (Addis-Ababa, fig.7). The higher annual temperature range in northern
Sudan and along the Red Sea and Gulf of Aden is due to the marked winter cooling and very
high summer temperatures, both seasons having little cloud cover. In these regions, a simple
annual cycle is found (fig.7, Dongola, Port-Sudan, Djibouti) with highest maximum
temperatures (40-44°C) in June-August, and lowest minimum temperatures in January-
February. The sea influence makes minimum temperatures much higher along the coast (18-
22°C) than inland (Dongola 10.4°C). In central Sudan (Wad-Medani, fig.7), the temperature
regime is similar except that there is a secondary minimum in summer as a result of cloudiness
and rains associated with the monsoon. Highest maximum temperatures (41-42°C) occur ahead
of the rainy season, around May. As in northern Sudan, Southern Tanzania temperature regimes
(Songea, fig.7) show a single peak, but it is inverted due to the location in the southern
hemisphere, November being the warmest month and July the coldest. On the plains facing the
Indian Ocean, the annual temperature range is small; highest temperatures are generally found
in March (Mandera and Dar-es-Salaam, fig.7) while lowest temperatures switch from austral
winter (July) in the southern hemisphere to boreal winter (January) in the northern hemisphere.
In southern and central Somalia, July is generally cooler than January due to stratiform clouds
and (relatively) cool air advection by the strong cross-equatorial air flow in boreal summer.
Along the eastern coast of northern Somalia, cold upwelled waters further lower air
temperature: at Obbia (48.5°E, 5.3°N), maximum temperature is 28.5°C in August, the coolest
month of the year (Muchiri, 2007).



The mean diurnal temperature range, between 10 and 15°C, well exceeds the annual
temperature range. As expected, it is smaller during the rainy seasons (fig.7), due to the cloud
cover restricting daytime warming and nighttime cooling, and at coastal stations, due to the
thermal inertia of the sea. At very high elevations, diurnal cycles of solar radiation and
temperature markedly differ from those of low elevations. At the Mount Kenya Global
Atmospheric Watch station (3678 m amsl), morning is almost cloud-free, then convective
clouds gradually build up and result into decreasing solar radiation, until clouds start to dissolve
just before sunset, as upslope winds vanish (Henne et al., 2008). These diurnal cycles, very
regular throughout the year, result in a temperature maximum as early as 1100 to 1300 LST, in
accordance with scantier early observations made on the Lewis Glacier at 4900 m amsl (Davies
et al., 1977). At a lower altitude in the Kenya Highlands, sunshine also often peaks in the
morning, as convective clouds build up in the afternoon, even in the dry season. However, in
areas where low level stratiform clouds occur, like in July at Nairobi, the diurnal sunshine

regime is inverted, with morning clouds tending to dissipate in the afternoon (Griffiths, 1972).

5. Mean precipitation patterns

Mean annual precipitation

As much as 69% of Eastern Africa is classified as hyperarid, arid and semi-arid (UNDP/UNSO,
1997), i.e. with a mean annual precipitation (MAP) under 50% of the mean annual potential
evapotranspiration (PET). Rainfall is lower than 400 mm in much of Sudan, on the Red Sea
coast, in the Afar depression, and along the Gulf of Aden in northern Somalia (fig.8). Hyperarid
conditions (MAP/PET ratio <0.05, i.e. annual rainfall below 100-150 mm) are even found
towards the Egyptian border and near the tip of the Horn. An area receiving less than 400 mm
also stretches further south from eastern Ethiopia to Lake Turkana through north-eastern Kenya.
It is prolonged in the southwestern direction by a relatively dry corridor (<700 mm annually)

running from eastern Kenya to central Tanzania.

On the whole, the eastern part of the region is clearly the driest, if one disregards the arid zone
of northern Sudan. The predominant dryness is attached to the large seasonal amplitude of the
monsoons over the Indian Ocean. It involves a quick meridional shift of the ITCZ over Eastern
Africa, both in its south-north and north-south translations. Brief rainy seasons in the transition

seasons leave room to quasi-meridional low level winds in both the northern winter and



northern summer, in all the regions close to the Indian Ocean. Due to the roughly north-south
direction of the coastline, these winds are strongly divergent, bring low moist static energy air
from the winter hemisphere, and result into seasonal dryness in the lowlands of Somalia,
Eastern Ethiopia and Eastern Kenya (Flohn, 1964; Anyamba, 1988; Yang et al, 2015). The
divergence is enhanced by the north-south barrier formed by the east African Highlands (Slingo
et al., 2005), which additionally block the air from the Congo Basin which has a higher moist
static energy. The low rainfall amount in the east, even in the rainy seasons, is also due to a
year-round divergence in the mid-troposphere above 850 hPa, and mean downward motion at
500 hPa (Yang et al., 2015). In the west of the region, dry conditions are also found in northern
Sudan (fig.8), but with a southward gradient of increasing rainfall which replicates the one
found in Western Africa. This part of Eastern Africa is actually under the influence of the dry
northerlies in winter and the southwestern African monsoon in summer, the latter being

gradually shallower and bringing less rain to the north.

Only 28% of the region receives more than 1000 mm annually, in three distinct zones (fig.8):
(i) the Ethiopian Highlands, (ii) the eastern Congo Basin with an extension to the Western
Kenya Highlands across Uganda and Lake Victoria, and (iii) southern Tanzania, with a northern

extension to the Indian Ocean coast in Kenya.

The Ethiopian Highlands stand out as a relatively wet region, but display a marked
dissymmetry. Its southwestern part is the wettest, with annual rainfall around 1500 - 2000 mm,
reaching 2363 mm at Masha (7.7°N, 35.5°E, a 33-yr average). Transect A (fig.9) highlights this
dissymmetry. Facing the southwesterly monsoon winds, the southwestern highlands, although
not the highest, are the wettest. The relatively wet Nile Plains also contrast with the (leeward)
arid Afar depression and Gulf of Aden to the northeast. As a result, MAP is only weakly
correlated with altitude in Ethiopia (r?=0.42 for 58 stations; Fazzini et al. 2015). Close to the
equator, transect B (fig.9), from the Congo Basin to the Indian Ocean, highlights the role played
by the highlands but also shows that rainfall is very loosely related to elevation. The Congo
Basin is protected by the Western Rift from the seasonal dry and stable northeasterly and
southeasterly flows from the Indian Ocean, and keep wet conditions almost year round (1500-
2000 mm annually). Rainfall declines eastward in the Western Rift (below 1000 mm in the
Lake Albert and Lake Edward grabens). A rainfall peak is found further east over Lake Victoria
(about 3000 mm at Nabuyongo Island near the center of the lake; Flohn and Burkhardt, 1985;
Yin and Nicholson, 1998) and on its western shores (Bukoba, Tanzania, 2028 mm; Kalangala,



Uganda, 2174 mm). It is associated with a nocturnal convergence, over the warm water, of
combined land breezes and katabatic winds, generating deep convection which subsequently
drifts westward. Further east in the Kenya Highlands, rainfall maxima close to 2000 mm are
attained on both the western foothills (near 35°E) and the eastern slopes. They contrast with
drier conditions (about 700 mm near 36°E) in the Eastern Rift VValley rain shadow. Rainfall also
decreases towards the Indian Ocean, except near the coast due to the interaction between the
southeasterlies and the coastline. In Southern Tanzania (fig.8), wet conditions result from the
ITCZ presence throughout the austral summer season, as well as orographic effects. The wettest
area is the southern flank of Mt Rungwe, facing Lake Malawi, with MAP around 2000-3000
mm (Williamson et al., 2014). The Tanzanian coast is moderately wet, but precipitation further
increases on the islands (Mafia 1879 mm, Zanzibar 1670 mm, Pemba 1610 mm) due to moisture

convergence associated with sea breezes (Francis and Mahongo, 2013).

At local scales, the relief of Eastern Africa triggers very strong MAP gradients, particularly on
the windward side of mountains and escarpments reached by air flows originating from nearby
seas and oceans, or major lakes like Lake Malawi. As in other parts of the tropics, there is often
a mid-slope precipitation maximum (Barry, 2008), and precipitation begins to decrease with
elevation at quite a moderate elevation (Anders and Nesbitt, 2015). This applies to Mt
Kilimanjaro in Tanzania, where MAP increases from 500 mm in the foothills to about 2000-
2500 mm around 2000 m amsl on the southern slopes while the summit receives about 400 mm
(Coutts, 1969; Hemp, 2001; Rohr and Killingtveit, 2003; Mélg et al., 2009; Appelhans et al.,
2015). Mt Kenya, at the equator, similarly displays a clear maximum (2000-2300 mm) between
2000 and 2500 m on the eastern slopes (Thompson, 1966; Jaetzold et al., 2006). In the drier
context of Eritrea (15°N), a rainfall maximum is also found along the eastern escarpment facing
the Red Sea. While Massawa on the coast only receives 184 mm and Asmara, 60 km away on
the plateau (2300 m), records 530 mm, an annual rainfall over 1000 mm is found on the slopes
between 800 and 1500 m (for example, Fil-Fil at 850 m has a 25-yr average of 1150 mm;
Fantoli, 1966). This contrasts with the overall pattern found over the Ethiopian Highlands,
representative of “dry monsoon regimes” (Anders and Nesbitt, 2015), where the altitude of the
precipitation maximum is as high as 2000-2500 m.

Seasonal regimes



Two main types of seasonal rainfall regimes can be identified across Eastern Africa (fig.10):
single-peak regimes, represented both in the northern and southern parts of the region, and
double-peak ones. In the north-west, rainfall regimes are single-peak with a boreal summer
maximum (July or August; e.g., Khartoum, fig.10). The rainy season lengthens as ones moves
southwards along the Nile Valley, but still with a distinct summer peak, and the dry season
remains centered on boreal winter. In north-eastern Ethiopia (e.g., Kombolcha, fig.10), the
summer maximum becomes sharp but it is complemented by a spring rains season (February to
May) called Belg, or Sugum in the Afar depression. These spring rains result from interactions
between the low-level moist easterlies from the Arabian Sea and troughs in the upper
tropospheric westerlies, showing up as a bent of the subtropical jet (Habtemichael and Pedgley,
1974; Camberlin and Philippon, 2002). Southern Tanzania also exhibits single-peak regimes
with a summer maximum corresponding to the ITCZ being located in the southern hemisphere
(e.g., Sumbawanga, fig.10). The rainy season is quite broad, with relatively heavy rainfall
amounts from November to April. On south or south-east facing slopes, like at the northern tip
of Lake Malawi, the maximum is shifted towards April or May due to orographic uplift as moist

southeasterlies strengthen.

The equatorial regions and most of the Indian Ocean coast plains have double-peak regimes
with rains in the transition seasons (MAM and OND). The northern spring one, called the “long
rains” or Masika in Kenya and Tanzania, or Gu in Somalia, is usually the main one, like at
Gode, south-eastern Ethiopia (fig.10). The lower rainfall amounts found in the OND season
compared to the MAM season are due to the Western Indian Ocean SST being lower in OND,
which results in a slightly drier and more stable atmosphere (Yang et al., 2015) and an equatorial
westerly flow from the western to the eastern Indian Ocean associated with moisture divergence
near Eastern Africa. Locally, on the eastern slopes of the Kenya Highlands, and in Western
Uganda, the OND “short rains” or Vuli rains (Der in Somalia) become the dominant rainy
season (e.g., Kitui, fig.10). This feature is not fully explained, but may reflect the fact that the
OND rains tend to be enhanced when easterlies are stronger (Camberlin and Wairoto, 1997),
resulting in east-facing slopes being wetter than in MAM, where more rain is associated with
westerly anomalies. Both the MAM and OND rainy seasons are short, at about 60-65 days each
in Kenya (Camberlin et al. 2009) and less in much of Somalia (Liebmann et al., 2012). They
are separated by two dry seasons, of which the boreal summer one (June-September) is
generally the longest and driest. The boreal summer dryness is due to the dynamically stable
south-easterlies (south-westerlies over Somalia) and their divergence (Flohn, 1965a; Yang et



al. 2015). However, in northern Uganda and western Kenya, a third rainfall maximum is found
in boreal summer (Davies et al., 1985) as a result of mid-tropospheric moist westerlies and a
low pressure anomaly (Anyamba and Kiangi, 1985) related to the secondary convergence zone
shown on figure 2. The transition between the MAM rainy season and the subsequent dry season
is not smooth but often consists of quite abrupt jumps, coinciding with successive stages in the
development of the Somali Jet (Riddle and Cook, 2008). The cessation of the MAM rains in
East Africa tends to shortly precede (10-15 days) the monsoon onset over Kerala, India, in

conjunction with the Somali jet intensification (Camberlin et al., 2010).

Over the Red Sea area, rainfall is very low but regimes are complex. The most frequent pattern
is @ maximum in boreal winter (December-January; cf. Massawa, Eritrea, fig.10). These rains
result from the Red Sea Convergence Zone (Flohn, 1965b; Pedgley, 1966). Scattered showers
can also occur in spring and autumn (the main rainfall maximum along the Sudanese coast), in
association with upper troughs in the westerlies, and in summer, mainly to the south along the
Afar Convergence Zone (Tucker and Pedgley, 1977) like in the inland part of the Republic of
Djibouti.

6. Rain-producing systems and diurnal rainfall variations

Compared to Western Africa and many other tropical areas, Eastern Africa is characterized by
a low prevalence of organized disturbances (Nicholson, 1996), although there are still few
comprehensive studies on the atmospheric disturbances impacting the region. Easterly waves
have for long been considered as absent from Eastern Africa. Although most convective
systems that trigger African Easterly Waves (AEW) originate from the region around Darfour
(western Sudan), in some cases the Ethiopian Highlands play a role in initiating these systems
(Mekonnen et al., 2006). Mekonnen and Rossow (2011) further found that upper-level easterly
waves, propagating into East Africa from the Indian Ocean in summer, enhance convection and
interact with the Ethiopian highlands to trigger organized convection affecting the initiation of
low-level AEW. Some AEW giving birth to tropical cyclones in the North Atlantic can be
actually traced back to periods of high lightning activity in Eastern Africa (Price et al., 2007)
or mesoscale complexes from northern Ethiopia (Hill and Lin, 2003). However, long-lived
precipitation episodes from the Ethiopian Highlands that survive beyond a single diurnal cycle
only occur every 2-3 days (Laing et al. 2012). Mekonnen and Thorncroft (2016), considering

summer convection over the region centered on Sudan, found both eastward and westward



moving disturbances, the latter with a 4-day period. A 4-5 day periodicity in central Sudan

rainfall had actually been earlier detected by Hammer (1976).

Closer to the equator and for the two equatorial rainy seasons, Laing et al. (2011) noted that
many mesoscale convective systems (MCS) were forming on the mountains of East Africa, as
a result of thermal forcing associated with large elevated heat sources, then moving westward.
MCS tend to decay during the morning, but some of them regenerate later in the afternoon.
However, they are generally short-lived compared to West Africa. Convection is also
modulated by eastward-moving equatorially trapped Kelvin waves. Along the Indian Ocean,
Laing et al (2011) also noted a line of cold cloud parallel to the coast between 1400 and 1500
local time which moves inland in the evening, becoming more intense and broader. This pattern

was attributed to the development of sea breezes.

In the southwestern Indian Ocean, easterly waves have been documented in early studies to
propagate to the east African coast (Trewartha, 1961; Gichuiya, 1974), but there is a lack of
recent data about them. These waves develop in the boreal summer southeasterly flow,
associated with a strengthening of the Mascarene High (Okoola, 1989), although evidence was
also found of westward-propagating waves in austral summer (Jury et al., 1991). Some of these
waves bring heavy rains on the coasts of Kenya and Tanzania (Lumb, 1966; Fremming, 1970).

Given the equatorial location, upper tropospheric troughs do not have an influence on rainfall
as conspicuous as in Southern or Northern Africa. Yet, they are a major ingredient in the spring
small rains over north-eastern Ethiopia, Eritrea and the Red Sea area. Contingent upon a
sustained low-level south-easterly moisture influx, they induce upper tropospheric divergence
and spells of 3-5 days of heavy rains (Habtemichael and Pedgley, 1974; Kassahun, 1986). Quite
similar mechanisms explain the November rainfall maximum further north around Port-Sudan
(Hassan, 1986). Cases of an indirect influence of midlatitude systems on East African rainfall
closer to the equator have also been reported. For instance, in austral summer, a pressure rise
in the Mozambique Channel associated with a cold front results in wet conditions in central
Kenya (Sissons, 1966). The occasional extension of mid-tropospheric troughs towards
equatorial latitudes, leading to the replacement of subsiding easterlies by a westerly flow, is

also propitious to rainfall in Kenya.



Tropical cyclones only marginally affect the extreme southeastern and northeastern parts of the
region. The Tanzanian coast has occasionally been hit by westward-travelling tropical cyclones
or tropical storms originating from the southwestern Indian Ocean. They mostly occur between
February and May, in connection with the warmer SST and dominant southeasterly flow (Obasi,
1977). In northeastern Somalia, tropical cyclones travelling westward from the Arabian Sea
very infrequently reach the coast. West of 54°E, 72% are found in October-December, and most
others in May-June. They contribute to raise the average rainfall in an otherwise hyperarid zone,
resulting in the rainiest month being November around cape Guardafui. Examples of tropical
cyclones or tropical storms causing human and cattle losses over northern Somalia, all in
November, are found in 1972, 1994, 2013 and 2015, where an unusual sequence of two

cyclones (Megh and Chapala) occurred in less than 10 days.

Several of the above studies highlighted the role of terrain in the control of convection over
Eastern Africa. Waterbodies also have a major effect on rainfall processes. Along the Indian
Ocean coast, sea breezes play an important part in rainfall generation, shown as a band of high
rainfall along the coast in Kenya (fig.8) and slightly inland in southern Somalia (Fantoli, 1965).
The effect of the coast in initiating and augmenting storm rainfall is demonstrated by the fact
that in Tanzania correlation fields for daily rainfall closely parallel the coast (Sumner, 1983),
which reflects the interaction between sea breezes and the large-scale wind flow. Lakes also
play a significant role in the rainfall regimes. Rift lakes being incised in the highlands they lie
in rain shadows where rainfall is relatively low, but the major East African Great Lakes
(Victoria, Tanganyika, Albert and Kivu) enhance precipitation by 732 mm.yr! over their
surface (Thiery et al. 2015). This is caused by the high nocturnal lakes’ temperature, which
generates a land breeze convergence, an unstable atmosphere, and a pronounced rainfall
maximum at night, while at daytime the higher temperature over land induce lake breezes,
subsidence over the lakes and no rain. However, over Lake Victoria, a northeast-southwest
gradient in lake temperature is found which, in addition to asymmetries in the breeze system,
contributes to higher rainfall amounts in the west than in the east (Song et al., 2004). There is
little evidence of any corresponding reduction in rainfall away from the lakes, except perhaps
over parts of the Lake Victoria catchment (Anyah and Semazzi 2004). Lake Tanganyika also
has a noticeable effect on diurnal rainfall distribution (Nicholson and Yin, 2002). While over
the lake’s catchment, maximum rainfall frequency occurs between 1630 and 1930 LST, late
night to early morning convection is frequent along the western lakeshore. Large swamps
likewise have a noticeable impact on climate. Numerical experiments on RegCM3 regional



model show that those of South Sudan enhance (+40%) local rainfall, and to a smaller extent
increase rainfall further north in central Sudan (up to +15%) through longer-lasting rain
producing systems, although they have no effect on Ethiopian rainfall (Zaroug et al., 2013).

Diurnal regimes of Eastern Africa partly reflect the nature of the rain-producing systems, and
the role of terrain and waterbodies (fig.11). Two main types of diurnal rainfall regimes are
found in Eastern Africa: the lake and coastal regimes, with a morning peak (e.g., sites 4 and 6
on fig.11), and the land regimes, with an afternoon or evening peak (e.g., sites 1, 3, 5). Based
on TRMM precipitation estimates at 3-hourly time step for 1998-2014 (Huffman et al., 2007),
a broader picture of diurnal variations is shown by mapping the wettest 3-hour period (fig.11).
A late afternoon maximum (1800 EAT) dominates, shortly after the maximum heating of the
land surface. However, peak rainfall is earlier (1500 EAT) in the immediate hinterland along
the Indian Ocean coast, in the depression from South Sudan to northern Kenya, west of Lake
Victoria, around Lake Tanganyika and over the highest mountain ranges (e.g., Haile et al.
2013), suggesting early convection associated with daytime heating and the penetration of the
sea breeze front (Laing et al, 2011). On the coast itself, as well as over the ocean adjacent to it,
morning rains dominate in association with the land breeze front, but the peak is not as sharp
as the afternoon maximum over land. Major lakes also show a distinct night to morning
maximum (Nicholson and Yin, 2002; Thiery et al. 2015). A noticeable feature (fig.11 and
Camberlin et al., 2017) is the evidence of a phase propagation, either from the coast towards
the interior (over the lowland areas along the Indian Ocean, in eastern Kenya and Somalia, and
along the Red Sea, in the Afar depression) or westwards from the highlands (from the Eritrean
highlands to the Nile plains, or from central Ethiopia towards South Sudan). They account for
a late evening / night maximum found over parts of northern Kenya (Tomsett, 1975) and Sudan
(Pedgley, 1969, and fig.11, sites 2-3). This picture neglects some seasonal variations, especially
along the coastlines where changes in the synoptic wind flow influence the timing of sea and
land breezes and location of the breeze front, as around Dar-es-Salaam, Tanzania (Sumner,
1984).

The nature of rainfall processes and the influence of topography is also reflected in the
distribution of daily precipitation intensities. As earlier noted for Tanzania (Jackson, 1972), it
is quite different from that of mean annual rainfall. Figure 12 shows the 95™ percentile (P95)
of daily rainfall amounts, based on wet days only. The values computed from TRMM data
(1998-2014, shadings) are compared with raingauge observations (any period, but at least 7



years of data; dots on figure 12). There is a distinct geography, with intense rainfalls in the
eastern plains next to the Indian Ocean (40-60 mm in eastern Kenya, Somalia, and eastern
Ethiopia) and low values over the highlands (20-30 mm in Western Kenya, the Congo-Nile
watershed from Burundi to northern Uganda, the Ethiopian Highlands). The Nile Plains and the
Red Sea coast have intermediate values. They also show some discrepancies between TRMM
and raingauge data, with the former often underestimating actual P95. Elsewhere the the two
types of data reasonably agree. Over Tanzania (not shown, Nieuwolt 1974), a similar contrast
is found between the eastern part of the country, where heavy precipitation is more frequent,
and the western part. The more intense rain events in the eastern plains is likely the result of
higher precipitable water and, along the coast, the occurrence of organised disturbances.
Exposure to the dominant winds is also an important factor. Heavy rains are common to the
north of lake Malawi / Nyassa, near Mt Kilimanjaro (Nieuwolt, 1974) and on the eastern slopes
of the central Kenya Highlands (fig.12), where orographic uplift combined with daytime
convection cause persistent rains. The highest reported 24-hour precipitation in equatorial East
Africa is actually found at coastal stations (Indian Ocean and western Lake Victoria) and on
windward slopes facing southeasterly air flows, as at Tukuyu (Tanzania) on the slopes

overlooking lake Malawi / Nyassa, with a record daily rainfall of 432 mm (Griffiths, 1972).

Parts of Eastern Africa singularize as having frequencies of several weather hazards close to
world records. The northern and western shores of Lake Victoria record over 200 thunder days
per year (Kampala, 222 days; Bukoba, 226 days). These locations do not coincide with the
world’s highest lightning rates, which are found in the Congo Basin, downstream of the
mountain ranges of the African Rift Valley (Christian et al., 2003; Zipser et al. 2006), but they
denote the recurrence of storm development associated with the diurnal cycle of convection
over Lake Victoria. In Western Kenya, it is the hail frequency which is close to world records:
on average there are 114 days annually where hail is reported somewhere in the region (Sansom,
1966), and point incidence of hail at Kericho Tea Research Foundation is between 18 and 30
storms annually in 6 years out of 10 (Stephens et al., 1992). Hailstorms develop from the
interaction between the combined slope and lake afternoon breezes east of Lake Victoria and
the synoptic-scale easterly flow, and incur major damages to tea plantations around Kericho
and Nandi Hills. In Uganda, there are 5 to 10 hail occurrences a year at elevations between 1500
and 2500 m (Jameson and McCallum, 1970).

7. Rainfall variability and change




Eastern Africa undergoes large interannual rainfall variations. Given the semi-arid conditions
which prevail over much of the region, the generally low incomes and the dependence to water
resources which account for a high vulnerability, these variations have dramatic effects on the
economy and the living of local communities. Figure 13 recalls that the tropics, except for very
wet months and locations, shows much larger interannual rainfall variations than the extra-
tropics (Camberlin, 2010). Equatorial East Africa (mainly Kenya and southern Somalia) adhere
to this feature, and many of its wetter locations (above 150 mm/month) even exhibit larger
interannual rainfall variations than in other parts of the tropics. This particularly applies to the
October-December short rains, which therefore contribute disproportionately to the interannual
variations of annual rainfall (Nicholson, 1996). At Wajir (Kenya) for instance, over the 89-yr
period ending in 2011, 20% of the years recorded less than 50 mm of rain in OND, while on 3
occasions (1961, 1997, 2011) rainfall exceeded 500 mm, with a maximum of 891 mm in 1997.

Rainfall variations since the early 20" century are analyzed based on the CenTrends
precipitation dataset (Funk et al.,, 2015a) and global gridded data set from the Global
Precipitation Climatology Centre (GPCC, Schneider et al., 2011). Only the three main east
African rainy seasons are discussed (MAM = March-May; JJAS = June-September; OND =
October-December), since the January-February rains in Southern Tanzania are more related to

the summer rains of Southern Africa.

March-May is the main rainy season from the Great Lakes to northern Somalia. Although the
leading mode of interannual rainfall variability covers most of this region (fig.14a), it extracts
a relatively small share of variance (39%) since this season shows a low spatial coherence
(Ogallo, 1989; Moron et al., 2007; Camberlin et al. 2009). The temporal consistency is not very
high either, with the seasonal total being mostly driven by the variability of the onset date of
the rainy season (Camberlin and Okoola, 2003; Moron et al., 2013), while the month of May
exhibits distinct forcings and variability (Camberlin and Philippon, 2002; Zorita and Tilya,
2002). Regionally-averaged MAM rainfall (fig.14b) is characterized by weak decadal-scale
oscillations during the 20™ century, although a marked decline occurred around the 1990s (Funk
et al., 2008; Lyon and DeWitt, 2012; Lyon, 2014). The early part of the 21° century has been
particularly dry in Somalia, eastern Ethiopia, Djibouti and Kenya, with recurrent food insecurity
culminating in the humanitarian crisis of 2011. Several hypotheses have been explored to
explain the recent drought trend, including increasing SSTs in the south-central Indian Ocean,



suggested to divert moisture transport into Eastern Africa (Funk et al. 2008), an increased zonal
SST gradient between Indonesia and the central Pacific (Liebmann et al. 2014), enhanced
upper-level easterlies (Liebmann et al., 2017) and a westward expansion of the Pacific warm
pool as a result of anthropogenic climate change (Williams and Funk, 2011). Lyon (2014) found
that the trend is rather a manifestation of natural multi-decadal variability of Pacific SSTs,
although Rowell et al. (2015) considered that natural variability is unlikely to have been the
only driver of the recent droughts. Hoell et al. (2017) support a co-action of global warming
with ENSO-like decadal variability. The weakness of the overall correlations between large-
scale SST patterns and MAM interannual rainfall variations in Eastern Africa (Ogallo et al.,
1988; Nicholson 2015b), added to the limited spatial and temporal coherence of rainfall
variability in this season, highlight the difficulty to pinpoint a single cause for the recent drought
trend. While a weak ENSO signal is found in the early part of the season (Moron et al. 2013),
May rainfall is highly related to the timing of the Indian monsoon onset, a late cessation of the

MAM rains heralding a late monsoon onset (Camberlin et al., 2010).

June-September (JJAS), the major rainy season in the north-western part of Eastern Africa, has
been characterized by a marked rainfall decrease since the 1960s (fig.15). The decrease is much
more evident in the north (Sudan, Eritrea, Western Ethiopia) than in the south, and parallels the
decline found in the west African Sahel at similar latitudes. There is some uncertainty as to
whether the drying up has continued over the last decades. Williams et al. (2012) documented
a further decline in JJAS rainfall from 1970-1989 to 1990-2009, which they attributed to the
warming of the southern tropical Indian Ocean resulting in dry static energy convergence over
the Greater Horn of Africa. Jury and Funk (2013) also attributed the downward rainfall trend
over the period 1948-2006 to decreased ascent in the Walker circulation over the eastern Sahel.
The rainfall decrease appears to be smaller or non-existent over north-eastern Ethiopia
(Lanckriet et al. 2015). Rosell (2011) found an increase in the Kiremt (June-September) main
rainy season over 1978-2007 over east-central Ethiopia. Viste et al. (2013) did not find any
significant change in the 1970-2010 JJAS rainfall as an average over the Ethiopian summer
rainfall area. In Western Ethiopia, Blue Nile river flows actually fail to show any significant
decrease, in contrast to rainfall (Zaroug et al., 2014). Further south over Uganda, Diem et al.
(2014) found significant precipitation decreases between 1983 and 2012, centered on boreal
summer, although the strong decrease of daily rainfall intensity casts doubt on the reliability of
the ARC2 satellite estimates.



Earlier work demonstrated that ENSO (EI-Nifio Southern Oscillation) partly controls JJAS
interannual rainfall variations in Ethiopia (Beltrando and Camberlin, 1993; Seleshi and
Demarée, 1995; Korecha and Barnston, 2007; Segele et al., 2009; Diro et al., 2011), Sudan
(Osman and Shamseldin, 2002) and parts of Uganda and Western Kenya (Ogallo, 1988; Ogallo
et al., 1988; Camberlin, 1995; Indeje et al., 2000; Philipps and Mclintyre, 2000). The ENSO
signal is also very clear in the Blue Nile flow (Bliss, 1925; Bhatt, 1989; Eltahir, 1996; Abtew
et al., 2009; Zaroug et al., 2014). Significant correlations between the Nifio 3+4 index and July-
September are found over the Ethiopian Highlands (fig.16a), with many dry years coinciding
with warm events in the Pacific (e.g., 1982, 1987, 1997, 2009, 2015) and wet years coinciding
with cold events (e.g., 1954-55, 1964, 1973-75, 1988). The EI-Nifio signal over the Ethiopian
Highlands is better shown at regional scale (r=-0.74 with a 1951-2015 July-September
precipitation index, fig.16c¢) due to quite large local variations in summer rainfall anomalies.
The relationship is relatively stable with time (blue squares, fig.16b). The absence of ENSO
forcing in some years (e.g., 1984, 2006, 2012) is due to the influence of meridional SST
gradients, mainly controlled by the South Atlantic Ocean, which explain part of the decadal-
scale variations and some of the interannual excursions (Camberlin et al., 2001; Korecha and
Barnston, 2007; Segele et al., 2009). For instance, the 1984 drought results from an abnormally
warm South Atlantic, inducing a southward shift of the ITCZ and reduced depth of the
southwesterly monsoon (Lyon, 2014). Although the contribution of the moisture flux from the
Gulf of Guinea to Ethiopian rainfall is often overestimated, as most of the humidity originates
from the north (Mediterranean) and the Indian Ocean (Viste and Sorteberg, 2013), the pressure
gradient between the South Atlantic and the region between Egypt and India strongly controls
interannual rainfall variations in Ethiopia and surrounding areas (Camberlin, 1997; Segele et
al., 2009; Williams et al. 2012). A strong and significant connection between summer rainfall
and both ENSO and the Indian monsoon exists further south, from South Sudan to Northern
Uganda and Western Kenya (fig.16a). The difference with Ethiopia is that the decadal-scale
signal in JJAS rainfall is weaker closer to the equator (for instance, the 1960s were not as wet

as in Ethiopia).

The October-December rains, in contrast to the MAM rainy season, show a very strong spatial
coherence, which means that an exceptionally wet (or dry) year is usually experienced
simultaneously over much of Eastern Africa. This feature was noted in early work on rainfall
regionalization (Ogallo, 1989; Beltrando, 1990). The leading rainfall mode (fig.17a) explains



as much as 66% of the variance, covering most of Eastern Africa. After the relatively dry
conditions of the first part of the 20" century, the 1960s were very wet, followed by drier
conditions in the 1970s and 1980s (fig.17b). Since then, a weak rising trend occurred
(Nicholson, 2015c), contrasting with the MAM drying. The OND rains are also characterized
by a skewed distribution, with many low rainfall years contrasting with outstanding wet years.
The most obvious wet events are 1961 and 1997, where rainfall greater than 3 standard-
deviations caused extensive floods over Eastern Africa (Flohn, 1987; Birkett et al. 1999).

A relationship between the OND rains and ENSO was demonstrated by Ogallo (1988), Farmer
(1988) and Hutchinson (1992). However, it also appeared quite early that SST patterns and
zonal winds over the Indian Ocean were strongly related to OND precipitation in Eastern Africa
(Ogallo et al., 1988; Beltrando and Camberlin, 1993). Abnormally high rainfall was found to
result from surface easterly wind anomalies along the equatorial Indian Ocean, low-level
moisture convergence and ascent over East Africa (with opposite anomalies in the upper
troposphere and Indonesia, respectively), as part of the closed Walker cell circulation occurring
over the Indian Ocean at this time of the year (Hastenrath et al. 1993; Hastenrath 2000). With
the identification of a distinct mode of variability in the east-west SST gradients across the
Indian Ocean (Saji et al., 1999), termed the Indian Ocean Dipole or the Indian Ocean Zonal
Mode (I0ZM), the key role of Indian Ocean SSTs was recognized (Behera et al., 2005).
Ummenhofer et al. (2009) demonstrated that enhanced East African “short rains” were mainly
driven by the warm SST anomalies in the western Indian Ocean (warm pole of the I0ZM).
Liebmann et al. (2014) actually found that the October-December precipitation increase during
the period 1979-2012 was a result of the Indian Ocean warming being stronger in the west than
in the east. The strength of the southern Indian Ocean south-easterly tradewinds (Mutai et al.,
2012) and the location of the Mascarene High (Manatsa et al., 2013) also separately affect the
interannual variations of OND rainfall. The IOZM signal in East African precipitation is quite
uniform (fig.18a). However, it is uneasy to disentangle the separate contribution of IOZM and
ENSO given that these two modes of variability are strongly related. Most east African wet
years coincide with warm anomalies in both the I0ZM and Nifio 3+4 times-series (fig.18c;
Black et al., 2003). It is only in some years like 1961 and 1967 that a Walker-type circulation
anomaly disconnected from that of the Pacific Ocean is found in the Indian Ocean, resulting in
a wet East Africa despite the absence of an EI-Nifio event. Some years (e.g., 1987) also do not
fit the relationship with neither the IOZM nor ENSO. Clark et al (2003) actually noted that the
SST-rainfall correlation broke down between 1983 and 1993. Nicholson (2015c¢) also found



major regime shifts in the coupled 10ZM/ENSO/East African rainfall association, in
accordance with Manatsa and Behera (2013), and demonstrated that the relationship between
the interannual variability of the OND rains is more closely related to the zonal winds over the
equatorial Indian Ocean than to either ENSO or the IOZM.

East African rainfall is also affected by intraseasonal (20-60 days) variations. The influence of
the Madden-Julian Oscillation (MJO) over Kenya was first suggested by Mutai and Ward
(2000), based on the west-east propagation of 850- and 200-hPa wind anomalies associated
with 5-day rainfall composites. An objective signature of the MJO, based on the multivariate
index defined by Wheeler and Hendon (2004), was later found in Eastern Equatorial Africa
rainfall in both the March-May and October-December rainy seasons (Pohl and Camberlin,
2006a & b; Omeny et al., 2008; Berhane and Zaitchik, 2014; Hogan et al., 2015). Phases 2 to
4 of the oscillation, with reduced convection in the Western Pacific, exhibit enhanced rainfall
in the Kenya Highlands and lake Victoria region, while phases 6 to 8, with stronger convection
in the Western Pacific, show suppressed rainfall. This applies to heavy rainfall events in
Western Kenya (fig.19), 78% of which occur during phases 1 to 4 (excluding events coinciding
with an inactive MJO) and 22% only during phases 5 to 8. The rainfall enhancement in phases
3-4, while the main convective center is already over the Indian Ocean, is a result of the location
of a 200-hPa trough associated with the MJO wave-like structure over the Kenya Highlands,
which destabilizes the atmosphere (Hogan et al., 2015). In the lower troposphere, the low
pressure anomaly over the Indian Ocean produces a pressure gradient that weakens the
easterlies over East Africa, possibly replacing them by westerlies (Pohl and Camberlin, 2006a;
Berhane and Zaitchik, 2014). Westerly anomalies are known to be related to wet spells over
Equatorial East Africa, in March-May especially (fig.19 and Johnson and Méorth, 1960;
Nakamura, 1968; Okoola, 1999; Chan et al., 2008). Although it may seem counterintuitive that
a reduced moisture flux from the Indian Ocean would result into wet anomalies, the westerlies
actually break the mid-tropospheric inversion (near 700-600 hPa) commonly found in the
easterlies, and associated stability. Unexpectedly, a more or less opposite pattern is found along
the coastline, with wet conditions in MJO phases 6-8 (Pohl and Camberlin, 2006a; Hogan et al.
2015). This pattern is suggested to result from enhanced moisture advection from the Indian
Ocean, generating shallow convection and stratiform rainfall. There is no clear MJO signal in
boreal summer rainfall in Eastern Africa, except over Lake Victoria where precipitation is

enhanced in phase 3 and suppressed in phase 7, similar to the other seasons (Hogan et al., 2015).



8. Temperature change

Temperature changes across Eastern Africa are still poorly documented, with global
temperature data sets showing gaps in the region or lacking reliability due to interpolation from
few stations (Collins, 2011). King’uyu et al. (2000), based on data at 71 stations in eastern and
southern Africa, found large geographical variations in observed temperature trends between
1939 and 1992, although a nighttime temperature increase dominated. Trends of temperature
extremes over the greater Horn of Africa in general (Omondi et al. 2014) and Ethiopia in
particular (Mekasha et al. 2014) show large spatial variations among stations, even within a
given eco-environment. At national level however, all studies show a marked increase of
minimal temperatures in the last 30 to 60 years, and sometimes also an increase of maximum
temperatures. Ozer and Mahamoud (2013) reported a +1.24°C mean temperature increase at
Djibouti between 1966 and 2011. For Sudan, Elagib and Mansel (2000) found a significant
warming between 1941 and 1996 in the central and southern parts of the country. As an average
over Ethiopia, Fazzini et al. (2015) found a +1.1°C increase from 1980 to 2010, for both
maximum and minimum temperatures, although over a longer period (1953-2010) and based
on 8 main meteorological stations with long series, the rate of minimum temperature increase
is twice that of maximum temperature. Over the period 1951-2006, a separate assessment by
the Ethiopian National Meteorological Agency quote a rise of +2°C, based on 40 stations
(NMA, 2007). Christy et al. (2009), based on a thorough analysis of 100-yr of station data
across Kenya and Tanzania, including an adjustment for inhomogeneities in the time-series,
noted strong increases for minimum temperature (Tn) but much smaller for maximum
temperature (Tx) whose rising became substantial only in the last (1979-2004) sub-period.
Differences between Tx and Tn trends were interpreted as a response to complex changes in
the boundary layer dynamics, with Tx being influenced by the daytime vertical connection to
the deep atmosphere whereas Tn represents only a shallow layer. Similar results were obtained
for Uganda (Christy 2013) across the twentieth century. Collins (2011) analysed African
temperature changes between the 1979-1994 and 1995-2010 sub-periods, based on Microwave
Sounding Unit (MSU) lower-tropospheric data, and found a significant warming along the
coasts of Eastern Africa in March-May (+0.3 to 0.6°C) and September-November (+0.2 to
0.3°C).

Using available daily station rainfall data and two global gridded products (CRU [Harris et al.
2014] and Berkeley Earth [Rohde et al. 2013]), there is a fair agreement on the spatially



averaged temperature trend across Eastern Africa (table 1). Between 1953 and 2013, annual
mean Tn increased markedly (+1.4 to 1.45°C, slightly less in the CRU data set). However, the
Tx increase was almost as strong (+1.1 to 1.2°C, and +1.28°C in the CRU data set). By seasons
(figure 20), as an average over Eastern Africa, June-September shows the largest increases (for
both Tx and Tn), but the trends do not strongly differ in the other seasons. Increases in minimum
temperatures are generally stronger (Camberlin, 2017). The trends are fairly linear, although
there is also a marked interannual variability, with warmest years often coinciding with drought

years, at least for maximum temperatures.

The glacier recession observed on Mt Kilimanjaro (Thompson et al., 2009) cannot be directly
attributed to rising air temperatures, since temperature at glacier level remains well below
freezing and 500 hPa temperature does not show any warming trend (Cullen et al., 2006). Other
explanations concentrate on decreasing precipitation and cloud cover, inducing higher
shortwave solar radiation (M0olg et al., 2008; Pepin et al., 2014) but the recession may also be
due to pre-20th century climate shifts (Cullen et al. 2006). Over the Rwenzori Mountains
(Uganda), glacier recession has been attributed to rising air temperatures (Taylor et al., 2006).
However Molg et al. (2006) challenged this assumption, since 600 hPa air temperatures do not
show any significant trend in NCEP/NCAR reanalyses over 1948-2005, while specific
humidity does show a significant decrease, suggesting that drier conditions rather than warmer

conditions may have been the trigger.

The recent trends of Eastern Africa climate must be considered bearing in mind longer-term
trends, including those found since the 19th century and those projected for the coming decades
as a result of anthropogenic climate change. However, high uncertainty remains for future

precipitation trends in the region (e.g., Rowell et al., 2015).
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Figure 1 : Location map of eastern Africa, showing terrain (shading : altitude in meters a.m.s.l), water
bodies, country boundaries and forest cover (small dotted areas : evergreen forests from GLC 2000 ;
Mayaux et al., 2004)
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Figure 3a : North-south atmospheric cross-sections over eastern Africa for January. Vectors show
meridional wind and vertical motion (with dark shading emphasizing ascending motion and light
shading descending motion). White contours show zonal wind (positive values : westerlies ; negative
values : easterlies). The top right vector shows the scale for meridional wind. Data : ERA-interim,
1979-2014 average.
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Figure 3b : North-south atmospheric cross-sections over eastern Africa for July. See legend of figure
3a.
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Figure 4 : Diurnal variations (1500 EAT minus 0300 EAT) of atmospheric dynamics along two west-
east cross-sections (top : 0°N, April ; bottom : 13°N, July). Vectors show changes in zonal winds and
vertical velocity, with dark shading indicating enhanced rising motion (or weaker descending motion)
at 1500, and light shading reduced rising motion (or enhanced descending motion) at 1500. Scale for
zonal wind is shown on top right corner. Data : ERA-interim 6-hourly averages, 1979-2014.
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Figure 5 : Mean surface incoming shortwave solar radiation in W.m2 (average for 2007-2015, MSG
data from CMSAF ; Miiller et al., 2015). Top left : mean annual radiation. Top right : regimes at
selected locations (dotted lines : estimates from MSG data ; solid red lines : in situ measurements
from World Radiation Data Centre [WRDC], based on all available data. Triangles indicate maximum
and minimum values). Bottom : mean monthly radiation. White contours : 1000 m (thick lines) and
2000 m (thin lines) elevation. White figures indicate the maximum and minimum values for each plot.
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Figure 6 : Mean monthly temperature latitude-elevation plots, for 2031 stations across Eastern Africa
(data : FAO agroclimatic data-base and CRC Univ. Bourgogne Franche-Comté). Contours show
smoothed temperatures (°C), and top figures give lapse-rates for each 5° latitude bin.
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Figure 7 : Mean annual temperature range (°C, Worldclim data base, Hijmans et al. 2005). Right
panels : mean monthly maximum temperature (red lines) and minimum temperature (blue lines) at
selected stations (long-term averages from data covering the period 1961-2010 ; FAO and CRC data
bases). Upward-pointing and downward-pointing triangles show temperatures of the warmest and
coolest months, respectively (in °C).
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Figure 8 : Mean annual precipitation (mm) from the Worldclim data base (Hijmans et al., 2005). Thin
white lines : 1500 meters a.m.s.l. contour line. Straight lines locate the transects shown in figure 9.
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Figure 9 : Precipitation transects across eastern Africa. See figure 8 for the location of the transects.
Heavy blue line : mean annual precipitation from the Worldclim data base (Hijmans et al., 2005).
Light black line : altitude.
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Figure 10 : Seasonal rainfall distribution over Eastern Africa. Shadings show the three-month period
during which the peak rainfall month is found. Green diagonal hatching indicates a secondary peak
occurring in September-November. Light green cross-hatching indicates a secondary peak in March-
May. Data : Worldclim (Hijmans et al., 2005). Left panels : mean rainfall regimes at sample raingauges
(all years available within the period 1951-2000, CRC data base — Univ. Bourgogne Franche-Comté).
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Figure 11: Diurnal rainfall regimes of eastern Africa. The map shows the local (East African Time) 3-
hour period recording highest rainfall amounts (all months combined, TRMM data 1998-2014).
Sample diurnal regimes for 6 locations are plotted on the left. Plots 4 to 6 correspond to the nearest
grid-points to rainfall stations where local records (blue solid lines, data from Tomsett, 1975) were
available. Arrows : apparent directions of dominant propagations. Thin and thick white lines show
1300 and 2200 m contour lines, respectively.
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Figure 13 : Scatter-plot of monthly rainfall mean versus standard-deviation for 12347 stations over
the world. Stations with at least 40 years of data over the period 1901-2005 have been used. Each
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range for mean each rainfall bin. Data : GHCN-v3 (Lawrimore et al., 2011)



(a) MAM leading mode, 39% var. (b) MAM rainfall (ave. over dotted area)
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Fig.14 : Variations of March-May rainfall, 1901-2014. (a) Loading coefficients associated with the
leading mode of variability (PC1 obtained from normalized time-series for all grid-points whose mean
MAM rainfall exceeds 50 mm and share of annual rainfall is above 15%). The percentage of variance
explained by PC1 is shown on top. Dots : grid-points correlated at >0.5 with PC1. (b) Time-series of
the average rainfall for all dotted areas, standardized to the period 1971-2000. Data : CenTrends
(bars) and GPCC (stars). Lines : 11-yr filtered time-series from CenTrends (solid) and GPCC data
(dashed).
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Fig.15 : Same as figure 14 but for variations of June-September rainfall, 1901-2014
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Fig.16 : Relationship between July-September rainfall and the Nino 3+4 sea surface temperature
index. Rainfall data combined from CRC (1951-2000) and CHIRPS (1981-2015, Funk et al. 2015b),
normalized on the period 1981-2000. (a) Correlation coefficients (1951-2015). Dots denote 99.9%
significance. (b) Time-series of standardized rainfall averaged for the Ethiopian Highlands (red box in
panel a), shown as red line, and Northern Uganda / Western Kenya (black box), shown as black line.
Major wet and dry years in Ethiopia are indicated, and the smoothed lines are 11-yr moving
averages. Blue squares are 21-yr moving correlation coefficients between Ethiopia rainfall and Nino

3+4. (c) Scatter-plot of Ethiopia rainfall vs Nino 3+4.
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Fig.17 : Same as figure 14 but for variations of October-December rainfall, 1901-2014



(b) OND rainfall, Eastern Equat Africa
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Fig.18 : Relationship between October-December rainfall and IOZM sea surface temperature. Rainfall
data combined from CRC (1951-2012) and CHIRPS (2013-2015), both normalized on the period 1981-
2000. (a) Correlation coefficients (1951-2015). Shading shows correlations above 0.4 (99.9%
significance). (b) Time-series of standardized rainfall averaged for the Eastern Equatorial Africa index
(red box in panel a). The smoothed line is a 11-yr moving average. Blue squares show the CHIRPS
rainfall for 1981-2012. (c) Scatter-plot of OND values of the I0ZM and Nino 3+4 SSTs. The color and
size of the dots refer to quintiles of OND rainfall (e.g., dark blue : 20% wettest years ; orange : 20%
driest years).
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Fig.19 : Atmospheric dynamics and phases of the Madden-Julian Oscillation associated with heavy
rainfall events in Western Kenya. (a) Vertical cross-section of the zonal wind and vertical motion

along the equator (2.5 © N-2.5 © S) during the 5% wettest days of MAM 1979-1995 (after removal of
the annual cycle). Significant anomalies are shaded (Hotelling t2-test, 95% level). (b) Distribution of
the daily rainfall events (crosses) with respect to the MJO phase (circled numbers), a, and amplitude
(radius). The location of the enhanced convective signal related to the MJO is shown against the main
phases. The inner circle encompasses rainfall events occurring at times of weak MJO activity
(amplitude <0.9) (reproduced from Pohl and Camberlin, 2006b).
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Fig.20 : Trends and interannual variations of seasonal mean maximum temperature (left panels) and
minimum temperature (right panels), 1953-2013, for an index covering eastern Africa as a whole
(Camberlin, 2016). Red thin lines : gridded CRU data. Blue thick lines : average temperature anomaly
for available stations (number of stations : dash-dotted lines). The correlation coefficient between
the station index and the CRU index is shown at bottom right corners. The station index is based on
data from Global Historical Climate Network Daily (GHCND, Menne et al., 2012), Global Summary of
the Day (GSOD) archived by NOAA and a few stations from the Kenya Meteorological Department. All
station anomalies are computed with respect to the period 1961-1990, used as reference.



TX n
CRC 98 stations +1.16) +1.40
CRU grid-points with stations +1.28 +1.28
Berkeley grid-points with stations +1.10 +1.40
Berkeley all grid-points +1.20 +1.45

Table 1 : Maximum (Tx) and minimum (Tn) temperature trends over Eastern Africa (1953-2013), in
Celsius degrees over 61 years. CRC is an average of all available stations (98) as in fig.20. CRU and
Berkeley Earth trends are computed as the spatial average over all grid-points containing at least one
station in the CRC data set. The last line is the average of all grid-points within the region 12°S-23°N,
28-52°E for Berkeley Earth data (homogenized).



