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A B S T R A C T   

Sediments are considered to be refractory materials with limited influences on dissolved iron (dFe) pool in the 
ocean. However, recent field observations and laboratory experiments suggest that iron released from resus
pended sediment particles and transported from continental margins is prone to fertilize large areas of the world 
ocean. Here we conducted a dissolution experiment to quantify the amount of dFe released from two types of 
resuspended sediments (silicate and calcite-rich) to open ocean surface seawater under two temperatures (5 and 
15 ◦C). We followed pH, dissolved oxygen (dO2), phosphate, silicate, dissolved Fe and Mn concentrations (dFe 
and dMn), and bacterial abundance over 250 days. Extremely low and undetectable phosphate concentrations 
(<50 pmol kg− 1) were measured throughout the duration of the experiment, causing limited bacteria growth and 
stable pH and dissolved O2 concentrations under all conditions. Silicate and dFe concentrations increased 
through time and high temperature (15 ◦C) induced more iron dissolution from the two sediments than low 
temperature (5 ◦C). Temperature had no effect on the dissolution of Mn. Our results further show that Fe and Mn 
are not released concurrently from the sediment source and that their distribution can be very different. Scav
enging of Fe likely caused a decrease of dFe observed during the experiment, which was probably linked to the 
formation of Mn oxides. We also observed elevated dissolved Fe isotope ratios after dissolution, around +0.16 to 
+0.27‰. Isotopically heavy Fe was released from sediments to the dissolved pool during the dissolution but no 
difference in Fe isotope ratios was observed between the two temperature conditions. The Fe isotope fraction
ation can likely be attributed to ligand complexation and scavenging of Fe. These two mechanisms can be 
important factors not only in controlling the amount of Fe released from sediments but also in fractionating Fe 
isotopes at the sediment–seawater boundary.   

1. Introduction 

Iron (Fe) is a critical micronutrient in the oceans that is required by 
phytoplankton for different biogeochemical processes, such as photo
synthesis, respiration, and nitrogen fixation (Twining and Baines, 2013). 
In the open ocean, the dominant supply of Fe to the surface waters has 
been traditionally considered to be aeolian inputs (Jickells et al., 2005). 
In coastal areas, Fe supply reaches the oceans mainly from riverine in
puts, but these inputs have often been considered to be preserved in 
sediments (Chester and Jickells, 2012; Poulton and Raiswell, 2002). 

Sediments have been considered to be refractory materials with limited 
contribution to the oceanic dissolved Fe pool. However, some previous 
studies reported that Fe from continental shelves and sediments can be 
an important and underestimated Fe source to the ocean (Elrod et al., 
2004; Laës et al., 2003; Mackey et al., 2002). In the past decade, several 
field observations further suggested that sedimentary Fe pool can 
fertilize large areas of the Pacific, Atlantic and Southern Oceans (Jeandel 
et al., 2011; Lam et al., 2020; Milne et al., 2017; Nishioka et al., 2020; 
van der Merwe et al., 2015). It has been proposed that reductive and 
non-reductive dissolution processes control the amount and variability 
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of dissolved Fe input from marine sediments to the ocean. These two 
types of sediment dissolution have significantly different Fe isotope 
signatures (Homoky et al., 2013; Labatut et al., 2014). Reductive 
dissolution occurs during early diagenetic oxidation of organic carbon 
and produces a significant amount of reduced, soluble, and isotopically 
light Fe with Fe isotope composition (δ56Fe) values ranging from − 3.31 
to − 1.73‰ (Homoky et al., 2009; John et al., 2012; Klar et al., 2017; 
Severmann et al., 2010). Non-reductive dissolution produces unfrac
tionated or slightly heavy isotopic compositions of dissolved Fe with 
δ56Fe values ranging from − 0.01 to +0.53‰ in some oxygenated regions 
of the open ocean (Homoky et al., 2013; Labatut et al., 2014; Radic et al., 
2011). We still lack understanding regarding the relative contribution 
from non-reductive and reductive sedimentary Fe sources to the dis
solved Fe pool as well as their cycling processes at the sediment–sea
water boundary, so the potential impact from sedimentary Fe inputs 
cannot be well simulated in global biogeochemical models (König et al., 
2021). Indeed, an intercomparison study of global biogeochemical 
models (Tagliabue et al., 2016) shows a wide range of simulated dis
solved Fe distributions, reflecting a lack of agreement regarding Fe 
cycling processes and input fluxes between considered models. For 
example, sedimentary Fe input fluxes span a huge range of two order of 
magnitude difference from 0.6 to 155 Gmol yr− 1 (Tagliabue et al., 
2016). To better quantify the contribution of sedimentary Fe inputs to 
the ocean at the global scale, a recent parameterization of sedimentary 
particulate Fe sources and transport (Beghoura et al., 2019) has been 
added to the global biogeochemical model PISCES-v2 coupled to the 
Nucleus for European Modelling of the Ocean (NEMO) (Aumont et al., 
2015). This model configuration used experimentally-derived sedi
mentary Fe dissolution rates (Cheize et al., 2019) to gauge the impact of 
the sedimentary Fe input globally and confirmed the large potential 
impact of sedimentary Fe sources on dissolved Fe patterns and subse
quent control on phytoplankton distribution globally (Beghoura et al., 
2019). In particular, the offshore transport combining dissolution of 
sedimentary particulate Fe could be an efficient process supplying dis
solved Fe to the open ocean. While this study proved the importance of 
resuspended sediments as continuous Fe seeders to the open ocean, the 
effects of environmental factors, such as light, bacterial abundance, or 
temperature, on the kinetics of sedimentary Fe dissolution were not 
investigated. Temperature in particular can shape microbial growth and 
productivity patterns observed in the ocean (Raven and Geider, 1988) 
and a recent study showed that Fe solubility in dust increases under high 
temperature conditions (Félix-Bermúdez et al., 2020). 

In this context, we conducted an experiment to quantify the amount 
of dissolved Fe released from biogenic silicate and calcite rich sediments 
to open ocean surface seawater under two different temperature con
ditions (5 and 15 ◦C). During this 250-day experiment, we followed the 
evolution of pH, dissolved oxygen, phosphate, silicate, dissolved Mn and 
Fe concentrations (dMn and dFe), and bacterial abundance to study the 
mechanisms regulating sedimentary Fe dissolution. Furthermore, we 
measured both dissolved and particulate Fe isotope composition at the 
beginning and the end of the experiment to investigate the Fe isotope 
fractionation caused by the dissolution. 

2. Materials and methods 

2.1. Experimental setting 

The dissolution experiments were conducted in 10-L low density 
polyethylene (LDPE) and polycarbonate (PC) carboys (Nalgene) over a 
250-day period. All the materials used in this study were previously 
cleaned following GEOTRACES protocols (https://www.geotraces.or 
g/methods-cookbook/) and all manipulations were carried out in a 
Class 100/ISO 5 clean laboratory to minimize contamination issues. An 
open ocean surface seawater was collected during the HERMINE cruise 
at 40 m depth of station 1 in the Atlantic Ocean (44◦40′W 23◦15′N, http 
s://doi.org/10.17600/17000200). This surface seawater was filtered 

through acid-cleaned 0.2 μm filter cartridges (Pall Acropak or Sartorius 
Sartobran 300), and stored in several 20-L acid cleaned polypropylene 
carboys (Nalgene) for three years before our experiment. Surface 
seawater possesses the advantage of a low dissolved Fe concentration 
(0.17 nM), which allowed us to observe an obvious change of trace metal 
concentrations in a fairly short time scale. Besides, in the real ocean, 
sediment particles can be possibly transported to the surface waters. 
Two sediments from the Kerguelen plateau, named A3 and C11, were 
used in this study, both of them were collected during the KEOPS-1 
cruise (Blain et al., 2008), freeze-dried then stored in 50 mL poly
propylene centrifuge tubes (Falcon) until use in this experiment (Blain 
et al., 2007). Sediment A3 is a biogenic silicate rich sediment and C11 is 
a calcite rich sediment with distinct Si, Fe and Mn concentrations 
(Table 1). It should be noted that their full elemental compositions are 
provided in Cheize et al. (2019), together with the sampling details. In 
brief, the experimental design consisted in adding ~50 mg of sediment 
into 11 L of seawater to mimic the concentration of suspended particles 
(~5 mg L− 1) in benthic nepheloid layer (Gross et al., 1988; Puig et al., 
2013). Choosing the same sediments with the same concentrations as 
Cheize et al., 2019 allowed us to directly compare our results, and to 
observe any noticeable changes within one year of experiment. None
theless, this particle concentration is at the high end of particle con
centrations reported in very active benthic nepheloid layers (Gardner 
et al., 2018). Yet, those particles concentrations are not unrealistic, as 
pointed out in Puig et al. (2013). They showed that an event can trigger 
sediment resuspension and increase particle concentrations to ~6 mg/L, 
a value comparable to our experimental condition. Moreover, the Ker
guelen Plateau is likely to interact strongly with the Antarctic Circum
polar Current, leading to intense steered jets (e.g. Dove et al., 2021), 
resulting in high resuspended particle concentrations. 

After the sediment addition, the carboys were sealed during the 
entire period. To follow the hydrographical changes and dissolved trace 
metal concentrations, an acid-cleaned PTFE tube (1/8 in.) mounted with 
PTFE threaded fittings and plug (Upchurch) were designed to subsample 
the seawater, and the details of the setting can be found in Fig. 1 of 
Cheize et al. (2019). Several orbital shakers (Edmund Bühler GmbH) 
were used to mix the overlying seawater without disturbance of sedi
ments under a stir rate set at 50 rpm during the experiment, this rate 
being close to previous studies which used 32 rpm (Hammond et al., 
2004) or 60 rpm (Pratihary et al., 2014). As the sea surface temperature 
ranges from 0 to 15 ◦C in most of the high nutrient low chlorophyll 
regions, we decided to keep all the carboys in a temperature-controlled 
room (15 ◦C) and a dedicated temperature-controlled incubator (5 ◦C), 
both under dark condition to minimize the influence from the produc
tion of organisms. 

Table 1 
Experimental conditions designed for this study and initial particulate and dis
solved Si, Fe, and Mn concentrations. Treatment I and II were used to check the 
differences potentially caused by carboy materials and dissolved oxygen sensor 
spot. Treatments II and III were designed to monitor the effect of temperature.  

Initial concentrations  

dSi (μmol L− 1) dFe (nmol L− 1) dMn (nmol L− 1) 

Seawater 0.65 0.17 1.43  
pSi (μmol L− 1) pFe (nmol L− 1) pMn (nmol L− 1) 

A3 56 920 14 
C11 31 810 25 
Treatment# I.* II.* III. 
Temperature (◦C) 15 15 5 
Carboy material LDPE PC PC 
Sediment type A3 A3 and C11 A3 and C11 
dO2 monitoring No Yes Yes  

# All the carboys were maintained in the dark during the 250-day experiment. 
* Controls were carried out both in LDPE and PC carboys at 15 ◦C under dark 

condition with 2.5 L of seawater. We assume that at 5 ◦C seawater is more stable 
than 15 ◦C, so controls were only carried out at 15 ◦C. 
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An optical oxygen sensor (PreSens, SP-PSt3-NAU-D5-YOP) was used 
in all the PC carboys to monitor dissolved oxygen concentrations. The 
sensors were intercalibrated with the sensor used in the French SOMLIT 
program, NKE-MP7, maintained at LEMAR/IUEM, and the NKE sensor 
has been calibrated by Winkler method (https://www.somlit.fr/). 
Before conducting the experiment, a trace metal leaking test was con
ducted to evaluate possible trace metal leak from the sensor spots. The 
sensor spots were placed in 125 mL natural seawater for 3 months (in 
triplicate). The dMn and dFe concentrations were 1.13 ± 0.05 and 0.08 
± 0.04 nmol kg− 1 without the sensor spot, and 1.19 ± 0.04 and 0.12 ±
0.01 nmol kg− 1 with the sensor spots, respectively. These small dis
solved Mn and Fe contributions of 0.06 ± 0.06 and 0.04 ± 0.04 nmol 
kg− 1, respectively, from the sensor spot only account for 1.2 and 2.9% of 
final dMn and dFe concentrations and are deemed negligible. All the 
concentration values mentioned above are average values (n = 3) ± one 
standard deviation. 

In addition to dissolved oxygen concentrations (dO2), we followed 
the changes of several variables through the entire period, including pH, 
silicate, phosphate, dissolved Fe, dissolved Mn, and bacterial abun
dance. Before conducting the experiment, we measured the Fe isotope 
composition in the surface seawater (5 L) and in the two sediments (bulk 
digested). During the first 100 days, we sampled weekly, then biweekly 
for the remaining of the experiment (Table 1). Sampling resulted in no 
more than 15% loss of seawater volume in each carboy by the end of the 
250-day experiment. At the end of the experiment, sediments were 
recovered on a filter (Supor 47 mm, 0.45 μm) by filtration of the 
remaining seawater (around 9.8 L) to measure their Fe isotope 
composition. 

2.2. Seawater monitoring 

pH- The variation of pH during the incubation was followed with a 
Mettler-Toledo pH meter (±0.01 pH units; temperature compensated) 
and glass electrode, regularly calibrated against 4.01, 6.87 and 9.18 
buffer solutions (25 ◦C; Bioblock Scientific). 

Silicate and phosphate – The samples were immediately filtered 
through Millex mixed esters membrane filters (0.22 μm) and stored at 
4 ◦C (silicate, 5 mL) and − 20 ◦C (phosphate, 10 mL) before analysis. 
Then silicate and phosphate concentrations were measured with an 
auto-analyzer AA3 HR SEAL-BRAN + LUEBBE following the colori
metric methods of Aminot and Kérouel (2007). The detection limits 
were 0.030 and 0.014 μmol kg− 1 for silicate and phosphate, respec
tively. The method was certified using the Reference Material for Nu
trients in Seawater (Kanso Lots CD and CJ). 

Heterotrophic bacteria abundance – Duplicate 2 mL samples were fixed 
with glutaraldehyde (0.25% final concentration) and then stored at 
− 80 ◦C immediately after sampling. Analyses were performed using a 
flow cytometer (FCM) FacsVerse (Becton-Dickinson®, San Jose, USA), 
set on medium flowrate (around 80 µL min− 1) for 30 sec. FCM analysis 
were run all along the 250-day experiment (from three times a month to 
once according to sampling schedule intensity). Briefly, samples were 
gently thawed, then diluted 10 times in filtered sterile seawater (450 µL 
+ 50 µL sample) and incubated 10 min in the dark after addition of 5 μL 
of a 1/100 dilution in Milli-Q water of the SYBR® Green I commercial 
solution (DNA permeant probe, Molecular Probes, #S7563). Hetero
trophic bacteria were detected on flow-cytometer cytograms according 
to their size and complexity (side scatter and forward scatter values of 
the flow cytometer) and their green fluorescence (SYBR® Green probe). 
Heterotrophic bacteria were easily distinguished from autotrophic cells, 
which present a red fluorescence due to the presence of chlorophyll. 
Heterotrophic bacteria abundance was presented by an average value 
from the duplicate measurement (n = 2 ± confidence interval 95%). 

Dissolved Mn and Fe – Fifteen mL of seawater was immediately 
filtered through Millex mixed esters membrane filters (0.22 μm) and 
acidified with ultrapure HCl (Merck) at each sampling time. The dis
solved Mn and Fe concentrations were measured inline using a seaFAST 

pico preconcentration system (ESI) coupled with sector field inductively 
coupled plasma mass spectrometry (SF-ICP-MS, Element XR). The de
tails about reagent preparation and concentration determination can be 
found in Tonnard et al. (2020). We used acidified Milli-Q water as 
blanks, with values of 0.010 ± 0.002 and 0.083 ± 0.024 nmol kg− 1, for 
dMn and dFe, respectively (average ± 1 standard deviation, n = 30). 
The detection limits for dMn and dFe were 0.005 and 0.073 nmol kg− 1, 
respectively (three times of the standard deviation). Both blanks and 
detection limits are comparable to the values reported in previous 
studies (Lagerström et al., 2013; Tonnard et al., 2020). Accuracy was 
determined from the analysis of consensus (GSP and GSC) and certified 
(NASS-6) seawaters (Table 2). Reproducibility was assessed through the 
standard deviation of replicate measurements of consensus seawater 
samples, which were 10% and 8% for dMn and dFe, respectively 
(Table 2). The Mn concentrations of reference materials obtained in this 
study are slightly lower than the consensus values, which might be 
related to the differences between sampling bottles for GSP and GSC or 
due to the slightly low pH during preconcentration. The recovery of Mn 
is relatively sensitive to pH between 5 and 6 (Sohrin et al., 2008), so a pH 
value slightly lower than 6 may cause slightly low recovery of Mn during 
preconcentration. 

2.3. Determination of Fe isotope composition in seawater and sediments 

We carried out replicate measurements to obtain dissolved and 
particulate Fe isotope composition at the beginning and at the end of the 
experiment in the bulk sediments and in seawater. Fe isotope analysis 
was carried out by double spike technique. Detailed technical proced
ures for seawater samples are described in Conway et al. (2013) and 
detailed procedures for trace metal preconcentration and Fe purification 
from sediment samples can be found in Table S1 of Liao et al. (2021). In 
brief, Fe concentrations were first determined to calculate the amount of 
double spike solution needed. Then, a double spike solution of 57Fe-58Fe 
was added to samples with a sample to spike ratio of 1 to 2 with the 
double spike composition of 0.002% 54Fe, 0.66% 56Fe, 49.5% 57Fe, 
49.8% 58Fe. For seawater samples (around 2 L), trace metals were 
concentrated on a Nobias PA1 resin and the anion exchange procedure 
was conducted by using AG-MP 1 M following the procedure used in 
Liao et al. (2020). For sediment samples, we conducted a two-step total 
digestion on 10 mg of each sediment by using a mixture of concentrated 
ultrapure HNO3 and HF, then a mixture of concentrated ultrapure HCl 
and HNO3 to obtain bulk Fe concentrations, then carried out twice the 
anion-exchange procedure to purify Fe to get bulk Fe isotope composi
tions (Liao et al., 2021). At the end of the experiment, sedimentary 
particles were collected using Sterifil aseptic filtration system (Milli
pore) and 47 mm acid-cleaned 0.2 μm polyethersulfone filter, then 
sediment particles were easily removed from the filter by acid-cleaned 
tweezers to obtain ~10 mg for bulk digestion. The overall recovery 
for Fe was over 90% for both seawater and sediment samples. The Fe 
blanks for processing 2 L acidified Milli-Q were 0.40 ± 0.15 and 0.70 ±
0.03 ng (average ± 1 standard deviation) for trace metal preconcen
tration and anion exchange procedure, respectively. The overall blank is 
two orders of magnitude lower than the sample mass used (minimum 
100 ng Fe) to determine the Fe isotope composition. The δ56Fe mea
surements were conducted using a Neptune multi-collector inductively 
coupled plasma mass spectrometer (Thermo Fisher Scientific) with a 
PFA integrated nebulizer (150 μL min− 1; Elemental Scientific) and Apex- 
Q (Elemental Scientific) introduction system at the Pôle Spectrométrie 
Océan, Ifremer. X-type Ni sampler and H-type skimmer cones were used 
to conduct the analyses. δ56Fe was measured under high resolution with 
a typical 56Fe sensitivity, 4 V per 100 ppb. The signal voltages were 
measured on the left flat shoulder of the combined metal-argide peak, 
based on the technique of Weyer and Schwieters (2003). Solutions of 
pure standard (IRMM-014), pure spike, and mixtures of three different 
sample-to-spike ratios (2 to 1, 1 to 2, and 1 to 4) were analyzed for data 
reduction at the beginning of each analytical batch. Stable isotopic 
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ratios were calculated from an average of 30 cycles using a data 
reduction scheme based on Siebert et al. (2001). The isotopic ratios of 
each sample were obtained from the averaged value of duplicate ana
lyses. A standard-sample bracketing method was also used to monitor 
the instrument condition during the analysis, so mixtures of standard 
(IRMM-014) and spike were designed to match [Fe] and sample-to-spike 
ratio of samples and were used to bracket every five samples. δ56Fe are 
expressed in per mil (‰) relative to IRMM-014 using delta notation as 
described in the following Eq. (1): 

d56Fe =

[(
56Fe/54Fe

)

sample
/
( 56Fe/ 56Fe

)

IRMM - 014 − 1
]

× 103 (1) 

The internal error of each sample (2σ) was calculated by the prop
agated error for each individual analysis with two bracketing standards 
(Conway et al., 2013). The theoretical source of errors in isotopic 
composition analysis by double spike technique includes errors from 
counting statistics, Johnson noise, and isobaric interference (John, 
2012). Our measured errors matched well with the theoretical error 
calculated from Monte Carlo simulation (John, 2012), showing reliable 
external accuracy (Fig. 1). This method was first verified by determining 
the isotope composition of the international standard NIST 3126a, 
which yielded a δ56Fe value of +0.35 ± 0.14‰ (2 standard deviations, n 
= 60 with different working concentrations, Fig. 1), consistent with the 
reported value of +0.39 ± 0.13‰ (Rouxel and Auro, 2010). Then we 
determined the δ56Fe value in several certified reference materials 
(CRM) with different matrices (Table 3), which were comparable to the 
previous studies. Most of the samples were analyzed under working 
concentrations higher than 200 ppb (Fig. 1) to obtain relatively small 
errors. 

3. Results 

Throughout the 250-day sediment dissolution experiment, the 
composition of seawater evolved differently as a function of time 

depending on the sediments added and the temperature conditions. In 
this section, we first describe the variation of dissolved O2 (dO2, μmol 
L− 1), pH and bacteria abundance (cell mL− 1), then the temporal varia
tion of silicate (μmol kg− 1), dFe, and dMn (nmol kg− 1) through time. As 
described in Table 1, Treatment I was designed to check the potential 
difference caused by different carboy materials. As all the parameters 
observed in the LDPE and PC carboys were comparable (Fig. S1), our 
discussion is focused on the results obtained using PC carboys (Treat
ments II and III presented in Table 1). Due to a limited amount of low 
dFe seawater and also limited space on orbital shakers, we could not 
carry out duplicates for each treatment. However, from the comparable 
patterns of all the parameters observed in LDPE and PC carboys under 
exactly the same conditions (Figs. 2, 3, and S1), suggesting an acceptable 
reproducibility. 

3.1. Temporal variation of dissolved oxygen concentration, bacterial 
abundance, and pH 

The saturated dO2 at 15 and 5 ◦C were 313 and 399 μmol L− 1, 
respectively and remained fairly stable during 250 days (Fig. 2). The 
average dO2 of the controls, A3 (15 ◦C), C11(15 ◦C), A3 (5 ◦C), and C11 

Table 2 
Dissolved Mn and Fe concentrations of the consensus and certified (*) reference seawaters used in this study (average ± 1 standard deviation).  

CRM  GSP GSC NASS-6*   

Average SD n Average SD n Average SD n 

[Mn] 
(nmol kg− 1) 

This study  0.62  0.06 16  1.69  0.21 6  8.28  0.58 12 
Consensus  0.78  0.03 –  2.18  0.08 –  9.65  0.91 – 

[Fe] 
(nmol kg− 1) 

This study  0.16  0.01 16  1.26  0.10 6  8.65  0.58 12 
Consensus  0.16  0.05 –  1.54  0.12 –  8.86  0.82 –  

Fig. 1. The reproducibility of NIST-3126a measurements (left panel) and theoretical 1σ internal error (dashed red line) versus measured internal error (black circles) 
with 56Fe intensity (right panel). (Left) Thick and thin dashed lines are the average δ56Fe value with 2 standard deviations. The red lines are the values obtained in 
this study (0.35 ± 0.14‰ calculated from all the data points in the figure); the black one (0.39 ± 0.13‰) is from Rouxel and Auro (2010). The concentration in ppb 
stands for the working concentration summarized from both sample and spike. (Right) Theoretical values were calculated using Monte Carlo simulation (John, 2012), 
assuming sample to spike ratio of 1 to 2. The black circles stand for 1σ internal standard error obtained from all the measurements performed in this study. 

Table 3 
The Fe isotope composition of the certified reference materials measured in this 
study (Average ± 2 standard deviation).  

CRM Matrix This study Ref. value 

SLRS-4 (n = 2) River water 0.40 ± 0.09 0.48 ± 0.11a 

SLEW-3 (n = 2) Estuarine water − 0.18 ± 0.18 − 0.10 ± 0.21a 

BCR-2 (n = 5) Basalt 0.11 ± 0.10 0.11 ± 0.03b 

PACS-3 (n = 3) Marine sediment 0.20 ± 0.07 – 
BCR-414 (n = 3) Plankton − 0.02 ± 0.07 –  

a Rouxel and Auro (2010). 
b Craddock and Dauphas (2011). 
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(5 ◦C) were 313 ± 4, 304 ± 5, 313 ± 6, 374 ± 11, and 384 ± 10 μmol 
L− 1, respectively, showing no significant variations of dO2 during the 
experiment. This result is probably due to the absence of biological ac
tivity, also suggested by the constant bacterial abundance of around 105 

cells mL− 1 in all conditions (Fig. 2), which is one order of magnitude 
lower than the values reported in Cheize et al. (2019). This discrepancy 
may be attributed to the different initial concentrations of nutrients in 
seawaters used in these two studies. We used an oligotrophic Atlantic 
surface seawater, with phosphate concentrations between 0.04 and 0.08 
μmol kg− 1 in the first 56 days then decreasing under the detection limit 
(0.014 μmol kg− 1), and with initial silicate concentration of 0.70 ± 0.03 
μmol kg− 1 (Supplementary file). Cheize et al. (2019) used a nutrient 

replete surface seawater collected in the Southern Ocean with an initial 
silicate concentration of 11.7 μmol kg− 1, but they did not measure 
phosphate or nitrate concentrations. The initial high silicate concen
tration implies that high nutrient concentration (nitrate and phosphate) 
could have supported the growth of bacteria observed in their study. In 
terms of pH values, the values of all conditions decreased during the first 
18 days then went back to the initial values at around day 50. After day 
50, the values decreased again and varied between 7.7 and 8.0. The pH 
values in all conditions kept around the same value by the end of the 
experiment. 

Fig. 2. The temporal variation of dissolved oxygen concentration (dO2, μmol L− 1), bacterial abundance (cell mL− 1), and pH values during the 250-day sediment 
dissolution experiment. The left and right panels show the results obtained by using biogenic silicate and calcite rich sediments, respectively (circles and triangles). 
Red and blue symbols represent data collected under 15 and 5 ◦C treatments, and black crosses for the control treatment. 
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3.2. Temporal variation of silicate (dSi), dissolved Mn (dMn), and 
dissolved Fe (dFe) 

The initial silicate concentration (dSi) was 0.70 ± 0.03 μmol kg− 1 in 
all conditions, and remained stable in the control treatment during the 
250-day experiment. Temperature (15 and 5 ◦C) had a significant impact 
on sedimentary silicate dissolution for the two types of sediments 
(Fig. 3). For the biogenic silicate rich sediment (A3), dSi at 15 ◦C 
increased through time and ultimately reached 9.5 μmol kg− 1 while dSi 
at 5 ◦C increased up to only 3.0 μmol kg− 1 at the end of the experiment 
(Fig. 3). For the calcite rich sediment, similar trends were observed, with 

dSi values reaching 4.4 and 1.0 μmol kg− 1 under 15 and 5 ◦C conditions, 
respectively (Fig. 3). The silicate dissolution rates of the two sediments 
(A3 and C11) were roughly 4-fold and 10-fold higher at 15 ◦C than at 
5 ◦C (Table 4). At 15 ◦C, about 16% of particulate silica was released 
from the biogenic silicate rich sediment to the seawater, while only 
0.65% of particulate silica was released from the calcite rich sediment at 
5 ◦C. These results show that the silicate dissolution is dependent on the 
initial sediment composition and on the temperature. 

We also followed the evolution of dissolved Fe and Mn concentra
tions. For biogenic silicate rich sediment (A3), the dissolved Fe con
centration increased through time particularly during the first 78 days, 

Fig. 3. The temporal variation of silicate (μmol kg− 1), dissolved Fe (nmol kg− 1), and dissolved Mn (nmol kg− 1) during the 250-day sediment dissolution experiment. 
The colour and symbol codes are based on the ones used in Fig. 2. The left and right panels show the results obtained by using biogenic silicate and calcite rich 
sediments, respectively (circles and triangles). Red and blue symbols represent data collected under 15 and 5 ◦C treatments, and black crosses for the con
trol treatment. 
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reaching around 1.3 nmol kg− 1 at 15 ◦C (Fig. 3). After day 78, dFe 
abruptly decreased to around 0.6 nmol kg− 1, then increased again at the 
end of the experiment. For the calcite rich sediment (C11), dFe had a 
similar evolution pattern but with lower concentrations (0.7 nmol kg− 1 

on day 78 at 15 ◦C). We found that higher temperature induced more Fe 
dissolution through time (Fig. 3 and Table 4). On the contrary, the effect 
of temperature was insignificant on sedimentary Mn dissolution for both 
sediment types (Fig. 3). Under the two temperature settings, dMn were 
basically comparable with the control values for the biogenic silicate 
rich sediment (A3), and the value slightly decreased at the end of the 
experiment (Fig. 3). More dMn was released from the calcite rich sedi
ment C11 (Fig. 3 and Table 4), but the evolution pattern and concen
tration levels were identical under the two temperature settings (Fig. 3). 
In the Section 3.1, we mentioned that pH values dropped in the begin
ning of the experiment. No correlation exists between pH and the two 
dissolved trace metals (Fig. S2), indicating that the change of pH was not 
related to Fe or Mn dissolution from sediments to seawater. 

3.3. The initial and final dissolved and particulate Fe isotope compositions 

As shown in Fig. 4, the initial δ56Fe values were +0.31 ± 0.11 (n = 3) 
and +0.26 ± 0.10 (n = 3)‰ in the biogenic silicate and calcite rich 
sediments; the initial value for seawater was +1.21 ± 0.12‰. At the end 

of the experiment, the particulate δ56Fe values were +0.22 ± 0.13 
(15 ◦C) and +0.18 ± 0.14‰ (5 ◦C) for the biogenic silicate rich sediment 
(A3); the values were +0.11 ± 0.14 (15 ◦C) and +0.10 ± 0.15 (5 ◦C) for 
the calcite rich sediment (C11). The dissolved values at the end of the 
experiment were +1.47 ± 0.09 (15 ◦C) and +1.44 ± 0.08‰ (5 ◦C) for 
A3, and +1.37 ± 0.13 (15 ◦C) and +1.48 ± 0.17‰ (5 ◦C) for C11. All the 
Fe isotope compositions mentioned above were the average of replicate 
measurements with 2 standard deviations. Overall, the Fe isotope 
compositions of sediments A3 and C11 are comparable before and after 
dissolution experiment, as values overlap within 2 standard deviations. 
At the end of our experiment, the dissolved Fe isotope composition 
increased by +0.16 to +0.27‰ depending on the conditions. The bulk 
δ56Fe values in sediments determined in this study (Fig. 4) are similar to 
the values of bulk sediments ranging from − 0.03 to +0.16‰ from the 
cape margin (Homoky et al., 2013) and the average value of +0.14 ±
0.07‰ from the Western Equatorial Pacific reported in Labatut et al. 
(2014). In surface waters, as the fractionation mechanisms and the 
sources are extremely diverse, the surface dissolved δ56Fe values span a 
large range from − 0.74 to +0.78‰ (Labatut et al., 2014). The highest 
surface value (0 ~ 200 m) reported in the North Atlantic Ocean was 
+0.80 ± 0.07‰ (Conway and John, 2014); the one in the Southern 
Ocean reached to +1.28 ± 0.39‰ (Ellwood et al., 2020), confirming 
that the initial dissolved δ56Fe value we determined was consistent with 
literature data (Fig. 4). 

4. Discussion 

4.1. Processes controlling Si, Fe, and Mn dissolution 

To further investigate the kinetics of the release of Si, Fe, and Mn 
from sediments, we calculated the dissolution rate constant (d− 1) using 
two models, including a commonly used one-step dissolution process 
and a two-different-phase dissolution approach. These two models were 
used to study silicate dissolution (Boutorh et al., 2016; Greenwood et al., 
2001; Moriceau et al., 2009) in the past and we also applied in this study 
for calculating Si, Fe, and Mn dissolution rates (Fig. 5). 

The first model is a simple first-order rate equation and assumes a 
one-step dissolution process (equation (2)), where X can be Si, Fe, or Mn. 
pXt is the left-over particulate elemental concentration (μmol kg− 1) at a 
given time t (day), pX0 is the initial total particulate elemental con
centration (μmol kg− 1) calculated by the sediment mass used for this 
experiment (~50 mg) and elemental concentrations given in Table 1 of 
Cheize et al. (2019), and k is the dissolution rate constant (d− 1) 

pXt = pX0e− kt (2) 

We can then obtain the amount of dissolved elemental concentration 
released from particles to calculate the left-over particulate elemental 
concentration (equation (3)), where dXt is the dissolved elemental 
concentration at a given time t and dX0 is the initial dissolved elemental 
concentration (μmol kg− 1). 

pX0 − (dXt − dX0) = pX0e− kt (3) 

After a simple logarithm conversion (equation (4)), we can obtain 
the dissolution rates (k) of all treatments through a linear regression of 
our data: 

ln
[

pX0 − (dXt − dX0)

pX0

]

= − kt (4) 

The second model we applied to our data is a two-phase dissolution 
model (Eqs. (5a) and (5b)), which can represent two different phases of a 
certain element dissolving one after the other (e.g., one protecting the 
other), or changes in dissolution rates through time or induced by 
modification of environmental conditions (e.g., temperature). The pa
rameters are basically the same as used in previous equations: in Eqs. 
(5a) and (5b), at substitution time ts (day), the dissolution constant 

Table 4 
A summary of mean dissolution/scavenging rates, the variation of dissolved 
concentrations of silicate, Fe, and Mn, and the percentage increased/decreased 
of the initial particulate stock of each element at the end of the experiment.     

15 ◦C 5 ◦C  

Element Unit A3 C11 A3 C11 

Mean dissolution 
rate 
(scavenging, − ) 

dSi nmol 
kg− 1 d− 1  

35.09  14.52  9.25  1.44 

dFe pmol 
kg− 1 d− 1  

4.53  4.59  4.12  2.09 

dMn pmol 
kg− 1 d− 1  

− 0.10  14.08  − 0.65  12.58 

Dissolved 
concentration 
increased 
(decreased, − ) 

ΔdSi μmol 
kg− 1  

8.77  3.63  2.31  0.36 

ΔdFe nmol 
kg− 1  

1.13  1.15  1.03  0.52 

ΔdMn nmol 
kg− 1  

− 0.02  3.52  − 0.16  3.14 

Particulate stock 
dissolved 
(scavenged, +) 

pSi %  15.73  6.51  4.15  0.65 
pFe %  0.12  0.14  0.11  0.06 
pMn %  +0.18  14.36  +1.18  12.83  

Fig. 4. Fe isotope composition in seawater and sediments at the beginning and 
the end of the experiment. The red and blue areas highlighted the high and low 
temperature conditions, respectively (15 and 5 ◦C). 
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changes from k1 to k2 (d− 1), with the particulate elemental concentra
tion at time ts (Xts, μmol kg− 1). 

pXt = pX0e− k1 t; 0 < t < ts (5a)  

pXt = pXts e
− k2(t− ts); t > ts (5b)  

4.1.1. Si, Fe, and Mn dissolution patterns and rates 
Using the derived particulate concentration change of the three el

ements, Fig. 5 shows the patterns of Si, Fe and Mn dissolution with their 
dissolution rates (k) that can be determined from the slopes of linear 

regression lines (log-based ratios versus time plots, Eq. (4)). For the 
biogenic silicate rich sediment (A3), at 15 ◦C, the best fit dissolution 
model is the two-phases model: we obtained good regression (R2 =

0.996 and 0.981) by using the two-phases model. A fast dissolution of 
1.1 × 10− 3 d− 1 occurred in the first 78 days and associated with dis
solved Fe release of 1.2 × 10− 5 d− 1. This was followed by a relatively 
slow Si dissolution of 4.6 × 10− 4 d− 1 and no dFe release until the end of 
the experiment, due to a possible Fe reincorporation/adsorption back to 
the biogenic silica phase (Fig. 5). Previous culture studies found that Fe 
can be incorporated into diatom frustules (de Jonge et al., 2010; Ellwood 

Fig. 5. Derived concentration changes of particulate Si, Fe, and Mn at each sampling step relative to the initial values during the 250-day sediment dissolution 
experiment (two dissolution models were used to demonstrate the dissolution patterns, see text for details). The colour and symbol codes are based on the ones used 
in Figs. 2 and 3. Based on the elemental dissolution patterns, we divided the experimental time into two different stages by using the black dashed lines: stage one – a 
fast Si and Fe dissolution stage with Mn oxide formation and stage two – a slow Si dissolution and Fe scavenging stage with no or some Mn oxide formation. The red 
and blue dashed lines shown in the panels represent the linear regression of data points of different stages, and their slopes represent the dissolution or scavenging 
rates at the certain stage. 
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and Hunter, 2000), confirmed by one field study in the Southern Ocean 
(Ingall et al., 2013). When calculating dissolved Fe to Si ratios through 
time (Fig. 6), for A3, we observed that most of the dissolved Fe to Si 
ratios varied between 0.2 and 0.3 mmol mol− 1 during the first 78 days 
(Fig. 5), which are slightly lower than but close to the average ratios of 
0.33 mmol mol− 1 obtained from measuring Fe incorporation inside 
biogenic silica in Ingall et al. (2013). The ratios then decreased to 
around 0.1 mmol mol− 1 after day 78, which means that Fe dissolution 
did not follow silicate dissolution at this stage. Furthermore, the 
decrease of Fe concentrations points to adsorption processes. 

At 5 ◦C treatment, the one stage model worked best, with a Si 
dissolution constant of 1.8 × 10− 4 d− 1 (R2 = 0.991) and we also 
observed relatively stable Fe to Si ratios (Fig. 6). These results probably 
imply that the Fe and Si dissolution originate from a slow dissolution 
phase, probably related to the second stage of dissolution at 15 ◦C. 
Indeed, their Si dissolution rates were at the same order of magnitude 
with the values of 1.8 × 10− 4 and 4.6 × 10− 4 d− 1 for 5 ◦C and the slow 
one at 15 ◦C, respectively. At both temperature conditions, Mn was 
adsorbed during the first 78 days with an average rate of 5.5 × 10− 4 d− 1 

for both temperatures then concentrations remained stable until the end 
of the experiment. 

For the calcite rich sediment (C11), the basic one-step model was the 
best fit for the silicate dissolution, under both temperatures (Fig. 5, R2 =

0.991 and 0.906 at 15 and 5 ◦C, respectively). At 15 ◦C, a two-stage 
pattern was also observed for Fe and Mn, but this pattern was not 
related to Si dissolution. At 5 ◦C, only one steady dissolution of Fe with a 
rate of 8.0 × 10− 7 d− 1 was observed. Dissolved Mn concentrations 
fluctuated during the first 78 days then reached stable values, like for 
A3. At 5 ◦C, the variations of Fe to Si ratios remained relatively small 
during dissolution (Fig. 6). However, Mn dissolution was higher for 
calcite rich sediment (Fig. 3), implying that Mn may play a much more 
important role in regulating Fe dissolution or scavenging, which is dis
cussed in Section 4.2.2. Our results suggested that the calcite rich 
sediment (C11) tends to release more dissolved Mn into seawater, while 
the biogenic silicate rich sediment (A3) tends to adsorb dissolved Mn on 
particles, consistent with the results reported in Cheize et al. (2019). 

With both sediments, high temperature induced more silicate 
dissolution and also increased the dissolution rate constants for roughly 
one order of magnitude higher than the low temperature (Fig. 5). Yet, 
the silicate dissolution rate constants derived from this study, ranging 
from 3.0 × 10− 5 to 1.0 × 10− 3 d− 1, were roughly two to three orders of 
magnitude lower than the ones derived from the experiment of dead 
diatom frustule, ranging from 0.07 to 0.23 d− 1 for the first stage and 
0.02 to 0.07 d− 1 for the second stage (Boutorh et al., 2016). The silicate 
dissolution from fresh biogenic materials, with fast dissolution rates, is 
much more important than the ones from sediments. 

4.1.2. Scavenging of Fe and Mn oxide formation 
Manganese oxides, known as important scavengers, remove several 

other trace metals from seawater (Goldberg, 1954; Jeandel, 2016). The 
formation of manganese oxides may be another and probably even more 
important mechanism to cause both Mn and Fe adsorption in our 
experiment. For the biogenic silicate rich sediment (A3), the increase of 
the ln(pMnt/pMn0) values strongly implies that manganese oxide for
mation occurred during the first 78 days (Fig. 5) with no significant 
difference of dissolved Mn concentrations under two temperature con
ditions (Fig. 3). Biological Mn(II) oxidation is faster than abiotic Mn(II) 
oxidation processes, which suggests that biological Mn(II) oxidation 
dominates in many environments such as the sediment/seawater inter
face in the Pacific (Landing and Bruland, 1987), the Black Sea (Lewis 
and Landing, 1991) and the Gulf of Mexico (Van Cappellen et al., 1998). 
However, as no significant changes of bacterial abundance was observed 
in this study (Fig. 2), the biological Mn(II) oxidation cannot be the 
mechanism explaining the Mn oxide formation found in this study. The 
fact that the initial dissolved Mn concentration was high, 1.4 nmol kg− 1, 
could have provided a large pool of dissolved Mn and induce Mn oxide 
formation. These abiotically-formed Mn oxides then could have led to 
the scavenging of Fe and Mn for the biogenic silicate rich sediment (A3). 
For the calcite rich sediment (C11), dissolved Mn concentrations 
increased to around 5 and 4 nmol kg− 1 under 15 and 5 ◦C, respectively, 
during the first 50 days, then decreased to around 3 nmol kg− 1 from day 
100 to 180 (Fig. 3). Based on this Mn dissolution pattern, the formation 
of Mn oxides may be the mechanism decreasing the Fe dissolution rate 
and probably stimulating the scavenging of Fe around day 78. To sum
marize, the dissolution or scavenging of Fe observed in the experiment 
may be regulated by the interactions between biogenic silica and man
ganese oxides with Fe. During the first stage (Fig. 5), Fe dissolution plays 
a much more important role than scavenging of Fe, resulting in a net 
dissolution effect. During the second stage (Fig. 5), scavenging of Fe can 
be the dominant process. It should be noted that both dissolution and 
scavenging occur simultaneously and several factors, such as tempera
ture and interactions between different elements, can determine their 
relative contribution at different stages of the experiment. In addition, 
scavenging of Mn on Mn oxides likely occurred during this experiment, 
but we think Mn oxide formation probably was still the major process to 
transfer dissolved Mn from dissolved to particulate pool in our 
experiment. 

At the end of our experiment, elevated Fe concentrations in all the 
treatments and slightly increased Mn concentrations from the calcite- 
rich sediment treatment were observed. The elevated Fe and Mn con
centrations implied that more metals can be released from the sedi
ments. This release could originate from a different particle phase that is 
much easier to dissolve after the previous two stages observed in this 
study. However, in order to confirm this hypothesis, a much longer 

Fig. 6. Temporal evolution of dissolved Fe to Si ratios through time for both sediments and at 15 and 5 ◦C. The colour and symbol codes are based on the ones used 
in Fig. 2. 
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experiment time would be required with XRD and SEM analyses of 
particles collected at different stages. This would hold great promises to 
decipher the Fe solubility from different mineral compositions. 

Overall, we found that the effect of temperature is significant on the 
dissolution of Fe from resuspended sediments (Figs. 3 and 5), even 
though other factors such as scavenging of Fe onto Mn oxides or biogenic 
silica may also control the Fe dissolution rates. Among those processes, 
temperature is still the first-order factor to increase Fe dissolution from 
resuspended sediments. As the temperature conditions range signifi
cantly from less than 0 ◦C at high latitudes to more than 30 ◦C in tropical 
regions, the dissolution of Fe from resuspended sediments can be higher 
in low latitude regions than in the high ones. The effect of temperature 
was also observed for aerosol Fe dissolution where higher temperatures 
can induce more and faster Fe dissolution (Félix-Bermúdez et al., 2020). 
Finally, the initial dFe and dMn concentrations are likely to influence the 
dissolution rates, and designing experiments with different seawaters 
with a range of dFe and dMn concentrations would be interesting to 
perform. 

4.2. Decoupled Fe and Mn dissolution kinetics 

Our experiment revealed decoupled dissolution kinetics for Fe and 
Mn. Interestingly, Fe and Mn dissolutions are affected by several factors, 
including temperature, sediment composition, and internal cycling 
processes (Figs. 3 and 5). In addition, several studies demonstrated that 
oxidation kinetics also plays an important role on regulating Fe and Mn 
interactions in the ocean (Colombo et al., 2021; Hatta et al., 2013; 
Jensen et al., 2020). Generally, Fe and Mn are considered to be released 
from the same sources, such as continental margin sediments (Tessin 
et al., 2020) and hydrothermal vents (González-Santana et al., 2020). 
Yet, the extent and pace of Fe and Mn release can vary: for example, an 
experimental study showed that Mn concentrations released from dust 
were proportional to the added dust amounts, but dissolved Fe reached 
to a maximum value, independent of the amounts and types of dust 
added (Mendez et al., 2010). The main underlying hypothesis was that 
the difference in mineral composition was the factor influencing Mn 
dissolution while the ligand complexing capacity was the one influ
encing the most the Fe dissolution (Mendez et al., 2010). Therefore, 
dissolution kinetics can be different for Fe and Mn, especially at the 
boundary layer as the environmental conditions and sediment types 
vary significantly (Burdige, 1993). Furthermore, the formation of Mn 
(oxyhydr)oxides can be another critical factor to regulate the amount of 
Fe released from sedimentary or hydrothermal sources. A recent study 
investigated particulate manganese in the near- and far-field hydro
thermal plumes and found that freshly formed Mn oxides in the near- 
field plume have higher scavenging capacity than the aged Mn oxides 
in the far-field plume (Lee et al., 2021). These authors further argued 
that the phenomena in the hydrothermal plumes may be applied else
where in the water column. For instance, the freshly formed Mn oxides 
either from biotic or abiotic processes may have high scavenging ca
pacities, which is particularly important in the surface water. The freshly 
formed Mn oxides during the first 78 days of this experiment could have 
quickly scavenged Fe (Figs. 3 and 5). It thus appears that the initial 
composition of sediments alone has a major effect on Mn dissolution 
while Fe dissolution is driven by a combination of temperature, sedi
ment types and Mn oxide formation. It is thus critical to study how Mn 
interacts with the other metals in marine water column and possibly 
model its biogeochemical cycle with regards to the iron cycle. 

4.3. Fe isotope fractionation during the dissolution 

In this study, the initial and final δ56Fesed of sediment A3 or C11 
(Section 3.3) are overlapped within two standard deviations, showing 
no significant difference (Fig. 4) throughout the course of the experi
ment. However, for initial and final δ56Fesw, the differences (Δ56Fesw 

(final - initial)) range from +0.16 to +0.27‰ for A3 and C11, respectively. 

Interestingly, the difference between dissolved and particulate δ56Fe 
signatures, determined in the seawater of the Western Equatorial Pacific 
– a region strongly influenced by sediment-origin particles (Labatut 
et al., 2014), has shown the dissolved phase being heavier of +0.27 ±
0.25‰ than the particles. Labatut et al. (2014) argued that the isotopi
cally heavy Fe signature is the result of a net non reductive release of 
dissolved Fe from the particles, which may also be at play in our 
experiment. Indeed, we observed an increase of dissolved δ56Fe, which is 
likely produced by the non reductive iron dissolution of sediment par
ticles. However, it should be stressed that the δ56Fe difference (between 
the beginning and the end of our experiment) we observed can not 
quantitatively be compared to the δ56Fe difference between the partic
ulate and dissolved phases observed in the field. Yet, such a non- 
reductive source was also reported by Artigue (2020) in deep waters 
flowing above the Kerguelen Plateau, resulting in a 4 nM dFe increase 
compared to background deep waters. Using the data obtained in the 
thesis mentioned above, we can simply carry out an isotopic mass bal
ance calculation (1.0 nM * − 0.2‰ + 4.0 nM(addition) * δ56Feaddition‰ =
5.0 nM * +0.3‰), leading to a δ56Feaddition of +0.43‰. For our exper
iment, the mass balance calculation (0.17 nM * 1.2‰ + 1.13 nM (addition) 
* δ56Feaddition‰ = 1.30 nM * 1.4‰) leads to an δ56Feaddition of +1.43‰, 
which also points to net Fe dissolution that has an isotopically heavy 
signature. This signature is about 1.0‰ heavier than the one observed in 
the field. 

This difference can result from different mechanisms during the 
experiment, such as scavenging and organic complexation (Abadie et al., 
2017). It is well known that >99% of dissolved Fe is rapidly complexed 
by organic ligands upon transport to the ocean (Gledhill and Buck, 2012, 
and references therein). Evidence for stabilisation of dissolved Fe in 
marine systems by organic ligands has been observed in previous studies 
(Bundy et al., 2014; Homoky et al., 2012; Hopwood et al., 2015) and 
some studies reported that the δ56Fe value of organically complexed Fe 
is around 0.6‰ higher than inorganic Fe (Dideriksen et al., 2008; 
Morgan et al., 2010), but this difference is likely to be ligand specific and 
variable. In addition, Fitzsimmons et al. (2017) found that an ligand 
bound Fe end member in hydrothermally influenced waters is higher in 
dFe concentration and heavier in isotopic composition than the non- 
hydrothermal background seawater (+0.66‰ versus − 0.10 to 
− 0.22‰), suggesting an hydrothermal-origin ligand binding results 
with an isotopically heavy fractionation. Thus, the increased final δ56Fe 
values may possibly be attributed to the enhancement of heavy Fe 
binding with organic ligands although we do not have any ligand 
measurements to support this statement unlike Cheize et al. (2019) 
study. In addition, Homoky et al. (2021) recently showed that colloidal 
Fe with δ56Fe signature of +0.07 ± 0.07‰ is a dominant Fe supply to the 
ocean and argued that lithogenic weathering is much more important 
than ligand complexation to produce these colloidal Fe in sediment 
porewater. However, the Fe concentrations in sediment porewater 
ranged from 0.01 to 100 μmol kg− 1 which are significantly higher than 
the Fe concentrations in seawater (around 1 nmol kg− 1 in deep waters). 
Thus, it remains unclear how ligand complexation controls sedimentary 
Fe dissolution and isotopic fractionation at the ocean-sediment boun
dary/benthic nepheloid layer and under a wide range of Fe concentra
tions, from sub-nanomolar to micromolar levels. 

In addition to ligand complexation, the scavenging of Fe that likely 
occurred during the experiment (Figs. 3 and 5) might also fractionate Fe 
isotopes. However, the effects of scavenging on fractionating Fe isotopes 
still remain unclear. One study found that scavenging resulted in the 
fractionation factor of − 0.67‰, and this factor was similar to the δ56Fe 
difference (Δ56Feparticle - sw) of − 0.54‰ observed in their field obser
vation (Ellwood et al., 2015). Another study indicated that the frac
tionation caused by scavenging can be insignificant with the Δ56Fe of 
− 0.30 ± 0.31‰ (Radic et al., 2011). Based on the current knowledge, 
the fractionation of scavenging could be insignificant or cause dissolved 
δ56Fe values to be higher than the particulate ones, and the later one is 
consistent with what we observed in this study. 
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The final isotopic composition of seawater at the end of our experi
ment likely reflects the Fe fractionation caused by both ligand 
complexation and scavenging (Abadie et al., 2017), yet their relative 
contribution cannot be quantified at this stage. In addition, using 
sequential leaching, two studies showed that reactive Fe phases present 
in sedimentary particles may have fundamentally different iron isotope 
compositions between them and compared to bulk sediment (Henkel 
et al., 2018; Henkel et al., 2016). It is thus possible that the Fe-hosting 
phases (e.g. silicates) fractionate differently but we unfortunately do 
not have data to investigate this. The overall exchange process that 
preferentially fractionates the heavy Fe-isotopes into solution and, of 
course, preferentially fractionates the light isotopes into or onto the 
residual particles needs to be deciphered. The isotope exchange 
described above would have to occur in parallel to the non-reductive Fe 
dissolution, which is just one of the mechanisms possibly causing the 
isotopically heavy fractionation observed in this study. Evaluating the 
contribution of different Fe phases to the total Fe dissolution and their 
relationship with Fe isotopic fractionation deserves to be studied in 
future studies. 

In terms of isotopic mass balance at the beginning and the end of the 
experiment, the particulate Fe pool accounts for over 99.9% of the total 
Fe amount for all treatments (Table 4), while the dissolved pool only 
accounts for a small portion (around 0.1% in Table 4). Although we 
observed the changes of dissolved δ56Fe after the experiment, consid
ering the error propagation from both concentration and isotope 
composition, the Fe isotope mass calculation is balanced before and after 
the dissolution and between dissolved and particulate phases, because 
99.8% of Fe remain in the particulate pool. This mass balance calcula
tion also implies that, even when only a small portion of Fe is released 
from the sediment, it could possibly enhance dissolved Fe concentra
tions and change its isotopic composition. 

4.4. Implication for sedimentary Fe fluxes and marine Fe isotope budget 

Several studies have pointed out the contribution of non-reductive 
sedimentary Fe inputs to the water column in the North Atlantic 
Ocean (Colombo et al., 2021; Conway and John, 2014; Conway et al., 
2018). Conway and John (2014) confirmed the importance of non- 
reductive sedimentary Fe inputs, which may account for a significant 
portion of total Fe input in the Northwestern Atlantic Ocean. A recent 
model study compiled literature data, including benthic dissolved iron 
fluxes, bottom water oxygen, and sedimentary carbon oxidation rates to 
estimate the global dissolved Fe flux from marine sediments, yielding a 
flux of 150 ± 75 Gmol Fe yr− 1 (Dale et al., 2015). The global sedi
mentary Fe flux is thus significantly higher than the other inputs, such as 
dust deposition ranging from 1.4 to 32.7 Gmol yr− 1 (Tagliabue et al., 
2016), riverine input around 26 Gmol yr− 1 (de Baar and de Jong, 2001), 
and hydrothermal input around 5.2 ± 0.6 Gmol yr− 1 (Roshan et al., 
2020). As we can roughly estimate the global sedimentary Fe flux, we 
still cannot quantify the relative contributions of non-reductive and 
reductive sedimentary Fe to the total fluxes. Even though we know the δ 
56Fe signature of different inputs to the ocean (Labatut et al., 2014), the 
deep water δ 56Fe is not homogeneous in the global ocean (Horner et al., 
2020). We thus are still in a very early stage to calculate a marine Fe 
isotope budget. Most importantly, Fe isotope studies play a critical role 
to bring the non-reductive dissolution process to light and suggest that it 
could be a major source at a global scale (Conway and John, 2014; 
Homoky et al., 2013; Labatut et al., 2014; Radic et al., 2011). This will 
need to be investigated in further studies. 

Regarding the temperature, a study in the Gulf Stream further esti
mated that the stream driven Fe flux likely from a non-reductive sedi
mentary Fe input may be on the order of 15% in average (sometimes up 
to 75%) of dust Fe deposition flux in the region (Conway et al., 2018). 
Conway et al. (2018) calculated an Fe anomaly of 0.34 nmol kg− 1 in the 
upper 300 m water column, where temperature is above 15 ◦C in the 
region. Our experiment showed that Fe dissolution under 15 ◦C can 

reach up to 1.1 nmol kg− 1 for the biogenic silicate rich sediment during 
the first 78 days. The temperature in the North Atlantic subtropical gyre 
can further reach a higher level to 25 ◦C. There, high surface tempera
tures are likely to induce more Fe dissolution from resuspended particles 
at low latitudes. In contrast, at high latitudes, Fe dissolution might be 
inhibited compared to warmer environments. However, other factors, 
such as sediment type and oxidation kinetics, also control the release of 
dissolved Fe while modifying the interactions between Fe and Mn. This 
is especially true in the high latitude regions with low temperatures 
(Colombo et al., 2021; Hatta et al., 2013; Jensen et al., 2020). At mid- 
latitudes (~40◦N to S) — where conditions of both iron limitation and 
relatively warm surface temperatures can occur, dissolution of particles 
have the potential to drive large increase of dFe pool. In the future, the 
continental slope and shelf regions may be ideal platforms to carry out 
field/mesocosm studies to pursue the interpretation of findings found in 
laboratory experiments. 

5. Conclusion 

We conducted a sediment dissolution experiment to study the effect 
of temperature on elemental dissolution of Si, Fe, and Mn, from sedi
ments to seawater. Our results demonstrated that high temperature in
duces more Fe dissolution from resuspended sediments, but not for Mn, 
and that the elemental dissolution is dependent on different sediment 
types. Biogenic silicate rich sediments yielded a higher Fe dissolution 
rate than the calcite-rich sediment while it was the opposite for Mn. 
Using dissolution models to calculate the elemental dissolution rates, we 
found a two-stage Si dissolution pattern for the biogenic silicate rich 
sediment, starting with a fast dissolution then a slow dissolution after 78 
days. The elemental dissolution pattern suggests that Fe may be mainly 
released from the biogenic silica at the first stage. Then we observed the 
decrease of Fe and Mn and hypothesized that the scavenging of Fe back 
to particles, likely freshly-formed Mn oxides, may be the cause of the 
decrease observed at the second stage. In terms of the relationship be
tween Fe and Mn, our results clearly show that Fe and Mn are not 
released at the same pace from the sediments and that their distribution 
and cycling processes can be very different. In addition, we found that 
isotopically heavy Fe was released from the sediments to seawater, 
causing the δ 56Fe differences, around +0.16 to +0.27‰, between the 
initial and final seawater compositions, which possess a similar isoto
pically heavy increase trend of non-reductive dissolution. This δ56Fe 
difference may also be attributed to scavenging processes. This process, 
as well as ligand complexation, play important roles not only in con
trolling the amount of Fe released from sediments but also in fraction
ating Fe isotopes at the sediment–seawater boundary and will require 
dedicated studies. The isotope exchange causing by different processes 
would have to occur in parallel to the non reductive Fe dissolution. 
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Appendix A. Supplementary material 

Supplementary materials of this manuscript include two supple
mentary figures (Figure S1 and S2) and all the raw data of the dissolu
tion experiment used to produce figures in this study. In Figure S1, we 
compared the data obtained by using LDPE and PC carboys and found no 
significant differences between these two carboys conditions. In 
Figure S2, we demonstrated that there is no correlation between pH and 
dissolved trace metals (Fe and Mn) in this study. We also provided all the 
raw data of the sediment dissolution experiment, including dO2, bacteria 
abundance, pH, phosphate, silicate, dissolved iron, and dissolved man
ganese concentrations in the supplementary section. Supplementary 
material to this article can be found online at https://doi.org/10.1016/j. 
gca.2023.04.014. 
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Artigue, L., 2020. Cycles biogéochimiques océaniques : apports des traceurs élémentaires 
et isotopiques, l’aluminium et le fer couplés à une approche hydrodynamique. 
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van der Merwe, P., Bowie, A.R., Quéroué, F., Armand, L., Blain, S., Chever, F., Davies, D., 
Dehairs, F., Planchon, F., Sarthou, G., Townsend, A.T., Trull, T.W., 2015. Sourcing 
the iron in the naturally fertilised bloom around the Kerguelen Plateau: particulate 
trace metal dynamics. Biogeosciences 12, 739–755. 

Weyer, S., Schwieters, J.B., 2003. High precision Fe isotope measurements with high 
mass resolution MC-ICPMS. Int. J. Mass Spectrom. 226, 355–368. 

W.-H. Liao et al.                                                                                                                                                                                                                                

http://refhub.elsevier.com/S0016-7037(23)00183-7/h0225
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0225
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0230
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0230
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0235
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0235
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0240
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0240
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0240
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0245
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0245
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0245
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0250
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0250
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0250
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0250
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0255
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0255
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0255
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0260
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0260
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0260
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0260
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0265
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0265
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0265
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0270
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0270
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0275
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0275
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0275
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0275
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0275
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0280
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0280
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0285
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0285
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0285
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0290
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0290
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0290
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0295
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0295
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0295
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0300
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0300
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0300
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0305
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0305
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0305
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0305
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0310
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0310
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0315
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0315
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0315
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0320
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0320
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0320
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0320
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0325
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0325
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0330
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0330
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0330
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0335
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0335
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0335
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0335
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0340
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0340
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0340
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0345
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0345
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0350
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0350
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0355
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0355
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0360
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0360
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0360
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0365
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0365
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0365
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0370
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0370
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0370
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0370
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0375
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0375
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0375
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0375
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0380
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0380
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0380
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0380
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0385
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0390
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0390
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0395
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0395
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0395
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0395
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0400
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0400
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0400
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0400
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0405
http://refhub.elsevier.com/S0016-7037(23)00183-7/h0405

	The effect of temperature on the release of silicon, iron and manganese into seawater from resuspended sediment particles
	1 Introduction
	2 Materials and methods
	2.1 Experimental setting
	2.2 Seawater monitoring
	2.3 Determination of Fe isotope composition in seawater and sediments

	3 Results
	3.1 Temporal variation of dissolved oxygen concentration, bacterial abundance, and pH
	3.2 Temporal variation of silicate (dSi), dissolved Mn (dMn), and dissolved Fe (dFe)
	3.3 The initial and final dissolved and particulate Fe isotope compositions

	4 Discussion
	4.1 Processes controlling Si, Fe, and Mn dissolution
	4.1.1 Si, Fe, and Mn dissolution patterns and rates
	4.1.2 Scavenging of Fe and Mn oxide formation

	4.2 Decoupled Fe and Mn dissolution kinetics
	4.3 Fe isotope fractionation during the dissolution
	4.4 Implication for sedimentary Fe fluxes and marine Fe isotope budget

	5 Conclusion
	Declaration of Competing Interest
	Acknowledgements
	Appendix A Supplementary material
	References


