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ABSTRACT  13 
 14 
The direct determination of silicate melts iron and silicon isotopes signature remains a major challenge 15 
of high-temperature isotope geochemistry. For this reason, melts are often approximated by silicate 16 
glasses. Calculation of precise equilibrium Si and Fe isotopes fractionation factors between minerals 17 
and melt would indeed allow us to distinguish equilibrium fractionation from diffusion-driven kinetic 18 
fractionation involved in the iron and silicon isotopes signatures of Earth and other planets. In this 19 
study, we use for the first time, first-principles molecular dynamics based on density functional theory 20 
to determine iron and silicon isotope compositions of different silicate melts, namely: iron-rich basalt, 21 
iron-depleted basalt, basanite, trachyte and phonolite. The 57Fe/54Fe reduced partition function ratios 22 
(-factors) of the different melts span over a 1.1 ‰ range at 1000 Kelvin (K) while 30Si/28Si 𝛽-factors 23 
are much less influenced by the melt composition with a 0.5 ‰ fractionation range at the same 24 
temperature. The main parameter controlling iron isotope fractionation in silicate melts having similar 25 
iron oxidation state is, after temperature, the average Fe-O bond length. The chemical environment 26 
around iron (e.g. Fe-Fe distances) is suggested to contribute to Fe isotope fractionation as well. Silicon 27 
isotopes fractionation seems also affected, but to a lesser extent, by its local chemical composition 28 
with decreasing Si-Fe distances leading to slightly higher Si 𝛽-factor in the melt. From these melts Fe 29 
and Si 𝛽-factors, a new set of equilibrium fractionation factors between a variety of minerals and melts 30 
has been calculated. These new ∆57Femin-melt and ∆30Simin-melt sets allow us to discuss whether processes 31 
such as fractional crystallization, partial melting and diffusion could be responsible for the documented 32 
Fe and Si isotopes variations in igneous rocks. Our results suggest that: 1) fractional crystallization may 33 
explain at least part of the Fe and Si isotopic evolution during magmatic differentiation, for values up 34 
to 57Fe = 0.65 ‰ and 30Si = -0.1 ‰, respectively, 2) partial melting of the upper mantle can produce 35 
the Mid-Ocean Ridge Basalts (MORB) iron isotopes signature. Finally, we calculated that olivine at 36 
equilibrium with a basaltic melt could display an iron isotope composition down to -0.1 ‰ for 57Fe. 37 
Hence, the lower isotopic compositions (57Fe < -0.1 ‰) observed in natural olivines are most likely 38 
due to diffusion-driven kinetic fractionation. 39 
 40 
 41 
Keywords: Density Functional Theory (DFT); Silicate melts; Isotope fractionation; Magmatic 42 
differentiation  43 



2 
 

1- INTRODUCTION 44 
 45 

Understanding the detailed structural properties of iron-bearing silicate melts as well as the behavior 46 
of the constituting cations remains one of the great challenges in geosciences and in the glass-making 47 
industry. Many experimental and theoretical studies on melts from simple composition to natural-like 48 
melts have been carried out showing that cations could be either network former or network modifier 49 
depending on the nature of the cations and their coordination number (CN) that are dependent also 50 
of pressure, temperature and redox state of the melt (McMillan, 1984; Oestrike et al., 1987; Stein and 51 
Spera, 1996; Gerlach et al., 1998; Rossano et al., 2000; Jackson et al., 2005; Guillot and Sator, 2007b; 52 
Guillot and Sator, 2007a; Karki, 2010; Angeli et al., 2011; Bauchy and Micoulaut, 2011; Le Losq et al., 53 
2014; Bajgain et al., 2015; Karki, 2015; Kim et al., 2016; Ghosh and Karki, 2018; Caracas et al., 2019; 54 
Solomatova and Caracas, 2019; Ghosh and Karki, 2020; Solomatova and Caracas, 2021). Silicon in melt 55 
is mostly four-fold coordinated and acts as the main network former of the melt structure. Despite the 56 
fact that silicon could be found as Si0 in metallic inclusions of meteorites and planetary cores 57 
(Poitrasson, 2017), silicon is considered as only tetravalent in the upper mantle and crust of the Earth. 58 
Hence, silicon is not redox sensitive in terrestrial melts whereas iron is. Iron in melts has been assessed 59 
to behave differently in the melt depending on its redox state (Fe2+ or Fe3+). At low pressure, ferric iron 60 
is most likely to be four-fold coordinated and acts as a network former, as Al3+, whereas ferrous iron is 61 
five to six-fold coordinated and acts as a network modifier (see Mysen, 2006; Mysen and Richet, 2019 62 
and references therein). However, the role of ferrous and ferric iron in melts is still debated as some 63 
studies demonstrated that both could be four to six-fold coordinated and therefore they could both 64 
act as network modifier (Ghosh and Karki, 2020). Recent study of Ghosh and Karki (2020) displayed 65 
indeed that iron redox state has limited impact on the general melt properties. In contrast, the iron 66 
spin state has more influence on the structural properties of the melt. Some uncertainties on the 67 
behavior of cations in the melt remain and, one of the major unknown so far is the isotopic properties 68 
of melts, including those of silicon (28Si, 29Si, 30Si) and iron (54Fe, 56Fe, 57Fe, 58Fe).  69 
Analytical developments and improvements over the past two decades enabled scientists to 70 
investigate non-traditional stable isotope fractionation at high-temperature. Several studies carried 71 
out on natural and experimental samples have revealed measurable (> 0.05 ‰) silicon and iron 72 
isotopic fractionations in igneous systems:  i) Iron and silicon display heavy isotope enrichment during 73 
magmatic differentiation, although the trends are different (e.g. Weyer et al., 2005; Williams et al., 74 
2005; Poitrasson and Freydier, 2005; Shahar et al., 2008; Schoenberg et al., 2009; Savage et al., 2011; 75 
Sossi et al., 2012; Weyer and Seitz, 2012; Dauphas et al., 2014; Zambardi et al., 2014; Foden et al., 76 
2015; Nebel et al., 2015; Poitrasson and Zambardi, 2015; Gajos et al., 2016; Williams et al., 2018; Li et 77 
al., 2020), ii) Oceanic crust (MORB and Ocean Island Basalts (OIB)) displays heavier iron isotope 78 
signature than some mantle peridotites (e.g. Williams et al., 2009; Williams and Bizimis, 2014; Konter 79 
et al., 2016; Sossi et al., 2016; Nebel et al., 2018), iii) There is significant iron isotopes fractionation, 80 
associated to Fe-Mg chemical zoning, within single crystals of olivine (Teng et al., 2011; Sio et al., 2013; 81 
Oeser et al., 2015; Collinet et al., 2017a; Sio and Dauphas, 2017; Prissel et al., 2018; Sio et al., 2018; 82 
Oeser et al., 2018). The potential processes involved in the documented isotopic variations, such as 83 
partial melting (e.g. Weyer and Ionov, 2007; Williams et al., 2009; Sossi et al., 2016; Deng et al., 2019), 84 
fractional crystallization (e.g. Schuessler et al., 2009; Sossi et al., 2012; Telus et al., 2012; Foden et al., 85 
2015; Du et al., 2017), diffusion-driven kinetic fractionation (Lundstrom, 2009; Zambardi et al., 2014) 86 
or even fluid exsolution during late stage of differentiation (Poitrasson and Freydier, 2005; Heimann 87 
et al., 2008; Telus et al., 2012), were then investigated. However, interpretations of these observed 88 
isotopic variations are often limited by the lack of available equilibrium fractionation factors between 89 
coexisting phases, especially between minerals and silicate melts. Hence, the models used in the 90 
literature are under-constrained and precise quantification of the processes involved in Fe and Si 91 
isotopic fractionation in igneous rocks is hampered. It became then essential to obtain Si and Fe 92 
isotope compositions of various melts in order to quantify the processes associated to the isotopic 93 
variations in magmatic settings. By now, only few experimental and in-situ studies were carried out to 94 
obtain iron isotope composition of melts, using glasses as a proxy. Dauphas et al. (2014) displayed 95 
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significant variations in Fe isotope fractionation factors with varying composition of melts. 96 
Nevertheless, the mechanisms involved in isotopic fractionation in melts are still under-constrained. 97 
The degree of mass-dependent equilibrium fractionation between minerals has been associated to the 98 
oxidation state (for Fe; e.g. Polyakov and Mineev, 2000; Dauphas et al., 2014), the bonding 99 
environment (i.e. bond length and coordination number; e.g. Sossi and O’Neill, 2017), and the local 100 
chemical environments of the atoms of interests (nature and number of the second neighbors; Macris 101 
et al., 2015, Rabin et al., 2021). Grant (1954) and Poitrasson and Zambardi (2015) proposed 102 
polymerization degree as a key factor influencing the Si isotope fractionation during magmatic 103 
differentiation. However, at the mineral scale, this relationship does not seem to be the sole parameter 104 
involved (Méheut and Schauble, 2014; Qin et al., 2016; Rabin et al., 2021). The mechanisms listed 105 
above could play as well an important role on silicon and iron isotope fractionation in melts.  106 
 107 
To investigate the mechanisms involved in melt isotope fractionation, we have calculated consistent 108 
Si and Fe 𝛽-factors for various melt compositions using first-principles molecular dynamics (FPMD). In 109 
this study, five silicic melt compositions were investigated in order to assess the effect of increasing 110 
sodium, iron and silicon contents on the Si and Fe isotope composition of melts at 1 GPa. The pressure 111 
effect on isotope fractionation is also explored through a FPMD basalt simulation at 12 GPa. Our 112 
calculated Si and Fe 𝛽-factors for melts were combined to the set of Fe and Si 𝛽-factors of silicate and 113 
oxide minerals calculated by Rabin et al. (2021) and Qin et al. (2016) to obtain a full set of equilibrium 114 
fractionation factors between minerals and melts of various compositions. These data enable us to 115 
discuss the impact of equilibrium fractionation, through different processes such as fractional 116 
crystallization and partial melting, on Fe and Si isotopes systematics in igneous contexts. 117 

 118 
2- METHODOLOGY 119 

 120 
2.1- Modelling approach 121 

 122 
The structure properties as well as the reduced partition function ratios of each melt were obtained 123 
from FPMD simulations based on density functional theory (DFT). All calculations were performed 124 
using the Perdew-Burke-Ernzerhof (PBE) parametrized generalized gradient approximation (GGA) 125 
functional (Perdew et al., 1996) implemented in the Vienna Ab-initio Simulation Package (VASP; Kresse 126 
and Furthmüller, 1996). The interaction between the valence and core electrons were modelled using 127 
the projector-augmented wave (PAW) method (Kresse and Joubert, 1999). Plane-wave cutoff of 500 128 
meV and Brillouin-zone sampling at Gamma are used. The simulation cell of each system is constrained 129 
to a cube (Table 1). The design of the different melt structures in this study was conducted in 3 steps: 130 
i) A primary melt structure including 4 compounds (MgO, CaO, Al2O3, SiO2) was generated using 131 
classical molecular dynamics (MD) simulations, for few nanoseconds, based on DL-POLY code (Smith 132 
et al., 2002) and using empirical potentials proposed by Matsui (1994). ii) Substitution of some Mg 133 
atoms by Fe, some Ca atoms by Na or K was then performed in order to reach the desired melt 134 
compositions. iii) The structure thereby created was used as starting composition for the FPMD 135 
simulations. The structure was first equilibrated at high temperature (well above the melting point, > 136 
6000 K) using NVT canonical ensemble (fixed number of atoms N, constant volume V and constant 137 
temperature T) and then cooled down to a desired lower temperature (4000 K). A temperature of 4000 138 
K was settled in order to preserve the liquid state of the melts during the MD simulations (e.g. Bajgain 139 
et al., 2015; Ghosh and Karki, 2018; Caracas et al., 2019). Once the system was at the desired 140 
temperature, the isothermal-isobaric ensemble NPT (fixed number of atoms N, constant pressure P 141 
and constant temperature T) with variable-cell dynamics was used, for few picoseconds (ps) to 142 
optimize the cell parameters of each different melt composition (Table 1). The volume of the melt is 143 
indeed a key parameter as the liquid structure is primarily a function of volume, rather than pressure 144 
(Karki, 2010). Then, NVT canonical ensembles were used to explore the effect of the various liquid 145 
compositions, as well as the pressure effect, on iron and silicon isotopic properties. Both NPT and NVT 146 
ensembles used Nosé thermostats (with a Nosé mass-parameter of 3; Nosé, 1984). Each system 147 
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contains at least 100 atoms in order to have a simulation cell large enough to calculate equilibrium 148 
properties (Karki, 2010). To confirm that 100-atoms simulation cells were sufficient to describe the 149 
short- and medium-range properties of the silicate melts, a calculation on a 183-atoms simulation cell 150 
was also performed. The duration of the FPMD NVT simulation is also a critical parameter in order to 151 
satisfy the ergodicity principles (i.e. the system explores all the possible states of the system, with the 152 
same probability as in a liquid, during the simulation time). Therefore, the simulations were carried on 153 
for approximately 20 picoseconds in order to acquire representative ensemble at the desired 154 
temperature (Bajgain et al., 2015). Analysis of the mean-square displacements (MSD) as a function of 155 
time (Allen and Tildesley, 1989) were performed for each temperature-volume-composition condition, 156 
in order to confirm that the system stays in the liquid state (Appendix A -Supplementary material, Fig. 157 
S1 to S7).  158 
 159 
The mean pressure applied during the simulations is chosen to be around 1 GPa (corresponding to a 160 
crustal depth of ~35 km), in order to reproduce the pressure conditions of deep magmatic chambers 161 
such as in Montagne Pelée (Pichavant, 2002) or Iceland (Kelley and Barton, 2008). Moreover, partial 162 
melting happens at pressures between 1 and 3 GPa (e.g. Bertka and Holloway, 1994). The exact mean 163 
pressures of each melt are displayed in Table 1 and more detailed analysis of pressure evolution during 164 
the MD simulations are available in the Appendix A - Supplementary material, Fig. S8.  165 
 166 
The melts simulated here are composed of 7 to 8 chemical elements (Na, Ca, K, Fe, Mg, Al, Si, O) in 167 
order to reproduce faithfully natural melt compositions. Three calc-alkaline melts (iron-rich (IR) basalt, 168 
iron-depleted (ID) basalt and trachyte), and two peralkaline melts (basanite, phonolite) were studied 169 
in order to assess the isotopic evolution of the melt through differentiation (increasing SiO2 content) 170 
as well as the effect of alkaline content in the melts on iron and silicon isotopic fractionation. Rhyolitic 171 
melt was not modelled in this study, despite being of high interest as it is expected to display heavier 172 
iron isotopes composition than basalt (e.g. Dauphas et al., 2014; Roskosz et al., 2022). The low iron 173 
content of such melt would require a simulation cell larger than the ones used here, which is out of 174 
our calculation capacity. The melts compositions are displayed in Table 2. Ghosh and Karki (2020) 175 
showed that iron spin state configuration is a major parameter that influences greatly (> 15 %) the 176 
structural parameters of the melt. In our study, iron atoms are set up in high spin-state because it is 177 
known that iron is predominantly in high-spin states in glasses and melts at pressures relevant to crust 178 
formation (Mysen and Richet, 2019b and references therein). The Hubbard U term was not added to 179 
the DFT calculation as previous studies showed that there are no significant changes in terms of Fe 180 
local environment and melts properties (spin and valence state) between GGA and GGA+U calculations 181 
in liquid systems where Fe is in high-spin state, especially at high temperature (e.g. Karki et al., 2018; 182 
Caracas et al., 2019; Solomatova and Caracas, 2019; Ghosh and Karki, 2020). All iron atoms in the melts 183 
were set up as Fe2+, in order to be closer to natural Fe3+/Fetot composition as MORB displays Fe3+/Fetot 184 
of about 0.09 ± 0.2 (Bézos et al., 2021) and OIB of about 0.2 (Cottrell and Kelley, 2014). The Born-185 
effective charge tensors that represent the first-order response of the atomic positions to an electric 186 
field, were obtained for iron through VASP in order to control the valence of iron in each melt 187 
simulation. 188 
 189 
In addition to melt simulations, first-principles calculations are performed on two silicate minerals 190 
(Appendix A - Supplementary material, Table S1), using the same GGA-PBE functional and PAW 191 
pseudo-potentials as described above. These silicate minerals, already studied in Rabin et al. (2021), 192 
are aegirine (FeNaSi2O6) and forsterite (Fe0.25Mg1.75SiO4). The only purpose of these calculations is to 193 
assess the potential bias related to the use of different pseudo-potentials on the Fe and Si 𝛽-factors of 194 
silicate minerals. This will allow us to provide a more accurate set of fractionation factors between 195 
silicate minerals and melts using mineral data from Rabin et al. (2021).  196 
 197 

2.2- Calculation of equilibrium isotope fractionation factors 198 
 199 
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The equilibrium isotope fractionation factor α(a,b,Y) of an element Y between two phases a and b is 200 
defined as:  201 
 202 

𝛼(௔,௕,௒) =  
ఉ(ೌ,ೊ)

ఉ(್,ೊ)
   Eq. (1) 203 

 204 
where 𝛽(a,Y), called 𝛽-factor, is the reduced partition function ratio between phase a and a perfect 205 
gas of Y atoms. The usual notation of isotope fractionation, in permil (‰), is written 103ln (a,Y). The 206 
isotope fractionation factor is therefore expressed as 103lnα(a,b,Y) = 103ln (a,Y) - 103ln (b,Y) ≈ ∆a-b = 207 
a-b. The notations a and b, used in laboratory studies, represent the isotopic compositions of 208 
coexisting phase a and b and are expressed as, in the case of iron:  209 
 210 
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 212 
 213 
The reduced partition function ratios of the melts were calculated in this study using two different 214 
methods referred to as the “snapshot” method and the velocity auto-correlation function, “VAF” 215 
method.  216 
 217 
2.2.1- The “snapshot” method 218 
 219 
The molecular dynamics trajectories are constituted of up to 40 000 time-steps (∆t = 0.5 fs). In order 220 
to obtain the 𝛽-factor of each melt, a number of snapshots are extracted from the trajectory, at regular 221 
time interval, large enough to consider the snapshots as independent from each other. Then, each 222 
snapshot structure is relaxed to their equilibrium structure at T = 0 K and a finite pressure of 1 GPa, 223 
until the residual forces on atoms are less than 10-4 Ry/au, and the residual pressures smaller than 224 
0.002 GPa. Hence, the equilibrated structure does not correspond anymore strictly to a melt but rather 225 
to a glass. The “frozen phonon” approach is then used to determine the dynamical matrix for each 226 
snapshot: 1) Phonopy code (Togo and Tanaka, 2015) is used to generate the 6N (N = number of atoms 227 
in the simulation cell) configurations corresponding to each atomic displacement in the three 228 
dimensions (3N in the positive axis, 3N in the negative axis as it is a glass without symmetry). 2) self-229 
consistent field (scf) calculations are then performed on each configuration using VASP. 3) Post-230 
treatment is performed with Phonopy to obtain the dynamical matrix that is subsequently diagonalized 231 
for the two atomic masses of interest in order to obtain the vibrational frequencies for both 232 
isotopologues. The reduced partition function ratio is finally calculated from these vibrational 233 
frequencies (Bigeleisen and Mayer, 1947): 234 
 235 

𝛽(𝑎, 𝑌) =  ቎∏
ఔ೔

ఔᇱ೔

ଷேೌ೟
௜ୀଵ

௘
(ష

೓ഌ೔
మೖ್೅

)

ଵି௘
(ష

೓ഌ೔
ೖ್೅

)

ଵି௘
(ష

೓ഌᇲ೔
ೖ್೅

)

௘
(ష

೓ഌᇲ೔
మೖ್೅

)
቏

ଵ/ே

             Eq. (3) 236 

 237 
where, 𝜈I  and 𝜈’I are the vibrational frequencies of the two isotopologues (the prime symbol refers to 238 
the light isotope of the element Y), identified by a branch index i from 1 to 3Nat; Nat is the number of 239 
atoms in the simulation cell containing N atoms of the element Y; h is the Planck constant, kb is the 240 
Boltzmann constant, and T the temperature (in Kelvin). Equation (3) takes into account that there 241 
should be no isotopic fractionation at the high-temperature limit (i.e. the “Redlich-Teller” rule, Redlich, 242 
1935). 243 
 244 
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In order to obtain accurate and precise Si and Fe 𝛽-factors for each melt, “frozen phonon” calculations 245 
were performed on 6 to 10 snapshots per FPMD simulation. The snapshot 𝛽-factors are then averaged 246 
in order to obtain a mean 𝛽-factor for each melt and the uncertainties associated correspond to the 247 
standard error of the mean 𝛽-factor. In this method, the interatomic force constant (F) can be 248 
calculated from the dynamical matrix by averaging the force constants of the atom of interest (Fe or 249 
Si) in the three spatial dimensions x,y,z. The number of snapshots is large enough as shown by the 250 
cumulative mean of the 𝛽-factor and Fe force constant (Appendix A - Supplementary material, Fig. S9). 251 
 252 
The same methodology based on the vibrational frequencies was used to calculate the 𝛽-factors of the 253 
two minerals, except that only 3N configurations were generated by Phonopy, because of crystal 254 
symmetry. 255 
 256 
2.2.2 - The “VAF" method 257 
 258 
The “snapshot” method described above is a tried-and-tested method, especially for solvated species 259 
(Kowalski and Jahn, 2011; Dupuis et al., 2015; Pinilla et al., 2015; Ducher et al., 2018) but the resultant 260 
𝛽-factor does not strictly correspond to a liquid but rather to a glass as the atomic positions are relaxed 261 
at T = 0 K prior to the calculation of the 𝛽-factor. Another approach that allows to keep the 262 
temperature effect and the liquid properties (i.e. configurational disorder as well as possible 263 
anharmonic effects), is a method based on the kinetic energy of the atoms during the simulations 264 
following the thermodynamic perturbation theory (Landau and Lifshitz, 1980) where the 𝛽-factor is 265 
expressed as:  266 
 267 

𝑙𝑛𝛽஺௑   =  
௠ ି௠ᇱ

௠
 ቀ

௄

ோ்
−  

ଷ

ଶ
ቁ              Eq. (4) 268 

 269 
where K is the kinetic energy of the element of interest and can be calculated from the partial 270 
vibrational density of state (VDOS) noted g(e): 271 
 272 
𝐾 =  

ଷ

ଶ
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             Eq. (6) 273 

 274 
In equation 6, emax is the maximum energy of the vibrational spectrum, and E(e/kBT) is the Einstein 275 
function of the vibrational energy of a single harmonic oscillator at frequency ν = e/h, expressed as: 276 
 277 
ா(௘/௞ಳ்)

௞ಳ்
=  

௘/௞ಳ்

ୣ୶୮ (௘/௞ಳ்)
+ 

௘
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                 Eq. (7) 278 

 279 
Here, the VDOS, g(e), is obtained from the Fourier transform of the velocity auto-correlation function 280 
(VAF) thermodynamically averaged over all atoms (Meyer and Comtesse, 2011):  281 
 282 
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 284 
where Vi is the velocity of the i-th atom.  285 
 286 
In this method, the interatomic force constant can also be retrieved from the VDOS, using the following 287 
equation (e.g. Dauphas et al., 2012) :  288 
 289 
〈𝐹〉 =  

௠

ℏమ  ∫ 𝑔(𝑒)
ାஶ

଴
𝑒ଶ𝑑𝑒     Eq. (9) 290 

In this study, the “VAF” method is applied on 10 000 time-steps trajectories (5 ps), enabling us to obtain 291 
2 to 4 𝛽-factors for each melt that are then averaged. Uncertainties are estimated as the 2-standard 292 
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error of this calculated mean. The “VAF” method was only applied on iron isotopes as iron can be a 293 
network modifier, more likely to be affected by the transition liquid-glass (i.e. Fe-O coordination 294 
number, Fe-O distance) compared to Si that is a network former.  295 
 296 
The main limitation of using the VDOS to calculate the 𝛽-factor of a liquid is the fact that the VDOS 297 
display a non-zero value at zero frequency due to diffusion effects. In principle, this diffusive 298 
contribution should be removed before calculating the 𝛽-factor. Such corrections in complex silicate 299 
melts would be difficult to achieve since it would require precise knowledge of the molar volume 300 
contribution of each species in the melt. Furthermore, Pinilla et al. (2021) showed that these fluidicity 301 
effects were negligible in the calculation of equilibrium fractionation factor of iron in liquid Fex-1Sx 302 
alloys. Therefore, such effects were neglected here. 303 
 304 

 305 
3-  RESULTS 306 

 307 
3.1- Structural melt properties 308 
 309 
The partial radial distribution functions (RDF) of the different atomic species pairs present in the 310 
silicate melts were analyzed in order to determine the average interatomic distances as well as the 311 
atomic coordination (Appendix A - Supplementary material, Fig. S10 to S16). The atomic coordination 312 
(C) for a given species A with respect to another species B can be expressed as: 313 
 314 
𝐶஺஻ = 4𝜋𝜌஻  ∫ 𝑟ଶ𝑔஺஻(𝑟)𝑑𝑟

௥೘೔೙

଴
                    Eq. (9) 315 

 316 
 317 
where g(r) is the partial radial distribution function of the A-B atomic pairs and CAB represents the 318 
number of atoms of species B which lie within a spherical region of radius rmin centered around the 319 
atom of species A. 320 
 321 
The average cation-oxygen distances and CN are displayed in Table 3 and the results are described in 322 
Appendix A - Supplementary material (under the heading “The structural properties of the melt”). The 323 
results are generally consistent with previous molecular dynamics results performed at high 324 
temperature (e.g. Guillot and Sator, 2007a; Bajgain et al., 2015; Ghosh and Karki, 2018; Caracas et al., 325 
2019; Ghosh and Karki, 2020; Feng et al., 2021; Solomatova and Caracas, 2021). The 183-atoms 326 
simulation of the basalt_IR displays similar cation-oxygen coordination numbers (difference < 1.8%) 327 
and cation-oxygen average bond lengths (difference < 1%) as the 100-atoms simulation (Table 3). This 328 
allows us to confirm that 100-atoms simulations are large enough to discuss about the short- and 329 
medium-range structural properties and therefore equilibrium isotopic properties. 330 
 331 
Detailed analyses of iron and silicon environment in the different melts were performed by calculating 332 
the average distance between Fe or Si and their first cation neighbors as well as the corresponding 333 
coordination numbers (Table 4). The iron cationic neighbors are at a distance > 2.9 Å for all elements 334 
and all melts, except in iron-rich melts where the average distance between two iron atoms can be as 335 
low as 2.25 Å. Silicon is the most represented neighbor with an average Fe-Si coordination number 336 
between 3.02 and 4.30. The other elements display a Fe-cation coordination number < 2, except for 337 
Fe-Al coordination number in the phonolite (3.09). The silicon cationic neighbors are at a distance > 3 338 
Å for all elements and all melts. The silicon close environment is more varied, with no clear preference 339 
in term of nature of second neighbors (Si, Al, K). The average number of network formers (Si+Al) 340 
around Si are always > 3.8 except for basalt_ID that has an average number of 1.87. This would suggest 341 
that iron-depleted basalts (basalt_ID), unlike the other melts, cannot form a proper tetrahedral 342 
network. This agrees with Guillot and Sator (2007a) conclusions.  343 
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The degree of polymerization is an important parameter that is directly associated to the composition 344 
of the silicate melts. According to Mysen et al. (1985), a melt can be described in term of degree of 345 
polymerization, designated as NBO/T where NBO represents the number of Non-Bridging Oxygen 346 
atoms, and T stands for Tetrahedrally coordinated cations representing the network formers (Si and 347 
Al in this study). These NBO/T ratios (Table 2) show that the more evolved melts such as trachyte and 348 
phonolite (NBO/T = 0.28) are more polymerized than the basaltic melts (NBO/T=1).  349 
 350 
The structural homogeneity of melts can be defined according to glass specialists using a simple 351 
parameter characterizing the degree of occupation of the interstitial site C=M/T (Kuryaeva, 2004), 352 
where M represents the network- modifiers, and T the network formers. A melt structure is considered 353 
homogeneous when C < 0.27. The melt heterogeneity is mostly driven by the total concentration of 354 
alkali and alkali-earth metals oxides (Kuryaeva, 2004). In this study, melts are heterogeneous, 355 
displaying C values ranging between 0.45 for phonolite and 0.67 for the calc-alkaline basalt_IR and 356 
basalt_ID. This high degree of occupation of interstices is indeed favorable to individual structural 357 
groupings in the melts (i.e. microheterogeneous structure). The heterogeneity of aluminosilicate 358 
melts, caused by high content of sodium cations, leads to changes in the properties that are not 359 
accounted for in the degree of polymerization calculation. This explains why there is no apparent 360 
relationship between NBO/T and the Fe-O coordination number and unclear correlation with Si-O 361 
coordination number (Appendix A - Supplementary material, Fig. S17). 362 
 363 
3.2. Reduced partition function ratios of iron and silicon 364 
 365 
The theoretical reduced partition function ratios have been calculated for iron and silicon. Their 366 
temperature dependences are displayed in Fig. 2 as well as their corresponding polynomial fits in Table 367 
5. As observed for minerals (Blanchard et al., 2017; Rabin et al. 2021), there is a linear correlation 368 
between melt 𝛽-factor and their associated average interatomic force constant (Fig. 3). At 1000 K, the 369 
103ln57Fe/54Fe for all melts span in a range of ~ 1.1 ‰ and the 103ln30Si/28Si are within a range of ~ 370 
0.5 ‰ (Fig. 2). The variation of Fe isotope compositions within melts are greater than the one observed 371 
in silicate minerals whereas the variation of Si isotope compositions is twice larger in minerals relative 372 
to melts (Compare Fig. 2 with Fig. 1 of Rabin et al., 2021). Phonolite, the most evolved peralkaline melt 373 
displays the highest iron 𝛽-factors followed by the calc-alkaline iron-rich basalt (Basalt_IR) whereas 374 
the calc-alkaline iron-poor basalt (Basalt_ID) displays the lowest iron 𝛽-factors. On the other hand, the 375 
highest Si 𝛽-factor is found in trachyte, followed closely by phonolite.  376 
 377 
3.2.1. “Snapshot” vs “VAF” method. 378 
 379 
The Fe reduced partition function ratios were calculated using two methods: the “VAF” method and 380 
the “snapshot” method (See Part 2.2). In the “snapshot” method the 𝛽-factors are extrapolated to 381 
magmatic temperatures using Eq. (3) using the vibrational frequencies calculated at 0 K and P = 1 GPa. 382 
On the other hand, 𝛽-factors determined by the “VAF” method are extrapolated from the MD run at 383 
4000 K and P ≃ 1 GPa using Eq. (4). Results show that the “VAF” and “snapshot” methods give similar 384 
force constants within uncertainties (Table 6) and therefore 𝛽-factors since both quantities are linearly 385 
correlated (Fig. 3). This is consistent with the fact that the structures obtained with the “snapshot” 386 
method are really similar to the ones from the “VAF” trajectories in terms of bond lengths, 387 
coordination number and nature of Fe neighbors. The calculated uncertainties are twice larger with 388 
the “VAF” method than using the “snapshot” methods, but uncertainties could be certainly reduced 389 
by increasing significantly the duration of the simulations. Concerning phonolite, the discrepancy of 390 
force constant between the “VAF” and “snapshot” methods associated to extremely large 391 
uncertainties, notably for the former method, make the use of these results more difficult. It is clear 392 
that phonolite tends to have heavier Fe isotopic values than the other melts. However, the Fe force 393 
constant cannot be clearly quantified. This may be caused by the model itself of the phonolite melt 394 
that contains only one Fe atom over the 102-atoms system which reduces significantly statistical 395 
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sampling. However, outside this exception, the similar Fe 𝛽-factors obtained by the “VAF” and the 396 
“snapshot” methods allow to conclude that both methods are relevant to determine the isotopic 397 
properties of a melt. This conclusion was previously reached by Pinilla et al. (2021) in the case of Fe-S 398 
alloys at high pressure and temperature conditions. This also means that potential anharmonic effects, 399 
that are at least partially taken in account with the “VAF” method, are negligible considering the 400 
uncertainties obtained and that extrapolation of Fe 𝛽-factors at high temperature from force constants 401 
obtained at low temperature is relevant (e.g. NRIXS and Lamb-Mössbauer measurements; Dauphas et 402 
al., 2014; Roskosz et al., 2022). In the discussion and applications parts, the only results that will be 403 
considered are the ones obtained from the “snapshot” method for clarity and consistency with Si 404 
isotopes results.  405 
 406 
 407 
3.2.2 – Fractionation factors between minerals and melts. 408 
 409 
One of the major issues in determining the processes involved in iron and silicon isotope fractionation 410 
during magmatic differentiation is the lack of equilibrium Fe and Si fractionation factors between 411 
minerals present at magmatic temperatures (i.e. pyroxene, olivine, oxides...) and their associated 412 
melts. In this study, we combine the Fe and Si 𝛽-factors of various minerals present in magmatic 413 
setting, obtained from first-principles calculation (Rabin et al. 2021) with the present iron and silicon 414 
𝛽-factors of the melts in order to obtain a full set of equilibrium fractionation factors between minerals 415 
and melts (∆57Femineral-melt and ∆30Simineral-melt). The entire set of Fe and Si equilibrium fractionation factors 416 
between minerals and melts, calculated after systematic bias correction (Appendix B- Supplementary 417 
Data), is displayed in Table 7.  418 
 419 
It is noticeable that most of the minerals display lighter iron and silicon isotope composition than the 420 
different melts at equilibrium (Appendix B - Supplementary material). Only albite, anorthite, quartz 421 
and fayalite that display heavier silicon isotopic relative to the different melts. Likewise, aegirine and 422 
magnetite display heavier iron isotopic signature than basalt_ID, basanite and trachyte melts. As 423 
expected, fayalite, with its low iron force constant (F = 100 N/m), is the mineral that shows the greatest 424 
iron isotope fractionation with the different melts, followed by aegirine, hedenbergite and augite 425 
(Appendix B - Supplementary material).  426 
 427 
 428 

4- DISCUSSION  429 
 430 
4.1 – Iron and silicon environment in the silicate melts. 431 
 432 
Our results on the iron and silicon structural properties allow us to discuss the iron and silicon 433 
environment in the different investigated melt. As mentioned in part 3.1, silicon structural properties 434 
are independent of the melt composition whereas iron is sensitive to the compositional change of the 435 
melt.  436 
 437 
The nature of the network former in the melt is one of the parameters investigated that have an impact 438 
on iron atoms bonding-properties. We observe a linear relationship between Fe-O coordination 439 
number and the Al/(Si+Al) ratio in melts as described in previous studies (Mysen et al., 2003). Phonolite 440 
and basanite display the highest Fe-O coordination numbers that correspond to the highest Al/(Si+Al) 441 
ratio. Peralkaline undersaturated melts are indeed, by definition, depleted in silicon. The increasing 442 
aluminum content as network former over silicon results in an increase of the coordination number of 443 
all the network modifiers (Table 3) including the part of aluminum acting as network modifier (Fig. 1).   444 
 445 

The iron effective charge in the investigated melts shows little variation (2.28-2.37) that cannot 446 
be correlated to systematic changes in coordination number or Fe-O distances (Tables 2 and 3). This 447 



10 
 

agrees with the study of Ghosh and Karki (2020) showing that ferric and ferrous iron can have the same 448 
coordination number in melts and that variations of iron effective charge in melts cause no significant 449 
change of the structural properties of iron. 450 
 451 

The structural heterogeneity of the melts, defined in part 3.1 as related to the abundance of 452 
network modifiers, indicates the potential presence of individual structural groupings that could also 453 
induce segregation of cations in the melts. Therefore, it is interesting to look at the nature and 454 
distribution of the network modifier cations around iron and silicon (Table 4). Iron tends to favor iron 455 
as its closest neighbor in melts when iron concentration is relatively high (basalt_IR, basanite; Table 456 
4). The distribution of iron atoms as a next nearest neighbor (NNN) of another iron can be determined 457 
by dividing the number of Fe NNN by the total number of its NNN’s (i.e. CNFe-Fe/CNFe-X, with X = Fe, 458 
Ca, Na, Si, Mg, and Al, Rossano et al., 2000). In the case of a random distribution of cations in the 459 
melt structure, this ratio is only dependent of the melt stoichiometry. For the basaltic melt (basalt_IR), 460 
a random cation distribution model predicts a value of 0.1, while our FPMD simulation indicates a value 461 
of 0.14. Concerning the basanite melt, a random distribution of iron in the melt corresponds to a value 462 
of 0.12. FPMD basanite simulation gives a ratio of 0.14. These results suggest a slight segregation of 463 
iron in the basanite and basalt_IR melts. Concerning silicon, unlike iron there is no systematic 464 
preferences in term of the nature of second neighbors. The next nearest neighbor of silicon is 465 
alternatively silicon itself, aluminum, potassium or even calcium.  466 
 467 
4.2 – Silicate glasses vs silicate melts. 468 
 469 
In many experimental studies, glasses are the only proxy for melts. When the melt quenching is fast 470 
enough to avoid cation reorganization, then the glass structure associated is most likely to be close to 471 
the melt one as observed with the snapshot method. A comparative study of MD simulation and 472 
experimental glasses shows that cation-oxygen distances are slightly larger in glasses than in melts 473 
even if the structure properties are very similar (Rossano et al., 2000). Feng et al. (2021) exhibited 474 
notable structural changes (i.e. density) between the basaltic glass and its molten counterparts, 475 
especially at low pressure. Ghosh et al. (2021) also pointed out that the effects of temperature on the 476 
Fe-O coordination is not negligible, with a silicate glass at 300 K displaying Fe-O coordination of 4.5 477 
whereas melt at 3000 K have a Fe-O coordination of 3.7. In the case of isotopic variation between melts 478 
and glasses, this question has not really been assessed. As stated in the methods section, the “VAF” 479 
method takes into account all features of the melt system whereas the “snapshot” method involves a 480 
relaxation of atomic positions at zero temperature. Both methods give similar 𝛽-factors. However, it 481 
is noteworthy that this computational structural relaxation does not mimic exactly the quench of a 482 
glass that is inevitably slower. Many studies observed that the coordination number of an element is 483 
a parameter that will affect its isotopic signature in a material (e.g. Polyakov and Mineev, 2000; 484 
Méheut et al., 2009; Sossi and O’Neill, 2017; Rabin et al., 2021).  Therefore, it is possible that silicate 485 
glasses are not an ideal proxy for melts, as glasses display significantly higher coordination numbers 486 
and therefore will underestimate the melts 𝛽-factor. 487 
 488 
 489 
4.3 – Iron isotope fractionation in melts. 490 
 491 
4.3.1 – Parameters controlling Fe isotope fractionation. 492 
 493 
In silicate minerals, the main parameters involved in iron isotope fractionation, besides temperature, 494 
are the oxidation state of iron, i.e. Fe3+/Fetot (Polyakov and Mineev, 2000; Shahar et al., 2008; Dauphas 495 
et al., 2014), the Fe-O bond length, the Fe-O coordination number (Sossi and O’Neill, 2017) and the 496 
number and nature of iron second-neighbors (Macris et al., 2015; Rabin et al., 2021). All these 497 
parameters are also expected to have an impact on melt iron isotope composition. However, the 498 
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importance of a parameter over another can change due to the structural differences between melts 499 
and minerals. Furthermore, the range of Fe -factors within those melts is greater than what was 500 
observed in silicate minerals (Compare Fig. 2 with Fig. 1 of Rabin et al., 2021). 501 
 502 
 The first important observation from these FPMD simulations is that the variations in Fe-O 503 
coordination number (from 3.7 to 4.7) does not seem to be correlated to the iron force constants (Fig. 504 
4a). Trachyte that has a Fe-O coordination number of 3.74, displays a similar force constant <F> (191 505 
± 20 N/m) as basanite (196 ± 13 N/m) that has a Fe-O coordination number of 4.73. The second main 506 
observation is the iron force constant dependency on Fe-O distances (Fig. 5a). The basalt_IR has the 507 
highest Fe force constant (243 ± 17 N/m) associated to the shorter Fe-O bond length (1.76 Å). This is 508 
consistent with the study of Sossi and O’Neill (2017) that shows that the silicate minerals with the 509 
shorter Fe-O bonds tend to be enriched in heavy 57Fe.  510 
 511 
Dauphas et al. (2014), revised by Roskosz et al. (2022), demonstrated that there is a relationship 512 
between iron force constant and Fe3+/Fetot in silicate glasses produced under different level of oxygen 513 
fugacity (Fig. 6) with the glasses synthetized under high oxidizing condition displaying the highest Fe 514 
force constant. They also demonstrated that Fe2+-glasses (log(ƒO2) = -8) have large variations of iron 515 
force constant (from 188 ± 7 up to 251 ± 10 N/m) depending on their SiO2 content. This range is 516 
relatively similar to the one observed in our study (from 171 ± 8 up to 243 ± 17 N/m), however no 517 
relationship between SiO2 content and force constant is observed in our study given the silica range 518 
investigated (Fig. 6). In addition, Roskosz et al. (2022) also displayed iron mean force constant 519 
variations in Fe2+-rich melts with similar SiO2 content. Therefore, the variation of Fe force constant in 520 
melts with similar Fe2+ and SiO2 content definitely means that iron isotope fractionation within silicate 521 
melts cannot be uniquely explained in term of iron redox state or network-former concentration.  522 
 523 
In addition to the lack of relationship between Fe force constant and SiO2 content, there seems to be 524 
no correlation between iron force constant and the melt polymerization parameter NBO/T (Fig. 7a).  525 
However, there is a relationship between the Fe-Fe and Fe-Mg distances and iron force constants: a 526 
decrease of these distances leads to higher iron force constant (Fig. 8c and d). This explains why 527 
basalt_IR and basanite display higher force constant than the basalt_ID and trachyte (Table 6). This 528 
suggests that, like for minerals (Macris et al., 2015; Rabin et al., 2021), the melts iron force constant 529 
could be influenced by the Fe local environment. However, there is no clear relationship between 530 
iron/magnesium concentration in the melts and the iron force constant (Fig. 9). Further investigations 531 
are necessary to confirm and quantify the impact of the Fe local environment on the iron force 532 
constant. Sodium cations might also play a role on iron isotope fractionation in melts even if there is 533 
no direct relationship between Fe-Na distances or Na2O and iron force constant (Figs. 8, 9). As 534 
discussed in part 3.1.2, the content of sodium drives the structural heterogeneity of the melt, enabling 535 
the observed segregation of cations around iron atoms. Roskosz et al. (2022) also suggested that melts 536 
composition and more precisely the presence of K or Na cations leads to higher force constant. Here, 537 
we do not observe a higher force constant in the trachytic melt where the concentration of K and Na 538 
is relatively high. The major difference between this study and the one by Roskosz et al. (2022) is that 539 
they used simplified melt compositions, therefore the variety of the iron second neighbors was 540 
narrowed (Na or K and Fe itself). Furthermore, we display in the present study that neither Na nor K 541 
cations are favored as Fe second neighbor in a natural-like melt where the composition is more 542 
complex, except the highly alkaline melt (i.e. phonolite). Overall, our theoretical study agrees with 543 
Roskosz et al. (2022) on the fact the nature of the cations in the melts, and most likely the nature of 544 
the cations surrounding Fe atoms, seems to affect the iron force constant. 545 
 546 
Hence, Fe isotope fractionation in melts appears mainly driven by the Fe-O bond length and by the 547 
nature and number of the network-modifier cations around iron atoms. 548 
 549 
4.3.2 - Comparison between theoretical and experimental data 550 
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 551 
Dauphas et al. (2014) were the first to provide experimental iron 𝛽-factors of silicate terrestrial glasses 552 
of various compositions, as proxy of melts, using Nuclear Resonant Inelastic X-ray Scattering (NRIXS). 553 
In Fig. 6, iron force constant obtained by NRIXS (Dauphas et al., 2014) are compiled with our calculated 554 
ones. The range of iron force constants of their Fe2+-basaltic glasses (from 197 ± 8 N/m up to 292 ± 18 555 
N/m) are similar to our calculated iron force constants for Fe2+-basaltic melts at 1 GPa (between 171 ± 556 
8 N/m up to 243 ± 17 N/m), although their major element compositions are different. For the most 557 
evolved lavas, our trachyte iron force constant is consistent with that of Dauphas et al. (2014). They 558 
found no major increase in the iron force constant until late stage of magmatic differentiation (~ 70 559 
wt% of SiO2) for the silica-saturated series.  No measurement on silica undersaturated peralkaline 560 
glasses were performed which prevents us to compare our phonolite and basanite iron 𝛽-factor. Later, 561 
Prissel et al. (2018) determined iron force constants between 189 ± 9 and 203 ± 11 N/m for their 562 
synthetic lunar glasses using NRIXS that is undistinguishable from Dauphas et al. (2014) estimates for 563 
terrestrial basalts under IW fO2 conditions (See Fig. 4 of Prissel et al., 2018) and lies within our range 564 
of values for terrestrial basalts. Dauphas et al. (2014) and Prissel et al. (2018) concluded at no Fe 565 
isotope fractionation between forsterite and melts of various planetary composition, including 566 
terrestrial since they have the same force constant. Our calculated fractionation factor between 567 
forsterite and the basalt with low iron content (Basalt_ID) ∆57Feforsterite-basalt_ID = -0.01 ‰ at 1500 K agrees 568 
with such a conclusion. However, this study displays a fractionation factor between forsterite and the 569 
basalt with high iron content (FeO = 13.1 wt%) ∆57Feforsterite-basalt_IR = -0.15 ‰ at 1500K.  If the range of 570 
Fe force constant calculated for the melts is similar to the measured one for glasses (Prissel et al. 2018, 571 
Dauphas et al. 2014), our basaltic melt with high FeO content displays higher iron force constant than 572 
the basalt with elevated FeO contents investigated by Prissel et al. (2018). As we underlined in part 573 
4.3.1, multiple parameters tend to affect the iron force constant of the melts, including differences of 574 
compositions (e.g., the addition of titanium in the glasses studied by Prissel et al. (2018), although 575 
these authors did not see an effect on the Fe force constant). Also, our calculation does not take into 576 
account the possible effect of variable melt fO2 (Part 2.1). Moreover, our forsterite Fe force constant 577 
calculated by DFT (162 ± 8 N/m) is also lower than the one obtained by NRIXS measurements (197 ± 578 
10 N/m; Dauphas et al. 2014).  579 
 580 
Other studies mainly focused on inter-mineral iron isotope fractionations (Polyakov and Mineev, 2000; 581 
Shahar et al., 2008; Dauphas et al., 2012; Macris et al., 2015; Roskosz et al., 2015; Sossi and O’Neill, 582 
2017) as measuring iron isotope composition of glasses in equilibrium with minerals is a great 583 
analytical challenge on natural and experimental samples. This is why there is only few data on iron 584 
isotope fractionation factor between silicate melts and minerals. However, ∆57Femineral-melt were 585 
assessed empirically in many studies performed on natural samples in order to model fractional 586 
crystallization and other related processes (e.g. Sossi et al., 2012; Sossi et al., 2016; Williams et al., 587 
2018). Williams et al. (2018) determined a ∆57Femelt-cpx of 0.15 ‰, based on the observed difference in 588 
mean Fe isotope composition between oceanic basalts and fertile mantle peridotites (Williams and 589 
Bizimis, 2014) with no indication of the temperature dependence. Assuming a temperature of 1000 K, 590 
our calculated ∆57FeBasalt_ID-Augite and ∆57FeBasalt_ID-Hedenbergite of about 0.12 ‰ as well as ∆57FeBasalt_ID-Diopside 591 
= 0.08 ‰ are only slightly lower than the empirically determined one. However, looking at iron-rich 592 
basalt, our calculated ∆57FeBasalt_IR-Augite and ∆57FeBasalt_IR-Hedenbergite of about 0.42 ‰ as well as our 593 
∆57FeBasalt_ID-Diopside = 0.38 ‰ appear significantly larger than the 0.15 ‰ value proposed by Williams et 594 
al. (2018). Depending on the iron content in the melt ∆57Fecpx-melt can vary between 0.08 ‰ up to 0.42 595 
‰ at 1000 K. This is why strong cautions need to be applied when using ∆57Femelt-mineral to model iron 596 
isotope composition of natural samples. It is important to know the exact chemistry of the bulk rock 597 
and of the minerals, along with the melt fO2 (see Fig. 6 and Dauphas et al., 2014; Prissel et al., 2018). 598 
The ∆57Femelt-cpx = 0.25 x 106/T2 used by Sossi et al., (2012) to model fractional crystallization at Red hill 599 
volcano also fits in the calculated range. Our calculated ∆57Feforsterite-basalt_IR = -0.15 ‰ at 1500 K agrees 600 
with the ∆57Feol-melt of -0.15 ‰ observed by Teng et al. (2008) at magmatic temperature. However, 601 
subsequent in situ Fe isotope measurements from the same group showed that this was essentially a 602 
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kinetic effect occurring upon magma cooling (see review in Dauphas et al. (2017)). Hence, this 603 
comparison with the literature suggest that our calculated values seem to be on the higher end relative 604 
to previous field-based and experimental studies (Williams et al., 2018; Prissel et al., 2018) and further 605 
investigations will be needed to clarify why. 606 
 607 
 608 
4.4 – Silicon isotope fractionation in melts. 609 
 610 
4.4.1 – Parameters controlling Si isotope fractionation. 611 
 612 
The parameters proposed to control silicon isotope fractionation in silicate minerals are Si-O bond 613 
lengths, Si-O polyhedron volume (Qin et al., 2016), Si-O coordination number (Méheut et al., 2009; 614 
Méheut and Schauble, 2014; Qin et al., 2016), the nature of silicon second neighbors (Rabin et 615 
al.,2021), the electronegativity of the surrounding cations (Méheut and Schauble, 2014), and the 616 
polymerization degree (Grant, 1954; Poitrasson and Zambardi, 2015) .  617 
 618 
Looking at the melts investigated here, we find that the range of Si isotope 𝛽-factors in melts is 619 
relatively similar to that observed in silicate minerals, though to the higher end (Fig. 3b), except for 620 
fayalite that displays a significantly lower 𝛽-factor. The average Si-O bond length and coordination 621 
number are similar in all the investigated melts (Table 3). This means that neither Si-O bond length nor 622 
Si-O coordination number are responsible for the Si 𝛽-factor variation observed in these melts (Fig.4b 623 
and Fig. 5b). This lack of relationship between those parameters and the silicon isotope fractionation 624 
were also observed in the silicate minerals investigated in Rabin et al. (2021) that all display a 625 
coordination of 4, and an average Si-O bond length of 1.65 Å. 626 
 627 
The melt polymerization has been proposed to be the main factor causing silicon isotope fractionation 628 
among bulk igneous rock series (Poitrasson and Zambardi, 2015). At the mineral scale however, 629 
polymerization of SiO4

4- tetrahedra did not appear to be the sole parameter influencing Si isotope 630 
fractionation in silicates (Méheut et al., 2009; Méheut and Schauble, 2014; Qin et al., 2016; Rabin et 631 
al., 2021). In this study, there seems to be a correlation between NBO/T and Si force constant from 632 
basalt to trachyte, considering the associated uncertainties (Fig. 7b). However, Phonolite has a Si force 633 
constant of 700 ± 15 N/m associated with a NBO/T ratio of 0.28 whereas basalt_ID has a similar Si force 634 
constant (695 ± 13 N/m) but a NBO/T ratio of 1 (Fig. 7b). As underlined part 3.1, variable melts 635 
composition, generating structural heterogeneities, can blur the potential correlation with the 636 
polymerization parameter NBO/T. This scatter is well observed among terrestrial igneous rocks, as 637 
opposed to lunar ones with a simpler petrogenetic history, notably in terms of protolith that were 638 
likely less varied on the Moon (Poitrasson and Zambardi, 2015). This suggests that in melts displaying 639 
structural heterogeneities, the polymerization degree might not the main parameter influencing 640 
silicon isotope composition.  641 
 642 
A limited increase in Si force constants with increasing SiO2 content, a proxy for magmatic 643 
differentiation, can also be inferred (Fig. 10). However, there is no relationship between Si force 644 
constant and Si-Si distance (Fig. 11), nor with coordination number. The variation of SiO2 content (from 645 
49.1 to 63.2 wt%) in our simulated melts is relatively reduced. To evidence any strong relationship 646 
between Si force constant and SiO2 content a melt with > 70 wt% silica content would need to be 647 
modeled.  Silicon force constants are really similar for basalt_ID, basanite and phonolite, with values 648 
of 695 ± 13, 687 ± 8 and 700 ± 15 N/m respectively. This means that increasing alkaline and aluminum 649 
content in the melts, that seems to play a role on iron isotope fractionation, has no effect on silicon 650 
fractionation (Fig. 10). This also demonstrates that electronegativity differences of the cations 651 
constituting the melt (Na = 0.93; Mg = 1.31; Al = 1.63) does not affect the silicon isotope composition 652 
of the melts. Silicon is indeed a network former in the melts and silicon structural properties as well as 653 
the Si force constant are much less sensitive to melt composition than iron. The only significant 654 
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variation of Si force constant is between basalt_IR and trachyte with values of 669 ± 11 N/m and 716 655 
± 10 N/m, respectively. Besides the polymerization degree (Fig. 7b), it seems that the major difference 656 
between these two melts are the Si-Fe average distance, of about 3.1 Å for basalt_IR and 2.4 Å for 657 
trachyte (Table 4). The shortest average Si-Fe distance corresponds to the highest Si force constant in 658 
the melts (Fig. 11).  659 
 660 
To conclude, the small but significant silicon isotope fractionation in the melts seems to be mainly 661 
driven by either the presence of iron as silicon second neighbors and/or the melt polymerization 662 
degree. The nature of the melt, whether peralkaline or calk-alkaline, is not influencing the silicon 663 
isotope signature. Further studies with a larger range of SiO2 content would need to be performed in 664 
order to assess whether SiO2 content is affecting or not the Si isotope composition of the melts.  665 
 666 
4.4.2 - Comparison between theoretical and experimental data 667 
 668 
As for iron isotopes, most studies focused on inter-mineral silicon isotope fractionation (Méheut et al., 669 
2009; Savage et al., 2011; Méheut and Schauble, 2014; Qin et al., 2016) and there are only two studies 670 
reporting so far ∆melt-mineral 

30Si/28Si. Qin et al. (2016) and Deng et al. (2019), used the silicon β-factors of 671 
silicate minerals calculated by Qin et al. (2016) in order to assess Si fractionation factors between 672 
silicate minerals and different melt compositions. These calculations were performed assuming that 673 
silicate melts have Si isotope fractionation factors equal to the weighted sum of those for their 674 
normative mineral compositions. Our set of Si isotope fractionation factors as well as the one 675 
calculated by Deng et al. (2019) at 1123 K are displayed in Figure 12 (and Table S1 – Appendix B – 676 
Supplementary material). Both studies display a similar order for Si fractionation factors with ∆melt-677 
diopside 

30Si/28Si > ∆melt-orthoenstatite 
30Si/28Si > ∆melt-olivine 

30Si/28Si > ∆melt-anorthite 
30Si/28Si > ∆melt-albite 

30Si/28Si. The 678 
silicon fractionation factors calculated by Qin et al. (2016) and Deng et al. (2019) are, however, 679 
systematically higher than our calculated ∆melt-mineral 

30Si/28Si, by 0.1-0.2 ‰ for the trachytic melt and by 680 
0.4-0.5 ‰ for basaltic (IR) melt. The discrepancies between our calculated silicon fractionation factor 681 
between minerals and trachytic melt and the one estimated from Qin et al. (2016) lies within our 682 
estimated uncertainties of ≃ 0.3 ‰ at 1123 K. Concerning the basaltic melt, the ∆mineral-melt 

30Si/28Si of 683 
Qin et al. (2016) is slightly higher than our calculated ∆mineral-melt 

30Si/28Si within uncertainties. As a result, 684 
Qin et al. (2016) would suggest that olivine and enstatite have a lighter silicon isotope composition 685 
than the basaltic melts and that the silicon fractionation factor between the feldspars and the melt is 686 
insignificant which is not what is observed in our study (Figure 12). The high Si β-factor of the basaltic 687 
melt estimated by Qin et al. (2016) and Deng et al. (2019) is probably due to the high content of 688 
feldspars in the composition of the magmatic rocks, mainly in the mesostasis. As a consequence, 689 
estimated 103lnβmelt is mainly driven by anorthite and albite Si β-factors. From our results, it appears 690 
that the melt Si β-factor can hardly be assessed by using the weighted sum of the mineral composition 691 
of the melt and their associated Si β-factor, especially for the more mafic ones. 692 
 693 

5- APPLICATIONS 694 
 695 
5.1 – Magmatic differentiation  696 
 697 
5.1.1- Iron isotopes 698 
 699 
Iron isotope fractionation has been widely studied on natural samples in the context of magmatic 700 
differentiation. Most of the magmatic series display heavy iron isotope compositions in the most 701 
evolved lavas (e.g. Teng et al., 2008; Sossi et al., 2012; Williams et al., 2018), especially with SiO2 702 
content > 70 wt% (e.g. Poitrasson and Freydier, 2005; Schuessler et al., 2009; Zambardi et al., 2014). 703 
One of the candidates to explain such isotopic signature is fractional crystallization. However, the 704 
impact of fractional crystallization on iron isotope fractionation is still debated. Many studies 705 
considered that there is no significant iron isotopic fractionation between Fe2+-minerals and the 706 
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associated melt and that magnetite, an Fe3+ oxide, is the main mineral phase driving the iron isotope 707 
composition in the lavas. Hence, the evolved lavas should display lighter iron isotopic composition 708 
(Shahar et al., 2008). Therefore, fractional crystallization has been discarded as potential candidate to 709 
explain the observed heavy iron isotope signature at the last stage of magmatic differentiation 710 
(Zambardi et al., 2014). However, Dauphas et al. (2014) displayed the first experimental β-factors for 711 
glasses (see section 4.3.2 above) and demonstrated that the heavy isotope signature of evolved melts 712 
could compensate for the magnetite crystallization during magmatic differentiation. Thus, fractional 713 
crystallization could lead to the heavy 57Fe observed. Besides, Polyakov and Mineev (2000) and Rabin 714 
et al. (2021) showed that isotopic fractionation between Fe2+-bearing minerals are significant. Taking 715 
this into account in fractional crystallization models could reproduce the isotopic trend observed in 716 
natural lavas (Rabin et al. 2021). Here, the model produced in Rabin et al. (2021) was modified by 717 
replacing the approximated ∆57Femin-melt (using melt β-factor of Dauphas et al. (2014)), by the ∆57Femin-718 
trachyte calculated in this study (Table 7, Appendix C - Supplementary material -Table E1). Our model 719 
shows a smooth increase of 57Fe from 58 wt% SiO2 to 74 wt% SiO2 followed by a sharp increase up to 720 
0.65‰ (Fig. 13a). This sharp 57Fe increase observed at 74wt% SiO2 is related to the end of ulvöspinel 721 
and magnetite and beginning of ilmenite crystallization (see Appendix C - Supplementary material). If 722 
most of the Fe isotope signatures of the evolved lavas and granites (e.g. Poitrasson and Freydier, 2005; 723 
Telus et al., 2012; Foden et al., 2015) can be explained by our fractional crystallization model, some of 724 
the heaviest iron isotopic signatures observed in some granites (57Fe = + 0.9 ‰; e.g. He et al., 2017; 725 
Xia et al., 2017) are however not reproduced by this model. Despite the fact that this is the most 726 
constrained fractional crystallization model produced so far, the lack of calculated β-factor for rhyolitic 727 
melt could under-estimate the 57Fe of the most evolved melt as rhyolitic melt should have a higher 728 
β-factor than trachyte (Dauphas et al., 2014). Overall, from this new model, it is possible to conclude 729 
that fractional crystallization may explain at least part of the iron isotope evolution during magmatic 730 
differentiation for 57Fe values up to 0.65 ‰.  731 
 732 
5.1.2-- Silicon isotopes 733 
 734 
Silicon isotopes show progressive and systematic enrichment in heavy isotopes during magmatic 735 
differentiation (Savage et al., 2011; Zambardi et al., 2014) going from 30Si = -0.30±0.05 ‰ for SiO2 = 736 
47 wt% up to -0.10±0.07 ‰ for SiO2 = 76 wt% in terrestrial volcanic rocks. Savage et al. (2011) proposed 737 
fractional crystallization as the main process involved in silicon isotope fractionation during magmatic 738 
differentiation. However, modelling of the effect of fractional crystallization on 30Si along magmatic 739 
differentiation performed by Savage et al. (2011) and Zambardi et al. (2014), diverge from the 740 
measured silicon isotopic trends (Fig. 13b). This discrepancy can be due to the fact that, besides the 741 
effect of magma differentiation, igneous rocks silicon isotope composition also records source 742 
signatures, such as a possible heavy seafloor chert contribution for andesites and a light clay 743 
contribution for anatectic leucogranites (Poitrasson and Zambardi, 2015). Also, the lack of precise 744 
fractionation factor between silicate minerals and melt is a limitation for fractional crystallization 745 
modeling. Many studies (Méheut et al., 2009; Méheut and Schauble, 2014; Qin et al., 2016; Rabin et 746 
al., 2021) underlined that silicon isotope fractionation between silicate minerals, even at high 747 
temperature, are significant. The use of approximated ∆30Simin-melt allowed Qin et al. (2016) to show, 748 
through different models, that fractional crystallization is a viable mechanism to explain heavy silicon 749 
isotope signatures in the most evolved lavas. Here, we are modelling the effect of fractional 750 
crystallization on silicon isotopes using our ∆30Simin-trachyte in order to evaluate this hypothesis (Appendix 751 
C - Supplementary material - Table E2). We used the same starting composition in the MCS software 752 
as in the model of fractional crystallization for iron isotopes. In this model, silicon isotope evolution is 753 
expressed as follow:  754 
 755 
𝛿 𝑆𝑖 (𝑚𝑒𝑙𝑡)௝ାଵ

ଷ଴ =  𝛿 𝑆𝑖 (𝑚𝑒𝑙𝑡)௝
ଷ଴ +  ∑ 𝑋௜௜  ×  10ଷ ln 𝛼௜ (𝑇)         Eq. (10) 756 

 757 
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where Xi is the modal proportion of minerals crystallized at each 5°C step. 30Simelt is the initial 30Si of 758 
the melt. In this case 30Simelt = -0.22 ‰ for SiO2 = 58 wt%.  759 
 760 
Our model is in good agreement with the measured silicon isotopic trend in terrestrial lavas (Fig. 13b). 761 
The linear trend of our model (y = 0.0061 x – 0.588) is close to the linear trend measured of the Hekla 762 
volcanic suite (y = 0.0059 x – 0.591; Savage et al. (2011)) and Cedar Butte volcanic suite (y = 0.0069x – 763 
0.638; Zambardi et al. (2014)).  The sharp 30Si increase observed in the model at 74wt% SiO2 is 764 
directly correlated to the beginning of quartz crystallization associated with a decrease of anorthite 765 
and albite crystallization. Our new set of fractionation factors between silicate minerals and melts 766 
allow us to better constrain the fractional crystallization model for the first time. Besides the source 767 
effect discussed above, it shows that fractional crystallization may explain the observed heavy silicon 768 
isotope signature in the most evolved lavas (Fig. 13b), at variance with the previous interpretation of 769 
Zambardi et al. (2014) for the Cedar Butte volcanic suite.  770 
 771 
5.2 – Partial melting effect on iron isotopes 772 
 773 
Previous studies have suggested that mantle-derived melts may show heavier iron isotope signatures 774 
compared to their presumed mantle peridotite source rocks (e.g. Williams et al., 2004; Weyer and 775 
Ionov, 2007; Williams et al., 2009; Dauphas et al., 2014; Williams and Bizimis, 2014; Sossi et al., 2016; 776 
Nebel et al., 2018). The changes in Fe3+/Fetot between crystal and liquid due to partial melting has been 777 
argued as a key parameter to explain this. The moderately incompatible behavior of Fe3+ (Kd = 778 
Cmelt/Csolid ~4.5; Mallmann and O’Neill, 2009; Cottrell and Kelley, 2011) relative to Fe2+ iron (Kd = 1; 779 
Mallmann and O’Neill, 2009; Davis et al., 2013) suggests that iron isotope fractionation could occur 780 
during partial melting of upper-mantle to create oceanic crust. Many studies using different models 781 
(i.e. batch-melting, non-modal melting; e.g. Weyer and Ionov, 2007; Williams et al., 2009; Dauphas et 782 
al., 2014; Williams and Bizimis, 2014; Sossi et al., 2016), tried to assess whether partial melting of 783 
mantle peridotite, through single or numerous stages, could create the heavier isotopic signature of 784 
MORB (0.7 ‰ < 57Fe < 0.22 ‰; Sossi et al. 2016). However, the role of partial melting on the iron 785 
isotope signature of MORB remains debated (e.g. Weyer and Ionov, 2007; Williams et al., 2009; 786 
Dauphas et al., 2014; Williams and Bizimis, 2014; Sossi et al., 2016). Many parameters in these partial 787 
melting models are well constrained such as the Fe3+/Fetot of MORB (Fe3+/Fetot = 0.09 ± 0.02; Bézos et 788 
al., 2021) and the temperature at depth during mantle melting. One of the main critical parameters is 789 
the fractionation factor between the melt and the minerals (olivine, orthopyroxene). A recent study 790 
by Dauphas et al. (2014) shows that partial melting is only responsible for one third (0.023 ‰) of the 791 
isotopic fractionation between MORB and mantle peridotite. Sossi et al. (2016) proposed a correction 792 
of Fe isotope signature of MORB for the effect of olivine early fractionation allowing them to assess 793 
whether mantle heterogeneity could be the source of the heavy iron isotope signature of MORB. From 794 
this correction, it appears that normal MORB displays a mean 57Fe of 0.10 ± 0.01 ‰. Sossi et al. (2016) 795 
demonstrated then that for an upper mantle 57Fe = 0.05 ± 0.01 ‰, a Fe3+/Fetot = 0.037 and a degree 796 
of partial melting comprised between 0.1 and 0.2, the MORB iron isotope composition can be 797 
reproduced. As mentioned above, the choice of ∆57Femin-melt is critical in partial melting models. Sossi 798 
et al. (2016) applied a ∆57Femin-melt = ∆57Feol-melt = -0.4 x 106/T2 as olivine is the major iron carrier in 799 
peridotites before orthopyroxene. At 1500 K, the ∆57Feol-melt is about -0.17 ‰ in their models, which is 800 
slightly higher, but similar within uncertainties, than our calculated ∆57Feforsterite-basalt_IR = ∆57Feorthoenstatite-801 
basalt_IR = -0.15 ‰. Our new set of equilibrium isotope fractionation factor between minerals and melts 802 
allows us to confirm that normal MORB iron isotopic signature can be explained by 10 to 20 % partial 803 
melting of the peridotite mantle as demonstrated by Sossi et al. (2016). 804 
 805 
 806 
5.3 – Iron isotope intracrystalline diffusion  807 
 808 
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Chemical zoning is commonly observed in phenocrysts (i.e. olivine, pyroxene) of volcanic rocks. This 809 
has been interpreted as the result of crystal growth in an evolving melt during magmatic differentiation 810 
or/and diffusion-controlled chemical exchange due to the contrast (disequilibrium) between crystal 811 
and melt composition (e.g. Teng et al., 2011). In the past few years, studies demonstrated that iron 812 
chemical zoning in olivine is mirrored by iron isotope zoning (Teng et al., 2011; Sio et al., 2013; Oeser 813 
et al., 2014; Oeser et al., 2015; Collinet et al., 2017; Sio et al., 2018; Oeser et al., 2018). Iron isotopes 814 
profiles across olivine display significant variations (> 1 ‰; Oeser et al., 2015; Oeser et al., 2018) that 815 
exceeds potential equilibrium isotope fractionation. Iron isotopes profiles can therefore be used as 816 
evidence for the diffusion origin of the chemical zoning in olivine, since the light isotopes (54Fe) diffuse 817 
faster than the heavy isotopes (57Fe) (e.g. Richter et al. 2003). Quantifying kinetic isotope effects in 818 
minerals and melts from first-principles calculations, as performed in recent studies for other elements 819 
(e.g. Luo et al., 2021, 2020; Spallanzani et al., 2022), is beyond the scope of this study. We would 820 
require a large simulation cell for the melt with an important number of atoms (N) in order to assess 821 
with precision diffusion coefficients for the different elements in our systems, as diffusivity follows the 822 
inverse of N1/3 dependence (Karki, 2010). However, from our set of iron equilibrium fractionation 823 
factors between silicate melts and minerals, we can assess the magnitude of iron isotope fractionation 824 
during olivine crystallization over diffusion-driven kinetic isotope fractionation. The net isotope 825 
fractionation measured across zoned olivine crystals depends on the rate of crystal growth relative to 826 
the rate of chemical diffusion (Sio et al., 2013; Sio and Dauphas, 2017). A fast crystal growth relative 827 
to diffusion process would generate olivine zoning driven by crystal growth associated with magmatic 828 
differentiation. Some authors (Dauphas et al., 2014; Prissel et al., 2018; Sio et al., 2018), implied that 829 
in this case only little isotopic fractionation between mineral and melt is expected as they consider 830 
∆57Feolivine-melt to be insignificant at magmatic temperature. Alternatively, when crystal growth is slow 831 
relative to diffusion, then crystal zoning is induced by diffusive re-equilibration with the evolving melts 832 
and higher isotopic variations within the olivine are expected. The lack of fractionation between 833 
forsterite and melt was also observed in our study in the case of a basaltic melt with low iron content, 834 
basalt_ID, with a ∆57Feforsterite-basalt-ID = -0.01 ‰ at 1500 K. Our study shows however that the equilibrium 835 
fractionation factors between olivine and a basalt with higher iron content (13.1 wt%) are significant 836 
with a ∆57Feforsterite-basalt_IR = -0.15 ‰ and a ∆57Fehortonolite-basalt_IR = -0.18 ‰ at 1500 K. Therefore, at 837 
equilibrium, considering that iron isotope fractionation is exclusively driven by crystal growth process, 838 
an olivine may display according to our calculation 57Fe as low as -0.09 ‰, considering a melt value 839 
of 0.09 ‰ (BIR1g, Craddock and Dauphas, 2011; Oeser et al., 2014). Iron isotopes composition lighter 840 
than -0.09 ‰, as observed in in-situ isotopic profiles with olivine rims 57Fe as low as -2.1 ‰ (Oeser et 841 
al., 2015), can therefore only be explained by diffusion-driven fractionation (Oeser et al., 2015; Collinet 842 
et al., 2017b; Sio and Dauphas, 2017; Prissel et al., 2018).  843 
 844 
Our new equilibrium ∆57Feolivine-basalt_IR allows us to propose that the low 57Fe signatures observed in 845 
olivines can in part be explained by equilibrium fractionation. However, our results also confirm that 846 
kinetic diffusion-driven fractionation has a major influence on the iron isotope chemical profiles of 847 
olivine as implied by other studies (Teng et al., 2011; Sio et al., 2013; Oeser et al., 2015; Collinet et al., 848 
2017a; Sio and Dauphas, 2017; Prissel et al., 2018; Sio et al., 2018; Oeser et al., 2018). As discussed 849 
above in section 5.5.1.1 and underlined by Nebel et al. (2018), although diffusion in olivine can create 850 
large isotopic variations at the crystal scale, it is not expected to affect significantly (> 0.03 ‰) the melt 851 
composition during magmatic differentiation as proposed by Lundstrom (2009) and Zambardi et al. 852 
(2014). 853 
 854 

6- Conclusion  855 
 856 

This study provides, for the first time, equilibrium Fe and Si isotope β-factors of various melts, using 857 
first-principles molecular dynamics. We first demonstrated, through comparison of the “snapshot” and 858 
“VAF” methods, that both methods are appropriate to study isotope fractionation of melts. Iron, that 859 
acts mainly as a network-modifier in the melts, displays significant isotope fractionation among the 860 
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different compositions of melt. The Fe-O mean coordination number appears not playing a significant 861 
role on the observed Fe β-factor variations in melts. The main parameters driving the iron isotope 862 
composition in melts is the Fe-O bond length. The chemical environment around iron (i.e. iron second 863 
neighbors) is also suggested to contribute to Fe isotope fractionation, as smaller Fe-Fe and Fe-Mg 864 
distances leads to higher Fe β-factor values in the melts. Further investigations are necessary in order 865 
to confirm this hypothesis. Overall, these results show that significant Fe isotope fractionation is 866 
expected without changes of iron redox. On the other hand, silicon isotope fractionation appears to 867 
be less sensitive to compositional changes in melts and displays limited isotope fractionation among 868 
the different melts. This is most likely due to its network-former role in the melt. Since structural 869 
parameters such as Si-O bond length and coordination number remain constant, they do not play a 870 
major role on the Si β-factors variation observed in these melts. The silicon isotope compositional 871 
variations were also expected to be related to the depolymerization degree (NBO/T; Grant, 1954; 872 
Poitrasson and Zambardi, 2015). However, this relationship may be blurred by the high alkaline 873 
content of the melts. Silicon β-factors appear to be also driven by its local environment, notably the 874 
presence of iron as silicon second neighbors.   875 
 876 
This Fe and Si β-factors of melts allowed us to calculate a consistent set of equilibrium fractionation 877 
factors between various minerals and melts. This represents a major step forward in the understanding 878 
and quantifying of the processes involved in iron and silicon isotope fractionation in magmatic settings. 879 
In this perspective, we used our new ∆57Femin-melt and ∆30Simin-melt in several models from the literature 880 
in order to assess the impact of the addition of more constrained fractionation factors on them. Our 881 
results support fractional crystallization as a possible driving process involved in both Si and Fe isotope 882 
evolution during magmatic differentiation for the melts chemical range investigated. Our calculated 883 
∆57Feol-melt allows us to confirm the model of Sossi et al. (2016) showing that generation of MORB with 884 
57Fe = 0.1 ‰ can be explained by partial melting of peridotites (with a degree of partial melting 885 
comprised between 10 and 20%). This different from nil ∆57Feol-melt fractionation factor however 886 
contradicts Prissel et al. (2018) conclusions, thus calling for further investigations. We also showed 887 
that there is significant iron isotope fractionation between Fe2+-bearing minerals and melts. Olivine 888 
crystallization at equilibrium could show a ∆57Feolivine-basalt range from 0 to -0.18 ‰. Our new set of iron 889 
fractionation factors can therefore help to quantify the equilibrium fractionation versus the diffusion-890 
driven kinetic fractionation in future iron isotope diffusion models. 891 
 892 
APPENDIX A. SUPPLEMENTARY MATERIAL 893 
The file includes all the parameters and discussions relative to the structural properties of the melts 894 
(including MSDs and RDFs). 895 
APPENDIX B. SUPPLEMENTARY MATERIAL 896 
The file includes the Fe and Si fractionation factors between the different melts and silicate minerals 897 
as well as the detailed calculation of the fractionation factors (systematic bias correction). 898 
APPENDIX C. SUPPLEMENTARY MATERIAL 899 
This MS Excel file includes Fe and Si fractional crystallization results and VAF iron beta fractionation 900 
factors. 901 
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 1241 
 1242 

Figure 1 - Population analysis of the cation-oxygen coordination numbers for the different simulated 1243 
melts. 1244 
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 1245 

 1246 
Figure 2 - High-temperature dependence of the reduced partition function ratio for a) iron isotopes and b) silicon 1247 
isotopes. Basalt_ID and Basalt_IR are the iron-depleted and iron-rich basalt, respectively. 1248 

 1249 
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 1250 
 1251 
Figure 3 - 103ln𝛽 as a function of the average force constant for iron (a) and silicon (b) at T = 1500K. Minerals in 1252 
plain symbols 103ln𝛽 are taken from the first-principles study of Rabin et al. 2021. The linear fit for iron is f(x) = 1253 
0.0019 x for melts and minerals. The linear fit for silicon is f(x) = 0.0046 x for melts and minerals.  1254 

 1255 

 1256 
Figure 4 - Relationship between the average force constant and the average coordination number for Fe (a) 1257 

and Si (b). 1258 

 1259 
 1260 
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 1261 
Figure 5 - Relationship between the average force constant and the average bond length for Fe (a) and Si (b). 1262 

 1263 

 1264 
 1265 

Figure 6 - Comparison of iron force constant of glasses (circles and upside-down triangles) under different oxygen 1266 
fugacity measured experimentally by Dauphas et al. (2014) and Roskosz et al. (2022) with our calculated iron 1267 
force constant for the different melts (triangles) versus SiO2 (in Wt %). 1268 
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 1269 
 1270 
Figure 7 - Relationship between the degree of polymerization (NBO/T) and the Fe force constant (a) or Si force 1271 
constant (b) of the melts. 1272 

 1273 
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 1274 
Figure 8 - Relationship between the average Fe-cation distance and the Fe force constant. 1275 

 1276 
 1277 
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 1279 
 1280 
 1281 
 1282 



32 
 

 1283 
 1284 
 1285 
 1286 
 1287 

 1288 

 1289 
Figure 9 - Relationship between the average iron force constant and the SiO2 (a), Al2O3 (b), FeO (c), MgO (d), 1290 
CaO (e) and Na2O (f) content of the melts. 1291 

 1292 
 1293 
 1294 
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 1295 

 1296 
 1297 
Figure 10 - Relationship between the average silicon force constant and the SiO2 (a), Al2O3 (b), FeO (c), MgO (d), 1298 
CaO (e) and Na2O (f) content of the melts. 1299 

 1300 
 1301 
 1302 
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 1303 
Figure 11 - Relationship between the average Si-cation distance and the Si force constant. 1304 

 1305 
 1306 
 1307 
 1308 
 1309 
 1310 
 1311 
 1312 
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 1313 
Figure 12 - Comparison between ∆melt-mineral

30Si/28Si calculated in this study and the ones estimated in Deng et al. 1314 
(2019) from Qin et al. (2016) at 1123 K. The melt β-factors used correspond to the basalt_IR (this study; red) and 1315 
MORB β-factors (Deng et al. 2019, Qin et al. 2016; orange) in figure a) and to the trachyte (this study; turquoise) 1316 
and the granite (Deng et al. 2019, Qin et al. 2016; dark blue) β-factors in figure b). The minerals corresponding 1317 
to the ∆melt-mineral

30Si/28Si are displayed on the x-axis. Olivine corresponds here to forsterite (Mg2SiO4). The ∆melt-1318 
mineral

30Si/28Si displayed in this figure are also available in Table S1 – Appendix B – Supplementary material.   1319 
 1320 
 1321 
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 1322 
 1323 

Figure 13 - Models of δ57Fe (a; blue line) and δ30Si (b; dark blue cross) evolution during magmatic differentiation 1324 
: Models were obtained using the MCS software (Bohrson et al., 2014) with starting andesite composition (SiO2= 1325 
58.23, TiO2 = 0.94, Al2O3 = 16.94, Cr2O3= 0.03, FeO = 7.31, MgO = 3.99, CaO = 7.08, Na2O = 3.47, K2O=1.57, P2O5 1326 
= 0.24, H2O = 0.20) with an QFM buffer (Dauphas et al., 2014). Note that the “jumps” in the models correspond 1327 
to abrupt changes in term of mineralogy during melt differentiation in the MCS software. The grey circles in the 1328 
background correspond to δ57Fe (a) and δ30Si (b) from the literature (Foden et al., 2015; Poitrasson and Freydier, 1329 
2005; Savage et al., 2011; Schuessler et al., 2009; Sossi et al., 2012; Telus et al., 2012; Teng et al., 2013; Williams 1330 
et al., 2018; Zambardi et al., 2014, Savage et al., 2012; Poitrasson and Zambardi, 2015; Du et al., 2017; He et al., 1331 
2017; Xia et al., 2017). The fractionation factor ∆57Femin-melt (∆57Feenstatite-trachyte; ∆57Fediopside-trachyte; ∆57Feulvospinel-1332 
trachyte ; ∆57Femagnetite-trachyte) and ∆30Simin-melt  (∆30Sienstatite-trachyte; ∆30Sidiopside-trachyte; ∆30Sianorthite-trachyte ; ∆30Sialbite-trachyte; 1333 
∆30Siquartz-trachyte ) used in these models are displayed in Table 7. The linear trends in b) represent the linear fit of 1334 
bulk rock analyses obtained by Savage et al. (2011) in black and Zambardi et al. (2014) in green from natural 1335 
magmatic rocks analysis as well as the linear trend of our fractional crystallization modelled value (in red). 1336 
 1337 
 1338 
 1339 
  1340 
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 1341 

 nb atoms V (Å3) Density 𝝆 (g/cm3)  Pressure (GPa) Temperature (K) 
Basalt_IR 100 1341.5 1.64 1.1 4000 

Basalt_IR_183 183 2489.52 1.39 0.9 4000 
Basalt_IR_HP 100 1079.03 1.98 11.7 4000 

Basalt_ID 100 1289.51 1.66 0.7 4000 
Basanite 110 1366.48 1.78 1.2 4000 
Trachyte 104 1355.82 1.68 1.8 4000 
Phonolite 102 1248.44 1.82 0.9 4000 

 1342 
Table 1 - Characteristics of the modeled melts. The pressure given for each melt represents the mean pressure 1343 
of each FPMD trajectories. The temperature is the target temperature of the FPMD simulations. Basalt_IR_183 1344 
and Basalt_IR_HP have the same composition as the iron-rich basalt Basalt_IR with either a larger simulation 1345 
cell (183 atoms) or a higher pressure (12 GPa). Basalt_ID is the iron depleted basalt. 1346 
 1347 
 Basalt_IR Basalt_ID Basanite Trachyte Phonolite 

SiO2 49.09 50.54 48.75 62.20 56.48 

Al2O3 13.89 14.30 16.55 16.83 23.15 

FeOT 13.05 6.72 14.57 6.79 3.60 

MgO 10.98 15.07 7.19  0.00 

CaO 10.18 10.48 9.10 2.66 0.00 

Na2O 2.81 2.90 3.87 5.81 10.29 

K2O - - - 5.71 6.48 

Fe mean valence 2.3 2.37 2.36 2.33 2.28 

NBO/T 1 1 0.71 0.29 0.28 

Table 2 - Composition in wt % and degree of polymerization (NBO/T) of the modeled melts as well as the mean 1348 
valence of iron atoms in the melts that correspond to the Born effective charge calculated in VASP. See Table 1 1349 
for sample denomination. 1350 

 1351 
  Ca-O Na-O K-O Fe-O Mg-O Al-O Si-O 
  CN d(Å) CN d(Å) CN d(Å) CN d(Å) CN d(Å) CN d(Å) CN d(Å) 

Basalt_IR 6.92 2.28 6.55 2.30 - - 3.91 1.76 5.31 1.99 4.57 1.77 4.11 1.64 
Basalt_183 6.88 2.26 6.43 2.28 - - 3.95 1.78 5.25 1.97 4.49 1.77 4.07 1.64 
Basalt_HP 9.53 2.24 9.27 2.24 - - 5.08 1.80 7.12 1.95 5.45 1.76 4.64 1.64 
Basalt_ID 6.95 2.28 6.24 2.35 - - 4.37 1.94 5.27 1.99 4.59 1.77 4.09 1.63 
Basanite 7.48 2.31 7.76 2.30 - - 4.73 1.90 5.32 1.98 4.75 1.77 4.17 1.64 
Trachyte 6.49 2.25 6.80 2.32 10.28 2.68 3.74 1.85 - - 4.66 1.81 4.08 1.63 
Phonolite - - 7.71 2.25 11.42 2.65 5.11 1.63 - - 4.73 1.78 4.23 1.64 

Table 3 - Cation-oxygen coordination number as well as the average cation-oxygen bond length of the modeled 1352 
melts. See Table 1 for sample denomination. 1353 

 1354 
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 Basalt_IR Basalt_ID Basanite Trachyte Phonolite 
 d(Å) CN d(Å) CN d(Å) CN d(Å) CN d(Å) CN 

Fe-Ca 3.37 1.27 3.37 1.13 3.50 1.49 - - - - 
Fe-Na 3.35 0.64 3.09 1.14 3.30 0.91 3.09 0.63 3.09 1.27 
Fe-K - - - - - - - - 3.59 2.07 
Fe-Fe 2.25 1.21 6.09 - 2.49 1.24 3.06 - - - 
Fe-Mg 2.98 1.43 3.34 2.07 3.15 1.05 - - - - 
Fe-Al 3.10 1.06 3.05 1.29 3.01 1.79 3.10 1.68 3.17 3.09 
Fe-Si 3.09 3.02 3.08 4.06 3.15 4.19 2.97 4.11 3.00 4.30 

           

Si-Ca 3.36 1.30 3.17 1.38 3.26 1.11 3.24 0.37 - - 
Si-Na 3.36 0.76 3.30 0.51 3.22 1.16 3.30 1.17 3.20 2.49 
Si-Fe 3.09 0.68 3.10 0.56 3.15 1.21 2.95 0.38 3.02 0.22 
Si-Mg 3.20 1.70 3.23 1.80 3.15 1.02 - - - - 
Si-Al 3.06 1.30 3.12 0.65 3.12 1.56 3.11 1.42 3.09 1.69 
Si-Si 3.04 2.36 3.06 1.22 3.04 2.31 3.04 2.88 3.02 2.81 
Si-K - - - - - - 3.58 2.16 3.50 2.80 

 1355 
Table 4 - Iron-cation and silicon-cation coordination numbers and their corresponding average distance in the 1356 
modeled melts. See Table 1 for sample denomination. 1357 

 1358 

 103 ln β 57Fe/54Fe 103 ln β  30Si/28Si 
  A B Value at 1500 K A B C Value at 1500 K 

Basalt_IR -0.0059 1.0332 0.461 ± 0.031 0.0028 -0.1474 6.9342 3.073 ± 0.058 
Basalt_ID -0.0035 0.7269 0.324 ± 0.015 0.0031 -0.1569 7.2036 3.202 ± 0.056 
Basanite -0.0061 0.8986 0.406 ± 0.057 0.0031 -0.1578 7.1926 3.191 ± 0.062 
Trachyte -0.0044 0.8178 0.365 ± 0.041 0.0033 -0.165 7.4202 3.290 ± 0.047 
Phonolite -0.0155 1.8063 0.813 ± 0.084 0.0033 -0.1643 7.334 3.254 ± 0.081 

 1359 
Table 5 - Polynomial fits of the reduced partition function ratios for 57Fe/54Fe and 30Si/28Si. Polynomial fits use 1360 
equation of type Ax2 + Bx for 103ln 57Fe-54Fe and Ax3 + Bx2 + Cx for 103ln 30Si-28Si with x = 106/T2 for T between 1361 
0 and 1500 K. See Table 1 for sample denomination. 1362 
 1363 
 Fe force constant Si force constant 
  « Snapshot » method « VAF » method « Snapshot » method 
Basalt_IR 243 ± 17 235 ± 24 669 ± 11 
Basalt_ID 171 ± 8 193 ± 19 695 ± 13 
Basanite 196 ± 13 196 ± 23 687 ± 8 
Phonolite 403 ± 44 290 ± 99 700 ± 15 
Trachyte 191 ± 20 159 ± 38 716 ± 10 
Basalt_HP - 269 ± 33 - 
Basalt_183 - 222 ± 12 - 

 1364 
Table 6 - Comparison of the iron average force constants of the melts (in N/m) using either the “snapshot” 1365 
method or the “VAF” method as well as the silicon force constants of the melts using the “snapshot” method. 1366 
See Table 1 for sample denomination. 1367 
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 1368 
∆A-B 57Fe/54Fe   ∆A-B 29Si/30Si 

 C1 C2 at 1500 K    C1 C2 C3 at 1500 K 

∆Aegirine-Basalt_IR 0.0013 -0.0081 -0.003 ± 0.04   ∆Aegirine-Basalt_IR -0.0003 0.0128 -0.1088 -0.046 ± 0.15 

∆Enstatite-Basalt_IR  0.0028 -0.32 -0.142 ± 0.03   ∆Enstatite-Basalt_IR  0.0001 -0.0029 0.229 0.101 ± 0.16 

∆Forsterite-Basalt_IR   0.0036 -0.3385 -0.150 ± 0.03   ∆Forsterite-Basalt_IR   0.0004 -0.0035 0.2951 0.130 ± 0.16 

∆Augite-Basalt_IR   0.0038 -0.4266 -0.189 ± 0.03   ∆Augite-Basalt_IR   -0.0002 0.0077 0.0022 0.002 ± 0.15 

∆Hortonolite-Basalt_IR   0.0039 -0.4042 -0.179 ± 0.03   ∆Hortonolite-Basalt_IR   -0.0003 0.01 0.074 0.035 ± 0.15 

∆Hedenbergite-Basalt_IR   0.0043 -0.4329 -0.192 ± 0.03   ∆Hedenbergite-Basalt _IR  -0.0002 0.0067 -0.0376 -0.015 ± 0.15 

∆Fayalite-Basalt_IR  0.0047 -0.5601 -0.248 ± 0.03   ∆Fayalite-Basalt_IR   -0.0007 0.0268 -0.515 -0.224 ± 0.14 

∆Diopside-Basalt_IR   0.0039 -0.3884 -0.172 ± 0.03   ∆Diopside-Basalt _IR  0.0004 0.000009 0.1026 0.046 ± 0.16 

∆Ulvospinel-Basalt_IR  0.0033 -0.3104 -0.137 ± 0.03   ∆Forsterite-Mg-Basalt_IR   0.0001 -0.0092 0.4385 0.193 ± 0.16 

∆Magnetite-Basalt _IR  0.0023 -0.0476 -0.021 ± 0.04   ∆Quartz-Basalt_IR  0.0062 -0.0694 0.7804 0.334 ± 0.17 

        ∆Anorthite-Basalt_IR  0.0059 -0.066 0.7351 0.314 ± 0.17 

        ∆Albite-Basalt_IR   0.0055 -0.0609 0.6467 0.276 ± 0.171 
               

∆Aegirine-Basalt_ID -0.0011 0.2982 0.132 ± 0.03   ∆Aegirine-Basalt_ID -0.0006 0.0223 -0.3782 -0.164 ± 0.15 

∆Enstatite-Basalt_ID   0.0004 -0.0137 -0.006 ± 0.02   ∆Enstatite-Basalt_ID   -0.0002 0.0066 -0.0404 -0.017 ± 0.16 

∆Forsterite-Basalt_ID 0.0012 -0.0322 -0.014 ± 0.02   ∆Forsterite-Basalt_ID -0.0003 0.006 0.0257 0.013 ± 0.16 

∆Augite-Basalt_ID 0.0014 -0.1203 -0.053 ± 0.02   ∆Augite-Basalt_ID -0.0005 0.0172 -0.2672 -0.115 ± 0.15 

∆Hortonolite-Basalt_ID 0.0015 -0.0979 -0.043 ± 0.02   ∆Hortonolite-Basalt_ID -0.0006 0.0195 -0.3434 -0.149 ± 0.15 

∆Hedenbergite-Basalt_ID  0.0019 -0.1266 -0.056 ± 0.02   ∆Hedenbergite-Basalt_ID  -0.0005 0.0162 -0.307 -0.133 ± 0.15 

∆Fayalite-Basalt_ID 0.0023 -0.2538 -0.112 ± 0.02   ∆Fayalite-Basalt_ID -0.001 0.0363 -0.7844 -0.342 ± 0.14 

∆Diopside-Basalt_ID 0.0015 -0.0821 -0.036 ± 0.02   ∆Diopside-Basalt_ID -0.0003 0.0095 -0.1668 -0.072 ± 0.15 

∆Ulvospinel-Basalt_ID 0.0009 -0.0041 -0.002 ± 0.02   ∆Forsterite-Mg-Basalt_ID  -0.0002 0.0003 0.1691 0.075 ± 0.16 

∆Magnetite-Basalt_ID -0.000056 0.258656 0.115 ± 0.03   ∆Quartz-Basalt_ID 0.0059 -0.0599 0.511 0.216 ± 0.17 

        ∆Anorthite-Basalt_ID   0.0052 -0.0514 0.3773 0.158 ± 0.17 

        ∆Albite-Basalt_ID 0.0056 -0.0565 0.4657 0.196 ± 0.17 
               

∆Aegirine-Basanite 0.0015 0.1265 0.057 ± 0.06   ∆Aegirine-Basanite -0.0006 0.0232 -0.3672 -0.159 ± 0.16 

∆Enstatite-Basanite 0.003 -0.1854 -0.082 ± 0.06   ∆Enstatite-Basanite -0.0002 0.0075 -0.0294 -0.012 ± 0.17 

∆Forsterite-Basanite 0.0038 -0.2039 -0.090 ± 0.06   ∆Forsterite-Basanite -0.0003 0.0069 0.0367 0.018 ± 0.17 

∆Augite-Basanite 0.004 -0.292 -0.129 ± 0.06   ∆Augite-Basanite -0.0005 0.0181 -0.2562 -0.110 ± 0.16 

∆Hortonolite-Basanite 0.0041 -0.2538 -0.112 ± 0.06   ∆Hortonolite-Basanite -0.0006 0.0204 -0.3324 -0.144 ± 0.16 

∆Hedenbergite-Basanite 0.0045 -0.2983 -0.132 ± 0.06   ∆Hedenbergite-Basanite -0.0005 0.0171 -0.296 -0.128 ± 0.16 

∆Fayalite-Basanite 0.0049 -0.4255 -0.188 ± 0.06   ∆Fayalite-Basanite -0.001 0.0372 -0.7734 -0.336 ± 0.15 

∆Diopside-Basanite 0.0041 -0.2538 -0.112 ± 0.06   ∆Diopside-Basanite -0.0003 0.0104 -0.1558 -0.067 ± 0.16 

∆Ulvospinel-Basanite 0.0035 -0.1758 -0.077 ± 0.06   ∆Forsterite-Mg-Basanite  -0.0002 0.0012 0.1801 0.080 ± 0.17 

∆Magnetite-Basanite 0.0025 0.087 0.039 ± 0.06   ∆Quartz-Basanite 0.0059 -0.059 0.522 0.221 ± 0.18 

        ∆Anorthite-Basanite 0.0052 -0.0505 0.3883 0.163 ± 0.18 

        ∆Albite-Basanite 0.0056 -0.056 0.4767 0.201 ± 0.18 

 1369 
Table 7 - Polynomial fits of iron and silicon fractionation factors between various minerals and melts. 1370 
Polynomial fits use equation of type C1x2 + C2x for ∆57Fe-54Fe and C1x3 + C2x2 + C3x for ∆30Si-28Si with x = 106/T2 1371 
for T between 0 and 1500 K. The iron and silicon -factor of minerals were taken from Rabin et al. (2021) for all 1372 
minerals except quartz, albite and anorthite that were taken from Qin et al. (2016). 1373 
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 1374 
 1375 

∆A-B 57Fe/54Fe         ∆A-B 29Si/30Si       

A C1 C2 at 1500 K   A C1 C2 C3 at 1500 K 

∆Aegirine-Trachyte -0.0002 0.2073 0.092 ± 0.05   ∆Aegirine-Trachyte -0.0008 0.0304 -0.5948 -0.258 ± 0.15 

∆Enstatite-Trachyte 0.0013 -0.1046 -0.046 ± 0.04   ∆Enstatite-Trachyte -0.0004 0.0147 -0.257 -0.111 ± 0.16 

∆Forsterite-Trachyte 0.0021 -0.1231 -0.054 ± 0.04   ∆Forsterite-Trachyte -0.0005 0.0141 -0.1909 -0.082 ± 0.16 

∆Augite-Trachyte 0.0023 -0.2112 -0.093 ± 0.04   ∆Augite-Trachyte -0.0007 0.0253 -0.4838 -0.210 ± 0.16 

∆Hortonolite-Trachyte 0.0024 -0.1888 -0.083 ± 0.04   ∆Hortonolite-Trachyte -0.0008 0.0276 -0.56 -0.244 ± 0.15 

∆Hedenbergite-Trachyte 0.0028 -0.2175 -0.096 ± 0.04   ∆Hedenbergite-Trachyte -0.0007 0.0243 -0.5236 -0.228 ± 0.16 

∆Fayalite-Trachyte 0.0032 -0.3447 -0.153 ± 0.04   ∆Fayalite-Trachyte -0.0012 0.0444 -1.001 -0.436 ± 0.15 

∆Diopside-Trachyte 0.0024 -0.173 -0.076 ± 0.04   ∆Diopside-Trachyte -0.0005 0.0176 -0.3834 -0.167 ± 0.16 

∆Ulvospinel-Trachyte 0.0018 -0.095 -0.042 ± 0.04   ∆Forsterite-Mg-Trachyte -0.0004 0.0084 -0.0475 -0.019 ± 0.17 

∆Magnetite-Trachyte 0.0008 0.1678 0.075 ± 0.05   ∆Quartz-Trachyte 0.0057 -0.0518 0.2944 0.121 ± 0.17 

        ∆Anorthite-Trachyte 0.005 -0.0433 0.1607 0.063 ± 0.17 

        ∆Albite-Trachyte 0.0054 -0.0484 0.2491 0.102 ± 0.17 
               

 1376 
Table 7 – Suite. 1377 
 1378 


