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Erosion and sedimentation constantly rework topography created by tectonics, but also modulate stresses in the underlying crust by redistributing surficial loads. Decades of numerical modeling further suggest that surface processes help focus deformation onto fewer, longer-lived faults at tectonic plate boundaries. However, because the surface evolution parameters used in these models are not quantitatively calibrated against real landscapes, and because the history of fault activity can be difficult to infer from the geological record, the sensitivity of tectonic deformation to a realistic range of erosional efficiency remains unknown. Here we model the growth of halfgrabens, where slip on a master normal fault shapes an adjacent mountain range as it accommodates crustal stretching. We subject our simulations to fluvial incision acting at rates assessed by morphometric analysis of rivers draining natural rift systems. Increasing erosional efficiency within the geologically-documented range alleviates the energy cost of topographic growth and increases the total extension that can be accommodated by half-graben master faults by as much as ~50%. Efficient erosion favors an eventual basin-ward re-localization of strain, preventing the development of horst structures. This behavior is consistent with structural and morphometric observations across 12 normal fault-bounded ranges, suggesting that surface erodibility and climatic conditions have a measurable impact on the tectonic makeup of Earth's plate boundaries.

Significance Statement

The efficiency of erosion in leveling relief mainly depends on climate and strength of exposed rocks. However, whether erosion is sufficiently efficient to influence the architecture of a tectonic plate boundary remains a topic of debate. Here we analyze continental rift landscapes reworked by river incision to assess a globally representative range of fluvial erosion efficiency. We then simulate crustal extension exposed to surface processes acting within this documented range. We find that more efficient erosion favors the growth of half-grabens over horsts, which can explain contrasting tectonic styles across the Basin and Range province and the East African Rift. This suggests that variability in Earth's geological structures partly reflects variability in hydrological conditions and associated surface processes.

Main Text

Deformation at tectonic plate boundaries is driven by a combination of far-field tractions and gravitational forces that arise from changes in crust and lithosphere thickness, temperature, and surface topography (1,2). Topography is in turn reworked by erosion and sedimentation, prompting the development of models that coupled tectonics and surface processes (3)(4)(5)(6)(7)(8)(9)(10)(11)(12). As numerical simulations improved and became able to resolve the development of narrow fault zones in the upper crust (Fig. 1), a consensus formed around the fact that leveling topography through efficient surface processes helps focus brittle deformation onto fewer faults, leading to narrower orogens (4,8), or larger offsets on rift-bounding faults (5-7, 9, 13-15). Several outstanding questions remain, however, beginning with whether the efficiency of surface processes varies sufficiently in space and time to modulate the localization of brittle deformation. Most modeling studies to date have tested the effect of a wide range of landscape evolution parameters on a theoretical spectrum from no-erosion/sedimentation to complete leveling of relief, but few have focused on the sensitivity of tectonic style to erosional efficiencies within a range documented by geologic observations. Moreover, it is unclear whether natural landscapes can encode a record of surface processes within this natural range of variability. This has proven especially challenging in orogens, where deformation involves multiple simultaneously active thrusts and reflects force and mass balances on a scale much larger than that of individual faults (1,16,17).

These challenges can be addressed by focusing on half-graben settings within continental rift zones. These relatively simple, regional-scale (<200 km) structures form when a large fraction of extensional strain is taken up by a single master normal fault (18)(19)(20)(21). Slip on the master fault up-warps and down-warps the footwall and hanging wall blocks, respectively, thereby shaping a small mountain range and basin (Fig. 1A). While some asymmetric basins can grow as half-graben structures for well over 10 Myrs (e.g., [18][19][20][21][22], theoretical work suggests that a master fault cannot grow indefinitely, as the build-up of flexural and topographic stresses in the adjacent blocks eventually triggers the formation of a new crustal-scale fault (23)(24)(25). Such re-localization of strain has been documented in the field, both on the hanging wall (26) and footwall side (27).

The maximum amount of slip that can be accommodated by a half-graben master fault depends on the strength of the brittle lithosphere and can be enhanced by suppressing relief growth with infinitely-efficient surface processes (7). Most half-grabens undergo surficial mass redistribution through glacial and fluvial processes that strip material from the uplifting footwall and deposit sediments onto the subsiding hanging wall (28). However, surface processes in natural systems are never efficient enough to completely level the relief caused by active rock uplift. Sediments typically fill most of the accommodation space that develops in the hanging wall, such that the topographic depression remains on the order of ~100s of meters deep, sometimes covered by a lake. On the other hand, footwall relief can vary greatly depending on the efficiency of erosional agents, which is itself modulated by climatic conditions and exposed lithology (29)(30)(31). Our approach is therefore to assess whether geomorphologically plausible erosional efficiencies can affect the maximum amount of extension taken up by a single half-graben structure, and influence its subsequent evolution. We do so by focusing on settings primarily reworked by river incision (32), and observables such as the vertical component of fault offset, hereafter referred to as fault throw (Fig. 1B), which help quantify the strain accommodated by individual half-grabens.

Coupled simulations of rifting and surface processes

We simulate the coupled evolution of a half-graben system undergoing surface processes in a 2.5-D model domain (Fig. 1B), ignoring any thermal or mechanical contribution from magmatic processes that often accompany rifting (see Supplementary Information Text for details). A 30-km thick crustal layer overlying mantle is modeled as a visco-elasto-plastic continuum in the vertical (x, z) plane subjected to a far-field horizontal extension rate of 1 mm/yr (33,34). The coldest, shallowest portion of the crust is effectively elasto-plastic and can spontaneously form faults through softening of its cohesion and friction over a characteristic amount of plastic deformation CRIT = 0.5 when the Mohr-Coulomb criterion is met (25). To localize strain onto an initial master fault (F1), a narrow, 55º-dipping weak zone is initially seeded in the upper crust (Fig. 1B). Deeper, hotter regions of the domain deform viscously according to experimentally-determined plagioclase (crust) and olivine (mantle) flow laws (35,36). The strong temperature dependence of these rheologies enables us to investigate a wide range of crustal strength profiles by changing the geotherm through a spatially uniform crustal radiogenic heat production rate, which we vary between 0.35 and 1.4 W/m 3 (Table S1). The warmest geotherm we consider produces a thin (~11km) faulted upper crust overlying a low-viscosity lower crust and upper mantle. The coldest geotherm produces a 22-km thick upper crust, a strong, viscous lower crust, and a viscous upper mantle withstanding stresses 10 MPa to as deep as ~40 km. These end-member cases, hereafter referred to as "weak" and "strong" crust, sample the range of strengths inferred from the depthdistribution of seismicity across rift systems (Tables S2 andS3), but exclude strength profiles that favor the formation of very large offset detachment faults and associated core complexes (e.g., a very thin brittle upper crust transitioning abruptly to a low-viscosity lower crust: 2, 24, 25). We note that because of their regional focus, our simulations emphasize processes related to crustal thinning and cannot fully capture long-wavelength uplift induced by mantle upwelling.

Deformation of the domain's free surface is coupled with a river incision model in the horizontal (x, y) plane following the approach of ref. 14 and the implementation of ref. 37. The efficiency of river incision is varied through the coefficient of erosion K of a stream power law with slope and drainage area exponents of 1 and 0.5, respectively (38,39). To enable comparison with natural landscapes that may have formed under different tectonic rates, we hereafter refer to the simulations' dimensionless erosional efficiency defined as 𝑬𝑬 = 𝑲√𝑨 𝟎 /𝑼 𝟎 (analogous to 1/NE in ref. 40, and typically between ~0.5 and ~5; see below), where A0 is a reference area arbitrarily set to 10 6 m 2 and U0 is the fastest rock uplift rate in the landscape, typically occurring at the master fault. Subsiding areas are instantaneously filled with low-density sediment such that their elevation remains at zero-altitude, except in a set of reference simulations with low EE.

Simulations with varied EE and crustal strength (Figs. 2 & 3) were run until a new master fault F2 develops spontaneously, i.e., a new crustal-scale shear band accumulates a plastic strain  CRIT (Fig. 2). Slip on F1 leads to elasto-plastic flexure of the hanging wall and footwall blocks, where secondary faults (plastic strain < CRIT) rapidly develop (Fig. 1B). This effect, along with rapid fault rotation toward gentler dips (41) leads to an effective throw rate (the vertical component of the fault slip rate) of ~0.7 mm/yr on F1. Footwall uplift and basin subsidence are asymmetric, with ~36% of the throw rate contributing to range uplift, and ~64% to sedimentary basin development in the early stages of deformation. We measured a maximum footwall uplift rate of 0.25 (0.05) mm/yr on F1, during the early stages of fault growth (i.e., first ~3 km of throw) across all of our simulations. We therefore used U0 = 0.25 mm/yr to convert our models' coefficients of erosion into EEs. As river networks develop on F1's rising footwall, erosion tends to approximately balance rock uplift, and mean footwall relief ceases to grow (Fig. 4A). This dynamic equilibrium is attained with a lesser fault throw when the coefficient of erosion is increased, and corresponds to a more subdued footwall relief. After a few km of slip on F1, a secondary fault has typically accumulated enough strain ( CRIT) to be considered a new master fault F2, at which point F2 starts creating local relief away from the initial half-graben (Fig. 2). We note that F1 continues to slip when F2 becomes active, but past this point it can no longer be characterized as a half-graben master fault (Fig. 2).

The maximum throw that can be accommodated by F1 as a half-graben master fault increases with EE at a rate strongly modulated by crustal strength (Fig. 3). In the case of weak crust, a 100-fold increase in EE increases maximum throw by a factor of ~2.3, while in strong crust, the increase is only by ~1.4. The location of F2 also appears jointly influenced by EE and strength (Fig. 3). Simulations with more efficient erosion and strong crust tend to localize F2 in the hanging wall of F1 with the same dip direction ("hanging wall snapping" regime of ref. 25, Fig. 2B; Fig. 3), while simulations with inefficient erosion and weak crust localize new synthetic (F2) and antithetic faults (F2') in the footwall of F1 ("footwall snapping" regime, Fig. 2A, C; Fig. 3). F2' typically ends up dominating F2 in its topographic and structural expression, forming a new asymmetric basin that delineates a horst block (Fig. 2A,C). Finally, we ran a set of reference simulations with low EE (0.4) and no sedimentary infill (Fig. 3, leftmost column). In these "empty basin" cases, the initial half-graben never exceeds throws of 4-5 km, with little influence from the strength of the crust. Filling the basin while keeping EE low increases this maximum throw to 4.5-7.5 km, again with a more pronounced effect in stronger crust.

In the theoretical framework of refs. 23 and 24, sustaining slip on F1 requires energy supplied by the work of far-field tectonic forces. This energy is dissipated by frictional resistance on F1 and plastic yielding of the adjacent blocks, while a fraction of it is converted to elastic strain energy and gravitational potential energy (GPE) associated with topographic growth and Moho uplift (2,7,41,42). The amount of force required for F1 to slip thus increases with increasing throw, as flexural stresses increase, and as footwall relief develops. F2 breaks in intact crust when doing so requires a lesser force than continuing to slip on F1 (6,25). When erosion and sedimentation roughly balance rock uplift and subsidence, respectively, topographic GPE ceases to increase with increasing fault slip, and relief growth no longer contributes to the force increase. The rate of increase in force therefore diminishes with greater fault slip, and the threshold to break F2 is attained later (7). In strong crust, the main driver of the force increase is flexure (24,25), and the GPE associated with topography build-up is a lesser fraction of the total energy cost of sustaining fault slip. Its modulation by surface processes, thus, has a lesser effect on the evolution of the system. Conversely, the deformation of weak crust is more sensitive to the alleviation of topographic GPE (7).

Assessing the efficiency of river erosion

For erosion to influence natural rift tectonics, the mechanisms revealed by our simulations must be active over a range of EE that is representative of Earth conditions. This range can be constrained by analyzing the elevation profile of rivers draining half-graben footwalls (Fig. 1A). According to the stream power model (38,39), the river incision rate at some upstream distance x from base level equals the erosion coefficient K(x) multiplied by the upstream drainage area A(x) and local slope S(x), respectively raised to powers m~0.5 and n~1. Thus, when a dynamic equilibrium is attained between erosion and uplift U(x), the local slope can be expressed as S = (U / KA m ) 1/n . To first order, river slope increases with increasing upstream distance because A(x) -a proxy for river flow rate -sharply decreases as one approaches the drainage divide. Integrating slope upstream thus yields a concave-up river profile (40,43). Because A(x) is readily measured in digital elevation models, river concavity not explained by changes in drainage area may be attributed to spatial variability in the uplift field, and/or the coefficient of erosion. This idea forms the basis of our methodology for estimating EE (See Supplementary Information Text for details).

For simplicity, we assume that K is spatially uniform at the scale of a half-graben footwall, and write the spatially-variable uplift rate field as U(x) = U0U*(x). U0 is the uplift rate at the fault, and U*(x) is a dimensionless shape function that represents the decay in uplift away from the master fault. In a half-graben footwall, U*(x) is well described by a thin plate flexure model. Such models involve a characteristic decay length that can be straightforwardly estimated from topographic analyses (e.g., 18). Specifically, we fit U*(x) to the strike-averaged, normalized footwall topography that dips away from the fault, because its shape plausibly encodes the decaying shape of the rock uplift field. This cannot be said for the steep, fault-facing scarp of the footwall range, the base level of which is essentially pinned at the fault, where rock uplift is fastest. For this reason, we restrict our analysis to footwall rivers that drain away from the master fault. Armed with an informed estimate of U*(x) and direct measurements of A(x) (but no knowledge of U0), we calculate a transformed upstream distance, corrected for changes in uplift rate and drainage area: 𝒅𝒙. This variable change from x to U is useful because the slope of river elevation plotted against U happens to be exactly 1/EE (Fig. 4B). Erosional efficiency can therefore be assessed without knowledge of local tectonic rates or climatic conditions, provided U*(x) is well approximated. Benchmarking our method against the synthetic landscapes produced by our simulations suggests that this is the case, and that the decay of footwall relief is an appropriate proxy for the decaying uplift pattern.

We apply our method to 9 half-graben footwalls from 4 rift systems (Table S2), yielding the river elevation-U plots shown in Fig. 4B. Scatter in the data leads to considerable overlap across sites; however, clear EE signatures exist (Fig. 4B,C). For example, the weaker lithology and wetter climate of the Paeroa Range in the Taupo Rift of New Zealand results in a much higher EE (2.81; with lowest / highest estimates: 1.99/3.02) than the Santa Rosa border fault in the Basin & Range (EE = 0.62; 0.51/1.11) despite a slip rate that is ~3 times faster (32). Our estimates of EE are contingent on whether topographic equilibrium has been reached in these settings. This is most plausible in Basin and Range half-grabens where total fault throw (>4 km) greatly exceeds mean footwall relief (~1 km) (Fig. 4A; 29). A conservative estimate of documented EE variability restricted to Basin & Range faults is 0.62-2.66, while a broader estimate encompassing all sites is 0.51-5.87 (Fig. 4C). This range of EE in our simulations brackets the observed trend of footwall relief vs. fault throw (Fig. 4A). Specifically, the models and the data are consistent with a rapid increase in relief over the first ~2 km of throw followed by stabilization at 800-1200 m. The decrease in relief past a peak height in our models reflects the fact that as strain begins to accumulate on secondary faults (Fig. 1B), the throw rate on F1 decays and EE accordingly increases.

Sensitivity of tectonic styles to erosional efficiency

For the documented range of EE, our simulations provide a reasonable upper bound on half-graben fault throws (Fig. 4C). Models with thin brittle crust yield maximum throws of 5-7 km, compatible with the measured throws of Basin & Range half-grabens (Fig. 4C). This upper limit is sensitive to EE (e.g., increasing EE from 1.26 to 4 results in a ~33% increase in maximum halfgraben throw in 14 km-thick upper crust; Fig. 3). By contrast, models with a strong crust result in maximum half-graben throws of 7-8 km (Fig. 4C), not strongly affected by EEs between 1 and 4. This is consistent with the estimated throw of ~7 km on the Livingstone fault, which borders the north basin of Lake Malawi (44), has an EE~3, and breaks through a ~35-km thick seismogenic layer (45, Fig. 4D). Interestingly, the seismic moment release rate of the Livingstone fault is roughly matched by that of its intra-basin faults (45). This could be a signature of incipient, or ongoing strain migration into the hanging wall of a fault that has reached its maximum throw (44), with the important caveat that seismic observations cover too short a time span to provide conclusive evidence. At any rate, basin-ward migration of strain in the north basin of Lake Malawi would be consistent with "hanging wall snapping" behavior in our simulations (Fig. 2B), which has been documented in several other rift settings (26). Lake Malawi features the thickest brittle crust and the largest EE in our compilation, both of which favor the hanging wall snapping regime outlined by our parametric study (Fig. 4D).

Instances of "footwall snapping" are best documented in horst structures, which are often asymmetric and feature a dominant border fault (e.g., 27,46), suggesting that horst-bounding antithetic faults initiate sequentially rather than simultaneously. We complement our half-graben dataset with river profile analyses from 3 horst blocks (Table S3), assuming that the spatial pattern of rock uplift is controlled by the dominant fault. The Rwenzori horst, which stands out as a structural and topographic anomaly along the Western branch of the East-African Rift (46), is characterized by a thick brittle crust (25-30 km, 47) and the lowest EE in our compilation (0.28; 0.19/0.46)possibly reflecting the combination of a rapid rock uplift rate and strong gneissic lithologies. By contrast, horst blocks such as the Ruby Mountains from the Basin & Range have a documented history of strain re-localization on antithetic faults (27), and likely developed in brittle crust about half as thick as the Rwenzori horst. We measure significantly greater EEs in horst blocks from the Basin & Range (0.72-2.60), consistent with the regime diagram outlined by our simulations. In summary, while footwall snapping takes place across all documented erosional efficiencies in weaker crust, it requires very inefficient erosion to occur in stronger crust (Fig. 4D).

Conclusions and perspectives

Overall, the natural variability that we document in EE reflects variability in the strength of exposed lithologies, climatic conditions, and tectonic deformation rates. Erosion will be less efficient over a faster slipping fault system exhuming stronger lithologies, and larger offsets will be necessary for erosion to balance uplift. The result will be greater footwall relief, resulting in larger topographic stresses that prompt the formation of new faults in the footwall, possibly turning halfgrabens into horsts. It is of course possible that a range of other processes may have impacted the evolution of each of our study sites on a case-by-case basis. Magmatic intrusions or underplating, for example, likely influenced deformation and uplift in the Rwenzori Mountains / Edward basin region (48), and the volcanically active Taupo rift. Our modeling also ignores structural inheritance, which can profoundly influence the architecture of rifts. Interestingly, our results also open the possibility of lithological inheritance, i.e., modulating the tectonic evolution of a system by exposing more or less erodible lithologies.

While our simulations emphasize the influence of footwall erosion, they also suggest an important role of sediment deposition in the hanging wall basin, which can increase the maximum throw of a half-graben by as much as 50% compared to an empty-basin end-member (Fig. 3). Because our 2.5-D modeling approach precludes any along-strike variation in tectonic uplift, our simulations cannot develop fault tips or evolving segments, which form distinct sedimentary basins along the axis of continental rifts (49). Our approach cannot account for sediment transfer between these basins, which typically supplies more sediment to an individual basin than its associated footwall range can contribute (50,51). Our assumption of complete infilling of subsiding areas, however, captures this effect to first order. We did not explore the role of partial infilling of hanging wall basins, which is relevant for underfilled endorheic basins disconnected from along-axis sediment transport. We expect that such systems may experience greater initial subsidence of the valley floor, increasing the GPE cost of half-graben growth, as seen in our simulations with empty basins (Fig. 3, left column). Interestingly, progressive rift growth and segmentation, as well as volcanic activity and climate change, can alter the sediment routing system over time, draining the catchments of overfilled basins into underfilled ones (51). While our purposefully broad modeling approach cannot tackle each of these rift-specific effects, our findings broadly imply that naturallyoccurring variability in lithological and climatic conditions exerts a detectable modulation on the tectonic makeup of Earth's plate boundaries. S1.

Figure 3.

Maximum vertical offset on half-graben structures and their subsequent tectonic evolution modulated by erosional efficiency and crustal strength. Throw accumulated on master fault F1 when a new master fault F2 breaks in all numerical simulations. Squares, triangles and circles indicate that new master faults broke in the hanging wall of F1, footwall of F1, or on both sides of F1, respectively. Labels refer to runs displayed in Figs. 1 and2. Leftmost column of points are from simulations with no sedimentary infilling. Documented range (0.19-5.87) includes data from 9 half-grabens and 3 horsts. We model tectonic deformation in the vertical (x, z) plane (Figure S1) with the 2-D thermomechanical code SiStER (Simple Stokes Solver with Exotic Rheologies, 1). This code solves for conservation of mass, momentum and energy in an incompressible continuum without inertia:
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where vi denotes components of the velocity field (along x1 = x and x2 = z), sij is the deviatoric stress tensor, p is pressure, gi is the gravity field (9.8 m/s 2 along the z-direction), r is density, T is temperature, cP is heat capacity (1000 J/kg), l is thermal conductivity (2 W/m/K), and H is the radiogenic heat production rate. Repeated indices imply summation. The above equations are discretized using finite differences on a staggered grid (2). Advection of various fields and material properties is handled through the marker-in-cell method (3).

The continuum is assigned a visco-elasto-plastic rheology in which the total strain rate (9̇. .

The elastic term in the above equation involves a time derivative of deviatoric stresses, which is approximated through backward-Euler finite difference. Elastic stresses are advected and rotated on markers at every time step, following the methodology described in ref. 2.

In equation ( 4), hCREEP denotes the effective viscosity enabled by dislocation creep processes. It is related to the second invariant of the deviatoric strain rate tensor 9̇I I = J < = 9̇. ; 9̇. ; by the following equation:
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SDW , (5) where A, n and Ea are the experimentally-determined prefactor, exponent and activation energy of the flow law. R is the universal gas constant (8.314 J/mol/K). Low-temperature brittle deformation is modeled by capping the deviatoric stress at a yield limit specified by the Mohr-Coulomb criterion:
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where X II is the second invariant of the deviatoric stress tensor X II = J < = X .; X .; , C is cohesion and f is the friction angle. In the assumed 2-D plane strain configuration (where the out-of-plane stress is equal to -p), equation ( 6) is equivalent to the Drucker-Prager criterion. When at yield, the material follows a non-associated plastic flow rule with no dilation. In the framework of visco-elasto-plasticity (equation 4) this can be achieved through an effective plastic viscosity of the form:
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where 9̇I I O is the second invariant of the plastic component of strain rate. Plastic strain accumulates at a rate determined by 9̇I I O in all areas that are at yield. In a mature fault, plastic strain roughly scales as total fault slip divided by fault width, which is typically the width of ~3 grid elements. Strain softening of the brittle properties is implemented to facilitate strain localization (e.g., 4). Friction and cohesion, initially set to µ = tan(f) = 0.6 and C = 30 MPa decrease linearly as the locally accumulated plastic strain increases. When plastic strain reaches a critical value of 0.5, friction and cohesion remain at their weakened values of 0.3 and 0.01 MPa, respectively. This magnitude of friction and cohesion drop is consistent with values used in prior studies (4,5). A critical plastic strain of 0.5 amounts to an offset of ~400 m on 3-element wide faults formed in the high-resolution region of our model domain (with 250´250 m wide cells, Figure S1). Patterns of strain localization were found by ref. 4 to weakly depend on critical offsets << 2 km. Our choice of softening strain thus seeks to minimize the dependence of our results to this poorly constrained parameter, while being of a similar order of magnitude to values commonly used in large-scale rift modeling studies (e.g., 5). Such strain weakening is typically thought to represent a whole range of weakening processes that take place as fault zones mature (e.g., precipitation of weaker mineral phases, evolving damage state...). Healing of plastic strain in regions that no longer yield (e.g., 6) is implemented as described by ref. 1, and takes place over a characteristic time scale of 5´10 14 s, comparable to the duration of our simulations.

At each time step, material properties carried by markers are linearly interpolated to the Eulerian grid, and used to construct fields of effective viscosity, density and elastically-accumulated deviatoric stresses. These fields are used to assemble and solve the discretized version of equations (1-3) with a direct solver. This operation is repeated until the strain rate that corresponds to the velocity solution becomes consistent (within a specified tolerance) with the non-linear effective viscosities used to solve for said velocity field.

Our model domain (Figure S1) spans 220 km laterally and 90 km vertically, and includes a 10-km thick "sticky air" layer of negligible density and constant Newtonian viscosity of 10 18 Pa.s, which ensures that the air-rock interface is effectively a free surface (7). The underlying rock layer comprises an initially 30-km thick crust of density 2700 kg.m -3 , with a wet anorthite rheology characterized by A = 1.4332´10 -14 Pa -3 .s -1 , Ea = 356 kJ/mol, and n = 3 (8). Sediments are assumed to follow the same flow law, but are assigned a lower density of 2200 kg.m -3 . The deeper mantle layer has a density of 3300 kg.m -3 and a wet olivine rheology characterized by A = 1.0378´10 -14 Pa -3.5 .s -1 , Ea = 480 kJ/mol, and n = 3.5 (9). Rock densities decrease linearly with temperature according to their thermal expansion coefficient (10 -5 K -1 ).

Extension is applied symmetrically on the freely-slipping sides of the domain at a uniform half-rate of 0.5 mm/yr. Inflow of air and rock through the free-slip top and bottom boundaries is prescribed to match the outflow through the sides. Plastic strain is initialized at zero everywhere except within a 1-km wide inclined slot cutting through the crust in the middle of the domain, where it is set to the critical softening strain of 0.5. This ensures full cohesion and friction weakening in a plastic "seed", which prompts the rapid localization of a unique master fault F1 with a slip rate close to 1 mm/yr at the beginning of our simulations. Temperature is maintained at 0ºC along the top and within the entire air layer, and at 1250ºC at the base of the domain. No conductive heat flow is allowed through the sides. Crustal rocks produce radiogenic heat at a rate H, which is varied between 0.35 and 1.4 µW/m 3 to model a range of thermal conditions. The temperature field is initialized as a 1-D steady-state geotherm (second-order polynomial) which verifies the above temperature boundary conditions, and accounts for a constant radiogenic heat source term H. We acknowledge that our choice of rheological and thermal parameters do not sample the full variability of crustal strength profiles. This would involve changing the initial crustal thickness, the creep laws, and the geotherm in a systematic manner, leading to a complex, multi-dimensional parameter space. We instead focused on varying the geotherm, in a proof-of-concept, broadly applicable approach to assessing the effect of strength profiles on the feedbacks between surface processes and brittle strain localization.

Overall, our approach is similar to other thermo-mechanical modelling studies of rift zones (e.g., refs. 5,10,11), but differs in its regional (fault-scale) focus. We assess the evolution of localized brittle strain in our simulations by tracking the position of areas where plastic strain exceeds the critical weakening strain, which we interpret as mature crustal faults (Figure S2). The location of new faults relative to F1 is used to define the regimes mapped in Figure 3. F1 is considered the master fault as it remains the only fault with a plastic strain in excess of the critical weakening strain at an arbitrary reference depth of 5 km below the surface. This definition allows us to measure the total extension accommodated by F1 as a master fault in a self-consistent manner across simulations. The throw accumulated on F1 is measured as the vertical offset of initially horizontal marker chains (e.g., gray "strata" shown in Figure 1B and Figure 2).

Landscape evolution model

One-dimensional surface topography h1D(x) is tracked in the tectonic model as a chain of closelyspaced markers at the interface between the air and rock layers. A corresponding, two-dimensional representation of surface topography h2D(x,y) is also tracked and subjected to surface processes (Figure S1), such that h1D(x) corresponds to the average of h2D(x,y) along the y-direction at all times (11). At every time step, the tectonic model produces a velocity field (vx, vz), which we interpolate to the surface markers. These surface velocities are then uniformly extended over 73 km in the ydirection. The horizontal component is used to horizontally advect h2D(x,y), and the vertical component is used as the uplift term U in a differential equation that describes the action of surface processes:
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(8) The second term on the right-hand side of equation ( 8) is a stream power law with drainage area (A) and slope (S) exponents of 0.5 and 1, respectively (12,13). K denotes the erodibility coefficient. The third term describes hillslope diffusion with diffusivity D. Equation ( 8) is solved over a time span that corresponds to the time step of the tectonic model. This is achieved through the Fastscape algorithm introduced by ref. 14. Side boundaries are closed (y = 0 and y = 73 km), and maintained at zero-altitude (x = 0 and x = 220 km). Once h2D(x,y) has been updated, it is averaged along y to update the new air-rock interface h1D(x) in the tectonic model. Rock markers are turned into air wherever erosion has taken place, and air markers are turned into sediments wherever the topography subsides, ensuring instantaneous infilling of basins with sediments (except in reference simulations without deposition). Here we focus on varying the K coefficient while keeping topographic diffusivity constant at D = 10 -9 m 2 .s -1 (3.2´10 -2 m 2 .yr -1 ). With this parameterization of erosion, the impact of the K coefficient must be assessed relative to the characteristic uplift rate U0. We do so through the dimensionless erosional efficiency number defined as ~~ = ÄÅ Ç /Ñ Ç , where A0 is a reference area set to 10 6 m 2 . Fastscape algorithm (14) by B. Kaus and A. Popov. Each simulation corresponds to an input file in which the only parameters that are varied are the crustal radiogenic heat production H, the erodibility coefficient K, and whether sediment deposition is included or not. A summary of all simulation inputs is provided in Table S1. Simulations can be launched in a MATLAB prompt by running the command: >> SiStER_RUN('SiStER_Input_File_name') where input file names match the simulation labels, e.g., SiStER_Input_File_half_graben_H60.m corresponds to simulation H60. Further details on how to run the code and visualize the outputs are accessible at https://github.com/jaolive/SiStER.

Determining erosional efficiency through river profile analysis

Theory. Following the approach laid out by ref. 15, let us consider the topographic evolution equation ( 8) at steady state, neglecting hillslope diffusion: q(s′) -w√Py = 0.

(9) Here we focus on the equilibrium between erosion and uplift along a river profile, where x' denotes upstream distance. We assume that erodibility is constant along this profile, and write the upstream drainage area at any point A(x') as the product of a reference area A0 and a dimensionless shape function A*(x'). We do the same for the uplift function: U(x') = U0 U*(x'). Since slope S is the derivative of topography h with respect to x', it is straightforward to integrate equation ( 9) upstream from a chosen base level (h = hb at x' = x'b). This yields:

ℎ(s′) = ℎ Ü + > á à âÄf à ? ∫ á * ($å) Äf * ($å) $å $ ç é ès′. (10) 
The integral term in equation ( 10) can be thought of as an upstream distance cU, which --unlike

x' --has been "corrected" for variations in drainage area and uplift along the river profile. River elevation above base level thus becomes a linear function of cU with a proportionality coefficient that is exactly 1 / EE. If the uplift function is spatially uniform (U*(x') = 1), the corrected upstream distance is equivalent to the c-coordinate classically used in river profile analysis (15).

Assessing spatial variations of uplift rate in normal fault footwalls. The theory outlined above suggests that erosional efficiency can be determined from river elevation vs. cU plots, which can be thought of as standard c-plots corrected for spatial variations in uplift. The main difficulty in constructing such plots is to infer the spatial pattern of uplift in a given region. U*(x,y) is not well known in rift zones, beyond the fact that it should decrease away from the master fault into the footwall, in a manner that reflects local flexural parameters (16,17). Following ref. 18, we assume that U* at a distance xF perpendicular to the strike of a master normal fault follows the functional shape predicted by a broken elastic thin plate model:

q * (s ê ) = q ëIí * + (1 -q ëIí * ) U Q î ï ñ cos $ ï ó , ( 11 
)
where a denotes a flexural length scale that should be longer in thicker / stronger brittle upper crust (1,19). This allows us to construct a dimensionless uplift function which is maximized at the fault (U = U0 at xF = 0). The UMIN terms account for a uniform "background" uplift rate away from the master fault. In practice, we determine a by fitting the functional form of equation ( 11) to footwall topography averaged along strike, excluding the portion of the footwall where (steep) topographic slopes face the master fault. We thereby restrict our analysis to footwall rivers flowing away from the master fault, which have likely experienced an uplift function whose shape resembles the resulting topography. This is most likely to hold true if the erosion rates that sculpted this topography obey a near-linear scaling with slope, in which case the equilibrium relief should linearly scale with the decaying uplift function. Our numerical benchmarks (see next section) indeed show that the stream power incision law with a slope exponent of 1 does a good job at preserving the decay length scale of the uplift function and encoding it into the resulting footwall topography.

Benchmarking on synthetic landscapes. We benchmark the method outlined above on synthetic river networks that developed on the footwall of F1 in simulations M70-M50 (Table S1). To do so, we extract the topography h2D(x,y) shaped by slip on fault F1 (e.g., Figure 1B) as late as possible into the simulations before the localization of new faults alters the relief of the initial half-graben (See example from simulation M60 in Figure S3A). The uplift shape function U* is determined by fitting equation (11) to footwall relief averaged along the y-direction, excluding the steep fault-facing scarp, i.e., between distances of 5 and 100 km away from F1, into the footwall (Figure S3B). This is achieved through MATLAB's non-linear least squares fitting toolbox. This uplift function does not vary along the strike of the fault (Figure S3A). Major footwall rivers that drain away from the master fault are identified and analyzed through the TopoToolbox MATLAB package (20). This package also calculates upstream drainage area at any point in the landscape, which enables the computation of the integral in equation ( 10). An example from simulation M60 is shown in Figure S3C. It clearly shows that assuming U*=1 does not yield a linear trend in elevation vs. c space. By contrast, using the uplift function described by equation (11) in the integral of equation ( 10) leads to a more linear and less scattered trend, suggesting that this U*(xF) is a good approximation to the uplift pattern that self-consistently develops in the tectonic model. To estimate EE from these plots, we group the elevation vs. cU points into 100 bins of cU. In each bin, we compute the median elevation as well as its 10 th and 90 th percentiles, thereby bracketing the vast majority of the cU-plot. As these plots are never perfectly linear, we fit the trends outlined by each percentile with a second-order polynomial, and calculate the slope of this polynomial at base level. Our reasoning is that since equilibrium is progressively established as river knickpoints move upstream, portions of the landscape closest to base level should reach this equilibrium first. The slope of the lowermost portions of the cU-plots is therefore most likely to contain reliable information about erosional efficiency (EE = 1 / slope), as the whole method relies on the assumption of balanced uplift and erosion (equation 9).

For simulation M60, this method yields an estimated EE of 4.1 (median trend) with confidence bounds of 3.3-5.0 (10 th and 90 th percentiles) (Figure S3C). This simulation is characterized by an erodibility coefficient K = 10 -6 yr -1 . In all of our simulations, as long as F1 remains the dominant normal fault in the system (Figure 1B), its full vertical slip rate is ~0.7 mm/yr. This slip rate evolves through time as F1 flexurally rotates to shallower angles (21) and as new faults (F2 and possibly F3) begin to localize (Figure 2) around F1. In addition, vertical motion is not symmetrical between the blocks bounded by F1: hanging wall subsidence happens faster than footwall uplift (relative to the initial base level). Overall, we estimate that in all our simulations, peak footwall uplift due to slip on F1 (while it is still dominant) occurs at ~0.25 mm/yr (typically between 0.2 and 0.3 mm/yr). With this information, we can compute a "true EE", which would of course not be possible in real systems. For simulation M60, the true EE is 4 (3.3-5, if we account for temporal variability in footwall uplift rates). Our estimated EE from river profile analysis (4.1 (3.3-5.0)) is in excellent agreement with this true EE. In fact, repeating this exercise for simulations M70-M50 (Table S1) shows a good agreement between estimated and true EE for values greater than ~2 (Figure S4). Simulations M70 and M65 have lower erodibility coefficients, and therefore lower EEs. In these simulations, fluvial incision was not efficient enough (too slow) for a dynamic equilibrium between uplift and erosion to be attained while F1 was still the dominant master fault. Consequently, rivers had not yet steepened to their equilibrium slopes. Their shallow-dipping profiles thus yield an apparent EE that is greater than the actual EE, because erosional efficiency is related to the inverse of the cU-plot slope.

In short, these synthetic tests show that the uplift function as parameterized by equation ( 11) is a good approximation to the more realistic uplift function that self-consistently develops through flexural-isostasy in visco-elasto-plastic simulations. This is in large part because stream power incision as parameterized in our simulations preserve the shape of the uplift function in the resulting equilibrium footwall relief (Figure S3B). The tests also suggest that river profile analysis can provide a reliable assessment of EE as long as (1) rivers have reached an equilibrium with the uplift field, (2) their evolution is controlled by a stream power-type law that resembles equation (8), and (3) that erodibility is constant over the half-graben footwall. Finally, we note that the value of EE alone is not sufficient to assess whether a system is likely to have reached equilibrium or not. For example, in the simple framework of equation ( 8), ignoring diffusion, the characteristic time to reach steady state will scale inversely with erodibility, but will not depend on the characteristic uplift rate. In other words, systems with low EE could well reach equilibrium rapidly if their erodibility coefficient is large. Their characteristic uplift rate must however be very large to ensure low EE.

Measuring erosional efficiency and structural characteristics in real half-graben systems

Methodology. We analyze the elevation profiles of rivers draining away from the master fault into the footwalls of 9 half-grabens spanning 4 rift systems (Table S2). Our analysis is based on 30-m resolution SRTM topography acquired through the Open Topography online portal (opentopography.org). We use the TopoToolbox MATLAB package (20) to identify river networks that drain over large extents of the footwall, away from the tips of the master fault (22,23), and down to a chosen reference altitude. We target ranges where the morphology is clearly dominated by fluvial as opposed to glacial valleys, and focus on portions of the range where relief averaged along strike smoothly decays away from the master fault (e.g., Figure S5B). We select two points on the master fault (UTM coordinates listed in Tables S2 andS3), which delineate the fault-normal topographic swath over which relief is averaged, non-dimensionalized and fitted with equation (11) to determine the shape of the uplift function, following the same methodology as in our synthetic tests. Maps of drainage area determined by the TopoToolbox scripts are then integrated upstream to produce standard c-plots and cU-plots corrected for the dimensionless uplift function (e.g., Figure S5C), which only varies in the fault-normal direction (e.g., Figure S5A). Erosional efficiency and its confidence interval are determined from cU-plots with the same approach as in our synthetic tests.

While we have strived to select systems that are still actively growing, it is possible that the uplift rate on the master fault may have fluctuated through time, and over a range of time scales, adding some uncertainty to our analysis. In the case of long-term changes in fault activity, it is reasonable to expect that our method will sample an uplift pattern averaged over the characteristic time needed for the landscape to equilibrate. Paeroa Range, New Zealand. The Paeroa fault, which bounds the Paeroa Range (Figure S5), is a NW-dipping fault located in the Taupo Rift zone of New Zealand. Its throw has been estimated between 560 and 900 m based on the vertical offset of ignimbrite layers (24). The fault is thought to offset a 6-8 km thick brittle upper crust based on seismicity surveys conducted over the Taupo volcanic zone (25).

Sandia Mountains, New Mexico, USA. The Sandia Mountains (Figure S6) are bounded by a complex W-dipping fault zone that marks the eastern edge of the Rio Grande Rift in its Albuquerque Basin segment (26). Ref. 27 estimated the vertical offset on the major basin bounding fault between 4600 and 6100 m in seismic reflection profiles. This estimate is consistent with gravity and flexural modeling of the basin geometry (28), and more recent minimum estimates of the vertical offset between the buried Santa Fe group and the top of the Sandias (29): ~4 km on average, 5.6 km at the most. In fact, ref. 29 proposed that uplift of the Sandia Mountains took place on two generations of faults that formed within ~5 km of each other, and together account for as much as ~7 km of vertical offset. Here we retain an estimate of throw between 5 and 7 km to account for the spread between various estimates. The thickness of the brittle upper crust offset by this fault system is not precisely known. Seismic imaging suggests that the basin bounding faults root onto a shallowdipping structure at ~10 km depth (27), which could mark the brittle-ductile transition. Ref. 29 inferred that the brittle layer thickness varied between ~7 and ~10 km throughout the uplift of the Sandias, based on reconstructed fault geometries and the elevated local heat flow.

Lemhi Range, Idaho, USA. The Lemhi Range (Figure S7) is located in the northern Basin and Range province and is bounded by a major SW-dipping normal fault (30). Ref. 31 estimated a vertical offset of 5-6 km on this fault based on paleomagnetic measurements of tilted volcanic units (32) and previous flexural modeling (33). This estimate is consistent with the typical displacementlength scalings that characterize normal faults. The thickness of the brittle crust is not well known beneath the Lemhi Range. However, the seismicity that followed the 1983 Borah Peak earthquake on the nearby Lost River Fault (~25 km to the SW) was confined to depth of 12-16 km (34). Here we assume that this estimate applies to both the Lemhi and Beaverhead faults, which is consistent with the fact that their footwall blocks exhibit similar flexural strengths (33).

Beaverhead Range, Idaho/Montana, USA. The Beaverhead Range (Figure S8) is bounded by a major SW-dipping normal fault located ~25 km NE of the Lemhi fault (33). Paleomagnetic studies and flexural modeling cannot resolve a difference in throw between the Lemhi and Beaverhead fault (31). We also infer a similar brittle layer thickness across the two systems. Interestingly, our landscape analysis suggests a greater erosional efficiency over the Beaverhead Range (~2.7) than over the Lemhi Range (~1), even though they expose similar lithologies and are subjected to similar climatic conditions. This is however consistent with a slower slip rate on the Beaverhead fault -about half of the slip rate on the Lemhi fault ( 22)--which, with all other parameters kept constant would double the erosional efficiency.

Wassuk Range, Nevada, USA. The Wassuk Range (Figure S9) is bounded by an east-dipping normal fault located ~100 km east of the western edge of the Basin and Range province, within the Central Walker Lane Belt (35). Structural mapping and low-temperature thermochronology suggest that while the footwall block exposes units that were located at ~8.5 km depth prior to extension, exhumation occurred in two distinct stages (36). During the first phase (~15-12 Ma), the then range-bounding fault system accumulated ~6.5 km of offset. Slip on the fault ceased until extension associated with the development of the Walker Lane resumed at ~4 Ma. A second-generation range-bounding fault formed and to date has accumulated 2-3 km of throw. We retain this latter estimate as today's rheological and surface processes conditions are likely more representative of the conditions that prevailed during the second phase of extension. Seismicity data suggests a present-day brittle-ductile transition depth between ~11 and 14 km below the Wassuk Range (37). Santa Rosa Range, Nevada, USA. The Santa Rosa Range (Figure S10) is located in the northwestern Basin and Range province, and is bounded by a W-dipping normal fault. Ref. 38 inferred a total throw between 5 and 6 km on this fault, on the basis of structural mapping and tilt of volcanic units. The present depth to the brittle-ductile transition is not well known in this area. We estimate it between 10 and 15 km, a depth which encompasses 95% of earthquakes that occur over the state of Nevada (39).

Warner Range, California, USA. The Warner Range (Figure S11) is bounded by the east-dipping Surprise Valley Fault, which marks the northwestern margin of the Basin and Range Province (38). Ref. 40 used stratigraphic offsets to measure a vertical displacement of 4-5 km on the range bounding fault, which is possibly a low estimate. Ref. 41 interpreted the short-wavelength flexure of the up-warped footwall and the elevated heat flow to result from a somewhat shallow brittleductile transition which they estimated at ~9 km. Between 2014 and 2016, a seismic swarm occurred ~50 km east of Surprise Valley, with hundreds of small earthquakes within the uppermost ~13 km of the crust (42). Here we use 9 and 13 km as plausible brackets on the depth to the brittleductile transition in the area.

Western shore of Lake Edward, Democratic Republic of the Congo. The Edward lake basin (Figure S12) is one of the major half-graben systems of the East African Rift's Western branch. It is bounded by the E-dipping Lubero border fault which uplifted the Western Rift Mountains. The vertical offset between the base of the lacustrine sediment (inferred through seismic imaging and gravity/flexural modeling) and the top of the Lubero escarpment yields a minimum throw estimate of 7 km (43,44). The thickness of the brittle crust in the area can be estimated between 25 and 30 km, from the depth distribution of small earthquakes recorded within the Rwenzori Mountains north of Lake Edward (45).

Kipengere Range / north-eastern shores of Lake Malawi, Tanzania. Lake Malawi marks the axis of the East African Rift in its southernmost portion. It comprises three basins shaped by three border faults of alternating polarity. We focus on the north basin, which is bounded by the SWdipping Livingstone fault (Figure S13). It is flanked to the NE by the Kipengere Range, also referred to as the Livingstone Mountains, which formed through flexural-isostatic rebound to localized extension at the axis (46). Using high-resolution seismic imaging of the sedimentary pile deposited in the north basin, ref. 47 proposed a minimum estimate of throw on the Livingstone fault between 6.6 and 7.4 km. Recent seismological surveys indicate that the entire crust is seismogenic in the northern part of Lake Malawi (48). The depth distribution of earthquakes suggests that the base of the brittle faulted crust is located between depths of ~32 and ~37 km.

Measuring erosional efficiency and structural characteristics in real horst systems

We complement our analysis of half-graben systems with 3 horsts from the East African Rift and Basin and Range province (Table S3). For each of them, we identify the structurally and geomorphologically dominant border fault and apply the same methodology as outlined previously.

Rwenzori Mountains, Democratic Republic of the Congo / Uganda. The Rwenzori Mountains (Figure S14) stand out as a topographic and structural anomaly within the Albertine Rift, a portion of the Western branch of the East African Rift. They expose gneissic basement units which are otherwise buried under rift sediments (or volcanics) in the Lake Edward (to the south) and Lake Albert (to the north) half-grabens (49). The Rwenzoris are an asymmetric horst block bounded by antithetic N-S trending faults. The W-dipping Bwamba fault delineates the western front of the range and has been interpreted as the dominant border fault responsible for most of the uplift (50). Ref. 49 used stratigraphic offsets and scaling relations between gouge thickness and displacement to estimate throws on the major horst-bounding faults. This yielded vertical offsets in excess of 7 km on the Bwamba fault, significantly larger than typical offsets (~2-3 km) on the family of synthetically east-dipping faults that bound the range to the east (e.g., Bigo and Nyamwamba faults). The thickness of the brittle crust beneath and around the Rwenzori horst can be estimated between 25 and 30 km, from the depth distribution of seismicity recorded by ref. 45.

The extremely high relief of the Rwenzori Range (locally in excess of 4 km, ~2.7 km on average relative to the adjacent basins) makes it prone to significant glacial erosion at high altitude.

We therefore focused our analysis on lower altitude river networks draining away from the Bwamba fault, which likely play a strong role in shaping the morphology of the eastern part of the range.

Ruby Mountains, Nevada, USA. The Ruby Mountains (Figure S15) mark the southern extent of the Ruby Mountains-East Humboldt metamorphic core complex in the north-central Basin and Range province, where structurally deep units are now exposed at the surface (51). A large part of this exhumation occurred through ~7 km of vertical displacement on a major W-dipping fault termed the Ruby detachment, which initiated around 17 Ma and underwent significant eastward rollover (52) through ~12 Ma. Extension was later taken up by 2 antithetic fault systems formed within the last 10 Myrs, which now separate the Ruby Mountains from the Huntington Valley to the West and the Ruby Valley to the East. While both of these fault systems show evidence for Quaternary slip (e.g., faults 1714 and 1718 in the USGS Quaternary Faults Database: 53), the E-dipping Ruby Valley fault appears dominant in terms of both structural and topographic relief. Ref. 52 estimated its throw at ~2.4 km. Given the documented switches in polarity of the master normal faults and the coexistence of significant deformation on antithetic fault systems, we classify the Ruby Mountains as a horst structure, or in a broader sense, an area with a documented history of localized brittle strain migrating into the footwall of a master normal fault. Lacking geophysical constraints on the thickness of the brittle crust in the area, we use the same estimate (10-15 km) as in the Santa Rosa range, which is based on seismogenic layer thickness measured over the entire state of Nevada (39).

Toiyabe Range, Nevada, USA. The N-S trending Toiyabe Range (Figure S16) is located in the central Basin and Range province. It is a horst block bound on its western and eastern sides by high-angle normal faults which separate it from the Reese River and Big Smokey Valleys [START_REF] Smith | History and kinematics of Cenozoic extension in the northern Toiyabe Range, Lander County, Nevada[END_REF][START_REF] Stockli | Regional timing and spatial distribution of Miocene extension in the northern Basin and Range Province[END_REF]. Both fault systems show evidence of Quaternary activity (e.g., faults 1336c and 1337 in the USGS Quaternary Faults Database: 56, 57), but the E-dipping Toiyabe Range fault zone has been noted to have the dominant tectonic and geomorphic expression in the southern portion of the range ( 55), which we focus on in our river profile analysis. Structural mapping and thermochronology data are consistent with vertical offsets on the order of 4-5 km on the range-bounding faults. We infer a local depth to the brittle-ductile transition of 10-15 km following the reasoning applied to the Santa Rosa Range and Ruby Mountains. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves). S2) and horsts (triangles, Table S3). Correlation coefficient in log vs. log space: R 2 = 0.85. S2 andS3) plotted against relevant landscape and tectonic metrics compiled by ref. 
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 2 Figure 2. Localization of a new master fault modulated by crustal strength and erosional efficiency. Snapshots of half-graben growth models taken when a new master fault F2 breaks spontaneously. Total throw accommodated on initial master fault F1 is indicated. Symbols and colors match Figure 1B. Panels correspond to different thicknesses of the brittle upper crust (H = 19 km, top row; 16 km, bottom row) and erosional efficiency (EE = 0.4, left column; or 4, right column). Panels correspond to simulations (A) F70, (B) F60, (C) H70, (D) H60 as listed in TableS1.
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 4 Figure 4. Documenting the erosional modulation of rift structure. (A) Half-graben relief as a function of fault throw. Black curves show the relief of F1's footwall in simulations with a brittle layer thickness of 14 km (M50-70) and varied EE. Dots indicate when F1 can no longer be considered the dominant fault (F2 reaches CRIT). Dashed blue and red curves correspond to simulations with EE = 1.26 and brittle layer thicknesses of 22 km (C65) and 11 km (V65), respectively. Horizontal bars correspond to 9 half-grabens in the Basin and Range province, Rio Grande Rift, Taupo Rift and East African Rift (blue, black and red colors indicate brittle layer thickness >20 km, between 10 and 20 km, and <10 km, respectively). (B) River elevation vs. upstream distance corrected for variations in drainage area and uplift rate, from the 9 halfgrabens shown in panel A. A footwall range in topographic equilibrium plots along a line of slope = 1 / EE. Green lines indicate the EE values used in our numerical simulations. (C) Vertical offset on half-graben master faults vs. EE, with the same color code as panel A. Colored bands show the maximum throw on F1 as a half-graben master fault in simulations of varied brittle-ductile transition depths. (D) Transition between the hanging wall snapping (squares) vs. footwall snapping (triangles) regimes in numerical simulations (black curve). Hollow rectangles correspond to half-grabens from panels A-C. Filled triangles indicate horst structures, and the filled rectangle is a possible example of hanging wall snapping (north basin of Lake Malawi).

  up pe r cru st foo tw all ran ge se dim en tar y ba sin du cti le low er cru st o n g c r u s t , in e f c ie n t e r o s io n a f t e r 2 1 .3 M y r H = 1 9 k m E E = 0 .4 T h r o w o n in it ia l h a lf g r a b e n ( F 1 ) : 7 .5 ± 0 .4 k m W e a k e r c r u s t , e f c ie n t e r o s io n a f t e r 2 3 M y r H = 1 6 k m E E = 4 T h r o w o n in it ia l h a lf g r a b e n ( F 1 ) : 9 .2 ± 0 .4 k m W e a k e r c r u s t , in e f c ie n t e r o s io n a f t e r 2 1 .7 M y r H = 1 6 k m E E = 0 .4 T h r o w o n in it ia l h a lf g r a b e n ( F 1 ) : 6 .3 ± 0 .4 k m S t r o n g c r u s t , e f c ie n t e r o s io n a f t e r 2 1 .9 M y r H = 1 9 k m E E = 4 T h r o w o n in it ia l h a lf g r a b e n ( F 1 ) : 1 0 .1 ± 0 .6 k m

FO

  OT W AL L SN AP PI NG HA NG IN G W AL L AN D FO OT W AL L SN AP PI NG erosional efficiency (EE) thickness of brittle upper crust (km) Position of new fault (F2) relative to initial fault (F1):

  equal to the deviatoric strain rate) is the sum of an elastic component (involving a shear modulus G = 30 GPa), a viscous component representing high-temperature ductile creep, and a frictional-plastic component representing low-temperature brittle deformation at a finite yield stress:

  Figures in the mainmanuscript and Fig. S1 used colormaps from ref. 58.

Fig. S1 .

 S1 Fig. S1. Model setup and boundary conditions. The 10-km thick "sticky air" layer above the crust is not shown. The resolution of the tectonic model is 250´250 m in the active deformation area within +/-50 km of the initially seeded fault, and coarsens to 1000´500 m (horizontal ´ vertical) on the outer regions of the model. The landscape is discretized on a regular grid with 80 and 200 elements along the yand x-directions, respectively.
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 S2 Fig. S2. Temporal evolution of strain localization in simulations shown in Figure 2: (A) F70, (B) F60, (C) H70, (D) H60. Black dots show the position (x-coordinate) of areas where plastic strain 5 km below the surface exceeds the critical softening strain, thereby indicating the position of major faults, relative to the initial position of fault F1 initially at x = 0. New faults (F2, F2') localize either in the footwall (FW, panels A & C) or hanging wall (HW, panel B) of F1, or on both sides of F1 (panel D).

Fig. S3 .

 S3 Fig. S3. River profile analysis from synthetic landscapes. A. Model topography produced by prolonged slip on fault F1 in simulation M60 (with K = 10 -6 yr -1 ). Major footwall rivers draining away from F1 are mapped and color-coded by elevation. Red and black lines are contours of the dimensionless uplift function U* used to compute the uplift-corrected c plots (panel C). B. Dimensionless uplift function vs. distance to the fault (red) and footwall topography averaged along the strike of F1, normalized by its maximum value (blue). C. Elevation of simulated rivers vs. upstream distance corrected for changes in drainage area (c, blue dots), and vs. upstream distance corrected for changes in both drainage area and uplift (cU, red dots). The 10 th , 50 th and 90 th percentiles of the elevation vs. cU points (binned by cU) are fitted with second-order polynomials shown as solid and dashed black curves. The thick gray line shows the expected cU-plot if the maximum uplift rate at the fault was exactly 0.25 mm/yr, corresponding to an erosional efficiency EE = 4. Thinner gray lines show the same trends for maximum rates of 0.2 and 0.3 mm/yr (EE = 5 and 3.3).
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 S4 Fig. S4. True erosional efficiency vs. EE assessed through river profile analysis of landscapes shaped by slip on fault F1 in simulations M50-M70. Error bars on true EEs account for variability in true uplift rate at the fault. Error bars on estimated EEs are based on fits to the 10th and 90th percentiles of the elevation vs. cU-plots (see Figure S3C). Dashed line is 1:1 line.
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 S5 Fig. S5. River profile analysis of the Paeroa Range, New Zealand. (Top) SRTM topography and selected footwall rivers (draining to 400 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (438430, 5756700) and (431150, 5748700) meters in UTM zone 60H. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 2 to 11.4 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S6 .

 S6 Fig. S6. River profile analysis of the Sandia Mountains, New Mexico, USA. (Top) SRTM topography and selected footwall rivers (draining to 2100 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red stars are located at (x, y) = (364230, 3897300) and (364520, 3886600) meters in UTM zone 13S. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 6.6 to 17 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S7 .

 S7 Fig. S7. River profile analysis of the Lemhi Range, Idaho, USA. (Top) SRTM topography and selected footwall rivers (draining to 1805 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (255190, 4948600) and (287500, 4930500) meters in UTM zone 12T. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 13 to 33 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S8 .

 S8 Fig. S8. River profile analysis of the Beaverhead Range, Idaho/Montana, USA. (Top) SRTM topography and selected footwall rivers (draining to 1900 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (295470, 4969300) and (310780, 4955400) meters in UTM zone 12T. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 8 to 50 km to the master fault.

Fig. S9 .

 S9 Fig. S9. River profile analysis of the Wassuk Range, Nevada, USA. (Top) SRTM topography and selected footwall rivers (draining to 1500 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red stars are located at (x, y) = (346430, 4296700) and (346890, 4276000) meters in UTM zone 11S. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 6 to 21 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S10 .

 S10 Fig. S10. River profile analysis of the Santa Rosa Range, Nevada, USA. (Top) SRTM topography and selected footwall rivers (draining to 1450 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (436420, 4604600) and (434960, 4584800) meters in UTM zone 11T. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 8 to 25 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S11 .

 S11 Fig. S11. River profile analysis of the Warner Mountains, California, USA. (Top) SRTM topography and selected footwall rivers (draining to 1430 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (732900, 4610700) and (741000, 4574400) meters in UTM zone 10T. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 6 to 34 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S12 .

 S12 Fig. S12. River profile analysis of the Western shore of Lake Edward, Democratic Republic of the Congo. (Top) SRTM topography and selected footwall rivers (draining to 950 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (756540, 9935300) and (775610, 9975400) meters in UTM zone 35M. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 15 to 100 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S13 .

 S13 Fig. S13. River profile analysis of the North-eastern shore of Lake Malawi / Kipengere Range, Tanzania. (Top) SRTM topography and selected footwall rivers (draining to 1200 m asl), colorcoded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (611280, 8951500) and (668620, 8887100) meters in UTM zone 36L. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 40 to 200 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S14 .

 S14 Fig. S14. River profile analysis of the Rwenzori Mountains, Democratic Republic of the Congo / Uganda. (Top) SRTM topography and selected footwall rivers (draining to 1100 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (800180, 24126) and (815030, 63931) meters in UTM zone 35N. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 20 to 50 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and upliftcorrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S15 .

 S15 Fig. S15. River profile analysis of the Ruby Mountains, Nevada, USA. (Top) SRTM topography and selected footwall rivers (draining to 1850 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (632990, 4470400) and (644590, 4497600) meters in UTM zone 11T. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 6 to 36 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S16 .

 S16 Fig. S16. River profile analysis of the Toiyabe Range, Nevada, USA. (Top) SRTM topography and selected footwall rivers (draining to 1950 m asl), color-coded by elevation, in m asl. Thin lines are contours of dimensionless uplift function (red: 1, black: decreasing increments of 0.2), inferred by averaging topography within a fault-normal swath. Thick red line shows approximate strike and location of range-bounding master fault, and along-fault width of averaging swath. Red dots are located at (x, y) = (478660, 4308400) and (490430, 4332400) meters in UTM zone 11S. Black bar = 10 km. (Middle) Dimensionless uplift function U*(xF) (red) determined by fitting mean footwall relief (blue, normalized) between distances of 7 to 22 km to the master fault. (Bottom) Standard elevation above base level vs. c plot (blue dots), and uplift-corrected cU-plot (red dots), with parabolic fits to the median trend (black curve) as well as the 10th and 90th percentiles (dashed black curves).

Fig. S17 .

 S17 Fig. S17. Characteristic decay length of uplift rate (a) vs. brittle layer thickness. Data points from compilation of half-grabens (diamonds, TableS2) and horsts (triangles, TableS3). Correlation coefficient in log vs. log space: R 2 = 0.85.

Fig. S18 .

 S18 Fig. S18. Erosional efficiency compared to lithological, climatic and tectonic metrics. Erosional efficiency determined through river profile analysis (This study, TablesS2 and S3) plotted against relevant landscape and tectonic metrics compiled by ref.22 at the Paeroa Range, Lemhi Range, Beaverhead Range, Wassuk Range, Santa Rosa Range (half-grabens) and at the Ruby Mountains and Toiyabe Range (horsts). Metrics include: (A) average precipitation rate (positive correlation, R 2 = 0.41); (B) fault vertical slip rate (positive correlation, R 2 = 0.29); (C) strength index of exposed lithologies (1: weak / highly erodible to 5: strong; negative correlation, R 2 = 0.60); (D) ratio of precipitation rate divided by slip rate multiplied by strength index (positive correlation, R 2 = 0.49).

  Fig. S18. Erosional efficiency compared to lithological, climatic and tectonic metrics. Erosional efficiency determined through river profile analysis (This study, TablesS2 and S3) plotted against relevant landscape and tectonic metrics compiled by ref.22 at the Paeroa Range, Lemhi Range, Beaverhead Range, Wassuk Range, Santa Rosa Range (half-grabens) and at the Ruby Mountains and Toiyabe Range (horsts). Metrics include: (A) average precipitation rate (positive correlation, R 2 = 0.41); (B) fault vertical slip rate (positive correlation, R 2 = 0.29); (C) strength index of exposed lithologies (1: weak / highly erodible to 5: strong; negative correlation, R 2 = 0.60); (D) ratio of precipitation rate divided by slip rate multiplied by strength index (positive correlation, R 2 = 0.49).

Table S1 .

 S1 Summary of all simulation inputs and key results.

	Half-graben	Rift	Relie	Dip		Throw on	Thickness of	Base		Master fault UTM	Limits of	Far-field	Uplift	Erosional efficiency:
			f (m)	direction of	master		brittle upper	altitude	coordinates		topographic	uplift rate	decay	median estimate and range
				master fault	fault (km)	crust (km)	for c		(x1, y1) and (x2, y2)	fit (distance	U*MIN	length
		Simulation	H		sedimentat	K (yr -1 )	Initial	(m) plots	Time elapsed + UTM zone Time (m)	Location of new s) to fault, km) (dimensionles Throw on (km)	Throw on	EE
		name		(µW	ion				BDT		with F1 as	elapsed with	master fault(s)	F1 as	F1 as
	Paeroa	Taupo	413 a	/m 3 ) NW		0.56-0.9		6-8	depth	400	master fault (4.3843´10 5 ,	F1 as	relative to F1: 2-11.4 0.0733	master	4.0	master 2.81 (1.99-3.02)
	Range, New	Rift								(km)		(low estimate, 5.7567´10 6 )	master fault	footwall (FW),	fault (low	fault (high
	Zealand											Myr)	(4.3115´10 5 ,	(high	hanging wall	estimate,	estimate,
													5.7487´10 6 )	estimate,	(HW), or both.	km)	km)
	New Mexico, Mountains, Sandia	C70NS C70 Grande Rio	1178	0.35 0.35 W		no 1.00E-07 yes 1.00E-07 5-7 7-10		22 22 2100		UTM 60H 8.62 10.4 (3.6452´10 5 , 3.8973´10 6 ) (3.6423´10 5 ,	Myr)	10.5 HW 13.6 HW 6.6-17	0.2013	4.9 6.6 6.6	5.3 7.7 1.28 (1.06-2.32)	0.4 0.4
	USA	C65		0.35		yes 3.16E-07		22		9.65 3.8866´10 6 )		13 HW	6.4	7.8	1.26
		C60		0.35		yes 1.00E-06		22		10.6 UTM 13S		13.6 HW	7.3	8.6	4
	Idaho, USA Lemhi Range,	C55 C50 F70NS B&R	1273 a	0.35 0.35 0.55 SW		yes 3.16E-06 yes 1.00E-05 no 1.00E-07 5-6 12-16		22 22 19 1805		11.5 13.6 7.09 UTM 12T (2.875´10 5 , 4.9305´10 6 ) 14.4 HW 16.5 HW 8.53 both 4.9486´10 6 ) (2.6519´10 5 , 13-33	3.736´10 -8	8.1 9.2 4.7 23.4	9.4 10.4 5.1 0.98 (0.63-2.08) 12.6 0.4 40
	Beaverhead	F70 B&R	916 a	0.55 SW		yes 1.00E-07 5-6 12-16		19 1900		11.8 (2.9547´10 5 ,		15 FW 8-50	0.3039	7.1 15.7	7.8 2.66 (2.63-5.87)	0.4
	Range, Idaho / Montana, USA Wassuk	F65 F60 F55 F50 B&R	1166 a	0.55 0.55 0.55 0.55 E		yes 3.16E-07 yes 1.00E-06 yes 3.16E-06 yes 1.00E-05 2.5-8.5 11-14		19 19 19 19 1500		11.2 4.9693´10 6 ) 16.2 (3.1078´10 5 , 16.5 4.9554´10 6 ) 15.8 UTM 12T (4.3642´10 5 ,		14.6 FW 19.7 HW 19.8 HW 19.1 HW 6-21	0.1765	7.1 9.5 10.2 10.2 8.9	7.6 10.7 11.1 11.1 1.15 (0.87-2.57) 1.26 4 12.6 40
	Range,	H70NS		0.75		no 1.00E-07		16		6.33 4.6046´10 6 )		8.82 both	4.1	4.7	0.4
	Nevada, USA	H70		0.75		yes 1.00E-07		16		8.96 (4.3496´10 5 ,		11.9 FW	5.9	6.7	0.4
	Santa Rosa	H65 H60 B&R	1071 a	0.75 0.75 W		yes 3.16E-07 yes 1.00E-06 5-6 10-15		16 16 1450		8.91 4.5848´10 6 ) 15.3 UTM 11S (4.3642´10 5 ,		12.5 FW 19.1 both 8-25	0.0954	6 8.8 9.1	7.1 9.5 0.62 (0.51-1.11) 1.26 4
	Range,	H55		0.75		yes 3.16E-06		16		19.3 4.6046´10 6 )		21.5 HW	10.5	10.6	12.6
	Nevada, USA	H50		0.75		yes 1.00E-05		16		17.8 (4.3496´10 5 ,		20.2 HW	10.5	10.7	40
		M70NS			1		no 1.00E-07		14		6.55 4.5848´10 6 )		9.14 both	4	4.9	0.4
	California, Mountains, Warner	M70 M65 M60 B&R	946	E	1 1 1		yes 1.00E-07 yes 3.16E-07 yes 1.00E-06 4-5 9-13		14 14 14 1430		6.46 UTM 11T 9.17 13 ´10 6 ) (7.410´10 5 , 4.5744 (7.329´10 5 , 4.6107´10 6 ) 9.44 FW 12.6 FW 17 FW 6-34	0.0724	4.7 5.7 7.6 15.1	5.5 6.5 8.6 1.34 (0.94-2.19) 1.26 0.4 4
	USA	M55			1		yes 3.16E-06		14		16.9 UTM 10T		19.2 FW	9.1	9.2	12.6
	the Congo Republic of Democratic Lake Edward, W. shores of	M50 V70NS V70 V65 EAR	1535	1 1.4 1.4 1.4 E		yes 1.00E-05 no 1.00E-07 yes 1.00E-07 yes 3.16E-07 ³7 25-30		14 11 11 11 950		18.5 5.59 6.44 8.78 UTM 35M 9.9768´10 6 ) (7.7653´10 5 , 9.9477´10 6 ) (7.6478´10 5 ,		21.3 HW 7.57 FW 8.94 FW 11.3 FW 15-100	0.0794	9.9 3.3 4.2 5 48.5	10.3 4.7 4.8 5.5 1.21 (0.84-2.37) 1.26 0.4 0.4 40
	Kipengere	V60 EAR	1695	1.4 W		yes 1.00E-06 ³6.6-7.4 32-37		11 1200		10.4 (6.1128´10 5 ,		12.9 FW 40-200	0.3093	5.9 124.9	6.5 3.03 (1.90-4.52)	4
	Range / N.E. shores of Lake Malawi,	V55 V50		1.4 1.4		yes 3.16E-06 yes 1.00E-05		11 11		16.1 8.9515´10 6 ) 17.4 (6.6862´10 5 , 8.8871´10 6 )		19.5 both 21 both	9.1 9.7	9.9 10.6	12.6 40
	Tanzania												UTM 36L	

Table S2 .

 S2 Compilation of structural and morphometric characteristics of fluvially-eroded half-grabens. a indicates relief measurements from ref. 22. See Supplementary Text for references related to fault throw and brittle layer thickness. B&R: Basin & Range. EAR: East African Rift.
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