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The Dole effect and its variations during the last 130,000
years as measured in the Vostok ice core

Michael Bender! and Todd Sowers?2
Graduate School of Oceanography, University of Rhode Island, Kingston

Laurent Labeyrie
Centre des Faibles Radioactivites, Centre National de la Recherche Scientifique, Commissariat a L'Energie Atomique,
Gif-sur- Yvette, France

Abstract. We review the current understanding of the Dole effect (the observed difference between the
880 of atmospheric O, and that of seawater) and its causes, extend the record of variations in the Dole
effect back to 130 kyr before present using data on the 380 of O, obtained from studying the Vostok ice
core (Sowers et al., 1993), and discuss the significance of temporal variations. The Dole effect reflects
oxygen isotope fractionation during photosynthesis, respiration, and hydrologic processes (evaporation,
precipitation, and evapotranspiration). Our best prediction of the present-day Dole effect, +20.8 %o, is
considerably lower than the observed value, + 23.5 %o, and we discuss possible causes of this discrepancy.
During the past 130 kyr, the Dole effect has been 0.05 %o lower than the present value, on average. The
standard deviation of the Dole effect from the mean has been only + 0.2 %o, and the Dole effect is nearly

unchanged between glacial maxima and interglacial periods. The small variability in the Dole effect
suggests that relative rates of primary production in the land and marine realms have been relatively
constant. Most periodic variability in the Dole effect is in the precession band, suggesting that changes
in this global biogeochemical term reflects variations in low-latitude land hydrology and productivity or

possibly variability in low-latitude oceanic productivity.

Introduction

Our understanding of the response of the biosphere to
Pleistocene climate change is actually quite limited. For the
terrestrial realm, our most detailed knowledge comes from
extensive studies of pollen in sediments which record climate
during and after the last glacial termination [e. g., COHMAP,
1988]. Pollen data for earlier times are extremely informative
but geographically restricted. In the marine realm, the most
ambitious attempts to understand the response of the
biosphere to climate have focused on studies of primary
productivity in the past inferred from two proxy indicators:
organic carbon accumulation rates [e. g., Sarnthein et al.,
1988, 1992] and foraminiferal taxonomy [Mix, 1989a, b].
Paleoproductivity estimates made from many other proxies
have enlivened the discussion with respect to specific areas of
the ocean.

Proxy studies of the response of the terrestrial and marine
biosphere are limited in that they do not generally provide
information on a global scale, although with enough effort
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they can potentially be made to do so. Ice core
reconstructions of the concentrations of bioactive gases in air
provide an integrated global signal which complements the
proxy studies cited above. Variations in the concentrations of
the most abundant bioactive gases (CO,, CH,, N,0) reflect, in
part, global scale changes in the marine and terrestrial
biospheres. Atmospheric concentrations of CH, have been
found to vary with a period corresponding to that of the
precession of the equinoxes [Chappellaz et al., 1990].
Concentrations are higher when temperatures are warmer and
precipitation is greater. Glacial-interglacial variations in the
concentration of CO, have been attributed to changes in the
fertility and carbon export of the upper water ecosystem fe. g.,
Mix, 1989a; Knox and McElroy, 1984], although variations
in ocean circulation and other factors must also have played an
important role (e. g., Boyle, 1988; Broecker, 1989). On a
shorter timescale, the transient minimum in the CO,
concentration of air at the end of the last glacial termination
reflects rapid growth of the land biosphere [Neftel et al.,
1988].

The 8'30 of O, is an additional variable which reflects the
global responses of the land and marine biospheres to climate
change, albeit in a complex manner. The Dole effect is defined
as the difference between the 8'30 of atmospheric O, in air and
the 8'®0 of contemporaneous seawater. The magnitude of the
Dole effect, which today is about +23.5 %o [Kroopnick and
Craig, 1972], mainly reflects the isotopic composition of O,
produced by marine and terrestrial photosynthesis, as well as
the extent to which the heavy isotope is discriminated against
during respiration. As previously discussed, 8180 of
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atmospheric O, varied over glacial/interglacial timescales in
response to changes in the 8'80 of seawater [Horibe et al.,
1985; Bender et al., 1985, Sowers et al., 1993]. Other factors,
which are of secondary importance in controlling the §'20 of
atmospheric O,, are (1) changes in terrestrial and marine
fertility, (2) varying isotope fractionation associated with the
hydrologic cycle, and (3) changes in respiratory isotope
effects on either a species or community level.

The response time of 8'®0 of O, is comparable to the
turnover time of O, in air with respect to photosynthesis and
respiration, about 1.2 kyr (Table 1). In general, increases in
the ratio of terrestrial to marine production will cause the §'30
of atmospheric O, to rise. Within the terrestrial realm, large-
scale changes in ecology, precipitation, and humidity can all
cause variability in the Dole effect.

In this paper we present a record of variations in the Dole
effect over the last 130 kyr, based on the analysis of air
occluded in the GISP2 and Vostok ice cores. We then explore
the implications of this record for changes in the fertility of
the land and marine biospheres and changes in hydrologic
fractionation of oxygen isotopes during the Late Pleistocene.

Dole Effect Reconsidered

The 880 of surface seawater today is, on average, close to
zero on the SMOW scale, while that of O, is constant
throughout the atmosphere at a value of about + 23.5 %.. Over
the time period of interest here, photosynthesis and
respiration are the most important reactions producing and
consuming O,. The isotopic composition of O, in air must
therefore be understood in terms of isotope fractionation
associated with these reactions [Lane and Dole, 1956; Berry,
1992; and references therein].

The 3!%0 of O, produced by photosynthesis is similar to
that of the source water [e. g., Guy et al., 1993]. The 830 of
0, produced by marine plants today is thus 0 %.. The 8'30 of
O, produced on the continents has been estimated to lie
between + 4 and + 8 %o [Dongmann, 1974; Farquhar et al.,
1993]. These elevated 380 values are the result of elevated
leaf water 8'%0 values resulting from evapotranspiration.

The 3'%0 of O, consumed by respiration is ~ 20 %o less than
that of the source O, [Guy et al., 1993; Kiddon et al., 1993].
At isotopic steady state, the 3180 of 0O, molecules actually
consumed by respiration must be the same as the 3'30 of O,
produced by photosynthesis [Lane and Dole, 1956]. Today
this constraint is satisfied with 8'%0 of atmospheric O, = +
23.5 %o. In the event of deviations, the steady state value of
the Dole effect would be restored with an e-folding time equal
to the turnover time of O, in air, ~ 1.2 kyr.

We now recognize that several additional processes affect
the 8'30 of atmospheric O, [e. g., Berry, 1992]. The most
important is evapotranspiration, which can cause very large
enrichments in the 8'30 of leaf water of land plants because of
the preferrential evaporation of the light isotope [Dongmann
et al., 1974; Farris and Strain, 1978; Forstel, 1978]. Due
largely to the meticulous work of R. D. Guy and colleagues
[Guy et al., 1989, 1992], our estimates of isotope
fractionation during photosynthesis and respiration are based
on much better data than was available to Lane and Dole
[1956]. In addition, we now have better estimates of the
relative rates of land and ocean production. Finally, we can
now begin to assess the impact of several additional processes
on the Dole effect, including isotopic exchange between CO,
and O, driven by photochemical processes in the stratosphere
(first suggested by Dole et al. [1954], p. 66), mixing in the
aphotic zone of the ocean and its influence on the §'%0 of O,
consumed by respiration in that environment, and equilibrium

Table la. Terrestrial Mass Balance of O, and 5130 of O,

Production term Production Reference
Gross production excluding photorespired O, (GPP) 14.1 Farquhar et al. [1993]
Gross production including photorespiration (14.1/0.69) 20.4 Farquhar et al. [1980]

Process

Fraction of respiratory

Isotope effect Reference

O, consumption

3180 of terrestrial photosynthetic O, w. r. t. SMOW
Discrimination against 0!8 during respiration

Dark respiration
Mehler reaction

Photorespiration
Flux weighted terrestrial respiratory isotope effect,
excluding dark respiration

Equilibrium enrichment in 880 of leaf water w. r. t. air

Terrestrial respiratory isotope effect (= 18.7%0-0.7%0)
Terrestrial Dole effect

4.4 %o Farquhar et al. [1993]

59% 18.0 Guy et al. [1992, 1993]
10% 15.1 Guy et al. [1992]
31% 21.2%o Guy et al. [1992]

18.7%o

+0.7%o0 Benson and Krause [1984]

18.0%c

22.4 %o
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Table 1b. Marine Mass Balance of O, and 330 of O,

Production term

Production

Reference

(x1015 moles/yr)

Marine gross production (=4 x seasonal net production)

Marine gross production - recycling within the ocean

12
10.6

Keeling and Shertz [1992]

Process

Isotope effect

Reference

8180 of O, produced by marine photosynthesis
8180 of marine photosynthetic O,
Discrimination against 80 during marine respiration

Average marine €g (applies to euphotic respiration)
Effective eg for respiration below the euphotic zone
Equilibr. enrichment in 8180 of O, in water w.r.t. air
Effective g for marine respiration*

Marine Dole effect

0 %o
20 %o Kiddon et al. [1993]
12 %o Bender [1990]

0.7 %o Benson and Krause [1984]
18.9 %o
18.9 %o

* =0.95x(20 %0-0.7 %0)+0.05x12%o0

isotope fractionation between O, in air and O, dissolved in
seawater.

8130 of O, Produced During Photosynthesis

In the terrestrial environment, gross production is the
production term of interest relative to the Dole effect because
all photosynthetic O, escapes from leaves to label the
atmosphere before any is consumed intracellularly. This is the
case because leaves are open to diffusion of CO,, a gas whose
atmospheric concentration is only 0.0016 times that of O,.

In the ocean, photosynthesis takes place in the mixed layer
or in adjacent underlying waters. Gas in the mixed layer
equilibrates with the atmosphere over a timescale of weeks,
while gas in the underlying seasonal thermocline equilibrates

over a timescale of months. We assume that the average
timescale for gas equilibration between the euphotic zone and
the atmosphere is 30 days, the euphotic zone is 60 m thick and
its [0,] is 250 umol/L, the ratio of net/total production is
0.25, and net primary production is 8.5 mol m2 yr! (Table 1).
From these numbers we calculate that gross primary
production is 34 moles m2 yr!. We also calculate that 88 % of
photosynthetic O, goes into the atmosphere, and 12 % is
consumed by respiration before it crosses the air/sea interface
to label the atmospheric O, pool. We therefore discount gross
oceanic production by 12 % in computing the §'80 balance of
0,.

2Guy et al. [1993] recently showed that §'%0 of O, produced
by spinach thylakoids (photosynthetic membranes) was

Table lc. Calculation of the global Dole effect, model leaf water enrichment, and

atmospheric O, turnover time

Isotope effect

Stratospheric diminution due to O isotope exchange of O, and CO,

Calculated Dole effect*
Observed Dole effect

Leaf water enrichment giving observed Dole effect, all other terms constant

0.4 %o
20.8 %o
23.5 %o

8.5 %o

Turnover time

Turnover time of atmospheric O**

1.2 kyr

*=[fraction of production on land x land Dole effect] + [fraction of production in oceans x marine Dole

effect] - stratospheric diminution

**=(atmospheric inventory / [terrestrial production + marine production]) = (3.7x10!® moles/ [20.4 +

10.6] x 10'S ‘moles/yr]



366 BENDER ET AL.: DOLE EFFECT IN THE VOSTOK ICE CORE

indistinguishable from that of ambient water in which the
thylakoids were suspended. Guy et al. and earlier workers [e.
g., Stevens et al., 1975] found slight enrichments (~1 %o) in
the 8'80 of O, produced by phytoplankton relative to ambient
waters. They attributed these enrichments to algal respiration
in the photosynthesizing cultures rather than to
photosynthetic fractionation. Thus the 8'%0 of
photosynthetic O, has the same isotopic composition as its
source water, or very nearly so.

Marine photosynthesis. The 330 of surface seawater
ranges from about - 1 %o to + 1 %o on the SMOW scale,
averaging nearly zero [Craig and Gordon, 1965]. Thus the
880 of O, produced by marine photosynthesis is ~0 %o.

Land photosynthesis. To understand the factors that
control the 8'30 of terrestrially produced O,, one needs to
understand the factors controlling the 8'%0 of leaf H,0. Leaf
water ultimately originates from surface seawater, but its
isotopic composition, relative to the source, is fractionated
by equilibrium and kinetic effects attending evaporation and
precipitation [Craig and Gordon, 1965]. The 8!2Q of
precipitation varies spatially and temporally and averages
about - 7 %o. This water is absorbed into the roots, stems, and
branches of plants without significant fractionation. Water in
leaves, however, is enriched in !'80 because, during
evapotranspiration, the light isotope evaporates more
rapidly. Quantitative descriptions of the leaf water enrichment
assume a two-step process for evaporation. First, leaf water
evaporates into saturated air within the “head space” (stomata)
of the leaf with a composition fixed by equilibrium between
leaf water and the head space vapor. Second, leaf water escapes
from the stomata into free air which has a humidity < 100 %.

For a simple model in which evapotranspiration is
simulated by the steady state evaporation of water from a sheet
of paper, the “leaf water” enrichment is given by the “Craig
equation:”

8leaf ) 8st;em =e*+(1-h) &+ h (Satm b 8mm) M

[Craig and Gordon, 1965; Dongmann, 1974; Farris and Strain,
1978], where 8 is the 8'80 of water. The subscripts leaf, stem,
and atm refer to leaf water, stem water (i. e., local meteoric
source water), and atmospheric water, respectively. h is
relative humidity, €* is the equilibrium isotope effect for
evaporation of water (liquid) to water (gas), and €, is the
kinetic isotope effect associated with the diffusion of water out
of the stomata into the free atmosphere. &* is about +9 %o and
g, is about 27 %o [Farquhar et al., 1993; Yakir, D., J. Berry, L.
Giles, and C. B. Osmond, Isotopic heterogeneity of water in
transpiring leaves: Identification of the component that
controls the §'30 of atmospheric O, and CO,, submitted to
Plant and Cell Environment, 1994].

In the case where the relative humidity is 100 % and
atmospheric water is in equilibrium with soil water, the leaf
water enrichment would be 0 %o relative to local meteoric
water. In the case where the humidity is zero, the calculated
leaf water enrichment is ~36 %e relative to local meteoric
water. Other factors affecting the 8'%0 of chloroplast water,
and hence the 3'%0 of photosynthetic O,, include the normal
diurnal variation in humidity (which is at a minimum in the
afternoon), elevation of temperatures inside leaves relative to

the surrounding air, non steady state conditions with respect
to the leaf water balance (especially at night, when stomata
close), variations in the kinetic isotope effect for the escape
of leaf water due to the biological variability in the nature of
the stomata [Farris and Strain, 1978], and variations in the
8180 of H,O gas in ambient air. Data in Figure 1, on the
isotopic composition of leaf water from a forest in Julich,
Germany, illustrate the expected diurnal cycle in the 8'%0 of
leaf water, together with variations demonstrating the
existence of complex disequilibrium effects.

At any time when the humidity is < 100%, the ideal value
for the isotopic composition of leaf water can be modified by
advection of water through the leaf to the site of evaporation

S180(%.)
25

20

15

spruce

10 + °

larch

birch

*C %
rel humidity
30}t 4100

10

temperature

1 I 1 1 1 0
9 15 21 3 9 15
HOUR
Figure 1. 5'%0 of H,O in leaf water of three trees, branch
water, and air humidity as a function of time of day for a forest
in Julich, Germany. Relative humidity and temperature are
also shown. Redrawn from Forstel [1978].

o
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and by back diffusion of leaf water from these sites. The
isotopic composition of leaf water is thus intermediate
between the 8'20 value predicted by the Craig equation and the
8180 of stem water [Yakir et al., 1989; Yakir, D., J. Berry, L.
Giles, and C. B. Osmond, Isotopic heterogeneity of water in
transpiring leaves: Identification of the component that
controls the 8180 of atmospheric O, and CO,, submitted to
Plant and Cell Environment, (1994).; Farquhar et al., 1993].
Of interest here is the 130 enrichment in water in chloroplasts,
where photosynthetic production of O, occurs. Farquhar et al.
[1993] pointed out that this value might be governed by the
Craig equation (equation (1)), since chloroplasts are near the
sites of evaporation on the surface of leaves, and presented
strong supporting evidence. Yakir et al. (Yakir, D., J. Berry,
L. Giles, and C. B. Osmond, Isotopic heterogeneity of water in
transpiring leaves: Identification of the component that
controls the 8180 of atmospheric O, and CO,, submitted to
Plant and Cell Environment, 1994) presented data showing
that the 8!%0 of chloroplast water (and hence of
photosynthetic O,) was intermediate between that predicted by
the Craig equation and that of stem water. Thus the basic
control on the 180 enrichment of water in chloroplasts is under
debate.

With respect to the Dole effect, the value of interest is the
globally averaged 8'%0 of photosynthetic O,. This is equal to
the time-averaged 8'30 of chloroplast water during the
photoperiod, weighted for the rate of photosynthetic O,
production. 8'30 of leaf water, and hence photosynthetic 0,,
varies over all scales of space and time, making the globally
averaged value extremely difficult to estimate. Recently,
Farquhar et al. [1993] attempted such a calculation in another
context and estimated a value of + 4.4 %o for the productivity-
weighted average 8'%0 of leaf water and hence photosynthetic
O, produced on land. We adopt this value in the calculations
that follow but note that the + 4.4 %o value falls close to the
lower end of the range of possible values suggested by
Dongmann [1974].

3180 of O, Consumed by Respiration

Terrestrial respiration. Following Farquhar et al
[1980], we assume that the ratio f of photorespiration to
carboxylation (or total carbon fixation) is given by equation
(4) in their paper (p. 79):

0= (Vo mae! Ve ma X (0/0) x (KJK,) x 107 @

where (Vg ../ V. ..) is the ratio of the maximum
oxygenation velocity to the maximum carboxylation velocity
of RuP, carboxylase-oxygenase, and O is the O, partial
pressure (210,000 ppmV). C is the CO, partial pressure in
plant cells in ppmV, assumed to be equal to 0.7 x partial
pressure of CO, in air. (K./K,) is the ratio of Michaelis -
Menton constants for carboxylation and oxygenation,
respectively (460/330). For the preindustrial value of 280
parts per million by volume (ppmv) CO, in air, ¢ = 0.31.
Following Guy et al. [1992], we assume that the Mehler
reaction accounts for 10 % of terrestrial respiration. We
assume that all dark respiration is via the cyanide-sensitive
pathway. The partitioning of respiration is summarized in
Table 1.

Respiratory oxygen isotope fractionation (€g) has recently
been measured for the major biochemical pathways by Guy et
al. [1989, 1992, 1993]. They determined gxto be about 18 %o
for dark respiration by the cyanide-sensitive pathway and 25
%o for respiration by the alternative (cyanide-resistant)
pathway. Guy ef al. [1992] measured exto be about 21.2 %o for
photorespiration, and 15.3 %0 for the Mehler reaction (in vivo
photo-oxidation). We then calculate a value of eg = 18.8 %o
for terrestrial respiration (Table 1). The true value is likely to
be slightly higher because of the influence of cyanide -

_resistant dark respiration.

Finally, we note that respiration consumes O, from the
liquid pool of cells. The §'%0 in solution is enriched by 0.7 %o
with respect to air [Benson and Krause, 1984], decreasing land
fractionation with respect to the atmosphere by this amount.

Marine respiration. Kiddon et al. [1993] determined €,
values for a range of microorganisms representative of
common marine autotrophs and heterotrophs in culture. They
measured €, values ranging from 15 %o to 25 %o and averaging
close to + 20 %o. Larger marine animals (as well as land plants
and animals) have lower € values due to diffusion limitation
of fractionation. In these organisms, €, depends on rates at
which light and heavy isotopes can diffuse to the site of
respiration as well as on the biochemical fractionation [Lane
and Dole, 1956; Epstein and Zeiri, 1988; Kiddon et al., 1993].
However, these animals are not important in the global O,
balance. The average value of egfor microorganisms studied
by Kiddon et al. is close to that observed by Guy et al. [1992]
and expected for cyanide-sensitive dark respiration based on
work of Guy et al. [1989]. Nevertheless, for individual species
there are differences which cannot be readily explained.

In this paper, we adopt a value of 20 %o for the marine value
of €. This value directly characterizes marine respiration in
the euphotic zone of the ocean in and the upper part of the
aphotic zone which equilibrates rapidly (i. e., seasonally) with
the atmosphere. We neglect the fact that the marine
respiratory isotope effect in nature must be higher in the light
than in the dark (in which condition Kiddon et al. [1993] made
all their measurements), since the isotope effect of 21.2 %o
expected for photorespiration is higher than the isotope effect
adopted here. Photorespiration is thought to be a minor
pathway in the ocean. We note that respiration by the
alternative pathway is associated with much more extensive
isotopic fractionation than via the cyanide resistant pathway,
but we have no way of assessing the relative rates for the two
pathways. Finally, we note that the 3'30 of the dissolved O,
pool of seawater is enriched with respect to the 830 of air by
0.7 %o [Kroopnick and Craig, 1972]. This enrichment reflects
the fact that 80'%0 is 0.7 %o more soluble in seawater than 60,
[Benson and Krause, 1984]. This enrichment decreases the 20
fractionation relative to the atmosphere by 0.7 to 19.3 %o..

A small fraction of marine respiration occurs within more
isolated parts of the ocean (i. e., the main thermocline and the
deep sea). In these areas, the O, concentration is significantly
depleted. The residual dissolved O, is enriched in %0 because
O, used for respiration was depleted in the heavy isotope [e.
g.. Kroopnick and Craig, 1976, Kroopnick, 1987]. We
assume that 5% of gross production is remineralized in waters
underlying the seasonal thermocline with an O, concentration
equal to 40% of saturation and a §'30 of O, enriched by 8 %o
with respect to surface seawater. (The percent saturation
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number is a rough estimate based on hydrographic sections of
dissolved O, concentration. The 8'%0 is estimated from the
relationship between the 8'80 of dissolved O, in subsurface
waters and the O, undersaturation [Bender, 1990].) The 8130 of
0, utilized by respiration in these waters will be equal to 3'*0
(dissolved O,) - €, or 8-20 %o = 12 %o. The effective
respiratory isotope effect for seawater with respect to the 320
of ambient dissolved O, is then: 0.95 x 19.3 %o + 0.05 x 12 %o
= 18.9 %o.

Effect of Isotopic Exchange Between O, and CO,
in the Stratosphere on the 8§80 of O,

Recently, Gamo et al. [1989], Yung et al. [1991}, Thiemens
et al. [1991], and Wen and Thiemens [1993] demonstrated that
isotopic exchange between O, and CO, occurs in the
stratosphere and discussed its mechanism. O('D), which
ultimately derives from O,, reacts with CO, to form the CO,
transition state complex. The symmetry properties of this
complex are different for C1%0,, C'60,!70, and C'50,'30. The
difference in symmetry properties causes 7O and '*O to be
enriched in the CO, that is produced by the decay of CO,.
These heavy isotope enrichments are anomalous in the sense
that they are the same for 7O as for '%0 [Wen and Thiemens,
1993]. In almost all materials, the 7O enrichments are
roughly half those of '80, corresponding to the number of
mass units by which '30 and 7O are heavier than the major
isotope (160).

The magnitude of the stratospheric CO, enrichment, with
respect to its tropospheric value, increases with height to
about 11 %o between 27 and 35 km. The 7O enrichment in
stratospheric CO, is anomalous as it is nearly the same as the
130 enrichment rather than half [Thiemens et al., 1991], as
noted above. Since O, is the ultimate source O('D) reacting
with CO,, the overall reaction represents isotopic exchange
between CO, and O, in the stratosphere:

C160, + #0160 — > C10'60 + 140,

The effect of this transfer of %0 from O, to CO, is to decrease
the 3'80 of atmospheric O,. The question arises as to whether
oxygen compounds other than O, can be the ultimate source of
O exchanging with CO,. The answer is no, because the
concentration of other O-bearing compounds (e. g., OH, H,0)
in the stratosphere is extremely low.

The quantitative effect of this exchange on the 830 of
atmospheric O, can be estimated by scaling the stratospheric
180 enrichment of CO, relative to the tropospheric value
(taken as 11 %o); [Thiemens et al., 1991]) by the ratio of the
CO, concentration of air to the O, concentration (353 ppmv /
210,000 ppmv), by the ratio of the turnover time of O, in air
to the residence time of the troposphere with respect to
exchange with the stratosphere (1.2 kyr / 56 years), and by a
factor of -1 (since the effect on the 8'30 of O, is inverse to that
for CO,). (The residence time of O, in air is derived in Table 1,
and the time assumed to be required for exchange of the
stratosphere into the troposphere, 56 years, is from Schmidt
and Khedim [1991].) One then computes that photochemical
isotope exchange between CO, and O, in the stratosphere
lowers the 8130 of atmospheric O, by 0.4 %o. There is
obviously considerable uncertainty in this number.

M. Thiemens (personal communication, 1993) has pointed
out that this estimated stratospheric 8'%0 decrease of 0.4 %o
should be accompanied by a 8'70 decrease of the same amount.
These changes would lead to a non-mass-dependent
fractionation of 170 (defined as 870 - 0.5 8'30) of 0.2 %o, well
within the limits of detection. Data on the current value and
its change through time would allow one to determine relative
rates at which the non-mass-dependent anomaly is produced by
photochemical reactions in the stratosphere and destroyed by
photosynthesis and respiration.

Summary of the Discussion of the Dole Effect

On the basis of the preceding presentation (summarized in
Table 1), we define three terms relevant to the discussion of
the observed Dole effect and its change through time. The
“terrestrial Dole effect” is defined as the hypothetical Dole
effect when O, and CO, exchange isotopically only as the
result of photosynthesis and respiration on land. The *“marine
Dole effect” is defined analogously. The “stratospheric
diminution of the Dole effect” is the decrease in the 80 of O,
in air due to isotope exchange between O, and CO, in the
stratosphere. The various terms are summarized in Table 1.
The estimate for marine production is calculated from seasonal
net O, production as estimated by Keeling and Shertz [1992],
assuming that gross O, production is four times seasonal net
O, production. Other terms are taken from the literature or
estimated as described above.

The calculated value for the Dole effect is then the
productivity-weighted values of the terrestrial and marine Dole
effects minus the stratospheric diminution: + 20.8 %o. This
value is considerably less than observed (+23.5 %0). The
difference between the expected value and the observed value
reflects errors in our estimates and, conceivably, unrecognized
processes. Recognizing the contribution of cyanide-resistant
dark respiration would also increase the calculated value of the
Dole effect.

We believe that the biggest current uncertainty lies in the
880 of leaf water. One can explain the observed value of the
Dole effect by assuming a value of + 8.7 %o, rather than + 4.4
%o, for the 8!8%0 of leaf water, keeping everything else
constant. Observations of the 3'30 of water in natural leaves
from temperate and tropical forests during the growing season
[Dongmann et al., 1974; Forstel, 1978; Zundel et al., 1978]
are compatible with the higher value, but we should not attach
too much importance to this observation because of natural
variability in the 8'30 of leaf water. Nonetheless, we
emphasize uncertainty in the §'30 of leaf water for three
reasons. First, the leaf water enrichment is the second most
important cause (after respiratory isotope discrimination) of
the stationary '30 enrichment of O, relative to seawater.
Second, the term is highly variable on all space and time
scales and therefore very difficult to quantify. Third, and most
important, there is no way to explain the Dole effect without
invoking a terrestrial term (i. e., leaf water enrichment + €p)
greater than the observed atmospheric O, 8'%0 enrichment of +
23.5 %o.

In the ensuing discussion, we regard the leaf water §'3%0
estimate of Farquhar et al. [1993], 4.4 %o, as a lower limit,
since we doubt that uncertainties in other terms can account for
the discrepancy from the calculated Dole effect of 20.8 %o and
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the observed value. We regard the leaf water value of + 8.7 %o,
which brings the calculation into agreement with observation,
as an upper limit, since part of the discrepancy between
calculation and observation may be due to uncertainties
indicated above (such as overestimation of marine production
and neglect of the large 80 fractionation associated with
alternative pathway respiration).

Changes in the 3130 of atmospheric O, and the
Dole Effect During the Last 130 kyr

Records of the 3'*0 of O, trapped in bubbles versus depth in
the Vostok and GISP2 ice cores [Sowers et al., 1991; Sowers et
al., 1993] allow us to reconstruct variations in the §'30 of
atmospheric O, and the Dole effect. For these reconstructions
we need the following information: (1) data on the 3'30 of O,
as a function of depth in the ice cores, (2) data on the !N of
N, for each ice core sample to correct the 8'*0 of O, for
gravitational fractionation [e. g., Craig et al., 1988]; (3)
estimates of the age of the gas in each ice core sample we
studied, and (4) a record of the 8'%0 of seawater (8'%0,,) versus
age during the relevant time period. We can then compute the
Dole effect as a function of time by subtracting §'%0,, from
3130 of contemporaneous atmospheric O, (8'%0,, ). We must
calculate the Dole effect using compatible chronologies of
deep sea sediments and ice cores. Relative errors in the
chronostratigraphies introduce artifacts in the Dole effect
curves since one would be subtracting 8'%0,,, at one time from
S‘SOSW at another. Chronological errors introduce errors into
the calculated magnitude of changes in the Dole effect as well
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as into the timing of the changes. The problem is obviously
most acute at those times when 880, and 8'%0,, change
rapidly.

For the seawater curve we use 8'30 data on the benthic foram
Uvigerina senticosa from deep sea sediment core V 19-30
[Shackleton and Pisias, 1985]. The chronology is the
SPECMAP chronology. We correct for the influence of
bottom water temperature changes over the last 130 kyr on the
foram 8!30 record as described by Sowers et al. [1993].

The chronology for the GISP2 ice core is based on annual
layer counting throughout the interval relevant to this study
[Alley et al., 1993]. Ice age-gas age differences (Aage values)
are calculated as described by Sowers et al. [1993b]. Aage is
220 £ 50 years for Holocene samples of GISP2 increasing to
630 * 100 years for glacial samples. For the GISP2 samples,
Aage adds only a very small uncertainty to the calculated value
of the Dole effect.

The chronology we adopt for Vostok is that of Sowers et al.
[1993]. They derived a timescale for the Vostok core by
correlating their 8'%0,, record with the 880, curve (from the
V 19-30 core) which had been placed into the SPECMAP
timescale. This chronology appears to be robust between 0-
20 kyr and 60-130 kyr. It is weak for the intervening period
because the absence of large variations in 8'%0,, = and 3130,
make correlation difficult. This chronology has several other
weaknesses with respect to the objective of this paper. First,
it is derived using the method of Martinson et al. [1982] with
eight coefficients for the 133 kyr record. This limited number
of coefficients leads to a “stiff” fit which does not reproduce
the timing of high-frequency events very well. Second, we
account for the lag in the response of §'30,,  to 880, ina
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Figure 2. Experimental values of 8'%0_ and 8'%0, from the GISP2 ice core versus age. The 8'30,, - age
curve is from T. Sowers et al. (manuscript in preparation, 1994) . The 8“‘Om - age curve is from Sowers et al.
[1993]. Also plotted are values of ADole effect (heavy line), calculated from data interpolated to 0.5-kyr
intervals, and values 8180alm predicted by a simple model assuming constant biogeochemical forcing (i. e.,
global carbon fluxes, leaf water fractionation, and photosynthetic and respiratory oxygen isotope

fractionation as observed today).
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way which, ideally, forces the Dole effect to be about + 0.2 %o
relative to the present value during glacial terminations. Our
calculated value of the Dole effect is larger during the
terminations, possibly because S"‘Oatm appears to decrease
more rapidly than SISOSW during these events. Third, Sowers et
al.’s approach to deriving a chronology for the Vostok core
(by correlating 830 records) minimizes variations in the Dole
effect throughout the record. Largely because of these
problems, our curve of changes in the Dole effect as a function
of time is provisional and will evolve as we get new data and
improve the chronology of ice and sediment cores.

Values of S‘SOﬂtm for Vostok presented here are based on
values of 8'%0 of O, and 8'5N of N, reported by Sowers et al.
[1993]. These results were from trapped gas samples from the
3G core which were extracted at the Laboratoire de Glaciologie
et Geophysique de I’Environnement, in Grenoble, France,
sealed in glass ampoules, and analyzed at the University of
Rhode Island (URI). More recent results suggest an analytical
problem with these results (which we call the “Grenoble
Vostok 3G samples” in the ensuing discussion). First, 130,
values measured at URI for GISP2 samples (Figure 2) are
systematically lower, by ~0.2 %o, than values measured for
Grenoble 3G samples. Second, 5180atm values of samples from
the Vostok 5G core, back to 30 kyr in age, extracted and
measured at URI [Malaize, 1993], agree with values from the
GISP2 core as opposed to Grenoble Vostok 3G data. An
exhaustive review of our standard and methods calibrations
revealed no errors except that the 8'°N of our standard may
have shifted by 0.04 %o during the period the Grenoble Vostok
3G samples were analyzed. Such a shift would cause 3'%0,, (=
8130 - 2 x 8'5N) to be 0.04 %o light for some samples and
heavy by the same amount for others.

To address the question of calibration empirically, we
prepared and analyzed nine samples from the 3G core at URI
(“URI Vostok 3G samples”). In Figure 3, 8'°N and 8'%0 are
plotted versus depth, down to 700 m, for URI Vostok 3G
samples, Grenoble Vostok 3G samples, and Vostok 5G
samples (analyzed entirely at URI). 8'30 values for all three
data sets are in excellent agreement throughout this interval.
At depths above 650 m, where we have the greatest density of
comparable samples, 8'°N values for the Vostok 5G samples
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and URI Vostok 3G samples are systematically higher than
Grenoble Vostok 3G samples by an average value of + 0.10
%o. This offset most likely reflects an undetected artifact
associated with sealing air samples in glass flasks, but we
cannot confidently explain its origin.

In this paper we correct the 85N of all Grenoble Vostok 3G
samples by + 0.10 %.. This correction lowers 8'%0,, . of these
samples by 0.20 %o and brings them into excellent agreement
with 3'%0,,  values for GISP2.

Timing and Magnitude of Variations in the Dole
Effect During the Last 130 KYR

GISP2 Record

In Figure 2 we plot 3'%0,,,, 8'%0,, , and ADole effect versus
age for the past 30 kyr, based on data from the GISP2 ice core.
3180, and 8'80,, are plotted with modern values normalized
to zero. We define ADole effect as the difference between the
Dole effect at time t in the past and the Dole effect today:

ADole effect (t) = AS'80,,(t) - SO (©). ®)

We also calculate and plot the hypothetical value of !0, if
the biogeochemical forcing had been constant, that is to say,
if the Dole effect had varied only because of the lag in the
atmospheric response to a change in SISOSW. Finally, we plot
average June insolation at 20°N. This term gives an index of
summertime insolation changes in subtropical latitudes of the
northern hemisphere. Relative variations of June insolation
at 20°N are very close to those of summertime northern
hemisphere insolation and inferred variations in low-latitude
precipitation as deduced from modeling studies [Prell and
Kutzbach, 1987]. We focus on low latitudes because many
climate records from this region have a substantial amount of
spectral density in the precessional frequencies (19 and 23
kyr) which correspond to the period of dominant variability in
the Dole effect (see below).

Between about 16 and 21 kyr B. P. and again for the last 3
kyr, 8180, and 8'30_,, are nearly constant. At these times of
very different climate, the Dole effect is at steady state and
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Figure 3. 3'°N of N, and 5'%0 of O, versus depth in Vostok ice cores for samples from the 3G core extracted
in Grenoble, the 3G core extracted at URI, and the 5G core extracted at URIL. §'%0 values agree well but 8N
values are offset by 0.1 %o between samples extracted in Grenoble and samples extracted at URL. For
reference, nominal ice ages are 7.4 kyr at 200 m, 25 kyr at 400 m, and 42 kyr at 600 m depth.
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very near to its present value. ADole effect reaches a
maximum at ~13 kyr B. P and a minimum at ~8 kyr B. P. Until
about 11 kyr B. P., 8'%0,, . data are very close to the curve
denoting constant biogeochemical fractionation. The ADole
effect maximum at 13 kyr BP may largely reflect the 1.2 kyr
turnover time of atmospheric O, and the associated lag in the
response of 880,  to changes in 3'%0,,,. On the other hand,
the minimum at about 8 kyr B. P. is undoubtedly due to
changing isotope fractionations associated with transient
processes of the biosphere and hydrosphere. This minimum in
ADole effect may be related to the inferred maximum in low-
latitude precipitation at ~10 kyr B. P. and the intensification
of the monsoon at this time [Prell and Kutzbach, 1987],
reforestation of the temperate northern hemisphere and the
associated minimum in atmospheric pCO, [Neftel et al.,
1988], and/or to transients in oceanic circulation and
productivity at the end of the last ice age.

Vostok Record

ADole effect calculated for Vostok is plotted versus age,
along with average June insolation at 20°N, in Figure 4a.

ADole effect varies with the 23-kyr precession cycle (Table
2). This periodicity is reflected in maxima in the Dole effect at
about 128 - 133 kyr, 108 kyr, 84 - 91 kyr, 58 kyr, 35 kyr, 25
kyr, and 13 kyr B. P. The 25-kyr maximum in ADole effect is
anomalous, because it does not correspond to a maximum in
insolation. However, it would disappear if the age assigned to
the 8'%0,, . minimum at 30 kyr were decreased by about 4 kyr
to align the minimum with the §!80_, minimum at 26 kyr
[Sowers et al., 1993]. Such a change would also bring the
chronology of Sowers et al. into better agreement with other
chronologies proposed for the Vostok ice core during this
time period. At the present time, we merely note that sample
resolution between 25 and 47 kyr in the Vostok ice core is not
good enough to generate a reliable chronology based on
880, alone.

Variations of ADole effect, as calculated from the Sowers et
al. [1993] chronology, are highly coherent with, and nearly in
phase with, insolation. The phasing is similar to that
observed in the GISP2 record. Maxima in ADole effect occur at
times of maximum insolation. Minima in ADole effect lead
minima in insolation (at 100 kyr, 77 kyr, and 7 kyr) or occur
in phase (115 kyr, 46 kyr). At the time of termination II,
variations in ADole effect may largely reflect the 1.2-kyr
turnover time of O, in air, as for GISP2 (see above). However,
for other events the coincidence of the ADole effect maxima
with respect to insolation cannot be due to the lag in the
atmospheric response. The reason for this is that the change
in 880, is too small, and the calculated atmospheric
response is too rapid, to induce a change of the magnitude
observed. At times other than the terminations, variability in
ADole effect must either be biogeochemical or an artifact of
the chronology.

Unfortunately, errors in the chronology of Vostok with
respect to SPECMAP can induce very large changes in
apparent values of ADole effect. We illustrate this with
Figures 4b and 4c. In Figure 4b we plot ADole effect after
holding the chronology of SPECMAP constant but decreasing
all Vostok ages by 3 kyr. This change in the chronology of
Vostok reduces noise and greatly increases the coherency
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Figure 4. ADole effect and integrated June insolation versus
SPECMARP age at 20°N. (a) Sowers et al. [1993] chronology
for 8'%0,,,, (Vostok) versus age, (b) 3 kyr subtracted from
Sowers et al. age, (¢) 3 kyr added to Sowers et al. age. The
SPECMAP chronology is used throughout for the §'30, curve.
This figure illustrates the high coherency between ADole effect
and insolation for the Sowers et al. chronology but also shows
that the calculated values of ADole effect are rather sensitive to
relative errors in the ages of the Vostok and SPECMAP
records.

between ADole effect and insolation (Table 2b). In Figure 4c
we calculate ADole effect after holding the chronology of
SPECMAP constant but increasing all Vostok ages by 3 kyr.
This change in the Vostok chronology adds a great deal of
noise to the ADole record, reduces the coherency between
ADole and insolation (Table 2), and changes the phase by
about 130° (Table 2). The coherent nature of the ADole effect
and insolation curves is robust, suggesting that changes in the
Dole effect are related to insolation variations. However, we
do not yet understand the chronology of Vostok well enough
to determine phase differences between ADole effect and other
climate variables.
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Table 2a. Spectral Analysis

Variable Period, kyr f statistic
ADole effect 22.8 0.93
13.2 0.84
CHy 13.6 0.85
22.3 0.99
14.5 0.93
8'%0,im 41.8 0.92
21.6 0.93
18.1 0.81

Analyses were run using the multi-taper method. Results
are given only for frequencies where the f-statistic was greater
than 0.8.

Table 2b. Cross Spectral Analysis

Variables Period, kyr Coherency  Phase,kyr
CHy4-ADole effect 21.5 0.82 5.1
(CH4 leads)
ADole-insolation 22.1 0.92 2
(insolation leads)
ADole-insolation; 20.6 0.96 1

subtract 3 kyr from (ADole leads)

SPECMAP gas age

A-insolation; 19.4 0.79 7
add 3 kyr to (insolation leads)
gas age

Cross spectral analyses run using the Blackman-Tuckey
method.

Results are given only when the coherency was greater
than 0.8.

"Insolation" refers to average June insolation at 20C N.

Why Does ADole Effect Vary With the Periodicity
of Precession?

Most variability in insolation at low latitudes is associated
with precession, while at high latitudes tilt also becomes
important. The strong precession signal in ADole effect
suggests that variations in the Dole effect are probably linked
to low latitude processes. There are strong precession signals
in both marine and continental proxy records from low
latitudes (e. g., Clemens and Prell, 1990; Chappellaz et al.,
1990). In principle, we could use the phasing of proxy
signals and ADole effect to test whether certain climate
variables influence ADole effect. For example, if low-latitude
ocean productivity changes were driving changes in the Dole
effect, we would expect these two records to be about 180° out
of phase (high oceanic productivity leads to lower Dole
effect). In practice, we do not know phasing well enough to
use this criterion.

Most marine proxy records show variability in the
precession band [e. g., Imbrie et al., 1992], but those showing
dominant variability in the precession band are rare during the
late Pleistocene due to the predominant influence of the ice
sheets on glacial - interglacial climate cycles with their
associated obliquity signal. They are restricted to the
equatorial Atlantic [Mclntyre et al., 1989; Molfino and
Mclintyre, 1990] and the equatorial Indian Oceans [Clemens
and Prell, 1990]. It seems possible but unlikely that
variability of primary productivity in these restricted areas of
the ocean would have dominated changes in the Dole effect.
We therefore look to changes in the continental biosphere to
explain variations in the Dole effect.

The CH, concentration is the simplest indicator of large-
scale variations in the continental biosphere. CH, variations
during the last 150 kyr B. P., measured in the Vostok ice core
by Chappellaz et al. [1990], vary by a factor of 2, with most
variability concentrated in the precession band. Chappellaz et
al. [1990] linked CH, maxima to maxima in
paleoprecipitation as estimated by Prell and Kutzbach [1987].
The connection results from the fact that precipitation is
linked to evaporation at low latitudes and therefore to
insolation. Increased precipitation stimulates the activity of
the biosphere, particularly in wetlands which are the major
CH, source.

Increased precipitation would also cause the Dole effect to
change, because continental productivity would increase and
the leaf water enrichment would vary. The effect of increased
terrestrial production would be to raise the Dole effect by
increasing the production rate of 80 - enriched photosynthetic
O, coming from the land biosphere. The effect of increased
wetness and humidity is to lower the Dole effect by
diminishing the leaf water enrichment. The phasing between
insolation and the Dole effect is unclear. Improved
chronologies for deep-sea sediments, together with modeling
studies of terrestrial productivity and leaf water enrichments
such as those of Farquhar et al. [1993], will allow us to
improve our record of past changes in the Dole effect and our
understanding of their biogeochemical implications.

Why is Variability in the Dole Effect so Small?

As shown above, ADole effect varies with a period of ~23
kyr, suggesting a response by the low-latitude biosphere
linked to insolation changes induced by precession. This
periodicity not withstanding, ADole effect has been
remarkably constant. The mean and standard deviation, based
on Vostok, has been - 0.05 %o + 0.24 %o, as calculated from
our record interpolated to 0.5 kyr intervals.

Even more striking is the similarity of the Dole effect
between glacial and interglacial times. The ADole effect
during the last glacial maximum was close to 0 %o (Figures 2
and 4a). The change in ADole effect between the penultimate
glacial maximum (stage 6) and the last interglacial (stage 5e)
was also very small: SISOSW decreased by ~1.2 %o during the
termination, and S‘SOatm decreased by ~1.4 %o (Figure 4a)
[Sowers et al., 1991]. There may indeed have been a large
change in ADole effect during termination II similar to the
change we observed during termination I (Figure 4a).
However, between full glacial and full interglacial climates the
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change in the Dole effect was very small, despite the drastic
changes in the water cycle and biogeography. Why has the
Dole effect been so constant?

Answering this question is impossible at the present time,
but we can probably recognize the key influences. The
influence of the land biosphere during glacial times would
have been different from that today in the following ways:

1. During glacial times, climate was colder and drier and
pCO, was lower. Much of the temperate and polar regions were
covered by ice. Cold climate, low precipitation, and extensive
ice cover would all lower glacial productivity; Meyer [1988]
has estimated that terrestrial net primary production during the
last glacial maximum (LGM) was ~75 % of the present value.
If everything else were constant, this change would have
lowered the rate of photosynthesis by the land biosphere and
hence the Dole effect.

2. Drier climates probably would have caused more
extensive leaf water fractionation, which would cause the Dole
effect to rise.

3. Meyer’s estimates of production during the LGM do not
include the influence of lower atmospheric CO, on glacial
productivity. If production varies by CO,%3[Keeling et al.,
1989], glacial productivity on land would have decreased by an
additional factor of (180 ppmV/280 ppmV)®3, or 0.88, further
lowering the Dole effect. The true effect of lower CO, would be
much less if nutrients ultimately limit production.

4. The lower CO, concentration in air during the last glacial
period would have <caused the ratio of
photorespiration/carboxylation (¢) to increase from a
calculated preindustrial value of 0.31-0.48 during the LGM,
according to (2). On the other hand, the colder glacial

temperatures would have caused ¢ to decrease by a factor of
0.88. This value is calculated taking Q10 for the ratio of
oxidation to carboxylation to be 0.57 [Collatz et al., 1991].
Overall, we expect ¢ to have risen from a calculated
preindustrial value of 0.31-0.42 during the LGM. Other things
being equal, this increase in ¢ would have caused the Dole
effect to rise for two reasons. First, it heralds an increase in
terrestrial gross production, which raises the Dole effect
because of the leaf water enrichment. Second, there is a
relatively large isotope effect associated with
photorespiration.

On the marine side, isotope discrimination probably was
similar during the LGM and today. Changes in the oceanic
contribution to the Dole effect would have come from changes
in marine production. Oceanic production during the LGM
differed from that of today in two ways:

1. A number of studies have examined the fertility of the
deep oceans during the last glacial maximum. The most
ambitious of these are the studies using sedimentary organic
carbon accumulation rates [e. g., Sarnthein et al., 1988] and
foraminiferal transfer functions [e. g., Mix, 1989a, b]. The
former approach has given contradictory results in different
oceanic areas (hardly surprising, since there is no reason to
suspect that productivity would change uniformly throughout
the ocean), but has generally indicated higher glacial values
[Sarnthein et al., 1988]. The same is true of the transfer
function approach in the Atlantic [Mix, 1989a]. On average,
both approaches indicate higher deep ocean productivity
during the last glacial maximum. However, we note that
neither approach is free of problems, and results from these
two approaches are not mutually consistent, sometimes

Table 3. Literature Estimates of Paleoproductivity During the Last Glacial

Maximum

Citation Study region Paleoproductivity
Sarnthein et al. [1988] Global ~1.25

Marino et al. [1992] Global Lower in polar ocean, higher elsewhere
Equatorial Pacific

Thunnell et al. [1992] South China Sea 2

Archer [1991] Central equatorial Pacific ~2

Lyle [1988] Equatorial Pacific >1 (~27)
Pedersen et al. [1991] Eastern equatorial Pacific ~3

Lyle et al. [1992]

Oregon Coast
Dymond et al. [1992]

Atlantic Ocean

Mix [1989a]

Molfino and Mcintyre [1990]
Lyle [1988]

Southern Ocean
Charles et al. [1991]

Central equatorial Pacific

Entire Atlantic Ocean
Equatorial Atlantic
Equatorial Atlantic

Atlantic and Indian regions

Glacial upwelling more intense

0.5

~1.25
Glacial upwelling more intense
>1 (~27)

~1 but
meridionally variable




374 BENDER ET AL.: DOLE EFFECT IN THE VOSTOK ICE CORE

giving downcore variations of production that are very
different in magnitude [e. g., Sarnthein et al., 1992, Figures 3,
4, and 6], which are uncorrelated within individual cores
[Sarnthein et al., 1992, Figure 7], or which are anticorrelated
over long depth intervals [Mix, 1989b]. A wide range of other
approaches has been used to estimate paleoproductivity during
the last glacial maximum. Results, summarized in Table 3, are
unanimous in concluding that equatorial Pacific productivity
was higher during the last glacial maximum. Elsewhere, the
sense of productivity variations differed from one region to
another. However, the general sense is that open ocean
production was higher during the last glacial maximum. This
would cause a drop in the Dole effect.

2. The continental shelves, which are highly productive,
account for ~7 % of the area of the sea floor and ~20 % of total
oceanic production [Walsh, 1991]. During glacial times, most
of the shelf area would have been exposed and would thus not
have contributed to oceanic production. In addition,
production on the shallow part of the continental slope would
have been suppressed by extensive sea ice cover in the Arctic
and Antarctic and by isostatic depression of the landward
portion of the continental slope bordering glaciated areas.
These processes would have cause global ocean productivity to
fall and the Dole effect to rise.

In summary, we can conclude that the Dole effect has been
rather constant during the last 130 kyr because environmental
changes have induced roughly offsetting changes in oxygen
isotope fractionation of O,. We can recognize the nature of
these changes, but we cannot account quantitatively for their
varying influence on the Dole effect.

Summary and Conclusions

Our ability to explain the magnitude of the contemporary
Dole effect is a measure of our understanding of the global
cycles of oxygen and water. A variety of recent studies have
improved our understanding of many of the principles
governing oxygen isotope fractionation during
photosynthesis and respiration, of production rates on land
and in the oceans, and of the effect of stratospheric
photochemistry on the 80 of O, in air. However, our attempt
to quantitatively account for the Dole effect in terms of these
principles was not very successful: We estimated the present-
day Dole effect to be + 20.8 %o compared to the observed value
of + 23.5 %o. The agreement is considerably worse than it
might appear given the fact that respiratory isotope
fractionation alone must account for ~20 %o of the stationary
enrichment of the *0 of O, compared with seawater. Our
underestimate of the true magnitude most likely reflects an
underestimate in the leaf water enrichment, failure to consider
respiration by the alternative (cyanide resistant) pathway, and
perhaps an overestimate of marine production.

We have used data on the §'%0 of O, from the Vostok ice
core to calculate changes in the Dole effect during the last 130
kyr. Our results show that variations in the Dole effect have
been relatively small during most of the last glacial -
interglacial cycle. These small changes are not consistent
with large glacial increases in global oceanic productivity.
Changes in the Dole effect vary with the period of precession,
and we conclude that they largely reflect changes in terrestrial

productivity and leaf water fractionation associated with
variations in humidity and tropical precipitation.
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