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Abstract 9 

The Wharton basin is situated in the north-eastern part of the Indian Ocean. In 2012 it hosted the 10 

largest intraplate strike-slip earthquakes ever recorded by geophysical networks. The Mw 8.6 11 

earthquake of April 11, 2012, was preceded by a major foreshock (Mw 7.2) on January 10 and was 12 

followed two hours afterward by a Mw 8.2 event. These three large events occurred at the diffuse 13 

boundary between the Indian and Australian plates and were almost pure strike-slips on sub-vertical 14 

rupture surfaces. Using GRACE data, we first extracted the coseismic and postseismic gravity signals 15 

caused by these earthquakes. Then we fitted both GPS and the highest available spatial resolution of 16 

GRACE data using the geometry of the fault system suggested by Hill et al. (2015). We propose a 17 

regularization, which allows to solve for a linear problem in order to invert GPS and GRACE data 18 

under constraints on the rake angle. Our inversion yields a uniform displacement field on all elements 19 

of a given fault plane. Our solution shows that even the main displacement occurred on WNW 20 

trending faults, comparable displacement also occurred on a rupture striking NNE. Hence, we show 21 

that the deformation in this diffuse plate boundary region in 2012 was accommodated by 22 

displacements along both fault-systems.  23 

A viscoelastic relaxation of the asthenosphere with a Maxwell viscosity 1019 Pa∙s successfully 24 

explains the postseismic displacements at GPS sites and postseismic gravity signals. The limited 25 

postseismic aftershock activity suggests small postseismic slip in the area of the 2012 Wharton 26 

earthquakes contrary to what is often observed after large subduction event. Because a part of the 27 

observed signal could be related to afterslip, our obtained Maxwell viscosity value should be 28 

considered as a lower limit of the asthenospheric viscosity below the Wharton basin.  29 
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Introduction 36 

 37 

Located in the north-eastern part of the Indian Ocean, to the East of the Ninety East Ridge 38 

(NER), the Wharton basin in 2012 hosted the largest intraplate strike-slip earthquakes ever recorded by 39 

geophysical networks. The Mw 8.6 earthquake of April 11, 2012 with a hypocentre at a depth d=20 km 40 

(NEIC catalogue of the USGS), was preceded by a major foreshock (Mw 7.2, d=19 km) on January 10 41 

and was followed two hours afterward by a Mw 8.2 event, d=25 km (Fig.1). These three large events 42 

were almost pure strike-slips on sub-vertical rupture surfaces (e.g., Duputel et al., 2012; Satriano et al., 43 

2012; Meng et al., 2012; Yue et al., 2012; Ishii et al., 2013; Wei et al., 2013; Hill et al., 2015).   44 

These seismic events occurred southward of the area struck by the megathrust Sumatra-45 

Andaman (26 December 2004, Mw 9.2) and Nias (28 March 2005, Mw8.6) events in a region classified 46 

as a diffuse boundary between the Indian and Australian plates, that is supposed to accommodate about 47 

11 mm/year of relative motion (e.g., DeMets et al., 2010).  48 

The origin of this diffuse boundary is still debated. Space geodetic data from sites within 49 

Australia and Indian plates support the existence of distinct Indian, Capricorn, and Australian plates 50 

separated by diffuse oceanic plate boundaries (Gordon et al., 2008 and references herein). Reanalysing 51 

satellite-derived gravity anomalies and marine magnetic anomalies Jacob et al. (2014) proposed a new 52 

tectonic scenario for the study area. The “hard collision” between Indian and Eurasian plates ~40Ma 53 

led to a ~50° clockwise change of the spreading direction between India and Antarctica (Patriat and 54 

Achache, 1984). Seafloor spreading along the Wharton ridge ceased consequently, as shown by the 55 

presence of a fossil spreading centre in the Wharton Basin (Liu et al., 1983). Since that time, the Indian 56 

and Australian plates have been moving in parallel, but because of the resistance due to the collision of 57 

India with Eurasia, the Indian plate is moving northward ∼11 mm/year slower than the Australian 58 

plate. The broad diffuse zone including a system of transform faults within the Wharton basin 59 

accommodates this difference. Jacob et al. (2014) model predicts a total compression of ~180 km 60 

across this diffuse boundary.  61 

 62 

Figure 1 63 

 64 

Earthquakes in the Wharton basin are generally occurring predominantly along preexisting and 65 

reactivated NNE trending strike-slip faults (Deplus et al., 1998; Abercrombie et al., 2003; Rajendran et 66 

al., 2011; Aderhold & Abercrombie, 2016). However, the seismic rupture of the 2012 Wharton events 67 

appeared to be more complex. The CMT solution for the main shock provided two fault planes with 68 

strike, dip, slip {20°, 760, 50} and {289° , 850, 1660} (http://www.globalcmt.org/CMTsearch.html). The 69 

20° plane coincides with NNE system of left-lateral reactivated faults clearly seen on seismic profiles 70 



and bathymetry (e.g. Deplus et al., 1998). However, seismological results, including backprojection 71 

(Meng et al., 2012; Yue et al., 2012; Ishii et al., 2013), W phase inversion (Duputel et al., 2012), joint 72 

inversion of regional and teleseismic waveform data (Yue et al., 2012; Wei et al., 2013), aftershock 73 

locations, as well as finite fault models based on GPS data (Hill et al., 2015) revealed that the rupture 74 

reactivated an orthogonal system of NNE left-lateral and WNW right-lateral faults. The NNE strike-75 

slip faults are deep structural boundaries formed at the Wharton spreading centre during the Eocene 76 

(e.g. Jacob et al., 2014). On the contrary, the WNW faults are likely to be much younger (e.g. Carton 77 

et al., 2014) and some models predict that the main shortening is mostly accommodated on the WNW 78 

trending faults (Duputel et al., 2012, Yue et al., 2012; Ishii et al., 2013).  79 

Until recently no WNW active structures were found in the basement topography or seismic 80 

profiles (Geersen et al., 2015). But analysing new seismic profiles, Carton et al. (2014) and Qin and 81 

Singh (2015) found inclined reflectors extending into the mantle down to 35-37 km and dipping at 30-82 

45 degree. Singh et al. (2017) reported a system of conjugate faults in the area of the Mw 8.2 83 

aftershock.  84 

Zang et al. (2012) backprojected teleseismic P wave observed at three distant regional seismic 85 

networks. Their results indicate that the earthquake ruptured a conjugate fault system, composed of 86 

two subparallel WNW-ESE faults, and a NNE-SSW fault. They did not invoke displacement along the 87 

Ninety East Ridge as reported in other studies. 88 

Another interesting feature of these earthquakes is that they ruptured the upper mantle. Indeed, 89 

estimated centroid depth is about 30 km (Duputel et al., 2012) and waveform inversions showed that 90 

rupture penetrated down to 50 or even 60 km deep (Yue et al., 2012, Wei et al., 2013). The results of a 91 

joint inversion of static GPS offsets and high-rate GPS data (Hill et al., 2015) support this conclusion. 92 

Even if it is well known that the mantle contributes most the strength of the oceanic lithosphere (e.g. 93 

Burov, 2011) such depth seems to contradict the results of laboratory studies (e.g. Boettcher et al., 94 

2007), which predict that the transition from stable to unstable sliding occurs at about 600°C. 95 

According to Hill et al. (2015) this isotherm in the Wharton basin is at 30 km depth (we will discuss 96 

this point in more detail hereafter).  97 

Because of the remote offshore location of the events, the GPS constraints on the fault geometry 98 

are limited. For example, Meng et al. (2012) concluded that only seismological data could be used to 99 

invert for the focal mechanisms. Hence, satellite GRACE gravity data might provide additional 100 

constraints on the coseismic deformation (e.g. Mikhailov et al., 2004). Studies of the Wharton events 101 

using GRACE data were performed by Han et al. (2015) and Dai et al. (2016). Analysing the low 102 

resolution GRACE models of the Center for Space Research (CSR), Houston, USA with N=40 103 

spherical harmonics, Han et al. (2015) showed that the gravity changes were predominantly produced 104 

by coseismic compression and dilatation within the oceanic crust and upper mantle and by postseismic 105 



viscoelastic relaxation. Dai et al. (2016) analysed the temporal variations of the northern component of 106 

gravity and gravity gradient from CSR RL05 models up to degree 40 to study the coseismic signal. 107 

Here we reinvestigate these earthquakes using more detailed gravity models from CSR and 108 

GRGS (Groupe de Recherche de Géodésie Spatiale, France) centres computed up to degree 96 and 80 109 

spherical harmonics respectively. Below, we first discuss the extraction of coseismic and postseismic 110 

signals, then we address the comparison of real and synthetic data and present our joint GPS – GRACE 111 

modelling of the co- and postseismic processes and discuss our results. Finally, we investigate the 112 

mantle viscoelastic postseismic response and estimate the Maxwell viscosity of the asthenosphere. 113 

 114 

1. Extraction of coseismic and postseismic signal from the GRACE data 115 

 116 

Several centres deliver time-series of the GRACE gravity models. Among them are 117 

CNES/GRGS in Toulouse, France; GFZ in Potsdam, Germany; CSR in Austin, USA; JPL in Pasadena, 118 

USA; AIUB in Bern, Switzerland; TU in Graz, Austria; TONGJI in Shanghai and HUST in Wuhan, 119 

China. CNES/GRGS solutions are supposed to be ready for use and do not need any additional 120 

filtering (Lemoine et al., 2013). For all other centres, unfiltered and filtered by a dedicated DDK filter 121 

solutions are available. To regularize the normal equation, the DDK filter (Kusche, 2007, Kusche et 122 

al., 2009) uses a priori error covariance matrices derived from GRACE processing. Depending on the 123 

level of filtering, a set of GRACE CSR models is available, from more smoothed DDK1 to less 124 

smoothed DDK8 or even unfiltered. From this large set of models we analysed the most widely used 125 

not smoothed CSR solutions up to spherical harmonics (SH) degree N=40; moderately smoothed 126 

(DDK5) CSR solutions up to the maximum available number of SH N=96; CNES/GRGS ones with 127 

N=50 and N=80. This choice covers a wide range of existing models. 128 

To extract the coseismic and postseismic signals in the Wharton basin we fitted the gravity time-129 

series  V��λ,ϕ,t
 in every point �λ,ϕ
 with two linear trends in the mean squared sense: 130 

V��λ, ϕ, t
 = �a��λ, ϕ
 + b��λ, ϕ
�t − t�
   t < t�a��λ, ϕ
 + b��λ, ϕ
�t − t�
  t > t�   (1) 131 

where λ is the latitude, φ is the longitude, �� is the date of the first gravity model used in our 132 

calculations, �� is the date of the considered seismic event, ��, �� and , ��, �� are parameters of the 133 

linear trends before and after the seismic event.  134 

The coseismic jump in the gravity time series is estimated as: 135 

δ�λ, ϕ
 =  a��λ, ϕ
 + b��λ, ϕ
�t� − t�
 −  a��λ, ϕ
 − b��λ, ϕ
�t� − t�
,  (2) 136 

and the coseismic jump plus the postseismic trend as:  137 

 a��λ, ϕ
 + b��λ, ϕ
�t� − t�
 −  a��λ, ϕ
 − b��λ, ϕ
�t� − t�
,  (3) 138 

where �� stands for the date of the last gravity model used in calculations.  139 



In the presence of a high level of noise, the estimation of the coseismic and postseismic signals 140 

by equations (2-3) appears to be an unstable problem. Therefore, to confirm the estimated coseismic 141 

signal given by equation 2 we also used the difference of average values before and after the 142 

earthquake as suggested by Han et al. (2015): 143 

∑ � �!, ", �#
 −$%�#&� ∑ � �!, ", �#
'#&$(� ,  (4) 144 

Here, the date of model k coincides with the month of the earthquake. Since we averaged over several 145 

months after the event, the extracted jump also includes some part of the postseismic gravity signal.  146 

Figure 2 shows the coseismic jumps we obtained applying our different approaches to solutions 147 

from different processing centres with different spatial resolution starting from January 2008 up to 148 

April 2012 and adding annual and semi-annual components. The coseismic jump on plots A-C is 149 

calculated applying equation 4 to unfiltered CSR model truncated at N=40 (A), DDK-5 filtered CSR 150 

model up to N=96 (B), and GRGS N=80 models (C). Plot D shows the coseismic jump estimated as 151 

the difference of two linear trends (equation. 2) using DDK-5 filtered CSR N=96 model. Plot E shows 152 

the coseismic plus postseismic signals calculated using equation 3 and the same CSR N=96 model as 153 

on plot (D). 154 

Comparison of plots A to E shows that the location of all extrema is almost identical. Indeed, the 155 

half-wavelength of the shortest harmonic corresponding to N=40 is l = πR�+,-. N⁄  ≈ 500 45 ≈5o 
156 

whereas for N=96 l is about 209 km. Hence, for N=40 the uncertainty in the position of a maximum or 157 

minimum value is about 250 km and for N=96 it is about 105 km. It is worth noting that the shift of the 158 

extrema for the high resolution signals (N=96 on plots B and N=80 on plot C) is relatively small when 159 

comparing with the low resolution model (plot A). This results from the filtering of the higher 160 

harmonics in CSR and GRGS solutions, which significantly reduces the upper part of their spectra. 161 

One should take this into account when comparing observed and computed signals. The morphology 162 

of the anomalies shown on plots B to D on Figure 2 is very close. The amplitude of signals on plots B 163 

and C is higher than on plot D, because using equation 4, we add a part of the postseismic signal to the 164 

coseismic one. 165 

Figure 2 166 

 167 

Figure 3 shows the gravity time-series in the centres of the negative lobes for CSR and GRGS 168 

models with different number of SH. Not-smoothed CSR N=40 models are rather noisy (Fig 3A) so 169 

only the more stable jump from average values (equation 4) can be extracted. Considering extracted 170 

trends and jumps as a signal and the difference between the real series and the signal as a noise, we 171 

found that the noise level is everywhere approximately the same, but of cause the signal-to-noise ratio 172 

is much higher in the points of extrema. Estimates of the co- and postseismic signals appear more 173 

reliable for higher resolution models. Therefore, we decided to use CSR N=96 models. We estimated 174 



the coseismic gravity jump (figure 2 D) as a difference of two trends (equation 2), and used equation 3 175 

to extract the total coseismic plus postseismic signal (Figure 2E) removing annual and semi-annual 176 

components. 177 

 178 

Figure 3 179 

 180 

2. Comparison of synthetic and real data 181 

 182 

When comparing a synthetic signal to the observed one, it is desirable to filter the synthetic 183 

signal with the same filter used for processing the real one. For the GRACE data this becomes critical 184 

when N>50. Filtering applied by different agencies is adaptive, e.g. DDK filter uses an a priori error 185 

covariance matrices derived from GRACE raw data processing. Because it is impossible to reproduce 186 

the thorough processing developed by the different groups producing GRACE models, we suggest to 187 

apply a filtering calibrated upon a well-known signal from another large earthquake. We used a roll-off 188 

filter proposed by F. Pollitz in his Static1D package (https://earthquake.usgs.gov/research/software/ 189 

#STATIC1D) applied to the spherical harmonics higher than 6 > 789:
� ,: 190 

;�6
 = 1 − =>? @A B1 − C
789:DE,      (5) 191 

where Lmax is the number of SH in the synthetic model. 192 

We calibrated the filter (5) using the rupture model of the 2004 Sumatra earthquake determined 193 

with a high accuracy from seismology, geodesy and tide gauge data by Lorito et al. (2010). We used 194 

their set of rectangular elements and GPS data and added the coseismic GRACE gravity signal. We 195 

determined the coseismic along-strike and along-dip displacements by minimizing a functional 196 

composed of: (1) the RMS residual of the calculated and measured northwards and eastwards 197 

displacements at GPS sites, normalized to the square of the maximum displacement and, (2) the RMS 198 

of the real minus synthetic gravity signal, normalized to the maximum value of the gravity signal and 199 

taken with a weight factor < 1. To calculate the displacements and the associated gravity signal, we 200 

used the Static 1D code developed by F. Pollitz, which solves the problem of a rectangular dislocation 201 

in a spherically stratified self-gravitating planet (Pollitz, 1996). 202 

The best fit of synthetic to observed GPS displacements and GRGS gravity signals is obtained 203 

when calculating synthetic models up to Lmax = 100 (Mikhailov et al., 2018). Hence, to mimic the 204 

processing used in the GRGS solution, the synthetic field should be calculated up to a larger number of 205 

SH than there is in the GRACE gravity models (in our case, up to N=100 for the GRGS models 206 

containing 80 SH). For the more noisy CSR data containing 96 SH, the best result was obtained 207 

applying a simple truncation of SH at N=80.  208 



 209 

 210 

3. Comparison with fault plane models based on GPS displacements and seismic waveforms. 211 

 212 

Different fault-plane models were proposed for the 2012 Wharton seismic events. They mostly 213 

differ by the length and strike of the faults (see Singh et al., 2017). To jointly invert GPS and GRACE 214 

data, we used the fault-plane model proposed by Hill et al. (2015), based on a joint inversion of high-215 

rate GPS data, teleseismic observations, source time functions from broadband surface waves, and far-216 

field static GPS displacements. The GPS sites in the nearest zone belong to the SuGAr network, which 217 

consists of GPS stations situated along the Sumatra subduction zone (Figure 4). The SuGAr network is 218 

operated and maintained by the Indonesian Institute of Sciences (LIPI) and the Earth Observatory of 219 

Singapore (EOS). In this study we used Static GPS offsets from 43 daily GPS solutions of the SuGAr 220 

network listed in the dataset S1 of Supplementary to Hill et al. (2015) adding station CBAY on the 221 

Nicobar Islands and stations HBAY, PORT, HAVE, MBDR on the Andaman Islands (Table 1 in 222 

Yadav et al., 2013,). Static GPS offsets were estimated using 10 days of data before and after the 11 223 

April 2012 earthquakes, hence the offsets include effects of both the coseismic and early postseismic 224 

deformations. The real northing and easting GPS time series were fitted by two trends and a jump to 225 

get the offsets. We used the mean square error of the fits as a weight of every GPS station. 226 

Our approach consists in minimizing a functional composed of the misfits of the weighted GPS 227 

northing and easting displacements, the weighted misfit of the gravity coseismic jumps and the 228 

weighted regularization condition, aimed to keep the rake close to an assigned direction. The 229 

minimization of the misfits in GPS and gravity in a mean-squared sense is a linear problem. However, 230 

adding the condition that the rake is close to a given value makes the functional nonlinear because the 231 

tangent of the rake angle is the ratio of the dip-slip D to the strike-slip S displacements on every 232 

element of a considered fault plane. To maintain linearity, we used the following approach. Let us 233 

consider a rupture model containing N planes, each plane being subdivided into Ki elements and with a 234 

rake angle at plane i being ri, i=1,2..N.  We use the following regularization condition:  235 

F ∑ �∑ GBHI =>?�J#
 − KI?LM�J#ND� + OHI − HPQ N� + OKI − KPQN�RSTI&� U'#&�    (6) 236 

The first term in squared brackets requires the motions at plane i to occur along a direction with 237 

an azimuth ri. Unfortunately, two vectors satisfy this condition: {HI , KI} with the azimuth ri and 238 

{−HI , −KI} with the azimuth ri+180°. The last direction is geodynamically meaningless and to exclude 239 

it we introduce two supplementary conditions in (6): the dip-slip (HI) and strike-slip (KI) displacements 240 

at every element of plane i are close to their average value over all plane i.  241 



Our fault plane model includes four planes - marked I – IV on figure 4A - that we subdivide into 242 

different number of elements (see below). Numerical tests proved that the condition (6) effectively 243 

keeps displacements close to ri and eliminates displacements in the opposite direction. The goodness 244 

of fit between the observed and synthetic GPS data depends on α, the relative weight of the condition 245 

(6). For the examples shown on figure 4, we iteratively found α assuming almost pure strike-slip at all 246 

planes keeping the maximum misfit at GPS sites smaller than 8%.  247 

We first only inverted the GPS data using the Hill et al. (2015) fault-planes geometry and found 248 

that a good fit of the 48 GPS sites was achieved with almost pure strike-slip displacements on the four 249 

considered planes (Fig. 4). Figure 4B shows a solution when planes I-IV were subdivided along strike 250 

in 3, 3, 2 and 2 elements respectively, thus totally 10 elements and therefore 20 unknown values of D 251 

and S. Fig. 4A shows a solution for a more complex model in which the planes were subdivided along 252 

strike and dip into 3x3, 3x3, 2x2, and 2x2 elements respectively (26 elements and 52 unknowns).  253 

For both cases, the computed displacements at GPS sites are very close to the observed ones (on 254 

Fig 4a, the synthetic arrows are above the real ones, on Fig.4b observed arrows are above). The 255 

displacement field on every plane is almost homogeneous. In the simplest model (10 elements), the 256 

displacement is on average 7.3 m on plane I, 4.8 m on plane II, 17.4 m on plane III and 3.6 m on plane 257 

IV. The difference between displacements on elements within each plane is in centimetres (Table 1). 258 

For the more detailed model, the displacements vary between 7.24 and 7.28 m, 4.77 and 4.81 m, 17.34 259 

and 17.41 m, and 3.56 and 3.57 m for planes I-IV respectively. Thus, as already noted by Hill et al. 260 

(2015) the main displacement occurred on plane III striking WNW. A significant displacement also 261 

occurred on plane I striking NNE. Figure 4b shows that the low-resolution (N=40) gravity signal 262 

corresponding to the rupture model based on GPS data only, also fits well the observed one. This 263 

confirms Han et al. (2015) results. However, the observed and synthetic gravity signals significantly 264 

differ when taking into account a higher number of spherical harmonics (Fig. 4a). The synthetic 265 

gravity signal has larger amplitude than the observed ones. Indeed, the difference between the 266 

maximum values of the SE and NW observed and synthetic signals is 2.1 and 1 µGal, and reaches 3.7 267 

µGal for the SW one. To improve the fit to the observed gravity data, we then performed a joint 268 

inversion for GPS and high resolution CSR satellite gravity data.  269 

 270 

Figure 4 271 

          272 

Figure5 shows the solution which fits both the GPS and GRACE CSR N=96 data under 273 

condition (6) on the rake angle. We assigned a weight of the GPS misfit 5 times bigger than that of the 274 

GRACE misfit and 2 times bigger than the weight of the condition (6) on the rake angle. The fit is 275 

good for both data sets (Table 1). For the GPS data the maximum misfit is 7.0%. The positive 276 



observed and synthetic SW and NE gravity lobes are now superimposed, and the maximum difference 277 

between the observed and synthetic signals is 1.4 µGal. We however note a shift of the SE and NW 278 

negative lobes of about 1o in latitude and longitude. This shift is most probably caused by the DDK5 279 

filtering of the highest harmonics. Figure 2 shows that depending on the applied filtering, on the 280 

number of harmonics and on the method of trend extraction, the position of extremum values is 281 

varying up to 1-20. 282 

 283 

Figure 5 284 

 285 

The solution we obtain is again almost pure strike-slip. The displacements on fault planes I-IV 286 

are on average 7.0 m, 7.6 m, 12.2 m, and 0.3 m respectively with a difference of several cm between 287 

elements composing each plane (Table 1). In comparison to the inversion without gravity, the 288 

displacements on planes II increased by 2.8 m, and decreased on planes I, III and IV by 0.26 m, 5.2 m 289 

and 3.3 m. Displacement on the plane IV, situated at the Ninety East Ridge, became negligible (30 290 

cm). This difference is not surprising since plane IV is the more distant from the GPS sites and 291 

therefore satellite gravity is better suited to estimate the displacement on this plane.  292 

 293 

4 Discussion 294 

 295 

The joint inversion of different geophysical data based on geodynamic models is now widely 296 

used (e.g. Tiberi et al., 2003; Basuyau et al., 2013). The advantage is that various independent data 297 

(GPS, seismic waveforms, CMT solutions, gravity anomalies etc.) can be inverted simultaneously or 298 

sequentially to get a set of model parameters (in our case, parameters of the fault planes, module and 299 

rake of displacement vectors) fitting all data. However, any geodynamic model is an approximation of 300 

the natural process under study. For instance, in our case, the numerical solution for a rupture within a 301 

spherically layered planet - which is commonly used for fault-plane inversion - does not account for 302 

the lateral variations of the lithospheric thickness and its composition, or of the presence of a 303 

subducting slab and numerous faults. Therefore, it is necessary to keep a balance between the precision 304 

and resolution of data, the accuracy of the natural process description through the numerical models 305 

used in an inversion on the one hand and the number of details and parameters, which one desires to 306 

explore through the inversion on the other hand. Our preferred model contains 26 elements, but with 307 

10 elements it is possible to fit both the gravity and GPS observations with a reasonable accuracy.  308 

In addition to a description of the faults geometry, the two main findings of the thorough study 309 

of Hill et al. (2015) were: (1) the main moment release was on young WNW trending right-lateral 310 

faults, contrary to previous assumptions that the reactivated NNE trending fracture zone played a 311 



primary role in the rupture process; (2) these faults ruptured deep down in the upper mantle with high 312 

stress drops (>20 MPa). 313 

Our rupture solution agrees in general with the one of Hill et al. (2015). As should be expected, 314 

the seismic moment magnitude release on the fault planes is nearly identical to the Hill et al. (2015) 315 

results when considering GPS only solution. For plane I their estimate is Mw8.2, our solution for GPS 316 

data only, give 8.28, plane II – Mw8.1 (8.15), plane III – 8.5 (8.44) and for plane IV 8.2 (8.0). The 317 

values we obtain when solving for both GPS and GRACE are also close except for the plane IV, where 318 

the seismic moment magnitude decreases down to 7.34 compared to 8.2. According to the NEIC 319 

seismicity catalogue, the maximum magnitude of seismic events in the area of planes I-III in the period 320 

01.01.2012 – 30.06.2012 was 8.6, whereas in the vicinity of plane IV it was only 6.2 (shown by small 321 

red circle on figures 4 and 5). Hence our result seems to better agree with seismological data. We also 322 

recall that the rupture model of Zang et al. (2012) does not contain this fault plane. The small 323 

estimated displacements on plane IV (30 cm) simply results from the fact that the fault-plane in our 324 

model is very large. Indeed, following (Hill et al., 2015) we assigned an along strike size of plane IV 325 

of 232 km, and along dip size as 44 km. However, it is well known that the size of a rupture surface for 326 

an earthquake of magnitude 6.2 is much smaller (e.g. Wells and Coppersmith, 1994).  327 

In our joint GPS and GRACE solution, the seismic moment release on plane I is 2.44 21
10⋅ N·m, 328 

2.65 21
10⋅ N·m on plane II and 3.22 21

10⋅ N·m on plane III. Therefore, as in Hill et al. (2015) we 329 

conclude that the main seismic moment release occurred on the WNW trending plane III. In our 330 

solution the seismic moment release on the NNE trending plane I is 2.4 times smaller than the total 331 

release at planes II and III. In Hill et al. (2015) solution, this ratio is larger: 3.7.  332 

Different data including seismic profiles, magnetic anomalies and satellite gravity show that the 333 

NNE trending system plays important role in the regional geodynamics (Jacob et al., 2014 and 334 

references herein). Numerous structures seen at the sea-bottom and on seismic profiles have been 335 

presumably formed in result of strike-slip faulting. They extend to thousands of kilometres 336 

approximately in NS direction across the Wharton basin and further to the north in the Bengal Fan 337 

(Deplus et al., 1998; Franke et al., 2008, Matthews et al., 2011; Carton et al., 2014). Therefore, the 338 

higher energy release on plane I in our solution better suits the regional geodynamics. In our model 339 

strike of planes I and IV is 120 when strike of planes II and III is 1080. To produce right lateral strike-340 

slip at WNW faults and left lateral strike-slip at NNE faults simultaneously, the regional 341 

compressional stress should be directed NNW, somewhere in the middle between azimuth 120 and 342 

2880, i.e. close to 3300. According to Singh et al. (2017) the principal compressional stress in the 343 

Wharton basin is oriented at 335°. 344 

In their study, Hill et al. (2015) mention that their inversion is not able to resolve the depth to 345 

which coseismic rupture penetrated. Unfortunately, inclusion of satellite gravity data does not really 346 



help. McKenzie et al. (2005) and later Jackson et al. (2008) and Géli and Sclater (2008) suggested that 347 

the depth of the well constrained earthquake centroids is limited by the 600°C isotherm. Depth to the 348 

600°C isotherm depends on the age of the lithosphere and thickness of sediments if no thermal 349 

rejuvenation occurred. Hill et al. (2015) estimated the depth to the 600°C isotherm in the epicentral 350 

area to be at about 30 km based on a diffusion model (Stein and Stein, 1992) and plate ages from 351 

Müller et al. (1997). Both half-space cooling model and plate-cooling model predict the depth of the 352 

600° isotherm for a 50-60 my age lithosphere to be in the interval 33-38 km (e.g. Aderhold and 353 

Abercrombie, 2016, Fig.2). The thickness of sediments in the study area is 3-4 km (Carton et al., 354 

2014). Sedimentary wedge slows down the cooling and uplifts the 6000 isotherm but it also causes 355 

additional isostatic subsidence moving this isotherm down. Mikhailov & Timoshkina (1993) and 356 

Mikhailov et al. (2007) investigated the half-space cooling model taking into account sedimentation 357 

and latent heat of basalt crystallization at the lithosphere – asthenosphere interface. Using this solution 358 

and assuming a rate of sedimentation of 3-4 km per 50-60 my, the depth of the 600°C isotherm should 359 

be shifted down by ~ 4 km to a depth of about 40 km. Considering the results of waveform inversion 360 

and the estimation of centroid depths ranging from 30 to 45 km (Duputel et al., 2012), one may 361 

therefore conclude that the rupture penetrated slightly below the 600°C isotherm and probably some 362 

alternative mechanism to the frictional slip such as the thermal runaway mechanism may have to be 363 

considered (e.g., McGuire and Beroza, 2012). 364 

 365 

5 Postseismic viscoelastic relaxation 366 

 367 

Finally, we investigate the postseismic relaxation within the three years following the 368 

earthquakes. The GPS sites of the Sumatran GPS Array (SuGAr) registered coseismic and postseismic 369 

displacements. Postseismic ones appear to be as large as one fourth of the coseismic ones. GRACE 370 

time series also show some postseismic signal. Large-scale postseismic processes consist in creep 371 

(afterslip) and/or viscoelastic relaxation. As shown by Panet et al. (2010), the observed postseismic 372 

crustal displacements and gravity signals after the December 2004 great Andaman Sumatra earthquake 373 

are well explained by a viscoelastic relaxation model to which some afterslip on the downdip 374 

continuation of the ruptured surface is added. In this model, the asthenosphere (between 60 and 220 375 

km depth) has a Burgers body rheology with transient and steady state viscosities equal to 4*1017 X� ∙376 

? and 8*1018 X� ∙ ?, respectively, and the mantle below depth 220 km has a Maxwell rheology with 377 

viscosity 8*1018 X� ∙ ? for the upper mantle and 8*1020 X� ∙ ? for the lower mantle. In addition, 378 

Mikhailov et al. (2013) showed how post-seismic stress initiated a gradual (∼1 m) slip localized at 379 

∼100-km downdip extension of the coseismic rupture by modelling the seismic cycle in the area of 380 

Sumatra-2004 using a damage rheology. 381 



Some authors explained the recorded postseismic surface displacements and satellite gravity 382 

signal after large events assuming only a viscoelastic relaxation with a low viscosity in the 383 

asthenosphere. For example, to fit GPS data in the area of the Simushir 2006-2007 earthquakes on the 384 

Kuril subduction zone, a Maxwell rheology with a viscosity as low as 2*1017 X� ∙ ? was suggested by 385 

Kogan et al. (2013). To fit CSR N=40 postseismic gravity signal in the same area Han et al. (2016) 386 

used a Maxwell rheology with a viscosity of 1018 X� ∙ ? for the asthenosphere. Using high-resolution 387 

GRACE models and GPS data we previously showed (Mikhailov et al., 2018) that at high resolution 388 

the synthetic gravity signal calculated assuming a low-viscosity Maxwell rheology does not fit the 389 

signal extracted from CSR N=96 GRACE models. On the other hand, the postseismic gravity signal 390 

could be well explained by postseismic creep in a wide zone around the coseismic rupture area, 391 

including a deeper continuation.  392 

In the Wharton basin, postseismic processes seem to be much weaker. We estimated the 393 

postseismic displacement field and gravity signal for this area using our preferred fault plane model 394 

(26 elements) obtained by the joint inversion of GPS and gravity data (Fig. 5) and the VISCO1D 395 

software of F. Pollitz. The spherically symmetric layered Earth model used in this calculation is based 396 

on PREM (Dziewonski and Anderson, 1981) with a 60 km thick elastic lithosphere and a 160 km thick 397 

asthenosphere for which the viscosity is considered as an adjustable parameter. The postseismic 398 

viscoelastic relaxation produces displacements at GPS sites in the same direction as the coseismic 399 

ones. The computed postseismic gravity signal has the same pattern as the coseismic one. The 400 

amplitude of the postseismic gravity signal as well as the amplitude of the postseismic displacements 401 

strongly depends on the viscosity of the asthenosphere. Figure 6 shows that we fit the observed data 402 

assuming a Maxwell rheology with a viscosity of 1019 X� ∙ ?. For a lower viscosity of 1018 X� ∙ ? the 403 

amplitudes of synthetic signals are one order of magnitude larger than the observed ones, whereas for a 404 

viscosity of 1020 X� ∙ ?, the synthetic displacements at GPS sites are close to zero. Hence we conclude 405 

that in the region of the Wharton diffuse plate boundary, the GPS and GRACE gravity post seismic 406 

signals are well explained assuming the commonly used value for the asthenospheric viscosity of 1019 407 

X� ∙ ?. Taking into account that a part of the observed data could be also due to some postseismic 408 

creep, this viscosity value is thus a lower estimate.  409 

 410 

Figure 5 411 

 412 

6. Summary 413 

 414 

The main results of our study are as follows: 415 



• We fitted both GPS and high resolution GRACE gravity data using the geometry of the 416 

faults system suggested by Hill et al., (2015) for the 2012 Wharton earthquakes. Our solution 417 

shows that even if the main displacements occurred on WNW trending faults, comparable 418 

displacements occurred also on a NNE trending one. Hence deformation in this diffuse plate 419 

boundary area appears to be accommodated along both orthogonal fault-systems. Our model 420 

also shows that the displacements on the faults close to the Ninety East Ridge were small. 421 

• We suggest to use the most detailed gravity models available for the analysis of 422 

earthquake induced gravity signals. 423 

• To invert with constraints on the rake angle, we suggest a new regularization which 424 

allows keeping the problem linear. This method yields a rather uniform displacement field on 425 

the fault planes, without asperities. This does not mean that asperities do not exist, but that 426 

GRACE gravity models with N=96 as well as displacements at GPS sites situated far from the 427 

epicentre are not sensitive enough to resolve local variations of displacement fields on the fault 428 

planes.  429 

• We successfully explain the postseismic displacements at GPS sites and the postseismic 430 

gravity signal by viscoelastic relaxation with a commonly used asthenospheric Maxwell 431 

viscosity of 1019 X� ∙ ?. Taking into account the limited postseismic aftershock activity we 432 

conclude that the postseismic slip in the area of the 2012 Wharton earthquakes was limited, 433 

contrary to what is often observed after large subduction event. Nevertheless, because a part of 434 

the observed signal could be attributed to afterslip, the obtained viscosity value should be 435 

considered as a lower limit of the asthenospheric viscosity below the Wharton basin.   436 

 437 
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Figure captions 603 

 604 

Fig.1 Location of the Mw8.6 strike-slip seismic event of 11 April 2012 in the Wharton Basin. 605 

Green and yellow stars mark epicenters of the main aftershock Mw8.2, which occurred 2 hours later 606 

and the main foreshock Mw7.6 of 10 January 2012. Colored dots show position and depth of seismic 607 

events from the USGS NEIC catalogue for the period 10 January-28 December 2012. Solid black lines 608 

show the rupture model of Hill et al. (2015). The topography and bathymetry are from ETOPO1 609 

(https://maps.ngdc.noaa.gov/). 610 

 611 

Figure 2. Comparison of the gravity signal (in µGals) for the April 2012 Wharton earthquakes 612 

using the GRACE models of CSR and GRGS for the period 01/2008 - 06/2014 with different 613 

resolution. Dashed-dot line shows Sumatra trench, solid curve marks the shoreline.  614 

A – coseismic jump calculated as the difference between average values before and after the 615 

earthquake (eq. 4) using not filtered CSR models truncated at N=40. Crosses show the locations of 616 

extrema from Han et al. (2015). B –same as A, but using CSR N=96 models filtered by DDK5 and 617 

applying (eq. 4). C –same as B, but based on GRGS N=80 models. D – coseismic jump estimates as 618 

the difference of two trends (2) with annual and semi-annual components using CSR N=96 models. E – 619 

coseismic plus postseismic signal calculated using eq. (3) and CSR N=96 models also with annual and 620 

semi-annual components.  621 

 622 

Fig. 3 Time-series (µGals) in the vicinity of (95E, -3S). Note the higher noise level in the un- 623 

filtered CSR N=40 model. 624 

 625 

Fig.4. Gravity anomaly in µGals calculated using the fault planes model geometry of Hill et al. 626 

(2015) in result of inversion of GPS data only. Black lines – projection of vertical fault planes to the 627 

Earth surface. Green and black arrows show synthetic and real GPS coseismic displacements. 628 

Coloured maps on plot A and B are the observed coseismic gravity signals from Fig.2B and A. Dotted 629 

isolines show the synthetic signals: (a) truncated at N=80 for the more detailed model, (b) truncated at 630 

N=40 signal for the simple model. Crosses on the right plot show position of extrema in Han et al. 631 

(2015). Red circles mark the main seismic events (size proportional to magnitude). Small circle close 632 

to plane IV shows the strongest event Mw6.2 which occurred in vicinity of this plane.  633 

 634 

Fig.5. Comparison of real (Fig. 2b) and synthetic gravity signals and GPS displacements for the 635 

fault plane model based on Hill et al. (2015) geometry and joint inversion of GPS and CSR N=96 data 636 

with regularization (6).  637 



 638 

Fig. 6  639 

a - Postseismic gravity signal (in µGal, N=80 SH) during two years after the April 2012 event  640 

in result of viscoelastic relaxation calculated using F. Pollitz code VISCO1D and our model based on 641 

GPS and GRACE data. For notations see Fig 4,5.  642 

b – Comparison of coseismic plus postseismic signals. Coloured scale shows real data (Fig.2E), 643 

isolines – synthetic coseismic (Fig.2 D) plus postseismic (Fig.6a) signals.  644 

c – Solid curves show amplitude of total (black), easting (red) and northing (blue) displacements 645 

at two GPS sites of the Sumatran GPS Array (SuGAr). Symbols of the same colour show modelled 646 

displacements assuming an asthenospheric viscosity of 1019 X� ∙ ?. Horizontal axis shows time, 647 

vertical axis is displacements (meters).  648 

 649 

Table 1 Solutions for different number of elements in planes I-IV using GPS only (lines 1, 2) and 650 

GPS+gravity (line 3). GPS misfit is maximum value of difference between real and synthetic absolute 651 

displacements at GPS sites in %. 652 

  653 



Highlights 654 

• We fitted both GPS and high resolution GRACE gravity data using the geometry of the faults 655 

system suggested by Hill et al., (2015) for the 2012 Wharton earthquakes. To invert with 656 

constrains on the rake angle, we suggest a new regularization, which allows keeping the 657 

problem linear. This method yields a rather uniform displacement field on the fault planes, 658 

without asperities.  659 

• Our solution shows that even if the main displacements occurred on WNW trending faults, 660 

comparable displacements occurred also on a NNE trending one. Hence, deformation in this 661 

diffuse plate boundary area appears to be accommodated along both orthogonal fault-systems.  662 

• A viscoelastic relaxation with a commonly used asthenospheric Maxwell viscosity of 1019 X� ∙663 

? successfully explains the postseismic displacements at GPS sites and the postseismic gravity 664 

signal. Because part of the observed signal could be attributed to afterslip, the obtained 665 

viscosity value should be considered as a lower limit of the asthenospheric viscosity below 666 

the Wharton basin. 667 





















Table 1 Solutions for different number of elements in planes I-IV using GPS only (lines 1, 2) and 

GPS+gravity (line 3). GPS misfit is maximum value of difference between real and synthetic 

absolute displacements at GPS sites in %. 

Number 

of 

elements 

Dip slip (min, max) / Strike slip (min, max) GPS misfit Vz misfit 

plane I plane II plane III plane IV Δ module 

(%)  

RMS 

(µGal) 

10 (-.010;-0.10)/ 

(7.23-7.28) 

(-0.17;-0.15)/ 

(4.77;4.79) 

(0.04;0.04)/ 

(17.40-17.42) 

(-0.05;-0.05)/ 

(3.55;3.55) 

9.1 2.4 

26 (-.005;-0.04)/ 

(7.24-7.28) 

(-0.06;-0.09)/ 

(4.77;4.81) 

(0.02;0.03)/ 

(17.34-17.41) 

(-0.03;-0.03)/ 

(3.56;3.57) 

9.2 1.9 

26+Vz (-0.06;0.06)/ 

(6.93;7.04) 

(-0.40;-0.23)/ 

(7.56;7.64) 

(-0.34;-0.18)/ 

(12.11;12.32) 

(0.27;0.37)/ 

(0.26;0.30) 

7.0 1.5 

 

 

 




