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ABSTRACT 

In order to elucidate the processes involved in iron and silicon isotopes partitioning during magmatic 
differentiation, it is essential to know the precise value of equilibrium fractionation factors between 
the main minerals present in the evolving silicic melts. In this study, we performed first-principles 
calculations based on the density functional theory to determine the equilibrium iron and silicon 
isotopes fractionation factors between eleven relevant silicate or oxide minerals in the context of 
magmatic differentiation, namely: aegirine, hedenbergite, augite, diospide, enstatite, fayalite, 
hortonolite, Fe-rich and Fe-free forsterites, magnetite and ulvospinel. Results show that Fe2+-bearing 
silicate minerals display significant differences in iron isotope fractionation factors that cannot be 
neglected, even at high temperature (1000°C). Various physical and chemical parameters control the 
iron isotopic fractionation of silicate minerals. However, the main parameter, after temperature and 
the iron oxidation state, is the nature and number of iron second neighbors (i.e. the local chemical 
composition around Fe atoms). This conclusion is also valid for silicon isotopes. In the investigated 
nesosilicates and inosilicates, silicon isotope reduced partition function ratios (also called  -factors) 
show no correlation with the average Si-O bond length, which remains almost constant, but Si  -
factors are correlated with the local chemical composition of the minerals. Fractional crystallization is 
one of the mechanisms, which could explain the evolution of iron isotopic compositions during 
magmatic differentiation. Using the present theoretical set of equilibrium fractionation factors allows 
us to assess the impact of inter-mineral isotopic fractionations, and shows that pyroxene appears to 
be the main mineral phase driving the isotopic evolution to a heavier signature in the most evolved 
lavas. 

Keywords: DFT; Ab-initio; Isotopic fractionation; Silicates; Oxides; Stable isotopes; Iron; Silicon; 
igneous rocks; magmatic differentiation
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1- Introduction

Silicon and iron represent, respectively, the second and fourth most abundant elements on Earth. 
Isotopic ratios of these elements are perfect candidates to become useful tracers of a variety of 
geological processes because of their ubiquitous nature. Despite the large mass difference between 
Fe isotopes (54Fe, 56Fe, 57Fe, 58Fe) and Si isotopes (28Si,29Si,30Si), the magnitude of their high-
temperature isotope fractionations is limited (e.g. Dauphas et al., 2012; Méheut et al., 2009; Savage 
et al., 2010; Teng et al., 2013; Williams et al., 2004; Zambardi et al., 2014). Iron is interesting because 
of its multiple oxidation states (Fe0, Fe2+ and Fe3+) that make it a perfect element to trace the redox 
conditions in igneous rocks such as the evolution of oxygen fugacity (fO2) in the mantle associated 
with depth (Woodland and Koch, 2003; McCammon and Kopylova, 2004; Yaxley et al., 2012) or in the 
lavas during magmatic differentiation. In nature, silicon has two valence states (Si0, Si4+) (Poitrasson, 
2017). Metallic silicon (Si0) can be found in metallic inclusions in meteorites, and most likely in the 
metallic cores of terrestrial planets (e.g. Wai and Wasson, 1969; Georg et al., 2007; Pack et al., 2011). 
In the magmatic differentiation context, Si can be considered as only tetravalent. Silicon 
concentration increases during magmatic differentiation whereas Fe concentration decreases. 
Therefore, silicon isotopes are more likely reflecting cumulative effect (Zambardi et al., 2014). 
Considering their contrasted behavior during magmatic differentiation, Si and Fe isotopes represent 
complementary approaches to constrain the mechanisms of isotopic fractionation involved in 
magmatic differentiation. Both isotopic systems were extensively studied in that context, either 
independently (Weyer et al., 2005; Williams et al., 2005; Poitrasson and Freydier, 2005; Shahar et al., 
2008; Teng et al., 2008; Schuessler et al., 2009; Schoenberg et al., 2009; Williams et al., 2009; 
Lundstrom, 2009; Savage et al., 2011; Sossi et al., 2012; Dauphas et al., 2014; Foden et al., 2014; 
Nebel et al., 2015; Poitrasson and Zambardi, 2015; Sossi and O’Neill, 2017; Williams et al., 2018; Li et 
al., 2020) or together (Zambardi et al., 2014; Gajos et al., 2016). Nonetheless, the processes leading 
to heavy Fe and Si isotopic compositions in the most evolved lavas during magmatic differentiation 
are still debated. Fractional crystallization (e.g. Schuessler et al., 2009; Sossi et al., 2012; Telus et al., 
2012; Foden et al., 2015; Du et al., 2017), partial melting (Williams et al., 2009), fluid exsolution 
processes (Poitrasson and Freydier, 2005), thermal diffusion (e.g., Lundstrom, 2009; Zambardi et al., 
2014; Gajos et al., 2016) and sulfide saturation in the magma (Williams et al., 2018) were suggested 
to explain the Fe systematics observed among igneous rocks. As Shahar et al. (2008) pointed out, “In 
order to understand the meaning of small but significant differences in Fe isotope ratios among 
minerals representing differentiated planetary materials, the mechanisms of high-T Fe isotope 
fractionation must be quantified”.
Different techniques can be used to determine isotope fractionation factors in silicate minerals, 
including: 1) conventional analysis of mineral separates involving mineralization followed by iron or 
silicon separation by anion exchange chromatography and MC-ICP-MS analyses, for both natural or 
synthetic samples (Williams et al., 2005; Savage et al., 2011; Sossi and O’Neill, 2017; Shahar et al. 
2008); 2) In-situ laser ablation coupled to MC-ICP-MS techniques using nanosecond or femtosecond 
laser on natural samples (Sio et al., 2013; Oeser et al., 2014; Oeser et al., 2015; Collinet et al., 2017; 
Oeser et al., 2018). 3) For Fe isotopes, the vibrational properties of minerals can be determined by 
nuclear resonance inelastic X-ray scattering (NRIXS) from which reduced partition function ratios, 
called  -factors, are derived (Dauphas et al., 2012; Dauphas et al., 2014; Roskosz et al., 2015); 4) 
Also for iron, -factors can be calculated from second-order Doppler (SOD) shift derived from 
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Mössbauer spectroscopic measurements (Polyakov and Mineev, 2000; Polyakov et al., 2007; 
Polyakov, 2009; Polyakov and Soultanov, 2011); 5) Theoretical fractionation factors can also be 
determined from electronic structure calculations usually based on the density functional theory 
(Blanchard et al., 2009; Méheut et al., 2009; Huang et al., 2014; Méheut and Schauble, 2014; Wang 
et al., 2017). Concerning iron, only few fractionation factors are available for silicate minerals. 
Because olivine and most of pyroxenes are Fe2+-bearing minerals, the Fe isotope fractionation 
between them is often considered as negligible (Dauphas et al., 2014; Roskosz et al., 2015) or even 
inexistent (Beard and Johnson, 2004). However, some studies on natural samples highlight small but 
distinct isotopic signatures for olivine and coexisting clinopyroxene and orthopyroxene (Zhu et al., 
2002; Williams et al., 2005). This effect was also proposed earlier from Mössbauer data by Polyakov 
and Mineev (2000). Besides temperature, iron oxidation state is described as one of the main 
parameters influencing the iron isotope fractionation with the coordination number of iron (Polyakov 
and Mineev, 2000; Dauphas et al., 2014; Sossi and O’Neill, 2017). Indeed, Fe3+-rich phases have stiffer 
bonds and therefore tend to concentrate heavy 57Fe isotopes. This is the reason why most studies 
focused on the common Fe3+-bearing oxide of magmas, i.e., magnetite, in order to constrain the 
isotopic evolution during magmatic differentiation (Polyakov and Mineev, 2000; Polyakov et al., 
2007; Shahar et al., 2008; Dauphas et al., 2012; Sossi and O’Neill, 2017). Our study provides the first 
ab-initio values of inter-mineral fractionation factors for iron isotopes in silicate minerals. Regarding 
Si isotopes, only few theoretical studies were performed on high-temperature silicate minerals 
(Grant, 1954; Huang et al., 2014; Méheut and Schauble, 2014; Qin et al., 2016). Grant (1954) 
suggested that polymerization was the key factor influencing Si isotopes among the differentiation 
path with enrichment of heavy isotopes with increasing polymerization. The study of Poitrasson and 
Zambardi (2015) on lunar and terrestrial rocks supported Grant’s hypothesis in displaying a clear 
relationship between increasing polymerization degree and increasing silicon isotope composition of 
lunar rocks. However, at the mineral scale, Méheut and Schauble (2014) displayed large isotopic 
fractionations between minerals having the same structure and silicon polymerization degree 
(kaolinite, lizardite). Silicon-Oxygen bond lengths (Huang et al., 2014) as well as the electronegativity 
of the cations Mg and Al (Méheut and Schauble, 2014) were also proposed to explain the difference 
in Si isotope signatures between minerals, but the effects of other cations have not been considered 
so far. Here, the influence of Ca, Fe, and Na on Si isotopes is tested through different silicate 
compositions.
The goal of the present study is to produce a consistent data set of iron and silicon -factors 
representing the main Fe-bearing minerals of lavas. Four clinopyroxenes are investigated: aegirine, 
hedenbergite, augite and diopside as well as the most common orthopyroxene, i.e. enstatite. The 
olivine solid-solution is studied through four distinct compositions: fayalite, hortonolite and two 
forsterites (i.e. Fe-bearing and Fe-free forsterites). In addition, pure magnetite and ulvospinel were 
added to the study in order to model the fractionation factor between oxide and silicate minerals. 
This set of iron and silicon fractionation factors is obtained from first-principles quantum mechanical 
calculations. These data enable us to discuss the effect of different parameters (e.g. coordination 
number (CN), iron oxidation state, Fe-O and Si-O bond lengths, average or local chemical 
compositions) on the inter-mineral fractionation factors and to discuss the role of inter-silicate 
isotopic fractionation on the process of fractional crystallization that could explain the heavy Fe 
signatures of evolved lavas during magmatic differentiation. 



4

2-  Methodology

2.1- Calculation of equilibrium isotope fractionation factors

The equilibrium isotope fractionation factor α(a,b,Y) of an element Y between two phases a and b is 
defined as the ratio of isotope ratios and can also be written as the ratio of the reduced partition 
functions, called -factors: 

Eq. (1)

Where  (a,Y) can be seen as the equilibrium fractionation factor of Y isotopes between the phase a 
and a perfect gas of Y atoms. The reduced partition function ratio of each mineral was calculated 
from their harmonic vibrational frequencies (Bigeleisen and Mayer, 1947) using the following 
equation:

Eq. (2)

where, νq,I  and ν’q,I are the vibrational frequencies of the heavy and light isotopologues in phase a, 
identified by a wavevector q and a branch index i from 1 to 3Nat; Nat is the number of atoms in the 
crystal unit cell, h Planck’s constant, kb is Boltzmann’s constant, and T the temperature (in Kelvin). 
The second product in Eq.(2) is performed on a sufficiently large grip of Nq q-vectors in the Brillouin 
zone. In Eq. (2), the three translational modes at the center of the Brillouin zone (Γ) with ν0,I = 0, are 
not considered. Equation (2) accounts for the fact that there should be no isotopic fractionation at 
the high-temperature limit, called the “rule of the high-temperature product” or “Redlich-Teller rule” 
(Bigeleisen and Mayer, 1947).

Isotope fractionation is often reported in permil (‰) and thus, we will adopt the usual notation: 
103lnα(a,b,Y) = 103ln (a,Y) - 103ln (b,Y). In laboratory studies, 103lnα(a,b,Y) can be approximated (if 
alpha is not too different from 1) by the fractionation factor Δa-b = δa - δb, where δa and δb represent 
the isotopic compositions of phases a and b in isotopic equilibrium, obtained as follows for iron 
isotopes: 
 

Eq. (3)

                                        

2.2- Modeling approach

The reduced partition function ratios of each mineral were calculated from Eq (2), using the phonon 
frequencies, νq,I, computed from first-principles methods based on density functional theory (DFT). 
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Initial atomic positions and lattice parameters taken from experimentally determined structural 
models were relaxed first until the residual forces on atoms are less than 10-4 Ry/au, and the residual 
pressures smaller than 0.03 kbar. For each mineral, the dynamical matrix was calculated within 
density functional perturbation theory (DFPT) and then diagonalized for the two atomic masses of 
interest (54 and 57 for Fe / 28 and 30 for Si) in order to obtain the vibrational frequencies for both 
isotopologues. Structural relaxations as well as vibrational frequency calculations were performed 
using PWscf and PHonon codes included in the Quantum Espresso suite of codes (Giannozzi et al., 
2009). All calculations were performed using the Perdew-Burke-Ernzerhof (PBE) parametrized 
generalized gradient approximation (GGA) functional (Perdew et al., 1996). The ionic cores were 
described by ultrasoft pseudopotentials (USPP) from the GBRV library (Garrity et al., 2014). The 
wave-functions cutoff was taken equal to 40 Ry for all minerals, such as the total energies are 
converged within 1 mRy/atom. A regular grid in k-space, shifted from Γ point, according to the 
Monkhorst-Pack scheme (Monkhorst and Pack, 1976) is used for Brillouin zone sampling. The size of 
the converged k-point grid for all the studied minerals is displayed in Table 1. For all minerals, 
vibrational frequencies were calculated along one shifted q-point except for magnetite vibrational 
frequencies that were calculated along a 2×2×2 shifted q-point grid. For the systems investigated 
here, the reduced partition function ratio converges rapidly with respect to the number of q-points. 
Shifting the q-point grid relative to the center of the Brillouin zone (Γ point) avoids us to deal with the 
long-range effects that should be considered otherwise. Such long-range effects give rise to the LO-
TO frequency splitting and thus affect the reduced partition function ratios.

As mentioned above, experimental structures were taken as starting configurations. However, in the 
investigated silicate minerals, there are two sites available for iron (M1, M2) that are shared by other 
cations such as Mg, Ca or Na and experimental models could only give us the occupation proportion 
of iron in each site. Thus, we performed self-consistent field (scf) calculations on each structure for 
all non-equivalent iron atomic positions in M1 and M2 sites, with various magnetic moments, in order 
to find the configuration with the lowest energy to perform the calculation of the phonon 
frequencies (Fig. A1 in Appendix). Calculations for all minerals were spin-polarized and magnetic 
moments were free to relax. Iron electronic charge density of the optimized structures were 
determined using the Bader Charge Analysis code (Henkelman et al., 2006). Bader (2001) developed 
a method based on zero flux surfaces to divide crystal/molecule in atoms. By doing so, the charge 
enclosed in the Bader volume approximates the total electronic charge of the atom.

3- Results

3.1- Structural properties

In terms of structure, olivine is a nesosilicate that consists of isolated silicon tetrahedra connected by 
interstitial cations, with the general formula [M2][M1](T)O4 where T is the tetrahedral site 
preferentially occupied by Si and occasionally Al or Ti and M1 and M2 are octahedral sites occupied 
mainly by Fe2+, Mg, Mn, Ni. Pyroxenes are part of the inosilicate group with the general formula 
[M2][M1](T)2O6 where the six-coordinated M1 site is occupied mainly by Mg, Fe2+, Fe3+, Al, Ti, and the 
five to eight coordinated M2 sites by Mg, Fe2+, Na, Ca. The tetrahedral sites are occupied by Si and 
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minor Al, Ti or even Fe3+. Substitution of Mg2+ by Fe2+ in pyroxene can create distortion of M1 
octahedra (Cameron and Papike, 1981), as iron ions are larger. 
The general formula of the spinel group is AB2O4. In magnetite, A cations represents Fe2+ in the 
octahedral M sites and B represents Fe3+ in tetrahedral T site and octahedral M sites. A substantial 
amount of titanium can enter in the magnetite structure, forming a continuous solid solution 
between magnetite and ulvospinel. In ulvospinel, A represents tetravalent (Ti4+) and B the divalent 
(Fe2+) cations. In this study, A cations occupy the octahedral M sites and B cations occupy both 
octahedral M and tetrahedral T sites (Barth and Posnjak, 1932).

As described above, pyroxenes are not restricted to a single chemical composition in nature: 
proportion of the different cations such as iron, magnesium, sodium and calcium bound to the Si-O 
structure can evolve from 0 to 100%. In order to reproduce common Fe-bearing clinopyroxene 
compositions of various magmatic rocks, we modeled the end-members aegirine (FeNaSi2O6) and 
hedenbergite (FeCaSi2O6) as well as intermediate compositions such as augite (Mg0.25Fe1.25Ca0.5Si2O6) 
and diopside (Mg0.75Fe0.25)CaSi2O6. For the most common orthopyroxene, enstatite, we chose the 
same composition ((Fe0.125Mg0.875)2Si2O6) as the sample analyzed by NRIXS spectroscopy in Dauphas 
et al. (2012). Four compositions of the olivine solid-solution were studied: the two end-members, 
fayalite (Fe2SiO4) and forsterite (Mg2SiO4), as well as two intermediate compositions, hortonolite 
(FeMgSiO4) and Fe-bearing forsterite (Fe0.125Mg0.875SiO4) in order to better assess the impact of iron 
concentration on the olivine solid solution. Concerning the oxides, pure ulvospinel (Fe2TiO4) as well 
as magnetite (Fe3O4) were studied.

The clinopyroxene and olivine unit cells contain four formula units, and the orthoenstatite and 
ulvospinel unit cells contain eight formula units (Table 1). Primitive cells were sufficient to proceed to 
multiple Fe-Mg substitutions among the different silicate compositions and to have a realistic 
representation of mineral structures. Space groups for each mineral are displayed in Table 1. All non-
equivalent iron positions as well as the spin state and magnetic ordering, were tested by doing self-
consistent field calculations in order to find the model having the lowest energy (Fig A1 and Table A1 
in Appendix), on which phonon calculations were performed. Concerning Fe-bearing forsterite, two 
iron non-equivalent positions were tested and the model where iron is in M1 site displays the lowest 
energy by about 7.02 kJ/mol. This energy difference can be interpreted as iron being preferentially in 
M1 sites compared to M2 sites. Following the same approach as Umemoto et al. (2011), we assessed 
the percentage of iron in each site. Our results suggest that 72% of iron will preferentially be 
incorporated in M1 sites over M2 sites at 700°C. This calculation is consistent with our modeled 
hortonolite that has 75% of the iron in M1 sites. It also agrees with the study of Brown and Prewitt 
(1973), indicating that iron is mainly in M1 sites in hortonolite. However, we decided to perform 
phonon calculation on both forsterite models in order to assess the impact of iron positions on the 
57Fe/54Fe -factors as this element can be equally distributed in M1 and M2 sites at high temperature 
in forsterite of the upper mantle (e.g. Blanchard et al., 2017; McCarty et al., 2015). Regarding 
ulvospinel, the positions of iron in the octahedral and tetrahedral sites are based on Gatta et al. 
(2014) in order to result in an asymmetric charge distribution which, preserve the non-cancelling 
cation-cation repulsions and the observed out-of-center distortion of the central Ti4+ (Kunz and David 
Brown, 1995). As ulvospinel is antiferromagnetic (Gatta et al., 2014), only one spin configuration was 
compatible with an antiferromagnetic structure that consists of all the FeT in spin up configuration 
and all the FeM in spin down configuration. Magnetite is known to be ferrimagnetic, and the spin 
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configurations were taken from Wright et al. (2002), where the FeT is in spin down configuration and 
all the FeM in spin up configuration.

For the end-members of the solid solutions (i.e., aegirine, hedenbergite, fayalite) and for diopside 
where all iron positions are equivalent, only the magnetic order was investigated. Fayalite is known 
to be antiferromagnetic. The spin configuration is taken from Cococcioni et al. (2003) where the 
magnetic ground state corresponds to a similar FeM2 magnetization to that of the closest FeM1 site 
and the antiferromagnetic ordering occurs between corner-sharing octahedra (Fig. A1 in Appendix). 
As there is no information about the spin configuration of the antiferromagnetic hortonolite, we 
decided to take the same spin configuration as for fayalite (Fig. A1 in Appendix). Concerning Fe-
bearing forsterite, the unique iron atom (in M1 or M2 site) is high spin. In hedenbergite and aegirine, 
iron is only located in M1 site, half of the FeM1 are set up with spin up polarization and the other half 
with a spin down polarization. In augite, where iron atoms are distributed between M1 and M2 sites, 
the spin polarization has been set up in order to get an antiferromagnetic ordering occurs between 
corner-sharing octahedra (Fig. A1 in Appendix). As structure with 2 FeM1 and 1 FeM2 with spin up 
polarization and the others as spin down polarization (Fig. A1 in Appendix, conf. C). In enstatite 
(config. F in Fig A1) and diopside, iron is arranged in high-spin state.

Calculated lattice parameters for the most stable model of each mineral agree with the experimental 
values within 1-2% (Table 1). The Fe-Fe interchain distance in hedenbergite (6.534 Å) is larger than in 
aegirine (6.352 Å) as described in Baum et al. (1997) that displays an Fe-Fe interchain distance 4.7% 
larger in hedenbergite than in aegirine. The distortion of Fe2+ octahedral sites in augite and enstatite 
is observed in the modeled structures in accordance with experiments (Cameron et al., 1973; 
Cameron and Papike, 1981). 

3.2- Reduced partition function ratios of iron and silicon

Temperature dependence of the Si and Fe reduced partition function ratios of the silicate and oxide 
minerals are displayed in Fig 1. The parameters of the corresponding polynomial fits are given in 
Table 2. A linear correlation between -factors and their corresponding average force constants (F) is 
observed for iron and silicon (Fig. 2), where F corresponds to the average of the force constants for 
an atom X in three orthogonal directions. This parameter F is calculated for each crystallographic site 
where atom X is located and averaged in order to obtain an average force constant for each mineral. 
This linear relationship allows us to discuss isotopic fractionations in terms of both -factors or force 
constants. Following the general discussion on the uncertainties related to the harmonic 
approximations and the PBE functionals performed by Méheut et al 2009, a systematic relative 
uncertainty of about 5% can be applied to each -factor, and force constant calculated in this study.
At 1000 K, the whole set of 103ln57Fe/54Fe spans in a range of 0.5 ‰ and the 103ln30Si/28Si are 
within a range of 1 ‰. All studied minerals are enriched in 57Fe and in 30Si with respect to fayalite. 
The highest iron -factors are found in the Fe3+-bearing minerals, aegirine and magnetite. The 
highest silicon -factors are found in forsterite and enstatite. It is noteworthy that forsterite displays 
different 103ln57Fe/54Fe when the sole iron of the unit cell is in M1 or M2 site. Indeed, the forsterite-
M1 configuration, that is the most energetically favorable (part 3.1), displays a higher 103ln57Fe/54Fe 
of about 0.094 ‰ at 980 K compared to the Forsterite-M2 configuration. 
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4- DISCUSSION

4.1 – Parameters controlling Fe isotope fractionation in minerals

As mentioned, the reduced partition function ratios calculated from equation (2) correlate linearly 
with the corresponding average force contants,  (Fig. 2). This observation is in agreement with 
the following relationship (Bigeleisen and Mayer 1947):

Eq. (4)

Where m’ and m are atomic masses of the light and heavy isotopes respectively. Compared to the 
frequency-based equation (2), the force constant-based equation (4) implies some approximations 
(i.e. h/kBT ≤ ~ 2 and harmonic approximation). The divergence between the two equations increases 
when masses and temperature decrease (Blanchard et al., 2017). In the case of iron, the constant of 

proportionality of the approximate equation (4) (i.e. ) is indeed 
very close to the one derived from Figure 2 and therefore from equation (2) at the high temperature 

of 1280 K (i.e. ), but deviates as expected from the relationship 

that we can calculate at room temperature (i.e. , for T = 298K).

4.1.1 – Fe-O bond length

Sossi and O’Neill (2017) displayed a negative relationship between force constant and the Fe-
O bond length, with the stiffest bonds (shortest bonds associated with the largest force constant) 
corresponding to minerals enriched in heavy isotopes 57Fe. Here, the relationship between iron force 
constant and the average Fe-O length is more blurred (Fig. 3a). Magnetite and ulvospinel are the only 
mineral considered here having iron in tetrahedral site. These minerals also have iron in octahedral 
site. As expected, tetrahedral iron, with shorter bonds, displays a larger interatomic force constant 
than octahedral iron. Within the Fe-bearing silicates, one can see a general trend where octahedral 
sites associated with shorter average Fe-O bond lengths show larger force constants. However, if we 
consider for example the pairs M1-Augite/M1-Forsterite or M1-Fayalite/M1-Hortonolite. Both mineral 
sites of each pair have the same average Fe-O bond length but very different iron force. Iron in the 
M1 site of forsterite has a force constant 13% larger than in augite, and iron in the M1 site of 
hortonolite has a force constant 29 % larger than in fayalite. Therefore, the iron isotope fractionation 
between these minerals cannot be explained solely by a difference of Fe-O bond lengths.

One can also choose to look at the correlation between the iron force constant and the iron 
polyhedral volume (fig. 4a). Depending on the type of distortion of the octahedra, the polyhedral 
volume might be a better parameter than the average bond length. Figure 4a shows that the mineral 
pairs mentioned above (M1-Augite / M1-Forsterite or M1-Fayalite /M1-Hortonolite) move in direction 
of a better correlation, with larger force constants associated with smaller volumes. However, the 
general trend is not improved significantly, supporting the importance of other parameters.
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4.1.2 – Iron electronic charge density

One of the main characteristics of iron is its redox sensitivity. As described by Polyakov and 
Mineev (2000) and subsequent studies (Blanchard et al., 2009; Dauphas et al., 2012; Polyakov et al., 
2007; Roskosz et al., 2015; Shahar et al., 2008; Sossi and O’Neill, 2017), Fe3+-bearing minerals, such as 
magnetite, display a heavier isotopic signature compared to Fe2+-bearing minerals. As mentioned in 
the method section, the valence of iron is approximated by the Bader charge (Bader, 2001). Except 
for aegirine that is a Fe3+-bearing mineral and magnetite that contains both Fe3+ and Fe2+, all minerals 
are only bearing Fe2+. Here, we observe that all minerals display a mean valence number of about 1.4 
(Fig. 4b). Aegirine shows a valence of 1.8 and magnetite shows an intermediate valence of 1.5. Here 
again, the results suggest that the iron oxidation state strongly affects the iron force constant and 
therefore the isotopic fractionation. Aegirine as well as magnetite, the trivalent Fe-bearing minerals, 
display significantly higher force constants than all other minerals that contain only divalent iron. 
However, within Fe2+-bearing minerals, there is no clear correlation between the Bader charge and 
the force constant. For nearly the same value of the Bader charge, the iron force constant varies over 
more than 50 N/m.

4.1.3 – Iron concentration

Dependency of the reduced partition function ratio of an element on its concentration in a mineral 
has been underlined for several stable isotope systems. For example, Wang et al. (2017) showed that 
the Ca concentration in pyroxenes affects the equilibrium Ca isotope fractionation down to very low 
concentrations (x = 1/48, corresponding to the molar ratios of CaxFeyMg1-x-ySiO3 ). These authors also 
highlighted that Fe concentration, to a lesser extent, has an impact on Ca isotope fractionation with 
addition of Fe in orthopyroxene leading to a lower ln 44Ca/40Ca. In the present study, we can also 
see an effect of iron concentration in the minerals on their iron -factors for a given mineral solid-
solution (Fig 4c). In the olivine solid-solution, the iron -factor decreases with increasing iron 
content. Fayalite has the lowest iron force constant, forsterite the highest while hortonolite shows 
an intermediate value. The same trend is observed for the three Fe2+-bearing clinopyroxenes, namely 
augite, hedenbergite and diopside. Note that because of the presence of trivalent iron, aegirine is 
outside this clinopyroxene trend. We also observe that the orthopyroxene enstatite has a slightly 
higher force constant than the clinopyroxene diopside while the iron content is the same.

4.1.4- Iron second neighbors 

Coordination number as well as iron oxidation state can explain major fractionation effects between 
Fe-bearing minerals. However, the scattered correlations displayed in previous sections can be 
explained by the iron local environment in the silicates. Indeed, for Fe2+-bearing minerals displaying 
the same coordination number, the only parameters that lead to different fractionation are the 
nature and the number of the surrounding cations (i.e. Fe, Mg, Ca and Na). The best illustration of 
this is the olivine solid solution where iron is only present as Fe2+ and with nearly the same Fe-O 
bond lengths (Fig 3a). In olivine, iron in the M1 octahedral site is surrounded by 4 cationic neighbors 
sharing an edge and 8 cationic neighbors sharing a corner while iron in the M2 site has 2 cations 
sharing an edge and 10 sharing a corner. Edge-sharing neighbors are within 3.2 Å from the central 
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iron while corner-sharing cations are located beyond 3.6 Å. The Fe/Mg ratio in these neighboring 
sites will affect the force constant of the central iron, whether located in M1 or M2 sites. The more 
iron is present among these cationic neighbors, the weaker is the iron force constant (fig. 5a). This is 
especially noticeable when looking at the force constant evolution in M1 sites. The decrease is less 
apparent for M2 sites, and this could be explained by the fact that there are only 2 neighbors sharing 
an edge in M2 sites against 4 in the M1 sites. This would mean that the closest cations from the 
central iron affect more the iron force constant. So, the force constant is not only related to the 
nature of the second neighbors (or first cationic neighbors) but also to their number and 
crystallographic arrangement. 
The effect of the local cationic environment leads to an average correlation between reduced 
partition function ratios and iron concentration in the minerals (Fig. 5, large symbols). However, the 
effect of the local environment cannot only be reduced solely in term of concentration of iron in the 
minerals. As described above in part 4.1.4, Wang et al. (2017) showed that Ca concentration in 
pyroxenes has no effect on Ca fractionation factor for small Ca concentration below x = 1/48. From 
our observations, this concentration limit could correspond to the point where the local environment 
of Ca does not change anymore. Our conclusion also agrees with Roskosz et al. (2015) that 
underlined that the iron force constant of Cr-bearing spinel is much lower (244 ± 22 N/m) than the 
Cr-free spinel (296 ± 18 N/m) and explained it as the effect of Cr substitution by Al in the octahedral 
sites. Moreover, the impact of second neighbors have been observed by Ducher et al. (2016) on zinc 
isotopes in the case of zincite and franklinite that display different ln66Zn/64Zn despite the fact that 
both minerals have the same Zn-O bond lengths and coordination number (4-fold). The only 
difference is the nature of the second neighbors, iron for franklinite and zinc for zincite. This 
observation could also explain the difference of iron force constant between dacite and rhyolite 
glasses with similar Fe3+/Fetot in Dauphas et al. (2014): substitution of Ca for K in dacite or for Na in 
rhyolite as second neighbor of iron atoms could at least partly explain this variation in -factors.

4.2 – Parameters controlling Si isotope fractionation in minerals

In contrast to iron, silicon is not a redox sensitive element in silicic melts and the concentration of 
silicon is constant in the different silicate groups studied. As a result, the evolution of the silicon 
force constant in the olivine solid-solution or in the pyroxene group cannot be addressed by a change 
in silicon concentration. In order to examine the variations in Si -factors (Fig. 1b), we focus here on 
bond lengths and the nature of the second neighbors. 

4.2.1 - Si-O bond length

The relationship between silicon force constant and the average Si-O bond length is inexistent in the 
olivines and pyroxenes investigated here (Fig 3b). In silicon tetrahedra, the Si-O bond lengths show 
negligible fluctuations around 1.67 Å, while the Si force constant ranges between 608 and 700 N/m. 
This implies that a parameter other than the Si-O bond length controls the Si isotope fractionation in 
both olivine and pyroxene groups. This is supported by the theoretical study of Huang et al. (2014) 
that found similar average Si-O bond length for olivine, clinopyroxene and orthopyroxene of about 
1.64 Å. This is also supported by Méheut and Schauble (2014) and Qin et al. (2016) who observed a 
well-defined correlation between Si-O bond length and Si -factor for most silicates except for 
forsterite, enstatite, and clinopyroxenes. Qin et al. (2016) noted, however, that these minerals fall on 
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the correlation if the Si-O polyhedron volume is considered instead of just the mean Si-O bond length 
(their Fig. 5). This is not the case in the present study. In addition, the various clinopyroxenes display 
the same silicon polymerization but distinct force constants, upholding that polymerization of SiO4

4- 
is not the key factor causing silicon isotope fractionation in silicate minerals (Méheut and Schauble, 
2014; Qin et al., 2016). Huang et al. (2014) highlighted the fact that Si isotopes can fractionate 
between minerals with similar coordination number if their Si-O bond lengths are different. Here, we 
go one step further in showing that Si isotopes can fractionate between minerals where silicon has 
the same coordination number and very similar average bond lengths.

4.2.2- Silicon second neighbors

As described for Fe isotopes, it seems that the nature of the silicon second neighbors is the major 
parameter affecting its force constant among olivines and pyroxenes. In the olivine solid-solution, 
silicon is, by definition, in an isolated oxygen tetrahedron sharing 3 edges and 6 corners with iron or 
magnesium octahedra. Here, we identified, as we did for iron, the nature of each cation sharing an 
edge or corner with the central silicon. Results are displayed in Fig 5b. It is clear that the Si 
tetrahedron sharing edges and corners with only iron atoms in fayalite displays a lower Si force 
constant (608 N/m) compared to the one sharing edges and corners with only magnesium atoms in 
forsterite (700 N/m), with intermediate compositions in between. Aegirine and hedenbergite are 
also good examples as they have the same structure (Appendix– Fig A2) and differ only by the 
substitution of Na (aegirine) to Ca (hedenbergite) in M1 sites. In these clinopyroxenes, a Si atom is 
surrounded by 9 atoms: 2 Na/Ca atoms sharing an edge with the Si tetrahedron and 7 atoms (2 Si, 2 
Ca/Na and 3 Fe) sharing the corners. As a result, the substitution of the Ca by Na in aegirine in the 
local environment of Si modifies the average force constant from 654.9 N/m to 647.8 N/m. The 
nature and number of second neighbors has thus definitely an impact on Si force constant and 
therefore on Si -factor (fig 5b). 

Méheut and Schauble (2014) discussed that electronegativity of the cations may have an impact on 
Si isotopes. Depending on the electronegativity difference between Si and neighboring cations, the 
distribution of the electronic density is modified, the bridging oxygen receive more or less electrons 
affecting in turn the Si-O bond strength. In their phyllosilicate study, Méheut and Schauble (2014) 
found that the presence of cations with lower electronegativity (Ca, Na compared to Mg) leads to 
lighter silicon isotopic signature. This conclusion is true for the geometrical arrangement of cations in 
the phyllosilicate structure, but as these authors already suggested, this conclusion does not hold for 
olivine. In phyllosilicates, the presence of cations with lower electronegativity brings more electrons 
on the bridging oxygen. The Si-O apical bond becomes stronger but the equatorial bonds counteract 
this effect by weakening, leading to an overall lowering of the Si force constant (see Fig. 9 of Méheut 
and Schauble, 2014). In olivine, because of the more isotropic distribution of the cations around Si 
atom, there is no such counterbalancing effect. Replacing Mg atoms (Mg = 1.31 under Pauling’s 
definition) by more electronegative Fe atoms (Fe = 1.83) decreases the electronic charge of oxygen 
atoms (i.e. Bader charge of oxygen atoms decreases from 1.83 in forsterite down to 1.66 in fayalite) 
and therefore decreases the Si force constant. In olivine solid-solution, this electronegativity effect is 
also enhanced by structural relaxations that lead to Si-Fe distances in fayalite 1.5% longer than Si-Mg 
distances in forsterite. These longer distances in fayalite contribute to the decrease of Si force 
constant. Our results on olivine agree with the measurements done by Savage et al. (2011) on 
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natural samples. The Si isotope fractionations between plagioclase and olivine of various 
compositions indeed suggest that olivine Si -factor decreases with increasing iron content.

4.3 – Comparison with previous data

4.3.1 – Fe isotopes

We compare our ab-initio iron isotope fractionation -factors and iron force constants (part 3.2) with 
previous values reported in the literature. The available experimental and theoretical -factors are 
displayed in Fig. 6. One must note that the uncertainties of NRIXS and Mössbauer results for the 
various minerals are respectively in the order of ≤ 0.05 ‰ and 0.10 ‰. And applying the general 5% 
of relative uncertainty on DFT results would lead to an error bar of maximum ± 0.03 ‰.
The general trend of the silicate -factors is similar, whatever the techniques used, displaying that, at 
equilibrium, aegirine is with magnetite the most enriched in 57Fe followed by ulvospinel, enstatite 
and forsterite. Slightly below are diopside, hortonolite, augite, hedenbergite and fayalite. 
Considering the uncertainties, our theoretical -factors are lower than the -factors determined by 
NRIXS measurement for forsterite (Dauphas et al., 2014) and the approximate theoretical 
calculations for fayalite from Sossi and O’Neill, (2017). In contrast, our -factors are higher for 
enstatite and lower for aegirine and magnetite, than those determined from Mössbauer 
measurements (Polyakov and Mineev, 2000). All other values agree within uncertainties (Fig. 6a). The 
discrepancies between theoretical and Mössbauer -factor values might be due to the slight 
chemistry difference between the minerals or/and to the quality of the Mössbauer data used. 
Indeed, the first value for magnetite β-factor in Polyakov and Mineev (2000) using Mössbauer SOD 
shift from De Grave et al. (1993), appeared to be overestimated compared to subsequent magnetite 
-factors measurements (Mineev et al., 2007; Polyakov et al., 2007; Dauphas et al., 2012; Sossi and 
O’Neill, 2017).  Discrepancies between Mössbauer-derived and DFT-based -factors have also been 
observed for pyrite (Polyakov and Mineev, 2000; Blanchard et al., 2009; Blanchard et al., 2012). 
Polyakov et al. (2019) showed that the Mössbauer temperature (θ) used in Polyakov and Mineev, 
2000 were erroneous by recording a new Mössbauer spectra of pyrite. Pyrite -factor calculated 
from this revised Mössbauer data is in good agreement with that obtained by DFT calculations 
(Blanchard et al., 2009) and by NRIXS measurements (Polyakov et al., 2013). With this in mind, one 
cannot exclude that aegirine and enstatite β-factor calculated in Polyakov and Mineev (2000) using 
De Grave and Van Alboom (1991) data could be erroneous for the same reason. 
A general advice is to avoid combining -factors obtained from different techniques, whenever 
possible. Due to systematic errors, relative values (i.e. isotopic fractionation between two phases) 
within a same technique are expected to be more accurate than differences taken from two distinct 
techniques. Looking at the olivine solid-solution, one could have doubts about the reliability of the 68 
N/m difference between the forsterite iron force constant calculated from NRIXS measurement by 
Dauphas et al. (2014) and the fayalite one approximated from theoretical calculation using Born-
Landé equation (Young et al., 2009) by Sossi and O’Neill (2017). However, our DFT approach, where 
the two end-members have been treated in a consistent way, provides a significant difference too 
(47 N/m) and thus supports the existence of a Fe isotope fractionation at equilibrium between 
forsterite and fayalite. 
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The calculated iron force constant of magnetite (F = 207 N/m) is in agreement with the NRIXS-
derived iron force constant of Polyakov et al. (2007) of 228 ± 15 N/m later revised downwards by 
Mineev et al. (2007) to 198 ± 15 N/m. The calculated ∆57FeMag-Fay = +0.44 x 106/T2 overlaps with the 
∆57FeMag-Fay = +0.40 x 106/T2 determined by Sossi and O’Neill (2017). The ∆57FeMag-Fay = = +0.30 x 106/T2 

calibrated experimentally using the three-isotope method by Shahar et al. (2008) is lower than our 
calculated ∆57FeMag-Fay. However, looking at the only fully equilibrated experiments ‘QFM 8’ of Shahar 
et al. (2008) the estimated ∆57FeMag-Fay is about +0.40 x 106/T2 (Sossi and O’Neill, 2017). Ulvospinel is 
poorly studied for iron isotopes, however some spinels were studied such as Al-rich spinels (Polyakov 
and Mineev, 2000) and Ti-free spinels (Roskosz et al., 2015). Ulvospinel in our study displays an 
average iron force constant of about 151.8 N/m when Polyakov and Mineev (2000) reported a force 
constant of 106 N/m for their Fe2+-spinel (Mg0.9Fe0.1Al2O4), and Roskosz et al. (2015) found a much 
higher value for their Fe2+-spinel of about 196 N/m. Beyond the limitations related to the use of 
different techniques as discussed above, the difference in term of cationic compositions of the three 
types of spinel studied may be the reason of such apparent iron force constant differences between 
these Fe2+-minerals.

Iron isotope fractionation factor between olivines and pyroxenes were also determined on natural 
samples, especially from mantle xenoliths, in various studies (e.g.. Beard and Johnson, 2004; Williams 
et al., 2004; Weyer and Ionov, 2007; Schoenberg et al., 2009). At relevant mantle temperature 
(1100K), our calculated 57Fe/54Fediopside-forsterite = -0.03 is identical, within 2 standard deviation 
uncertainties, to the mean 57Fe/54Fecpx-ol of about 0.04 ± 0.08‰ measured by Weyer and Ionov 
(2007) in lherzolite. Schoenberg et al. (2009) measured a 57Fe/54Feaugite-ol = 0.10 ± 0.05 ‰ that is 
close to the calculated 57Fe/54Feaugite-fayalite = 0.14 ‰ at 923 K. Moreover, the 57Fe/54Fecpx-ol from 
Williams et al. (2004) of about 0.09 ‰  0.07 obtained on natural samples by mineral separation and 
solution analysis falls in the range of the calculated 57Fe/54 Fediospide-fayalite = 0.15‰ and 57Fe/54 

Fediospide-hortonolite = 0.01 ‰ at T  1273 K (minerals reflecting the most likely composition of natural 
samples). Beard and Johnson (2004) determined 57Fe/54Fecpx-ol between -0.06 ± 0.14 ‰ and 0.28 ± 
0.14 ‰ and 57Fe/54Feopx-ol between -0.18 ± 0.14 ‰ and 0.28 ± 0.14 ‰ at magmatic temperature 
(between 1108 and 1373K) while Zhu et al. (2002) measured a mean 57Fe/54Fecpx-ol = 0.28 ± 0.12 ‰ 
and a 57Fe/54Feopx-ol = 0.32 ± 0.12‰. Our calculated values (57Fe/54Fediopside-forsterite ≈ -0.03 ‰ and 
57Fe/54Feenstatite-forsterite = 0.01 ‰ at the same temperature range) fall within the wide fractionation 
range measured by Beard and Johnson (2004). These observations as well as the relationship 
between the ∂57Fe and Fe concentration of clinopyroxenes pointed out in Beard and Johnson (2004), 
may suggest that a number of the measured iron isotope fractionation factors in the various studies 
reflect the equilibrium fractionation. However, some iron fractionation factors measured by Beard 
and Johnson (2004), Schoenberg et al. (2009) and Zhu et al. (2002), are slightly higher than the ones 
calculated in this study. This slight difference between the measured and calculated iron isotope 
fractionation factors could be explained by the compositional difference of the mineral phases but 
could also reflect an isotopic disequilibrium, as concluded by Beard and Johnson (2004) on the basis 
of mineral delta-delta plots. Previous studies displayed indeed the importance of kinetic effects on 
iron isotope fractionation in natural samples (e.g. Teng et al., 2011; Sio et al., 2013; Oeser et al., 
2015; Collinet et al., 2017; Dauphas, 2017; Oeser et al., 2018). 
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In summary, the fractionation factors calculated here is a stand-alone set that can be used for a 
majority of magmatic series, due to its large variety of mineral compositions. This will avoid 
introducing additional uncertainties related to the use of -factors derived from different methods. 

4.3.2 – Si isotopes

Silicon isotope fractionation between silicates and metals in the context of core formation has been 
extensively studied in the past years (Georg et al., 2007; Ziegler et al., 2010; Shahar et al., 2011; 
Armytage et al., 2012; Javoy et al., 2012; Zambardi et al., 2013; Pringle et al., 2014; Poitrasson, 2017). 
However, only few studies concern silicon isotope fractionation between silicates themselves in the 
context of magmatic differentiation (Méheut et al., 2009; Huang et al., 2014; Méheut and Schauble, 
2014; Qin et al., 2016). Among these studies, Huang et al (2014) and Qin et al. (2016) calculated from 
first-principles methods a large variety of silicate mineral -factors such as for olivine, clinopyroxene 
and orthopyroxene with a limited cationic environment (Ca, Mg). Our results agree with their 
previous calculations showing the evolution olivine > orthopyroxene > clinopyroxene in terms of 30Si 
enrichment (Fig. 6b). However, the absolute values of the -factors exhibit systematic differences 
(Fig. 6b) which can be explained in different ways. Firstly, the calculations of Huang et al. (2014) were 
performed at zero-pressure and T = 300K, whereas Qin et al. (2016) performed calculations at zero-
pressure and T = 0K, using both the same LDA functional. Since the volume expands with increasing 
temperature, the -factors calculated by Huang et al. (2014) shifts to lower values with respect to 
those by Qin et al. (2016). Secondly, our calculations were performed at zero-pressure and zero-
temperature like in Qin et al. (2016), but using the GGA-PBE functional instead of the LDA one. We 
thus found equilibrium volumes about 7% larger than in the study of Qin et al. (2016) for the three 
minerals. This observation, that explains our lower -factors, is consistent with the general 
knowledge of the functional effect on the bond lengths description. LDA functional is known to 
underestimate by 2-3 % the experimental volumes (e.g. Qin et al. 2016) whereas GGA functionals 
tend to overestimate them (Table 1). Thus, the computational parameters likely explain this 
systematic difference on -factors, but do not affect the inter-mineral fractionations. This 
emphasizes again the importance of using a consistent data set to compute inter-mineral isotopic 
fractionations. Lastly, in addition to these temperature and functional effects, one must note that 
the pyroxenes in the present study have some atoms of iron in their M sites whereas the pyroxenes 
in the previous studies were iron-free. Following our observations, the nature of second atomic 
neighbors likely impacts the Si -factors. For instance, in the olivine solid-solution, having iron atoms 
as silicon second neighbors lowers the Si force constant, and as a consequence the Si -factor.

4.4 – Geochemical implications on magmatic differentiation

In many studies, the Fe isotope fractionation factor between the melt and olivine (melt-olivine) is 
considered to represent melt-Fe2+ silicates (e.g. Dauphas et al., 2014; Sossi et al., 2012). In a core-mantle 
differentiation context or in less differentiated planetary bodies than Earth, pyroxenes have mainly 
the composition of enstatite and olivines are forsterite-like. In these contexts, calculations agree that 
there is no significant Fe isotope fractionation between silicate minerals. This inference is supported 
by experimental determination of isotopic partitioning (Prissel et al., 2018) and interplanetary 
comparisons (Poitrasson et al., 2019). However, considering the upper crust formation, our results 
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evidence significant iron isotope fractionation between Fe2+-bearing minerals, even with similar Fe-O 
bond lengths. The use of our set of isotopic fractionation factors for modeling the fractional 
crystallization occurring during magmatic differentiation can help to assess the role of Fe2+-bearing 
silicates on the iron heavy signature of the granites and evolved volcanic lavas compared to basalt.  
Here, simple models are performed based on Rayleigh equation:

             Eq. (5)

Where, R is the 57Fe/54Fe isotopic ratio and R0 is the initial ratio, ƒ is the fraction of remaining melt 
and bulk represent the bulk fractionation factor between residual melt and crystallizing minerals 
computed according to Eq. 6 as described below.

 We used the Magma Chamber Simulator (MCS; Bohrson et al., 2014) based on MELTS software 
(Gualda et al., 2012) in order to model fractional crystallization of an andesitic melt as in Dauphas et 
al. (2014) that simulates the formation of peraluminous A-type granite with QFM (Quartz-Fayalite-
Magnetite) buffer (See calculation details in the Supplementary Tables). In the MCS, composition and 
proportion of the minerals removed from the melt are described every 5°C step, during a 
temperature drop from 1165°C to 885°C. From this information, the bulk fractionation factor is 
calculated by taking the calculated mineral-melt fractionation factor (1, …, n ) weighted by their 
proportions (X1 , …, Xn ) : 

=     Eq. (6)

Mineral -factors are taken from the present study. In order to reproduce the evolution of the melt 
-factor during magmatic differentiation, the iron -factor of the melt was calculated from the 
sigmoidal equation of the iron force constant proposed by Dauphas et al. (2014) from NRIXS 
measurements of synthetic glasses: 

      Eq. (7)

The iron force constant value of the initial melt F0 (199 N/m) is similar to the forsterite one (197 N/m) 
according to Dauphas et al (2014). In this study, the initial value is replaced by the DFT force constant 
of forsterite (147 N/m) in order to correct for any method bias between our first-principles 
calculations and the NRIXS-derived data.

Two different models were performed in order to see the impact of Fe2+-bearing silicates on iron 
isotope partitioning during magmatic differentiation: i) The first model applies a general forsterite-melt 
to represent the fractionation between the melt and all Fe2+-bearing silicates as previously done in 
Dauphas et al. (2014) and, for rocks going up to ~65wt% SiO2, Sossi et al. (2012). ii) The second model 
uses distinct fractionation factors for orthopyroxene and clinopyroxene enstatite-melt and  augite-melt. In 
order to be representative of the spinel composition along the magnetite-ulvospinel solid-solution, 
the spinel-melt is considered as a mixture of ulvospinel-melt and magnetite -melt in models 1 and 2. In order to 
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account for ilmenite crystallization during the last stage of magma differentiation (SiO2 > 75 wt%), 
the ilmenite -factor was calculated from the ilmenite Fe force constant of 137 N/m determined by 
Sossi and O’Neill (2017). A caveat with Dauphas et al. (2014) and this modeling (see Supplementary 
Tables) is that they involve clinopyroxene as the main phase producing Fe isotope fractionation, 
including at the granitic stage of magma evolution. However, this mineral is only an accessory 
mineral in granites, occurring especially in alkaline granites. It is possible though that clinopyroxene 
was subsequently transformed into amphibole and/or biotite at a late magmatic stage (Clemens et 
al., 1986).
Despite the mentioned approximation for the melt -factor, the modeled iron isotopic evolution (Fig. 
7), is consistent with the values of natural samples taken from the literature (Poitrasson and 
Freydier, 2005; Teng et al., 2008; Schuessler et al., 2009; Sossi et al., 2012; Zambardi et al., 2014; 
Foden et al., 2014; Williams et al., 2018) with a small increase of 57Fe from 0.1 to 0.15 ‰ up to 68% 
SiO2 followed by a sharp increase up to 0.71 ‰ for model 1, and up to 0.98 ‰ for model 2 at 76 % 
SiO2. Model 1 using a general fractionation factor for all Fe2+-bearing minerals cannot reproduce the 
heaviest iron isotopic values (up to 0.93 ‰) at the last stage of differentiation whereas model 2 
where bulk takes into account the nature of the pyroxenes can. As already underlined by Dauphas et 
al. (2014), fractional crystallization is probably responsible for the iron isotopic evolution of the 
magma toward heavy signatures during magmatic differentiation. The present results emphasize the 
importance of the distinct isotopic signatures of Fe2+-bearing minerals such as pyroxenes during 
fractional crystallization (model 2 versus model 1).
 In addition, we assumed here the same sigmoidal shape of the melt -factor as in Dauphas et al. 
(2014). This is a critical parameter of the modeling that calls for a thorough investigation of the melt 
isotopic properties by first-principles molecular dynamics. Therefore, and although unknowns 
remain, such as the actual  factors of the evolving silicate melts, this modeling, involving new and 
self-consistent theoretical mineral Fe isotope fractionation factors to reduce the under-constrained 
nature of such multi-parametric modeling (Dauphas et al., 2017; Poitrasson et al., 2019), suggests 
that fractional crystallization is a viable way to interpret the global Fe isotope trend observed among 
terrestrial igneous rocks (Fig. 7).

CONCLUSION 

Equilibrium iron and silicon isotope fractionation factors were calculated from first-principles 
methods in silicate and oxide minerals covering a wide range of minerals formed during magmatic 
differentiation. Significant isotopic fractionations are observed between the studied minerals even at 
high temperature. Our results allow us to conclude that Fe and Si isotope fractionations among Fe2+-
bearing minerals are not negligible in magmatic contexts. Among the parameters investigated, the 
results show that oxidation state and coordination number explain to a certain extent isotopic 
fractionation. Accordingly, Fe3+-bearing minerals and minerals that have four-fold coordinated iron 
display higher force constants than Fe2+-bearing minerals and minerals that have six-fold coordinated 
iron. However, this study allows to go a step further in showing that after temperature, the main 
parameter influencing the -factors of minerals containing atomic species displaying similar 
coordination number and charge is the local crystal chemical environment. It can be described as the 
nature and number of the cations bound to the atom of interest.
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This theoretical study of some of the main magmatic minerals provides a self-consistent set of 
fractionation factors to better assess the processes involved in isotopic fractionation during crust 
formation. As such, it could help to better understand the bulk Si and Fe isotopic compositions of 
igneous crustal rocks. Simple fractional crystallization models using our DFT-derived -factors 
enabled us to underline the significant impact of the Fe2+-bearing minerals on iron isotope 
fractionation during magmatic differentiation. However, in order to precisely quantify the impact of 
fractional crystallization on the Fe isotopic evolution of melts, it is essential to have the theoretical -
factors for different types of melt (e.g with various Fe3+/Fetot ratios and with different cationic 
environment).
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 Formula sym  This study  Exp.  Space 
group  k-space

Enstatite Fe2Mg14Si16O48 o a= 18.456 a1= 18.2747(21) Pbca 4x4x4
b= 8.994 b1= 8.8729(9)
c= 5.273 c1= 5.1988(5)

Ulvospinel Fe16Ti8O32 c a= 8.483 a2= 8.4875(4) Fd3m 2x2x2

Aegirine Fe4Na4Si8O24 m a= 9.857 a3= 9.7412(8) C 2/c 4x4x4
b= 8.927 b3= 8.9086(7)
c= 5.368 c3= 5.2776(5)
𝛾= 107.764 𝛾3= 106.221(5)

Augite (Ca2Fe2)(MgFe3)Si8O24 m a= 10.007 a4= 9.699(1) C 2/c 4x4x4
b= 9.108 b4= 8.884(1)
c= 5.284 c4= 5.272(1)
𝛾= 107.525 𝛾4= 106.97(2)

Diospide Ca4(FeMg3)Si8O24 m a= 9.909 a5= 9.749(2) C 2/c 4x4x4
b= 9.051 b5= 8.922(1)
c= 5.330 c5= 5.248(8)
𝛾= 106.211 𝛾5= 106.04(1)

Hedenbergite Fe4Ca4Si8O24 m a= 10.039 a5= 9.838(2) C 2/c 4x4x4
b= 8.986 b5= 9.021(7)
c= 5.251 c5= 5.242(7)
𝛾= 104.14 𝛾5= 104.797(8)

Forsterite Fe1Mg7Si4O16 o a= 4.818 a6= 4.755(3) Pnma 2x2x2
b= 10.366 b6= 10.198(6)
c= 6.042 c6= 5.979(4)

Forsterite Mg8Si4O16 o a= 4.803 a6= 4.755(3) Pnma 2x2x2
b= 10.328 b6= 10.1985(6)
c= 6.046 c6= 5.9792(4)

Hortonolite Fe4Mg4Si4O16 o a= 4.874 a7= 4.775(1) Pnma 2x2x2
b= 10.443 b7= 10.280(1)
c= 5.986 c7= 6.016(1)

Fayalite Fe8Si4O16 o a= 4.957 a8= 4.818(2) Pnma 2x2x2
b= 10.411 b8= 10.471(3)
c= 5.943 c8= 6.086(2)

Magnetite Fe6O8 c a= 8.400 a9= 8.397 Fd3m 6x6x6

 57Fe / 54Fe 30Si / 28Si
B1 B2 <F> A B C <F> 

Aegirine -0.0041 0.9226 216.4 0.0025 -0.1329 6.7378 647.8
Enstatite -0.0028 0.6419 150.5 0.0029 -0.1484 7.0713 680.5

Table 1- Calculated and experimental lattice parameters (in Å) and space group of the studied minerals as well as the modeling 
parameters used in Quantum Espresso. c, o and m stand for cubic, orthorhombic and monoclinic crystal systems. References for 
the experimental lattice parameters are: 1 -  Yang and Ghose, 1995; 2 - Bosi et al., 2009; 3 - Redhammer et al., 2006; 4 - Clark et 
al., 1969; 5 -Zhang et al., 1997; 6 - Böstrom Dan, 1987; 7 -Brown and Prewitt, 1973; 8 - Smyth, 1975; 9- Haavik et al., 2000. 
Uncertainties are in brackets at the end of each experimental lattice parameters.
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Forsterite M1 -0.0021 0.6252 146.4 0.0028 -0.1490 7.1365 686.4
Augite -0.0019 0.5459 127.8 0.0026 -0.1379 6.8474 658.5
Hortonolite -0.0018 0.5661 134.3 0.0025 -0.1356 6.7722 650.9
Hedenbergite -0.0014 0.5403 126.4 0.0026 -0.1389 6.8081 654.9

Forsterite M2 -0.0016 0.5345 125.1 0.0028 -0.1501 7.1628 689.0
Fayalite -0.0011 0.4258 99.6 0.0021 -0.1191 6.3368 608.6
Diopside -0.0018 0.5803 135.9 0.0028 -0.1455 6.9465 668.5
Ulvospinel -0.0023 0.6505 151.8  
Magnetite -0.0032 0.8870 207.5  
Forsterite_Mg    0.0029 -0.1546 7.2781 700.2

Table 2-Polynomial fits of the reduced partition function ratios of 57Fe/54Fe and 30Si/28Si and average force constants, <F> in 
N/m.  Polynomial fits use equation of type B1x2 + B2x for 103ln 57Fe-54Fe and Ax3 + Bx2 + Cx for 103ln 30Si-28Si with x = 
106/T2 for T between 0 and 1500 K.
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Figure 1- High temperature dependence of the reduced partition function ratio for a) iron isotopes and b) silicon isotopes. For 
clarity, only forsterite with iron in M1 site is displayed in these figures.
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Figure 2- 103lnβ as a function of the average force constant for iron (a) and silicon (b) at T =1280 K. The linear fit between 
103lnβ 57Fe/54Fe and the iron force constant is : f(x) = 0.0026x and is in total agreement with the equation of Dauphas et al. 
(2014). The linear fit between 103lnβ 30Si/29Si and the silicon force constant is: f(x) = 0.0062x.

Figure 3-Relationship between the average force constants and the average bond lengths for Fe (a) and Si (b).
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Figure 2- Iron force constant as a function of three parameters: a) Volume of the Fe octahedron, b) iron valence as given by 
the Bader charges (Henkelman et al., 2006) and c) iron concentration in the minerals. Dashed lines are only guides for the 
eye.
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Figure 3- Evolution of the Fe (a) and Si (b) force constant in the olivine solid-solution as a function of the number of iron 
atoms in the neighboring crystal sites sharing an edge or a corner with the central Fe or Si polyhedron (small symbols for 
M1, M2 or Si sites, referring to the lower axis). For comparison, large circles correspond to the mean force constant 
evolution with the Fe molar concentration in the mineral M sites (upper axis). For example, in panel a, fayalite (red large 
circle) contains only iron and no magnesium in its M1 and M2 sites. Therefore, the corresponding iron concentration in M 
sites is 100 mol% Fe, and the mean Fe force constant (F = 99.6 N/m) is an average of the Fe force constants of the four Fe 
atoms in M1 sites (88.1, 88.3, 87.3 and 87.3 N/m) and of the four Fe atoms in M2 sites (109.8, 109.8, 112.9 and 112.9 N/m).   

Figure 4- Comparison of the 103ln 57Fe/54Fe (a) and 103ln 30Si/28Si (b) calculated in the present study at T = 1280 K, with 
previous data computed from NRIXS measurements (Dauphas et al., 2012; Dauphas et al., 2014; Polyakov et al. 2007; 
Mineev et al. 2007), Mössbauer spectroscopy (Polyakov and Mineev, 2000), experimental petrology (Sossi and Foden, 2017), 
and DFT calculations (Huang et al., 2014, Qin et al. 2016). The uncertainties are ≤ 0.05 ‰ for NRIXS-derived data (Dauphas 
et al., 2014, 2012; Polyakov et al. 2007, Mineev et al. 2007) and ≤ 0.10 ‰ for Mössbauer-derived data (Polyakov and 
Mineev, 2000).
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Figure 7 - Models of δ57Fe evolution during magmatic differentiation: the black line represents model 1 where a bulk 
fractionation factor ⍺forsterite-melt is used with forsterite representing all Fe2+-bearing minerals, and the red line represents 
model 2 where the differences between the relevant Fe2+-bearing minerals are taken into account (i.e., ⍺enstatite-melt, ⍺augite-

melt). Models were obtained using the MCS software (Bohrson and Spera, 2007) with starting andesite composition (SiO2= 
58.23, Ti02 = 0.94, Al203 = 16.94, Cr203= 0.03, FeO = 7.31, MgO = 3.99, CaO = 7.08, Na2O = 3.47, K2O=1.57, P205 = 0.24, H20 = 
0.20) with an FMQ buffer (Dauphas et al., 2014). The circles in the background correspond to δ57Fe from the literature 
(Foden et al., 2015; Poitrasson and Freydier, 2005; Schuessler et al., 2009; Sossi et al., 2012; Telus et al., 2012; Teng et al., 
2013; Williams et al., 2018; Zambardi et al., 2014; Du et al., 2017; He et al., 2017; Xia et al., 2017).
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Highlights: 

 This DFT-based study provides new and self-consistent Fe and Si isotope fractionation 
factors for the main magmatic minerals present in the crust.

 Iron isotope fractionation factors between Fe2+-bearing minerals are not negligible 
even at magmatic temperatures.

 
 For a given temperature and oxidation state, the local cationic environment of Fe or 

Si is the main factor influencing the isotopic properties of silicate minerals.

 Fractional crystallization is a viable way to explain the heavy iron isotope signature of 
the most evolved lavas. 


