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Global Shortwave Energy Budget at the Earth’s Surface from ERBE Observations
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ABSTRACT

A method is proposed to compute the net solar (shortwave) irradiance at the earth’s surface from Earth
Radiation Budget Experiment (ERBE) data in the S4 format. The S4 data are monthly averaged broadband
planetary albedo collected at selected times during the day. Net surface shortwave irradiance is obtained from
the shortwave irradiance incident at the top of the atmosphere (known) by subtracting both the shortwave
energy flux reflected by the earth-atmosphere system (measured) and the energy flux absorbed by the atmosphere
(modeled). Precalculated atmospheric- and surface-dependent functions that characterize scattering and ab-
sorption in the atmosphere are used, which makes the method easily applicable and computationally efficient.
Four surface types are distinguished, namely, ocean, vegetation, desert, and snow/ice. Over the tropical Pacific
Ocean, the estimates based on ERBE data compare well with those obtained from International Satellite Cloud
Climatology Project (ISCCP) B3 data. For the 9 months analyzed the linear correlation coefficient and the
standard difference between the two datasets are 0.95 and 14 W m™2 (about 6% of the average shortwave
irradiance), respectively, and the bias is 15 W m~2 (higher ERBE values). The bias, a strong function of ISCCP
satellite viewing zenith angle, is mostly in the ISCCP-based estimates. Over snow/ice, vegetation, and desert
no comparison is made with other satellite-based estimates, but theoretical calculations using the discrete ordinate
method suggest that over highly reflective surfaces (snow/ice, desert) the model, which accounts crudely for
multiple reflection between the surface and clouds, may substantially overestimate the absorbed solar energy
flux at the surface, especially when clouds are optically thick. The monthly surface shortwave irradiance fields
produced for 1986 exhibit the main features characteristic of the earth’s climate. As found in other studies, our
values are generally higher than Esbensen and Kushnir’s by as much as 80 W m~2 in the tropical oceans. A
cloud parameter, defined as the difference between clear-sky and actual irradiances normalized to top-of-at-
mosphere clear-sky irradiance, is also examined. This parameter, minimally affected by sun zenith angle, is
higher in the midlatitude regions of storm tracks than in the intertropical convergence zone (ITCZ), suggesting
that, on average, the higher cloud coverage in midlatitudes is more effective at reducing surface shortwave
irradiance than opaque, convective, yet sparser clouds in the ITCZ. Surface albedo estimates are realistic,
generally not exceeding 0.06 in the ocean, as high as 0.9 in polar regions, and reaching 0.5 in the Sahara and
Arabian deserts.

1. Introduction ional heat transport, and to validate coupled ocean-
atmosphere models. Over land, shortwave radiation
absorbed by the surface, which governs the turbulent

fluxes of latent and sensible heat, is required to inves-

The solar radiation absorbed by the earth’s surface
is a major component of the surface heat budget.

Knowledge of its magnitude, including spatial and
temporal variability, is important for climate studies.
Over the oceans, net surface solar (or shortwave) ir-
radiance is required to understand the role of radiation
in ocean—atmosphere interactions, to estimate merid-
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tigate surface-atmosphere interactions. Monitoring
surface shortwave irradiance is also useful in other re-
search areas, such as primary productivity and global
carbon cycling. A comprehensive description of more
specific needs can be found, for instance, in Suttles and
Ohrings (1986) and Sellers et al. (1990).

Many methods have been proposed to estimate sur-
face shortwave irradiance from satellite narrowband
radiance measurements (e.g., Tarpley 1979; Pinker and
Ewing 1985; Gautier et al. 1980; Moser and Raschke
1984; Dedieu et al. 1987; Darnell et al. 1988). These
methods make use of visible and near-infrared obser-
vations from sensors aboard geostationary satellites or
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polar orbiters. These observations, however, are not
sensitive to all the wavelengths of the solar spectrum,
and transforming the top-of-atmosphere (TOA) data
into albedo averaged over the entire solar spectrum is
not without uncertainties (e.g., Ramanathan 1986; Cess
and Vulis 1989).

More recently, Frouin and Chertock (1992) de-
scribed a method based on earth radiation budget
(ERB) broadband planetary albedo measurements.
Since they used ERB wide-field-of-view sensor data,
the major drawback of their method is a spatial reso-
lution not better than 1000 km, which is not sufficient
to observe some climatologically important features
such as the intertropical convergence zone (ITCZ).

The Earth Radiation Budget Experiment (ERBE)
(Barkstrom 1984), on the other hand, offers the op-
portunity, at least in principle, to estimate the surface
shortwave radiation budget with an accuracy better
than that previously attained because 1) it provides
broadband measurements, and 2) it gives information
on the TOA reflectance’s diurnal cycle. Moreover, un-
like the geostationary satellite data ordinarily used in
radiation budget studies, the ERBE data covers the en-
tire earth’s surface, thus avoiding intercalibration un-
certainties.

Incoming solar radiation at the top of the atmosphere
is either reflected back to space (by the clear atmo-
sphere, clouds, or the surface), absorbed by the clear
atmosphere and clouds, or absorbed by the surface.
The difference between TOA and surface shortwave
radiation budgets is therefore equal to the amount of
radiation absorbed by the atmosphere (gases, aerosols,
and clouds). Clear-sky absorption represents about
15% of the incoming TOA flux. Its variability is small,
depending mostly on water vapor, ozone, and aerosol
contents, as well as the sun zenith angle. Cloud ab-
sorption, similarly, is a small fraction of cloud reflec-
tion. These facts have two main consequences: 1) there
is a high correlation between TOA and surface short-
wave radiation budgets, as mentioned by Ramanathan
(1986) and others; and 2) surface absorption can be
obtained from the TOA shortwave radiation budget by
applying a relatively constant correction. Because at-
mospheric absorption variability is an order of mag-
nitude smaller than surface absorption variability, a
fairly high accuracy on the net surface flux can be
achieved, even with large uncertainties in the param-
eters governing atmospheric absorption.

Let SURF denote the net shortwave flux at the sur-
face, TOP the net shortwave flux at the top of the at-
mosphere, and ABSO the shortwave flux absorbed by
the atmosphere. Ramanathan’s (1986) simulations
show that the flux ratio SURF/TOP is almost constant
on a monthly time scale, regardless of the geographical
region, and equal to about 0.8. We can write:

SURF _ . _ .~

TOP M
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with C = 0.2. After some manipulation, we obtain:

ABSO
Fioa

where F¥oa is the TOA incoming shortwave irradiance,
and Aroa the TOA albedo.

Thus, the normalized shortwave flux absorbed by
the atmosphere (including clouds) should decrease
linearly as the TOA albedo increases. Its maximum
value, on a monthly time scale, is close to 20%. Two
distinct effects may explain the decrease with increasing
TOA albedo of the normalized shortwave flux absorbed
by the atmosphere. First, clouds increase the TOA al-
bedo, reducing the optical path through the atmosphere
and, therefore, absorption. The second effect is more
incidental: clear-sky planetary albedo increases pole-
ward due to surface conditions and solar zenith angle
effects, and clear-sky absorption decreases poleward
because of reduced water vapor content. The relative
importance of these effects is not known, and we cannot
draw a conclusion about the linearity of the relationship
between TOA albedo and normalized shortwave flux
absorbed by the atmosphere from the above consid-
erations, which are too qualitative.

Still, the relatively small and little-varying atmo-
spheric absorption makes large the correlation between
TOA and surface shortwave fluxes, implying that the
surface flux may be retrieved with high accuracy from
TOA albedo measurements (Ramanathan 1986; Cess
and Vulis 1989). We cannot use the simple relation
obtained from GCM simulations by Ramanathan
(1986) since 1) a limited set of climatic regions was
considered, 2) the GCM’s radiative transfer scheme
was too crude, and 3) the GCM was only run with
perpetual-January boundary conditions.

Our approach is to seek a general yet highly param-
eterized relation between TOA and surface net short-
wave fluxes that accounts for the major radiative pro-
cesses occurring within the atmosphere and at the sur-
face, including solar zenith angle effects. Since SURF
= TOP — ABSO, and since TOP is measured, one may
wonder why we did not simply model ABSO and per-
form the substraction. Modeling ABSO, however, is as
complex as modeling SURF/TOP, because ABSO de-
pends on atmospheric composition and surface type.
In cloudy conditions, for instance, multiple reflections
between the surface and clouds may affect ABSO dif-
ferently depending on the spectral characteristics of the
surface albedo. The case of clouds over varying surface
types was not studied by Cess and Vulis (1989), who
suggested that a priori knowledge of surface albedo may
not be necessary, therefore simplifying the modeling
of ABSO. Accounting for surface-type effects, however,
requires at least a crude knowledge of the surface spec-
tral albedo. All optical variables (albedos, transmit-
tances) are weight averaged over the entire solar spec-
trum, and the weights are selected so that the SURF/

= C(1 — Atoa) (2)
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TOP ratio is accurately modeled in clear-sky condi-
tions. The procedure is justified because we do not have
any information about the cloudiness within the sat-
ellite pixels; yet it introduces uncertainties (discussed
below) when clouds modify the spectral distribution
of irradiance at the surface and in the atmosphere.

We first explain our method of estimating surface
albedo and the shortwave budget from ERBE planetary
albedo observations. This includes a description of the
radiative transfer model used to compute the relation-
ship between TOA and surface shortwave fluxes (sec-
tion 2a), a discussion of the various atmospheric func-
tions used in the parameterizations (section 2b), and
an evaluation of the method’s advantages and draw-
backs (section 2c¢). Section 3 presents a comparison of
ERBE-based estimates with those derived from Inter-
national Satellite Cloud Climatology Project (ISCCP)
B3 data. We then analyze global fields of surface albedo
and shortwave flux obtained from 1986 ERBE data
(section 4), and we finally summarize and conclude
the study (section 5).

2. Method
a. Model

As indicated in the Introduction, we are interested
in expressing simply the surface net shortwave flux as
a function of the TOA net shortwave flux, the measured
quantity. Let us model the surface/cloud/atmosphere
system as the surface, and, above the surface, a ho-
mogeneous cloud layer topped with a clear atmosphere.
In the formulation that follows, subscript “cld” refers
to the cloud layer, “atm” to the clear atmosphere, “sur”
to the surface, “sys” to the surface/cloud system, A4 is
albedo, a is absorptance, T is transmittance, and F is
shortwave flux.

The albedo of the surface /cloud system is equal to:

A (1 — Agg — Gaa)?
| S AsurAcld

Asys = Acld + (3)

where the term 1 — A, Aqq is introduced to account
for multiple surface—cloud reflections. In Eq. (3), cloud
albedo is assumed to be the same for upwelling and
downwelling radiation. This is not strictly true as the
upwelling and downwelling fluxes at the cloud bound-
aries may have a rather different angular and spectral
distribution. Note, also, that Eq. (3) is only valid for
monochromatic radiation, and its use with broadband
quantities will require weight averaging over wave-
length. In fact, throughout we reason with monochro-
matic quantities (or, equivalently, assume no spectral
variations) to establish the expression for the shortwave
irradiance absorbed by the surface; but in section 2b,
we define the atmospheric and surface-dependent
functions that appear in the equations (see below) so
that spectral variations are accounted for properly.

BREON ET AL.

311

The TOA surface~-cloud-atmosphere albedo, simi-
larly, is equal to:

Asys Tg{}m
1 - AsysA 2tm

where the symbol || refers to downwelling radiation
and the symbol } to upwelling radiation. Contrary to
what is done for cloud albedo, we differentiate the at-
mospheric upwelling and downwelling atmospheric
albedos because they are first-order terms and may take
different values (see section 3). Moreover, we seek ac-
curate modeling in clear-sky conditions (see the Intro-
duction). As in Eq. (3), the term | — Agdhm is in-
troduced to account for multiple reflections between
the atmosphere and the surface/cloud system.

Let us now express the shortwave irradiance ab-
sorbed by the surface, still in cloudy conditions. Ac-
counting for multiple reflections between the various
components of the surface /cloud /atmosphere system,
we find:

Fsur~abs = F‘TOA(1 - Asur)

X (1 - Acld - acld) Tgtm ) (5)
( 1 - AcldAsur) ( 1 - AsysA gtm)

The first term in parentheses on the right-hand side
of Eq. (5) is the surface absorptance, the first ratio
accounts for cloud transmittance and multiple cloud-
surface reflections, and the second ratio accounts for
clear atmosphere transmittance and multiple cloud-
atmosphere reflections.

From Egs. (3) and (4), we deduce the albedo at the
top of the atmosphere in clear-sky conditions:

AsurTng
1 - AsurA glm

and, from Eq. (5), we deduce the shortwave irradiance
absorbed by the surface in clear-sky conditions:

Thim
( 1 - AsurAgtm) '

Note that Eq. (6) gives access to the surface albedo
from the clear-sky TOA albedo (satellite measurement )
and the optical functions of the atmosphere, namely
Alm, Akm, and T¥,,.

In order to compute F&, . using Eq. (5), we need
another relation that gives cloud absorptance as a
function of cloud albedo. There have been many theo-
retical studies (e.g., Stephens et al. 1984) and experi-
mental ones (e.g., Stephens et al. 1978; Foot 1988)
that relate A4 and a4 to cloud liquid water content,
the governing parameter. Even in the case of a plane-
parallel cloud, there has been no agreement between
theoretical and measured values. Because of these dis-
crepancies, cloud absorptance parameterizations are
not satisfactory.

We therefore simply model cloud absorptance as

Aton = Adm + 4)

AToa = A + (6)

Foi—avs = Froa(l — Agr) (7
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(8)

where a depends on sun zenith angle. Values for o can
be obtained from Stephens et al. (1984). Typically, «
decreases from 0.15 to 0.05 as the sun goes from zenith
to limb. This decrease reflects the fact that, as the sun
zenith angle increases, more radiance is reflected back
to space after a few interactions with cloud droplets,
which implies smaller absorption (Bréon 1992). Our
approximation is clearly crude, and it will be further
discussed in section 2d.

dgq = adag

b. Atmospheric functions

Computing solar irradiance absorbed by the surface
using the model described above requires that several
atmospheric and/or surface-dependent functions be
specified, namely, the TOA (viewed from space)
atmospheric albedo, A4, the clear-sky downwelling
atmospheric transmittance, 74%m, the clear-sky total
(sun-to-surface and surface-to-TOA) atmospheric
transmittance, T%,, and the spherical albedo of the
atmosphere, A!,.,. These functions are obtained by
spectral and angular integration of their bidirectional
and spectrally dependent equivalents. They depend
mostly on solar zenith angle, water vapor, ozone, and
aerosol contents, as well as surface albedo (for some),
and they are defined such that Egs. (6) and (7), the
clear-sky equations, are valid for broadband quantities.
It would have been more accurate to define the func-
tions such that Eqgs. (4) and (5), the general case equa-
tions, are valid for broadband quantities, but this is
not possible because we do not know the satellite pixel
composition (i.e., fraction of clouds) and, therefore,
the spectral dependence of the surface/cloud system.

The TOA atmospheric albedo, which represents
photons that have been scattered back to space without
surface reflection, is defined as:

© . /2 27
Alim(9) =‘1‘U dkf ag |  dé'lea(6, 8, ¢)
™ |Jo (o} 0

X 1g7(8)2gx(8") Eop cosf’ sinf'] / f dAon}, 9)
0 .

where p,, is the TOA spectral path reflectance (Fig.
l1a), X is the wavelength, 8 is the sun zenith angle, Z.,
is the spectral gaseous transmittance, and Ey, is the
extraterrestrial spectral solar irradiance. Most of the
gaseous absorption occurs either at high altitude where
molecules are rarefied (ozone absorption) or at wave-
lengths for which scattering is negligible (water vapor
absorption ). Gaseous absorption and scattering, there-
fore, can be decoupled in the computations, as in Tanré
et al. (1990).

The clear-sky downwelling atmospheric transmit-
tance, which characterizes the transparency of the clear-
sky atmosphere, is defined as
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a) pal

W/
TN

\

L RN

7N - 7N
F1G. 1. Graphic representation of the spectral and angular depen-
dent atmospheric parameters used to compute the mean atmospheric
transmittances and reflectance. (a) TOA spectral path reflectance
par; (b) atmospheric transmittance (direct + diffuse) T, ; and (c)
atmospheric backscattering spectral reflection factor s,.

J; dANT 3\ (0) 251 (0) Eox
Thn(8) =

- . (10)
J; d\Eg),

where T, is the total atmospheric transmittance of the
atmosphere (direct plus diffuse, Fig. 1b). The term £,
accounts for gaseous absorption, whereas the term 7,
accounts for molecular and aerosol scattering. The
surface albedo, which represents photons not absorbed
by the surface, is defined as

[ e}

dNpsa(0) Tan(6)1ex(8) Eox
Asue(0) =

_ . (1)
fo AT (8)102(8) Eon

where p,, is the spectral surface reflectance. This
expression for A, (6) indicates that p;, is weighted by
the downwelling spectral irradiance that reaches the
surface in clear-sky conditions. Since varying atmo-
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spheric composition and/or sun angle modify the
spectral distribution of downwelling irradiance at the
surface, the surface broadband albedo cannot be con-
sidered as an intrinsic surface parameter. Clear-sky at-
mospheric variations, however, do not lead to dramatic
changes in the surface albedo.

The total atmospheric transmittance, T3!,, which
characterizes the transparency of the atmosphere along
the double, sun-to-surface, and surface-to-space path,
is defined so that the shortwave flux reflected to space
by the surface in clear-sky conditions is equal to
TinAsur o dNEpy; that is:

«© /2
Tﬁfm(0)=2<L d’\fo da'{de(ﬁ)de(é')

X tg\(0)22(0") psa(0) Eoy cosb’ sin0’}/

Ayur(6) fo ) dem>. (12)

We emphasize here that T, is not an intrinsic at-
mospheric parameter since it depends on p;,. The p;,
dependence vanishes when p;, is constant with wave-
length, but this is generally not the case.

The spherical albedo of the atmosphere, which rep-
resents photons reflected by the surface and backscat-
tered to the surface by the clear atmosphere, is weighted
by the spectral irradiance reflected by the surface:

1 3 w/2 2
Abm(0) = p <J; d?\L dO’J; dp{s\(0', ¢)
X Td)‘(g)tg)\(g)ps)\Eo)\ cosé’ Sinﬂ'}/

fo dedx<0)zgx(e)anm>, (13)

where s, is the atmospheric backscattering spectral re-
flection factor (Fig. 1c). Considering a unit irradiance
reflected by a flat Lambertian surface, 5,(8, ¢) is the
radiance backscattered by the atmosphere to the surface
in the direction (4, ¢).

All the parameters, except A%y, and T, depend
on the surface spectral reflectance. Equation (13) in-
dicates that the spherical albedo is also a function of
sun zenith angle. However, since the contribution of
photons backscattered toward the surface is generally
small (s, is on the order of 107!) and A4}, acts as a
correction term, it is sufficient to assume that the spec-
tral distributions of the surface-reflected irradiance and
the TOA downwelling irradiance are similar. The
expression for A%, then, simplifies into:

1 o /2 27
Al ~ = “. dAJ‘ ag | des\(6', ¢)
w|Jo 0 0

X Eg, sin(8’) cos(é)’)/j(;Oo d}\on] . (14)
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FI1G. 2. Atmospheric albedo and transmittances (down and total)
as a function of atmospheric path (air mass) for vegetation and ocean
surfaces. The water vapor amount is 30 kg m~2 and the ozone content
0.3 atm cm.

Using Eq. (14) instead of Eq. (13), therefore, makes
Al independent of surface reflectance and sun zenith
angle.

To compute Am, Thm, Tohn, Alm, and Ag,,, we
use the radiative transfer model of Tanré et al. (1990).
Four surfaces types are considered, namely, vegetation,
desert, ocean, and ice/snow. These surfaces are those
identified in the ERBE S4 products (we do not consider
the ambiguous “coast™ surface type). For each surface,
the overlying atmosphere is assumed to contain specific
aerosol type and amount. Over vegetation, the aerosols
are continental and their optical thickness is 0.179 (23
km visibility); over desert the aerosols are also conti-
nental but their optical thickness is 0.330 (10 km vis-
ibility ); over the ocean the aerosols are maritime and
their optical thickness is 0.219 (23 km visibility); and
over ice/snow the aerosols are maritime, but much
less abundant (optical thickness of 0.080 or visibility
of 300 km). The aerosol models selected (continental,
maritime ) are mixtures of basic models (water soluble,
dustlike, soot, oceanic) described in WCP-55 (1983);
the optical thicknesses for the ERBE surface types are
similar to those used by Staylor and Wilber (1990) to
estimate global surface albedos from ERBE data. The
spectral surface reflectances of vegetation, desert, and
ocean are those specified in the Tanré et al. (1990)
code, while the spectral surface reflectance of snow/
ice corresponds to a typical snow surface sample re-
ported by Bowker et al. (1985).

For a molecular atmosphere, the model of Tanré et
al. (1990) employs a modified first-order scattering ap-
proximation which accounts indirectly for multiple
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FI1G. 3. Atmospheric albedo as a function of (a) water vapor amount
and (b) ozone amount for ocean, vegetation, desert, and snow/ice
surfaces. The sun zenith angle is 30°. In (a) the atmospheric ozone
amount is 0.3 atm cm; in (b) the water vapor amount is 30 kg m™2.

scattering. For aerosol scattering computations, the
method of Sobolev (1963) is used, whereby multiple
scattering is accounted for by developing the aerosol
phase function as a sum of Legendre polynomials and
retaining only the first two terms of the expansion. This
treatment of scattering effects is accurate for § < 60°
(a few percent error when compared to exact calcu-
lations). At larger solar zenith angles, the error may
become substantially larger, especially for A%, as the
aerosol abundance increases. Furthermore, decoupling
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scattering and absorption effects in the model intro-
duces significant additional errors at those angles ( gas-
eous absorption becomes larger). At high latitudes,
however, where solar elevations are generally low, the
atmosphere is generally less abundant in aerosols and
water vapor, which tends to reduce the model uncer-
tainties associated with their effects. Yet the rather
simple treatment of molecular scattering will affect the
results significantly at high latitudes.

Fig. 2 shows A%m, Thm, and T as a function of
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FIG. 4. Atmospheric transmittances (down and total) as a function
of (a) water vapor amount and (b) ozone amount for vegetation and
ocean surfaces. The solar zenith angle is 30°. (a) Atmospheric ozone
content is 0.3 atm-cm; (b) water vapor amount is 30 kg m™2,
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TABLE 1. Abm, T, THe, and Al for vegetation, desert, ocean,
and snow/ice cases. The atmosphere contains 30 kg m™2 of water
vapor, 0.3 atm cm of ozone, and the sun zenith angle is 30°.

Surface type Al Thm T :Pm Al
Vegetation 0.054 0.756 0.649 0.107
Desert 0.066 0.722 0.567 0.133
Ocean 0.053 0.775 0.734 0.110
Snow/ice 0.045 0.788 0.714 0.086

air mass (1/cosf) for vegetation and ocean surfaces
(Thym and T, only). The water vapor and ozone
amounts are fixed at 30 kg m™? and 0.3 atm cm, re-
spectively. As expected, 4% increases with increasing
air mass, whereas Tam and T, decrease with increas-
ing air mass. Since T4, involves a double atmospheric
path, T3, < T}m. Owing to more abundant aerosols
over vegetation, TYm and T4, are smaller over that
surface,

Figures 3a and 3b show the dependence of atmo-
spheric albedo on water vapor and ozone contents.
Water vapor and ozone absorb upwelling and down-
welling radiation and therefore reduce atmospheric al-
bedo. Similarly, the effect of increasing water vapor or
ozone amount reduces atmospheric transmittance
(T4, and T'n), as depicted in Figs. 4a and 4b. For
the ocean surface, we note that the slope of variations
“is more negative for T4, than T, in the case of ozone
(Fig. 4b), but is less negative in the case of water vapor
(Fig. 4a). The reason is that the ocean is almost black
at the wavelengths of strong water vapor absorption,
but not so in the spectral region of ozone absorption.
A similar dependence is obtained for snow/ice (not
shown here), but the effect is reversed for vegetation
and desert, a consequence of the higher surface reflec-
tance in the near-infrared where water vapor absorbs
radiation substantially.

Table 1 compares A, Thm, T4, and AL, for
the various surface types. The atmosphere contains 30
kg m 2 of water vapor and 0.3 atm cm of ozone, and
the sun zenith angle is 30°. The atmospheric albedo
Al is maximum over desert and minimum over
snow/ice, with intermediate values over vegetation and
ocean. This characterizes the effect of aerosols, in par-
ticular their optical thicknesses. Although the aerosol
optical thickness is higher over the ocean than over
vegetation (0.219 instead of 0.179), A} is slightly
higher over the latter. This is due to the maritime aero-
sols” higher anisotropy factor of the aerosol phase func-
tion (lower backscattering coefficient). Similarly,
T is higher over ocean than over vegetation, the re-
sult of a lower backscattering coefficient and a higher
single scattering albedo (close to 1). Note, furthermore,
that the relative difference between 7%, and 7Y, is
higher over desert and vegetation, a consequence of
the combined action of increased aerosol amount and
higher surface reflectance.

The A}, values do not depart significantly from
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0.1, indicating that the effect of photons reflected by
the surface and backscattered toward the surface will
be to increase the surface solar irradiance by no more
than approximately 10%. In general (except over snow/
ice), however, the effect will be much smaller.

¢. Algorithm

In order to reduce errors resuiting from uncertainties
on Agr, Aaa, and aqq, we deal with normalized cloud
radiative forcings instead of shortwave fluxes. The nor-
malized TOA and surface cloud radiative forcings are
defined by:

CLD1os = Atoa — A0A (15)

cir
Fsur—abs - Fsur-abs
F4oa

Indeed, one can easily compute shortwave irradiance
absorbed by the surface from surface radiative forcing
and clear-sky shortwave irradiance, the latter being ob-
tained from surface albedo, water vapor, ozone, and
aerosol climatologies using Eq. (7) (see details in sec-
tion 2a).

Our objective, therefore, is to find a simple expres-
sion relating CLDg,, to CLDyo4. Although the number
of unknowns is equal to the number of equations, there
is no simple analytical formula that connects the two
cloud forcings. Consequently, we seek an empirical re-
lation based on the model equations by simulating re-
alistic geometric, atmospheric, and surface conditions.

For varying sun angles, atmospheric characteristics,
and surface types we have computed CLDro, and
CLDy,, as a function of cloud albedo. Typical resuits
are presented in Fig. 5. Sun zenith angle is 30°, water
vapor and ozone amounts are 30 kg m~? and 0.3 atm
cm, respectively, and aerosols are of continental type
(visibility equal to 23 km). For surface albedos lower
than 40%, the relationship between surface and TOA
cloud forcings is virtually linear. This linearity has a
fundamental consequence: inferring the surface cloud
forcing from the TOA cloud forcing yields the same
result whether the TOA observations are first averaged
to deduce the surface parameter or used to deduce in-
dividual surface cloud forcings that are then averaged.
This is true for spatial averages as well as temporal
averages. Thus, once surface albedo is estimated, it is
not necessary to determine whether a pixel is clear or
cloudy or to consider each day separately.

To benefit from the implications of linearity dis-
cussed above, one needs to work with TOA irradiance
measurements. Most satellite-borne radiation budget
instruments measure radiance—not irradiance. There-
fore, the data must be corrected for bidirectional effects
using angular distribution functions that account for
cloud cover within the field of view and, inevitably,
introduce errors. In addition, since our algorithm re-
quires an estimate of the surface albedo, clear scenes
must be separated from cloudy ones.

CLD, = (16)
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FiG. 5. TOA shortwave cloud forcing as a function of surface
shortwave cloud forcing when varying the cloud albedo (the origin
of the axes corresponds to the clear-sky case). The cloud forcing is
given as a percentage of the TOA incoming solar irradiance. The
four curves correspond to surface albedos of 5%, 20%, 40%, and 70%.

We note in Fig. 5 that linearity is not perfect, and
departure from linearity increases with increasing sur-
face albedo. Nonlinearity is the result of multiple re-
flections between the surface and clouds that tend to
increase the flux absorbed at the surface and within
clouds. For the largest surface albedos, the TOA cloud
forcing becomes negative in the lower range of cloud
albedos. It can be shown that such a situation occurs
whenever the surface albedo is greater than [1 + «
— (a? + 2a)], which is of the order of 0.65. Welch
and Wielicki (1989) have shown the same counterin-
tuitive result, namely that including a cloud over a
highly reflective surface may decrease the system al-
bedo. In that case, because of multiple reflections be-
tween the surface and clouds, cloud/surface-increased
absorption surpasses increased albedo due to the pres-
ence of the clouds and therefore reduces the TOA al-
bedo. Our simple model, however, is probably not ac-
curate in conditions of low-albedo clouds over high-
albedo surfaces (i.e., snow/ice) because surface and
cloud absorption both occur in the longwave part of
the solar spectrum. Multiple reflections shift the spec-
tral distribution of irradiance toward shorter wave-
lengths and consequently yield lower absorption; hence,
the TOA albedo is larger than modeled. For high sur-
face albedos, the nonlinearity in the relationship be-
tween TOA and surface cloud forcings is a potential
problem for retrieving surface shortwave budgets over
polar regions using our approach. Achieving good ac-
curacy requires not averaging the TOA observations
before doing the computations. Unfortunately, the sat-
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ellite data we intend to use, namely ERBE-derived ir-
radiances in the S4 format, are monthly averages (see
below).

In order to account for nonlinearities, we parame-
terize the relation between the surface and TOA cloud
effects as:

CLDyo4s = BCLDsyr + YCLD3ur (17)

where 3 and # are best-fit coefficients. These coefficients
depend on sun zenith angle, atmospheric water vapor
and ozone contents, and surface type. They have been
precalculated for three ozone amounts (0.1, 0.2, and
0.3 atm cm), five water vapor amounts (1, 2, 3,4, 5
g cm™2), nine sun zenith angles (0 to 80° by step of
10°), and four surface types (ocean, vegetation, snow/
ice, desert), and they are kept in a lookup table. The
lookup table is small in size (a few Mbytes) and, hence,
easily manageable. In our algorithm, aerosol type and
amount do not define separate categories because they
are associated with a particular surface type. For in-
stance, over an oceanic surface the atmosphere contains
standard maritime aerosols and is characterized by a
23-km visibility (see section 2b).

Retrieving monthly surface shortwave irradiance is
accomplished using ERBE S4 planetary albedo data.
These data, in the form of monthly averages at 24 local
times, are derived from instantaneous broadband ra-
diance measurements, taking into account the anisot-
ropy of the radiance reflected by the surface and clouds
(see Barkstrom 1984). Our procedure is as follows:
first we compute, for each of the 10 082 S4 regions
(each region is 2.5° latitude X 2.5° longitude) and the
24 local times, the sun zenith angle and determine the
atmospheric water vapor and ozone amounts from a
climatology, based on McClatchey et al.’s (1971) typ-
ical profiles. Then we use these parameters and the
surface type (specified for each S4 region ) to determine,
also from precalculated values, the atmospheric func-
tions A, AYm, Thm, and T4,,. The ERBE S4 prod-
uct “clear albedo” gives access to surface albedo using
Eq. (6). Next we find 8 and v in the lookup table and
compute, using the values obtained for the coefficients,
surface cloud forcing, which allows us to deduce, using
Eqgs. (7) and (16), net surface irradiance from cloud
forcing. Finally we weight average the hourly values of
surface albedo and cloud forcing, accounting for the
relative importance of clear-sky surface irradiance at
each local hour, and we integrate over the day the re-
sulting hourly net surface flux.

d. Discussion

Over land, the spectral dependence of surface albedo
is highly variable. Inferring broadband reflected flux
from a narrowband radiance measurement, as is cur-
rently done using the Advanced Very High Resolution
Radiometer (AVHRR ) aboard the NOAA satellites or
the Visible and Near Infrared Spin—Scan Radiometer
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(VISSR ) aboard the GOES satellites, is then subject to
uncertainty: The measurement cannot give informa-
tion at wavelengths opaque to the sensor, and the
amount of radiation originating from the missing
spectral region may vary substantially with the type of
atmosphere and surface [see also Cess and Vulis
(1989)]. Although broadband measurements greatly
reduce this uncertainty, they are not perfect either;
similar TOA fluxes can be obtained with the same at-
mospheric characteristics, but different spectral surface
albedos. Ancillary information about the spectral de-
pendence of surface albedo is therefore needed. As
mentioned in the Introduction, the problem of inferring
net surface solar irradiance from TOA broadband al-
bedo measurements is associated with estimating the
atmospheric absorption. In strong absorption bands,
very little radiation reaches the surface, and the surface
albedo is not an important parameter. Elsewhere in
the solar spectrum, radiation is weakly attenuated,
particularly along the surface-to-sensor path sensitive
to surface albedo. Total atmospheric absorption is
consequently not very sensitive to the spectral depen-
dence of surface albedo. More insight on this topic can
certainly be gained from radiative transfer simulations
of realistic surfaces topped with a constant atmosphere.

Let us now discuss the major approximations of our
model. They are 1) using clear-sky conditions to com-
pute atmospheric functions, although we know that
clouds modify the spectral distribution of irradiance;
2) assuming that cloud reflectance is spectrally white;
3) using a crude model for cloud absorption; and 4)
using climatological values for atmospheric water va-
por, ozone, and aerosol amounts.

Since cloud absorption is mostly limited to the longer
wavelengths of the solar spectrum, the presence of
clouds shifts the spectral irradiance distribution toward
shorter wavelengths. Since clear-sky atmospheric ab-
sorption mostly occurs above about 0.85 um (longer
wavelengths), the modeled upwelling atmospheric
transmittance is too large in cloudy conditions. It
should be noted that water vapor absorption occurs
first along the sun-to-cloud/surface path, that is, before
encountering clouds. The strong absorption bands are
already saturated, and the cloud effect on upwelling
atmospheric transmittance is limited to the spectral
region of weak absorption bands. On the other hand,
the cloud effect on surface albedo, due to redistribution
of spectral irradiance reaching the surface, is expected
to be largest over vegetation. For this surface type, al-
bedo increases dramatically above 0.7 um. Clouds
therefore tend to make surface albedo lower than in
clear-sky conditions. Let us emphasize again that un-
certainty in the relation between TOA and surface net
shortwave fluxes results directly from uncertainties in
atmospheric (clear and cloudy) absorption. Clouds af-
fect atmospheric absorption along the upwelling path
only and the effect is limited to weak absorption bands.
We therefore have a tendency to overestimate atmo-
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spheric absorption, but the error is less consequential
than that resulting from our crude modeling of cloud
absorption.

Our model implicitly neglects the spectral depen-
dence of clouds. Clouds are not spectrally white, how-
ever, and multiple cloud/surface reflections may
change strongly the solar irradiance spectral distribu-
tion. Then, when surface albedo is high, our modeling
of cloud/surface multiple reflections, as expressed in
the denominator of the second term of Eq. (3), is in-
accurate. This is confirmed by comparisons of our
model results with those from radiative calculations
using Stamnes et al.’s (1988) discrete ordinate code.
The comparisons, made only for overcast conditions,
show that our model is accurate (to a few percent ) over
the ocean whatever the cloud optical thickness. On the
other hand, it is substantially in error over bright land
surfaces (especially desert) when cloud optical thick-
ness is large. The relative error is even larger over snow-
covered surfaces. In that case, the error reaches 50%,
even when cloud optical thickness is as small as 5. For-
tunately, the largest relative errors are associated with
large cloud optical thicknesses and, therefore, small
fluxes. When averaged over one month, thick cloud
coverage contributes little to the mean surface flux.
Still, the model is clearly less accurate over land than
over the ocean.

We use a simple, linear relation between cloud re-
flectance and absorption. This is obviously a crude ap-
proximation, but we made that choice because large
uncertainties remain in more complex parameteriza-
tions. Although our cloud absorption values have the
correct order of magnitude, large relative errors are
possible. A more precise parameterization could be in-
cluded when theory and observations finally agree. It
is worth noting that cloud absorption is a small fraction
of cloud albedo and, therefore, the main effect of clouds
on the shortwave radiative budget at the surface is
through reflection rather than absorption.

Apart from clouds, atmospheric absorption is mostly
governed by water vapor and ozone amounts. In our
algorithm, these parameters are obtained from a cli-
matology. Since atmospheric absorption is the differ-
ence between TOA and surface shortwave budgets, un-
certainties in water vapor and ozone amounts directly
impact surface shortwave budget estimates. We can
evaluate the resulting errors from the sensitivity of at-
mospheric (clear sky) absorption to water vapor and
ozone amounts. Taking the uncertainty in water vapor
amount at 10 kg m~? and in ozone amount at 0.1 cm
atm, the errors in atmospheric absorption are typically
0.025 and 0.005, respectively. These errors are small
compared to errors in cloud absorption, even insignif-
icant in the case of ozone.

Because the atmospheric scattering approximations
become less valid as the optical path increases, our
radiative transfer computations loose accuracy when
the solar zenith angle is larger than 60°. How does this
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affect surface absorption estimates? In tropical regions,
or midlatitudes during summer, shortwave radiation
incoming at large sun zenith angles, which occur during
a small fraction of the day, does not contribute greatly
to daily averaged shortwave irradiance. Thus, model
uncertainties at these angles are not expected to degrade
monthly averaged values significantly. In polar or mid-
latitude regions during winter, on the contrary, the sun
zenith angle is in the vicinity of, or larger than, 60° for
most of the day. We can therefore expect larger relative
errors in these regions. Note that the TOA measure-
ment tells us how much shortwave radiation is ab-
sorbed by the surface/atmosphere system and, since
atmospheric absorption variability is small, uncertain-
ties in modeling atmospheric absorption may have little
impact on the net surface flux estimate. On the other
hand, the surface albedo estimate may not be as ac-
curate when the sun zenith angle is as large as the at-
mospheric albedo A4}, which can be of the same order
of magnitude as the TOA albedo 4954 [Eq. (6)].

3. Comparisons with other satellite estimates

a. Description of the estimate method for ISCCP
data

As explained above, there is no absolute way to val-
idate our method. We can gain confidence in its results,
however, if these are comparable to those obtained with
other satellite data and retrieval methods. We present
here a comparison of our results to those obtained from
computations based on International Satellite Cloud
Climatology Project (ISCCP) products, namely TOA
visible and near-infrared radiances sampled every 3
hours at 32-km resolution (B3 format). The retrieval
method is that of Gautier et al. (1980). However, from
earlier validations of a similar approach with higher-
resolution data (e.g., Gautier and Katsaros 1984; Gau-
tier 1988), the uncertainty is expected to be on the
order of 10%-12%, with a slightly high bias. Note that
this uncertainty is reduced when considering monthly
integrated values. Additional but limited comparisons
performed as part of the First ISCCP Regional Exper-
iment ( FIRE) between surface measurements and sat-
ellite-based computations, suggest uncertainties of the
order of several percent (Whitlock et al. 1990) and
sometimes larger in the case of inhomogeneous cloud
conditions.

Using ISCCP-B3 radiances, the procedure to com-
pute net surface shortwave irradiance first requires
separating clear and cloudy pixels. This is accomplished
using a threshold technique. Over the oceans, where
the comparisons of ERBE- and ISCCP-based estimates
are made, surface albedo is known and defines the
threshold. Once the pixel’s nature (clear or cloudy) is
determined, radiative transfer models are applied ac-
cordingly. In clear-sky conditions, the shortwave flux
absorbed by the surface, F&._.s, is computed with a
simplified code, equivalent to the 5S code, which uses
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climatological values of water vapor and aerosols (see
Gautier et al. 1980). In cloudy conditions, the short-
wave flux absorbed by the surface, F&¢_,.., is com-
puted as

F(s::ﬂ—abs = anrr—abs(l — Aua — aga) /(1 — AcaAsu),
(18)

where A4 is inferred from the B3 radiance by solving
a quadratic equation and agq is taken as a fraction of
Agq (see Gautier et al. 1980). Here again, the term
AgaAsy: 18 introduced to account for multiple cloud—
surface reflections. In the last step, the instantaneous
flux estimates obtained by applying the clear-sky model
and Eq. (18) are integrated over the day and averaged
temporally and spatially to yield monthly estimates at
the 2.5° X 2.5° ERBE resolution.

b. Comparisons

The comparisons presented here are limited to the
tropical (30°N-30°S) Pacific Ocean. The ISCCP data
are derived from shortwave measurements of two geo-
stationary satellites: GOES-West and GMS. Based on
available ISCCP measurements at the time of this
study, we processed all months of 1986 except for De-
cember. As for ERBE, we have processed all months
of 1986 except for September, November, and Decem-
ber. All months of 1985, except for January and April,
are also available for further interannual comparisons.

Table 2 summarizes the results of these first inter-
validations. We give the correlation of the ERBE- and
geostationary satellite~based estimates for each month
of 1986. We also show the correlation obtained when
comparing ISCCP monthly estimates of 1986 with
ERBE estimates of 1985.

The two monthly estimates are very similar. The
correlation coeflicients, significant at the 99% confi-
dence level, range between 0.92 and 0.97. The statistics,
however, reveal a bias on the order of 15 W m™2 be-
tween the two types of estimates (ERBE estimates are
higher). The monthly standard deviations are also on
the order of 15 W m™2. The correlation obtained with
different year estimates is useful as a comparison. The
increase in correlation, from ERBE-85 to ERBE-86
compared to ISCCP-86, indicates that the agreement
is not only climatological. Similar year-to-year varia-
tions are indeed depicted with the two satellite-based
methods.

We then study the spatial distribution of the differ-
ences between the two fields. It appears that the dif-
ferences increase with the geostationary satellite view-
ing angle (ISCCP measurements). A scatterplot of the
differences as a function of the geostationary satellite
viewing angle (Fig. 6) confirms this finding. The mean
difference between the two fields increases almost lin-
early with the viewing angle. A best linear fit through
the points shows a slope of 0.41 W m™2 deg™' and a
negligible intercept. Thus, there is no bias between the
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two estimates over the subsatellite areas, but the bias
is up to 25 W m~2 when the viewing angle is 60°. If
we correct the ISCCP estimates for the viewing angle
(i.e., we add 0.41 W m™2 per degree of zenith angle),
we remove the bias between the two datasets and the
rms difference, computed over the nine available
months, is then reduced to 12.4 W m™2.

The two methods compared in this section rely on
the same physical basis. On the other hand, the data
they use are very different. They differ on the spectral
width of the measurements, their spatial resolution,
and their temporal coverage. Thus, the agreement
found between the two fields is surprisingly good. The
slight bias related to the viewing geometry needs to be
solved. Bates and Gautier (1989) suggested a simple
correction for the angular effects based on the hypoth-
esis that the observed cloudiness increases with the
viewing angle.-This correction, however, depends on
the cloud geometry, which is an unknown. We note
that in the case of plane-parallel cloud cover, no cor-
rection need be applied. On the other hand, the an-
isotropy of cloud field reflectance is partly accounted
for in the ERBE but not the ISCCP data. This may
explain the bias that we corrected empirically.

4. Results and analysis
a. Shortwave irradiance

Figure 7 shows global maps of the net surface solar
irradiance in January, April, July, and October 1986.
The effect of changes in sun zenith angle are well de-
picted. Net surface shortwave irradiance generally de-
creases as latitude increases, with the meridional gra-
dient more pronounced in the winter hemisphere.
Maximum values of 310-320 W m™2 are encountered
in the tropics during the four selected months and in
the Mediterranean Sea in July. In January and July in
the antarctic and arctic polar regions, respectively, even
though the sun is always above the horizon and the
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FIG. 6. Scatterplot of the surface flux estimate differences derived
from ERBE data and ISCCP data, as a function of the geostationary
satellite viewing angle (ISCCP data).

mean TOA incoming shortwave irradiance is as large
as in the tropics, the net surface solar irradiance does
not surpass a few tens of watts per square meter. This
is due to particularly high cloudiness and surface albedo
in those regions. The contrast between land and ocean
is noticeable, a direct consequence of higher surface
albedos over land. Over desert areas, particularly
northwest Africa (Sahara), incoming shortwave irra-
diance is high, but as a result of relatively high surface
albedo, the amount of shortwave energy penetrating
the surface is substantially reduced. As expected, the
ITCZ, relatively thin and close to the equator in Jan-

TABLE 2. Statistical comparison of the ERBE and ISCCP surface flux estimates. In the second column the correlation between the two
types of estimates are given for various months of 1986. In the third column, the correlation is computed between ERBE-based estimates
for 1985 and ISCCP-based estimates for the corresponding month of 1986. The bias and the standard deviation of the two fields are then
given for 1986. “Slope” is the mean slope of their difference as a function of the geostationary satellite viewing angle. RMS,,, is the rms
difference of the ERBE-based estimates and the ISCCP values after correction for the viewing angle effect.

Corr. Corr. Bias Std. dev. Slope Rmseor.
Month 86/86 85/86 (Wm™) (Wm™) (Wm2deg™) (Wm™)
Jan 0.97 — 232 12.8 0.529 9.6
Feb 0.94 0.79 21.5 15.0 0.506 12.6
Mar 0.92 0.57 21.1 12.8 0.340 11.6
Apr 0.95 — 14.8 12.1 0.305 11.1
May 0.97 0.90 10.1 10.9 0.293 9.8
Jun 0.97 0.93 115 13.0 0.311 12.1
Jul 0.96 0.91 10.5 13.1 0.413 11.6
Aug 0.92 0.74 9.5 12.9 0.443 11.3
Oct 0.94 0.83 12.9 13.6 0.508 11.6
Yearly 0.95 0.84 15.1 13.9 0.409 124
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FIG. 7. Mean net surface solar irradiance during January, April,
July, and October 1986. Regions where values are missing are indi-
cated in white.

uary, has broadened and moved northward in July,
and surface shortwave irradiance varies accordingly.
The South Pacific convergence zone (SPCZ), char-
acterized by a well-marked band of relatively low
shortwave irradiance values in January, is less distinct
and located more westward in July. As the Indian
monsoon develops, net surface solar irradiance in the
Arabian Sea and over the Indian continent, which was
high in April (about 300 W m™2), is drastically reduced
in July (values as low as 100 W m™2). Thus, the spatial
and temporal features of net surface shortwave irra-
diance variability associated with major atmospheric
phenomena are retrieved in the computed fields.
Since 1986 was a rather normal year (no El Nifio-
Southern Oscillation ), and since the El Nifio—~Southern
Oscillation occurs every 4 years on average, the net
surface shortwave irradiance values obtained may be
compared to those based on data from ships of op-
portunity. Among the global climatologies available,
the climatology of Esbensen and Kushnir (1981) is
rather comprehensive. Furthermore, it is commonly
used to force ocean circulation models. Comparing the
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results of Fig. 7 with those of Esbensen and Kushnir,
we find that the Esbensen and Kushnir values are gen-
erally lower, by as much as 80 W m™? in the tropical
and Atlantic oceans. It has already been noted by sev-
eral authors, in particular Dobson and Smith (1989),
that the formula used by Esbensen and Kushnir to
compute insolation yields values substantially lower
than those measured (typically 20%-30%). Further-
more, satellite-based datasets (e.g., Gautier 1988; Arino
1990; Chertock et al. 1991) have provided results that
are similar to our estimates over the ocean. The inter-
esting point here is that the Esbensen and Kushnir val-
ues, when used in ocean insolation models, yield re-
alistic sea surface temperature predictions. The under-
estimation of net surface solar irradiance must therefore
be compensated for by an underestimation of turbulent
(latent, sensible) and/or longwave radiative fluxes.

b. Cloud parameter

The cloud parameter is defined as the ratio of the
surface cloud effect, that is, the surface net shortwave
reduction due to clouds, F&f_,pc — Feur_aps, and the
clear-sky net surface irradiance, FS._,... This cloud
parameter, unlike the cloud radiative forcing intro-
duced by Ramanathan (1986), minimizes the sun
zenith angle effects. Figure 8 shows global maps of the
monthly cloud parameter in January, April, July, and
October 1986. Although the gross patterns are similar
to those of the corresponding irradiance fields (Fig. 7),
several new features appear in Fig. 8. For instance, the
cloud parameter is higher in the midlatitude regions
of storm tracks than in the ITCZ, indicating that on
average clouds are more efficient at blocking shortwave
radiation at the storm track latitudes, even though they
are more reflecting in the ITCZ. In January, the cloud
parameter is maximum around 70°S where cloudiness
is high. Above 70°-~75°S, the parameter decreases. The
minimum of net surface solar irradiance observed in
this region (Fig. 7) is therefore not due to increased
cloudiness but to other parameters, most notably sur-
face albedo. In April, a relative minimum is observed
around 75°S, indicating clearer skies. The subtropical
highs, associated with low cloudiness and low cloud
parameter, stand out well, and are flanked westward
by higher values characterizing regions of subsidence
(large-scale stratocumulus).

Figure 9 shows the cloud parameter latitudinal dis-
tribution for January, April, July, and October 1986.
Averages over land (desert, vegetation, and snow/ice
ERBE surface types) and ocean are indicated sepa-
rately, as is the mean latitudinal value. As expected,
we generally observe cloud parameter maxima in the
equatorial /tropical region and around 50°-60° (region
of storm tracks ) and minima around 20°-30° (regions
of subtropical highs over the ocean). In April, a local-
ized minimum around 70°N is also observed, resulting
from a decreased cloud effect over most of the latitude
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FIG. 8. Mean cloud parameter during January, April, July, and
October 1986. The cloud parameter is defined as the ratio of the
surface cloud effect, that is, the net shortwave irradiance reduction
due to clouds, and the clear-sky net surface shortwave irradiance.
Regions where values are missing are indicated in white.

band, as can be observed on the global map. Over the
ocean at this latitude, however, the cloud parameter
remains high, but the high oceanic values have little
impact on the global average because land largely
dominates at 70°N. An interesting feature is the dif-
ference between ocean and land cloud parameters in
the equatorial and tropical regions. The values are gen-
erally much higher over land and within 20°-30° of
the equator. The maximum near 5°N in July over land
has moved to 10°S in January. This might be attributed
to the diurnal convection over humid equatorial areas.
Land and ocean cloud parameters exhibit maximum
values at approximately the same latitude in July and
correspond to the well-developed ITCZ and the mature
phase of the summer monsoon. For the other months,
increased cloudiness over the African and South
American continents south of the equator contributes
to displacing the cloud parameter maximum to South-
ern Hemisphere latitudes, whereas the ITCZ effect over
the ocean is depicted as a maximum north of the equa-
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tor. Another maximum around 10°S is also observed
over the ocean in January, April, October, and, to a
lesser extent, in July, and is associated with the SPCZ.

¢. Surface albedo

Surface albedo maps for January, April, July, and
October 1986 are presented in Fig. 10. Over the ocean,
the values generally do not exceed 0.06, although they
may reach 0.1 locally. The higher values, however, may
result from uncertainties in the cloud screening tech-
niques applied to the ERBE data. Apart from the polar
regions, where values are as high as 0.9 in July or Jan-
uary depending on the hemisphere, the Sahara and Ara-
bia deserts exhibit the highest albedos, with values
reaching 0.5. In these regions, the seasonal change in
surface albedo is small, in contrast with high-latitude
regions where, because of winter snow/ice, the sum-
mer-winter differences can exceed 0.8.

Figure 11 shows annually and zonally averaged sur-
face albedos over land (vegetation, desert, and snow/
ice surface types), ocean, and all surfaces. As men-
tioned above, the values over the ocean are small at
all latitudes, and they vary little with latitude. Note
that the small kink between 60° and 70°N corresponds
to a mostly land-covered latitude band and is therefore
not significant. Over land, on the contrary, the values
change drastically with latitude. The maximum values
are obtained at high latitude where land is often covered
by snow. The “zero” value around 60°S is only the
manifestation of an absence of landmasses in this lat-
itude band. Note the significantly higher values in the
antarctic polar regions than in the arctic polar regions,
which indicates more ice-covered areas. Two relative
maxima at 20°N and 25°S are clearly depicted and
correspond to the relatively more reflective deserts
(Sahara and Arabian in the Northern Hemisphere;
Australia, South Africa in the Southern Hemisphere).
At 25°S, however, the maximum surface albedo value
is 0.2 whereas at 20°N it reaches 0.33, the result of
more reflective deserts in the Northern Hemisphere as
was noted on the global maps. Since ocean values are
fairly constant, the mean latitudinal albedo variations
over the ocean follow those over land, but are also
influenced by the ratio of land and ocean areas.

5. Conclusions

One of the main drawbacks of our ERBE-based
method when compared to current satellite methods
is that it cannot be validated directly. The spatial and
temporal resolution of the S4 data, 2.5° and one
month, although adapted to most climate studies, does
not allow a direct comparison with in situ measure-
ments. Other satellite methods, in particular those using
instruments aboard geostationary satellites, which
provide higher temporal and spatial resolution esti-
mates, have been developed and validated against
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F1G. 9. Cloud parameter latitudinal averages during (@) January, (b) April, (c) July, and (d) October 1986.
The mean for all surfaces is given as well as for the ocean and land (vegetation, desert, and snow/ice).

carefully taken concomitant in situ measurements. It
is then possible to compare the results of our method
with those of the validated methods. However, the
global products obtained using these methods might
not be as precise as the local validation studies suggest
because the model parameters are often “tuned up”
for the validations, which cannot be done for global
products. The Wisconsin Surface Radiation Budget
intercomparison study (Whitlock et al. 1990) has con-
cluded that most satellite methods available to estimate
surface solar irradiance yield satisfactory results when
compared to local in situ measurements. Yet, the global
net shortwave irradiance maps produced by the various

methods exhibit large discrepancies (Charlock 1991,
personal communication ).

Aware of the limitations, we have nonetheless com-
pared the ERBE-based net surface shortwave irradiance
estimates to those obtained from ISCCP B3 data. The
comparisons, performed only over the tropical Pacific
Ocean, have shown a strong agreement ( with high cor-
relation coefficients) between the two types of esti-
mates. We were able to trace a slight bias on the ISCCP-
based estimates; this bias is a function of the satellite
viewing angle. Over land and snow /ice surfaces, owing
to our crude modeling of the spectral dependence of
the TOA albedo and its effects on multiple cloud-sur-
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face interactions, theoretical calculations suggest that
ERBE-based estimates may be biased low, especially
over snow/ice and when clouds are optically thick.
The proposed method should, however, be at least
as accurate as other satellite methods. We can even
expect a better accuracy since no narrowband to
broadband conversion of the measurements is neces-
sary. The method’s main advantage is that the same
set of instruments monitors the entire earth, which re-
moves intercalibration issues. Since all the necessary
radiative transfer computations are performed once
and for all, the method is easily applicable and com-
putationally efficient. It is well adapted to produce
global fields of net surface shortwave irradiance, which
can then be used to force or to validate GCMs.
Examination of our method’s products has revealed
the method’s capability to characterize the shortwave
irradiance signature of the main climate, allowing for
interannual comparisons. A comparison of the years
1985 and 1986 (not shown here) has indicated rather
large differences in the cloud parameter and surface

Jan
Surface
Albedo (%)
—— 1 0C
Apr - B0
Jul
Oct

FIG. 10. Mean surface albedo during January, April, July, and
October 1986. Regions where values are missing are indicated in
white.
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FIG. 11. Annually and latitudinally averaged surface albedo. The
mean for all surfaces is given as well as for the ocean and land ( veg-
etation, desert, and snow/ice).

fluxes, but these differences have not yet been inter-
preted satisfactorily.

We have computed and discussed the values of a
cloud parameter, defined as the surface cloud forcing
normalized by the clear-sky net surface shortwave ir-
radiance. Defined this way, the cloud parameter sub-
stantially reduces the large sun zenith angle dependence
that dominates the radiation charts and, therefore, is
a good indicator of the effects of clouds on surface
shortwave irradiance (cloud thickness and spatial cov-
erage). Latitudinal averages of this cloud parameter
show large variations. In equatorial regions, a local
maximum characteristic of the ITCZ occurs over the
ocean, and a much stronger maximum is observed over
land because of enhanced convection. In the two trop-
ics, at the downward branch location of Hadley cells,
the cloud parameter exhibits a minimum and is of the
order of 10%-15%. Some ocean-land differences are
of unclear origin, and the minimum is generally weaker
in the Southern Hemisphere than in the Northern
Hemisphere. In midlatitude regions, the cloud param-
eter increases toward the pole and is slightly larger over
the ocean than over land. In April, a pronounced cloud
parameter minimum is located in most of the 60°-
70°N latitude band, but its occurrence may not be
characteristic of the April situation during other years.
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