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ABSTRACT
Critical to interpreting iron isotope signatures in hydrothermal sulfide minerals is the accurate 

knowledge of Fe isotope fractionation factors, both kinetic and at equilibrium, between the fluid and 
minerals. Here we report Fe isotope fractionation between pyrite and aqueous saline fluid from in-situ 
pyrite precipitation experiments performed at 400–450°C and 400–800 bar in a wide range of pH (2.5–4.8) 
and salt content (0.05–2.0 mol NaCl/KCl per kg of fluid). Our measurements show that while apparent bulk 
chemical equilibrium (in terms of total dissolved Fe concentration) between the FeCl2-bearing fluid and 
crystalline pyrite is attained within a few days, the Fe isotope fractionation values between the fluid and 
mineral (expressed as 57Fefluid-pyrite = 57Fefluid – 57Fepyrite) exhibit large variations, from about –0.6 to 
+1.0‰, depending on the elapsed time (1–30 days) and fluid composition (mostly pH, sulfur solubility, and 
di- and tri-sulfur radical  ion concentration). Yet these values remain significantly higher, by 0.5–2‰, than 
equilibrium isotope fractionation inferred from -factors of pyrite and the dominant iron chloride species in 
solution FeCl2(H2O)2

0(aq), generated in this study using Density Functional Theory (DFT) modeling 
(57FeFeCl2(H2O)2-pyrite ≈ –1.25±0.25‰ at 300–450°C). The lack of isotope equilibrium between fluid and 
pyrite in this study and other recent work demonstrates that the fluid-pyrite Fe isotope exchange is 
kinetically controlled even at elevated temperatures (≥300°C), allowing rate patterns to be identified. Our 
time-series data, combined with other available measurements at 300–350°C, provide evidence for two 
major distinct kinetic regimes of fluid-pyrite Fe isotope exchange: 1) a fast and short (<10–20 days) initial 
step, likely controlled by Fe (poly)sulfide aqueous precursors that transfer their isotope signature to rapidly 
precipitating pyrite resulting in apparent isotopic disequilibrium between the FeCl2-dominated fluid and 
pyrite, 2) followed by a slower and longer second step of pyrite recrystallization, growth, and isotope re-
equilibration with the fluid. The derived Fe isotope exchange rate constants suggest that more than 1 year is 
required to isotopically equilibrate pyrite with hydrothermal fluid at temperatures of 300–450°C. Our new 
data provide direct interpretation of the Fe isotope ratios in fluids and sulfide minerals from modern 
submarine hydrothermal vents, which are characterized by fast (hours to days) pyrite precipitation. 
Furthermore, our results may enable estimating, using Fe isotope signatures, the dynamics of relatively 
short (<year-scale) mineralizing events in ancient hydrothermal metal sulfide deposits that cannot be 
assessed using more traditional approaches.

Key-words: Iron isotopes; hydrothermal fluid; pyrite; Fe aqueous speciation; Fe (poly)sulfide complexes; 
isotope exchange rate; -factor, magnetic spin

Highlights:
 Our experiments simulate in-situ pyrite precipitation from hydrothermal fluids at 400-450°C
 Theoretical -factors of minerals and aqueous species constrain equilibrium isotope fractionation
 Aqueous Fe(II)-(poly)sulfide species control pyrite nucleation and isotope signatures
 A two-step kinetic model accounts for Fe isotope exchange between fluid and pyrite
 Rate constants enable estimations of dynamics of short-term (~years) mineralizing events
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1. Introduction

Iron isotope ratios in sulfide minerals provide a powerful tool for tracing hydrothermal processes 

(e.g., Graham et al., 2004; Rouxel et al., 2003, 2004, 2008; Wawryk and Foden, 2015; Syverson et al., 

2013, 2017). For example, pyrite from mid-ocean ridge (MOR) hydrothermal vents from Atlantic and 

Pacific oceans, that typically forms at temperatures of 200–400°C, exhibits large variations in 57Fe values 

(see section 2.2 for notations), from –4.5‰ to +0.8‰, depending on the locality (Rouxel et al., 2003, 2008; 

Syverson et al., 2017 and references therein). On the continents, pyrite and chalcopyrite from the Grasberg 

Cu–Au deposit (Indonesia), for example, have a 57Fe value range of –3.0 to +1.6‰ (Graham et al., 2004). 

Subsequent work on different continental magmatic-hydrothermal and metamorphic Fe-Cu-Au-Sn-W 

sulfide ore deposits confirmed notable Fe isotope variations in pyrite over a range of at least ~2‰, whereas 

other major Fe-bearing minerals such as chalcopyrite, pyrrhotite or magnetite usually exhibit smaller 

variations of 57Fe values (Markl et al., 2006; Wang et al., 2011; Cheng et al., 2015; Pi et al., 2015; 

Wawryk and Foden, 2015; Li et al., 2018; Zhu et al., 2018). Likewise, direct data for dissolved iron isotope 

compositions in modern hydrothermal fluids from MOR show variations of 57Fe values over at least 1.5‰ 

(e.g., Sharma et al., 2001; Beard et al., 2003; Rouxel et al., 2008; Bennett et al., 2009; Syverson et al., 

2017). 

These significant Fe isotope fractionations in hydrothermal-magmatic (and also sedimentary) 

environments may reflect a variety of factors related to the source of rocks and fluids, temperature (T), 

pressure (P), redox conditions, fluid chemistry, iron and sulfur aqueous speciation, kinetics of mineral 

precipitation and growth, and dynamics of hydrothermal activity. For example, 57Fe-depleted pyrite 

signatures from MOR vents were hypothesized to reflect out-of-equilibrium fractionation due to the initial 

formation of FeS precursors (e.g., Rouxel et al., 2008; Syverson et al., 2013), whereas 57Fe-enriched pyrite 

signatures from some ancient ore deposits might reflect equilibrium isotope fractionation (e.g., Wang et al., 

2011; Wawryk and Foden, 2015). The isotopic composition of the source fluid could also contribute to the 

57Fe signatures in sulfide minerals from some continental ore deposit settings (Markl et al., 2006). 

However, to enable predictive models, a quantitative assessment of these complex fractionation patterns 

depending on the geological context yet awaits more accurate knowledge of both equilibrium and kinetic 

Fe isotope fractionation factors coupled with a better understanding of molecular-level chemical speciation 

in mineral-fluid systems at elevated T-P.

Theoretical quantum-chemical calculations and spectroscopic techniques (Mössbauer and nuclear 

resonance inelastic X-ray scattering, NRIXS) have provided values of -factors (see section 2.4 for 

notations) for major Fe-bearing minerals such as pyrite, hematite, magnetite, chalcopyrite and troilite (e.g., 

Polyakov et al., 2007, 2019; Blanchard et al., 2009; Rustad and Dixon, 2009; Polyakov and Soultanov, 

2011). Progress in molecular modeling has also motivated numerous theoretical calculations of -factors 

for some Fe(II) and Fe(III) aqueous species, including the Fe2+ and Fe3+ cations and few chloride 
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complexes (Schauble et al., 2001; Anbar et al., 2005; Domagal-Goldman and Kubicki, 2008; Hill and 

Schauble, 2008; Hill et al., 2010; Rustad et al., 2010; Fuji et al., 2014). However, these data exhibit 

variations up to several ‰ in -factor values for the same species according to different studies and chosen 

computational approaches and, more importantly, these data lead to fluid-mineral fractionations that 

sometimes vary significantly (e.g., Saunier et al., 2011; Dauphas et al., 2017 for an overview). Moreover, 

we note a lack of data for many other Fe species, including various (poly)sulfide and chloride complexes, 

that likely form in Cl-S-rich hydrothermal fluids. Therefore, experimental calibrations of fluid-mineral Fe 

isotope exchange reactions over a wide T-P range of hydrothermal conditions are necessary both for 

interpreting the natural data and better reconciling the theoretical models. 

Yet, experimental data of iron isotope fractionation in fluid-mineral systems remain rare at T 

>100°C (Saunier et al., 2011; Syverson et al., 2013, 2017), compared to lower-T data (<100°C), which 

focused on various Fe oxide/hydroxide/carbonate/sulfide - fluid systems (e.g., Skulan et al., 2002; Wiesli et 

al., 2004; Butler et al., 2005; Beard et al., 2010). In these low-T experiments, attainment of isotope 

equilibrium is very slow and kinetic fractionation is dominant. For example, Butler et al. (2005) and 

Guilbaud et al. (2010) measured the Fe isotope fractionation between aqueous solution (with the Fe2+ cation 

as the major Fe species) and synthetic mackinawite (FeS, mack), and showed a significant kinetic effect, 

with Fefluid-mack values decreasing from ~1.3‰ at the start of mackinawite precipitation to ~0.5‰ after 

several weeks of reaction. Subsequently, Guilbaud et al. (2011) and Wu et al. (2012) pursued such 

experiments and agreed on the equilibrium Fefluid-mack fractionation factor being about –0.5‰ at near-

ambient neutral pH conditions, whereas mackinawite synthesis at acidic pH was affected by strong kinetic 

controls due to faster agglomeration of FeS particles. In addition, Wu et al. (2012) provided compelling 

evidence for an effect of Fe-sulfide aqueous complexes on mackinawite-fluid Fe isotope fractionation.

Although these experiments call upon the importance of iron aqueous speciation for Fe isotope 

fractionation during sulfide mineral (FeS) formation, they do not allow, however, straightforward 

interpretations of Fe isotope fractionations in natural hydrothermal systems. This is because of the different 

Fe aqueous speciation in high T-P saline fluids, dominated by Fe-chloride complexes, variable S speciation 

including in addition to H2S other S redox forms (sulfate, polysulfides, sulfur dioxide and molecular sulfur, 

e.g., Kokh et al., 2020), and the ubiquity of pyrite. A pioneering advance in closing the gap between nature 

and laboratory has been made by Syverson et al. (2013) who conducted pyrite precipitation experiments at 

300 and 350°C in S-bearing acidic saline fluids and found that even at such high temperatures, kinetic 

effects still control Fe isotope exchange between aqueous fluid and pyrite, leading to a depletion of the 

initially forming solid in 57Fe isotope relative to the fluid. Pushing further by using the partial isotope 

exchange technique, Syverson et al. (2013) could elegantly determine the fluid-pyrite Fe isotope 

equilibrium with a fractionation factor ∆57Fefluid-pyite of –1.5±0.4‰ at 350°C and 500 bar, which is in 

reasonable agreement with available theoretical predictions of -factors for pyrite and the Fe2+ cation 

(Blanchard et al., 2009; Rustad and Dixon, 2009; Rustad et al., 2010). However, Fe aqueous speciation in 
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hydrothermal fluids is dominated by species other than Fe2+ whose abundance depends on salinity, S 

content and speciation, and pH (e.g., Saunier et al., 2011). As a result, the rates of fluid-mineral isotope 

exchange, as well as controlling molecular mechanisms and precursors of pyrite precipitation remain 

insufficiently understood to allow accurate interpretation of the rapidly growing body of Fe isotope 

measurements on natural pyrite and other Fe-bearing minerals both in active hydrothermal systems and 

ancient mineral deposits. 

To further explore the molecular mechanisms and rates governing pyrite precipitation and fluid-

mineral Fe isotope exchange over a larger range of temperatures and fluid chemistry, we conducted a series 

of precipitation experiments in the system pyrite-aqueous saline fluid across a wide range of salinity (0.05–

2.0 m NaCl and/or KCl, where m is molinity, i.e. the number of moles of solute per 1 kg of fluid) at 400–

450°C and 400–800 bar, pertinent to the conditions of many hydrothermal-magmatic metal deposits on 

Earth. The experimental data were combined with quantum chemistry calculations of -factors of different 

aqueous Fe chloride and sulfide species and sulfide minerals, insufficiently covered by earlier studies. Put 

together, our results confirm previous work by demonstrating that disequilibrium Fe isotope fractionation 

effects for pyrite are ubiquitous across a wide range of temperatures and fluid compositions, even in 

situations where fluid-mineral chemical equilibrium is rapidly reached. Our data enable a deeper and 

quantitative insight into iron isotope exchange rates and pyrite formation mechanisms in hydrothermal 

systems and, therefore, help the interpretation of Fe isotope data obtained on pyrite-bearing samples in 

nature.

2. Materials and methods

2.1. Summary of experimental and analytical techniques

Hydrothermal experiments of in-situ pyrite precipitation were conducted at 400 and 450°C and 

between ~400 and ~800 bar in aqueous solutions NaCl-KCl-S-FeSO4/FeCl2 (±silicate minerals) of 

previously determined Fe isotope composition. The chemical composition of the experimental systems and 

the major fluid parameters at each experimental step are summarized in Table 1. These parameters have 

been chosen i) to enable high enough Fe concentrations in solution to be accurately processed and analyzed 

by MC-ICPMS, ii) to avoid the formation of mineral phases other than pyrite, iii) to produce comparable 

Fe pools between solid and solution for a more efficient chemical and isotope exchange and a more 

accurate derivation of 57Fe values for the precipitated pyrite and the coexisting fluid, and iv) to enable both 

pH and redox buffering to better constrain Fe aqueous speciation and pyrite solubility which is strongly 

dependent on these parameters. 

The experimental strategy consists in the following steps: i) pre-equilibrating an aqueous sulfur-

bearing solution at the given T-P, ii) injecting an FeCl2 or FeSO4 aqueous solution to induce pyrite 

precipitation while leaving significant concentrations of aqueous Fe in the fluid (100–1000 ppm), iii) 
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periodically sampling the fluid for chemical and Fe isotope analyses, and iv) recovering the precipitated 

pyrite for Fe isotope analyses at the end of the experiment (Fig. 1).

The initial sulfide-rich solution was generated by dissolving a given amount of native sulfur (S0) at 

the run T in a salt-bearing aqueous fluid whose pH was either buffered by alkali aluminosilicate 

assemblages (runs m14 and m18) or by sulfur dissolution itself (runs m15 and m20). The use of S0 as the 

starting material enables in-situ generation at elevated T-P of sufficient H2S concentrations necessary for 

pyrite formation, as well as redox and pH buffering through the hydrogen sulfide - (hydrogen) sulfate 

equilibria (e.g., Pokrovski et al., 2009, 2015), yielding acidic pH (2–4) and oxygen fugacity in the vicinity 

of the conventional hematite-magnetite mineral buffer (HM), according to the reactions:

4 S0 + 4 H2O = 3 H2S + HSO4
− + H+ (1)

HSO4
− = SO4

2− + H+ (2)

H2S + 2 O2 = HSO4
− + H+ (3)

Along with the dominant sulfate and sulfide species formed by those reactions, other species such as SO2, 

sulfate ion pairs with K+ and Na+, and the di- and tri-sulfur radical ions S2
•− and S3

•− contribute to S aqueous 

speciation depending on T, pH and composition. Their concentrations may accurately be predicted using 

thermodynamic modeling (Table 1). The acidic pH chosen for this type of experiments i) allow enhanced 

pyrite solubility and, therefore, sufficient aqueous Fe in solution for accurate analytical and isotopic 

measurements; ii) favor rapid equilibration among different aqueous sulfur redox forms (e.g., Ohmoto and 

Lasaga, 1982; Kokh et al., 2020); and iii) enable direct comparisons with similar studies in hydrothermal 

solution conducted at acidic pH (e.g., Syverson et al., 2013).

Alternatively, the fluid pH was buffered by the K+/H+ equilibrium via the reactions between the 

fluid and silicate minerals: 

1.5 microcline + H+ = 0.5 muscovite + 3 quartz + K+ (QMM buffer) (4)

muscovite + H+ = 1.5 andalusite + 1.5 quartz + 0.5 H2O + K+ (QMA buffer) (5)

Such experiments provide less acidic pH (4–5, at our T-P-salinity parameters) than those with S0 alone, 

more relevant to those of hydrothermal-magmatic fluids associated with granitic and andesitic rocks, but 

they require at least several days to fully equilibrate at our laboratory conditions. Overall, the experimental 

conditions chosen in this study are fully pertinent to porphyry Cu-Au-Mo and associated epithermal 

systems in volcanic arc settings, characterized by a large range of salinities (to ~20 wt% NaCl equivalent), 

acidic pH (i.e. sericite alteration), the presence of hematite, magnetite, and alunite along with pyrite and Cu 

sulfide minerals, and the coexistence of sulfate and sulfide in the fluid phase (e.g., Eunaudi et al., 2003; 

Kouzmanov and Pokrovski, 2012; references therein).

Our experimental methodology, by using pre-equilibrated S-bearing solutions before reacting them 

with Fe(II), differs from that employed by Syverson et al. (2013) who used thiosulfate as the source of 

sulfur injected into acidic Fe(II) solution to precipitate pyrite. Thiosulfate decomposition to sulfate and 
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sulfide is a relatively slow multi-stage process (e.g., Kokh et al., 2020) that might complicate the 

interpretation. Despite these differences, both our and Syverson et al.’s (2013) study yielded very similar 

Fe isotope fractionation patterns (see below), confirming the validity of both approaches and, more 

importantly, the universality of the reaction mechanisms.

All experiments also contained Au and Pt as metallic pieces, and two experiments (m14 and m18) 

had in addition ~100s ppm of Zn(II) and Cu(I) in the form of chloride salts. Inclusion of these components 

in the experiments permits to approach more closely the composition of natural hydrothermal fluids and to 

check for the effect of those metals on Fe isotope fractionation. Furthermore, in the final stage of one 

experiment at 450°C (m18), the pressure was decreased to ~400 bar to un-mix the initial supercritical fluid 

into vapor and brine, and to directly measure Fe isotope fractionation between the two phases to better 

account for the effect of fluid immiscibility phenomena common in hydrothermal-magmatic systems 

(Pokrovski et al., 2008; Kouzmanov and Pokrovski, 2012).

The experiments were performed in a rocking hydrothermal reactor Coretest equipped with a 

titanium flexible cell (Seyfried et al., 1987; Pokrovski et al., 2008). Rocking was important for such kind of 

experiments with large fluid volumes (100 mL) both to reduce temperature gradients in the cell and to well 

mix the reactants, thereby avoiding concentration gradients and associated diffusion issues that may 

strongly affect mineral nucleation and out-of-equilibrium crystal growth. To precipitate pyrite, injections of 

freshly prepared degassed FeCl2 or FeSO4 solutions were achieved with a manual volume-calibrated pump. 

Before and after pyrite precipitation, small amounts of solution (~2 g) were periodically extracted via high 

T-P titanium tubing and valves and trapped into a titanium vial, as described in detail by Kokh et al. (2017, 

2020). The rapid fluid transfer into the vial (<1 s) under experimental pressure avoids solute loss through 

metal sulfide precipitation and volatile sulfur degassing during sampling of S-rich fluids at elevated 

temperatures. The sampled solutions were processed and analyzed using established protocols (Pokrovski 

et al., 2008; Saunier et al., 2011; Kokh et al., 2016, 2017). Briefly, Fe, Na, K, Zn, Cu, Si, Au and Pt 

concentrations were determined by inductively coupled plasma - mass spectrometry (ICP-MS) and, 

selectively, by flame atomic absorption spectrometry (FAAS) and by inductively coupled plasma - atomic 

emission spectrometry (ICP-AES). Reduced sulfur (Sred, including H2S, and eventually SO2 and polysulfide 

ions) was quantified by iodometric titration. In selected samples, hydrogen sulfide (H2S) was separated 

from the other sulfur forms by adding in the sample vial Cd acetate inducing precipitation of CdS, followed 

by its centrifugation and iodometric titration. Total dissolved sulfur (Stot) was analyzed as the SO4
2– anion, 

together with the Cl– anion, by high performance liquid chromatography (HPLC) after total oxidation of 

sulfur by H2O2 in aqueous NH3 solution. The analytical data together with their uncertainties are reported in 

Appendix B (Table B.1). The redox-sensitive dissolved metals were present in the fluid in their oxidation 

states occurring in natural hydrothermal systems (i.e. Fe(II), Zn(II), Cu(I), Au(I), Pt(II)) as inferred from i) 

visual observation of sampled fluids, which were slightly green as typical for the Fe2+ cation, ii) analyses of 

the solids recovered after experiments, which did not show any evidence for Cu(II)- or Fe(III)-bearing 

phases, and iii) thermodynamic calculations using available data for aqueous metal complexes and mineral 
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phases (see section 2.3). The solids recovered after experiments were analyzed by X-ray diffraction (XRD), 

scanning electron microscopy (SEM) and electron probe micro-analyzer (EPMA). They showed pyrite as 

the only Fe-bearing phase in all experiments (Fig. 2). Silicate minerals (in m14 and m18) showed no 

detectable phase or compositional changes after the experiments.

2.2. Iron isotope analyses

Iron isotope compositions measured or discussed in this study are conventionally expressed in the 

delta notation as 57Fe relative to the average ratio of IRMM-014 metallic iron reference material:

57Fe (in ‰) = [(57Fe/54Fe)sample/(57Fe/54Fe)IRMM-014 – 1]×1000 (6)

In cases where the 56Fe isotope was reported in the original data sources, its -values were converted to the 
57Fe scale using the mass-dependent relationship: 57Fe ≈ 1.50 × 56Fe. The fractionation factor between an 

aqueous Fe species or bulk hydrothermal fluid (A) and an Fe-bearing mineral (B) is expressed as the 

difference of their respective 57Fe values: 

57FeA-B = 57FeA – 57FeB (7)

Two milliliters of sampled solution were evaporated to dryness at 120°C on a hotplate, followed by 

reaction with 2–3 mL of aqua regia (9 M HCl + 15 M HNO3 in 1:2 volume ratio, were M is molarity, 

mol/L) at 120°C during 24 h, and again evaporated to dryness. Three to five mL of 6 M HCl were then 

added to the residue and digested at 120°C for 24 h, and then again evaporated to dryness. The final 

precipitate was dissolved in 5–7 mL of 6 M HCl (depending on Fe concentration). Half mL of this solution 

was loaded into thermo-retractable Teflon columns and purified twice using the anionic resin BioRad AG1 

X4 (200–400 mesh), following the procedure in Poitrasson et al. (2004). The processed solution was 

evaporated and then diluted to 50–100 ppm Fe by addition of 0.05 M HCl and stored for iron isotope 

analyses. This solution was further diluted to 2–4 ppm Fe in 0.05 M HCl (depending on the instrument 

sensitivity) just before an analytical session. 

Iron isotope ratios were measured using a Thermo Electron Neptune magnetic sector - inductively 

coupled plasma - mass spectrometry (MC-ICP-MS) at GET (Toulouse), after the addition of Ni for internal 

mass-bias correction. The detailed protocol may be found in Poitrasson and Freydier (2005). Each sample 

was measured 6 times. The IRMM-014 standard was placed before and after each sample in the analytical 

sequence. The long-term Fe isotope measurement reproducibility of our in-house Milhas hematite standard 

(Poitrasson and Freydier, 2005) for 57Fe values is ~0.013‰/amu (2SD). Values of 57Fe have been always 

~1.50 times those of 56Fe, demonstrating a mass-dependent relationship known for all terrestrial samples 

(Poitrasson and Freydier, 2005). Consequently, only the 57Fe values are reported here. Uncertainties on 

the 57Fe and 57Fe values are expressed as two-standard error (2SE) as calculated from the number of 

replicates and using the Student’s correction factor (Platzner, 1997).
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2.3. Chemical equilibrium calculations of iron and sulfur speciation and solubility

Iron and sulfur chemical speciation and solubility in experimental solutions at equilibrium were 

modeled using available thermodynamic data and the results were compared with the measured 

concentrations. Calculations were performed using the HCh software based on the minimization of the 

Gibbs free energy of the system (Shvarov, 2008, 2015). To account for non-ideality of the saline fluid, 

activity coefficients of charged species were calculated using the extended Debye-Hückel equation, 

whereas those of uncharged species were set to be equal to one (Pokrovski et al., 2009). Thermodynamic 

properties of silicate minerals used for pH buffering and those of pyrite and other Fe sulfide and oxide 

minerals that might potentially form were adopted from the USGS database (Robie and Hemingway, 1995), 

and those of elemental sulfur (both solid and liquid) from the JANAF database (Chase et al., 1998). The 

thermodynamic properties of the major fluid constituents (H2O, H+, OH–, Na+, Cl–, NaCl0, HCl0), traditional 

aqueous sulfur anions (HS–, SO4
2–, HSO4

–, HSO3
–, SO3

2–, S2O3
2–, Sn

2–) and their ion pairs with Na+ and K+ 

were adopted from the SUPCRT 2007 database (Johnson et al., 1992), based on the revised and extended 

HKF equation of state (Oelkers et al., 2009; Sverjensky et al., 2014), and complemented by more recent 

data, including those for S2
•− and S3

•− (see for details and references Pokrovski et Dubessy, 2015; Pokrovski 

et al., 2019; Kokh et al., 2020). The thermodynamic properties of aqueous H2S and SO2 were taken from 

Akinfiev and Diamond (2003) whose model yields a more accurate description than the HKF model over 

the T-P range relevant to our study, yet being consistent with their anionic counterparts from the SUPCRT 

database. The calculated pH, redox, sulfur saturation index (SI), and major S species concentrations at the 

T-P conditions of each experiment are reported in Table 1.

The thermodynamic properties of aqueous Fe2+ and its hydroxide complexes were adopted from 

Shock et al. (1997) whereas those of Fe(II) chloride species, FeCl+ and FeCl2
0, were taken from Sverjensky 

et al. (1997), which are in agreement with most available solubility and UV-spectroscopy data in a wide T-

P range (to 600°C and 1 kbar) published over more than 5 decades (Wood and Samson, 1998; Saunier et 

al., 2011; references therein). To this largely adopted set of data for Fe(II) chloride complexes, an 

additional higher-order chloride complex, FeCl4
2−, was added for evaluation. Its stability constants stem 

from the X-ray absorption spectroscopy (XAS) study of Testemale et al. (2009) who suggested the 

dominant formation of FeCl4
2− over wide T and chloride concentration ranges (>0.1 m Cl at 400−450°C 

and 500 bar). However, inclusion of this species in the calculations yielded either a negligible contribution 

to pyrite solubility in low-salinity fluids of this study (<1 ppm Fe at 0.05 m Cl, in runs m15 and m20) or 

unrealistically high solubility in highly saline fluids (>1000s to 10,000 ppm Fe at 2 m Cl, in runs m14 and 

m18). In the light of these discrepancies with the measured values, the too limited available dataset for 

FeCl4
2−, and the uncertainties associated with its unambiguous identification from XAS spectra (see 

Testemale et al., 2009 for discussion), we have not considered further this species in the interpretation of 

the Fe isotope fractionation patterns in the present study. An alternative or additional higher-order Fe(II) 

chloride complex in saline fluids invoked in recent literature is FeCl3
– (e.g., Testemale et al., 2009; 
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Scholten et al., 2019), but the absence of report of its stability constant in those works prohibits the 

contribution of such species to be assessed in our experiments.

A possible contribution of the ferric iron, Fe(III), chloride species has also been checked by 

including the FeCl3
0 complex whose stability constants were directly derived in Saunier et al. (2011) from 

hematite precipitation/dissolution experiments at T-P, salinities and pH similar to the present study. This 

species was found to be negligible (<0.1 ppb Fe) at S-bearing and more reduced conditions of the present 

study. An alternative dataset of stability constants of Fe(III) chloride species, including FeCl3
0 and FeCl4

−, 

was recently derived using UV-Vis spectrometry up to 200°C by Stefansson et al. (2019). We extrapolated 

their data to the T-P conditions of our study using either the density model (Stefansson et al., 2019) or the 

electrostatic Ryzhenko-Brysgalin model (Shvarov, 2015). The extrapolated data yielded unrealistic pyrite 

solubility, at least 10 to 100 times higher than that measured in all experiments of this study, and appear to 

be inconsistent with other direct data on Fe sulfide and oxide solubility (Wood and Samson, 1998). The 

large overestimation of Fe(III) concentrations is likely to be an artifact of extrapolations over too large a T-

P range owing to fundamental limitations of such models for supercritical fluids. Therefore, given the 

dearth of available data on Fe(III) chloride species and large uncertainties of extrapolations to high T-P, 

such complexes were disregarded in the present study. In all experiments, calculations predict the di-

chloride Fe(II) complex, FeCl2
0, to be by far the dominant Fe species in the fluid, and pyrite to be the only 

Fe-bearing solid phase present. As will be shown below, Fe isotope fractionation data provide an 

independent confirmation of this speciation scheme.

2.4. Density Functional Theory (DFT) calculations of aqueous Fe species and minerals

Measured isotope fractionations between aqueous species and minerals can be compared with 

thermodynamic equilibrium fractionations, A-B, between two phases (or species) A and B, determined 

from the reduced partition function ratios, also called -factors, as: 

1000lnA-B = 1000lnA – 1000lnB ≈ 57FeA-B (in ‰) (8)

As thoroughly described by Blanchard et al. (2017), the -factor can be determined by computing 

vibrational frequencies using a harmonic approach (Bigeleisen and Mayer, 1947):

(9)
𝛽 = �∏ ∏ 𝜈𝑞 ,𝑖

𝜈′𝑞 ,𝑖
{𝑞}

3𝑁
𝑖=1 × 𝑒𝑥𝑝 �−ℎ𝜈𝑞 ,𝑖 2𝑘𝑇⁄ �

1−𝑒𝑥𝑝 �−ℎ𝜈𝑞 ,𝑖 𝑘𝑇⁄ �
× 1−𝑒𝑥𝑝 �−ℎ𝜈′𝑞 ,𝑖 𝑘𝑇⁄ �

𝑒𝑥𝑝 �−ℎ𝜈′𝑞 ,𝑖 2𝑘𝑇⁄ �
�

1
𝑛𝑁𝑞�

where q,i and 'q,i are the frequencies of the vibrational modes i = 1 to 3N along wavevector q for the two 

isotopologues (the prime symbol referring to the light isotope), N is the number of atoms in the crystal unit 

cell with n sites for the element of interest, T is the temperature in Kelvin, and h and k are the Planck and 

Boltzmann constants, respectively. The second product is performed on a sufficiently large grid of Nq q-

points in the first Brillouin zone of crystals. This expression obeys the ‘Redlich-Teller rule’, which 

accounts for the fact that there should be no isotopic fractionation in the high-temperature limit. For 
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molecules (i.e. non-periodic compounds), the -factor expression simplifies since the concept of 

wavevector q does not apply.

Values of -factor of Fe isotopes for marcasite (FeS2), mackinawite (FeS) and troilite (FeS) were 

determined following the same computational method as for pyrite (FeS2) in Blanchard et al. (2009). This 

pyrite -factor proved to be reliable by comparison with data derived from other techniques such as 

Mössbauer and NRIXS spectroscopies or isotope exchange experiments (Blanchard et al., 2012; Polyakov 

et al., 2013, 2019; Syverson et al., 2013). Vibrational frequencies were calculated from the optimized 

mineral structures using first-principles DFT-based methods as implemented in the Quantum ESPRESSO 

suite of codes that takes advantage of plane-waves and pseudopotentials (PWscf and PHonon codes; 

Giannozzi et al., 2009). Calculations used the Perdew-Burke-Ernzerhof (PBE) parametrized generalized 

gradient approximation (GGA) functional (Perdew et al., 1996). Ultrasoft pseudopotentials were taken 

from the PSlibrary 1.0.0 (Dal Corso, 2014). The wave-functions and the charge density were expanded in 

plane-waves with 100 and 800 Ry cutoffs, respectively. The k-point and q-point sampling was done using a 

regular grid in reciprocal space according to the Monkhorst and Pack (1976) scheme (Appendix A, Table 

A.1). With these computational parameters, the total energy is converged within 1 mRy/atom as well as the 

frequencies. Structural relaxations were made by optimizing both the atomic positions and the cell 

parameters. For mackinawite, the c lattice parameter was fixed to the experimental value (Lennie et al., 

1995) in order to keep the cohesion of FeS4 tetrahedral sheets stabilized by van der Waals forces. 

Calculations for mackinawite and troilite were spin-polarized, and an antiferromagnetic ordering was 

applied to troilite (Antonov et al., 2009) with magnetic moments free to relax.

For modelling iron aqueous species and calculating the vibrational frequencies of their 

isotopologues, we followed the same computational approach as Fujii et al. (2014) in order to extend their 

Fe -factor database to other Fe chloride and sulfide species more pertinent to the hydrothermal conditions 

of this study. DFT calculations as implemented in the Gaussian 16 code (Frisch et al., 2016) were 

performed with the hybrid DFT B3LYP functional (Becke, 1993; Lee et al., 1988) on a selection of Fe(II) 

chloride and sulfide species. Electronic wave functions were described by the 6-311+G(d,p) basis set for all 

atoms. As shown by Fujii et al. (2014), the use of this basis set and not a lower one is required for accurate 

computing the -factors of Fe aqueous species. An ‘ultrafine’ numerical integration grid was used, and the 

SCF (self-consistent field) convergence criterion was set to 10-9. Only the first coordination sphere around 

the Fe atom was considered, without any forced symmetry. Adding explicitly additional solvation shells is 

probably necessary to obtain accurate absolute values for the -factors (Rustad et al., 2010). However, a 

detailed investigation of this issue by Fujii et al. (2014) suggests that the relative fractionations between 

aqueous species described by the first coordination shell (∆57FeA-B) are reliable enough to be comparable 

with experimental values. Furthermore, one must also keep in mind that building a second solvation shell 

on aqueous species displaying various ligands, in a consistent way and without  introducing additional 
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uncertainties to the relative fractionations, would be a difficult task that is beyond the scope of the present 

study.

3. Results

3.1. Element concentrations, iron speciation, and pyrite solubility in the fluid phase

3.1.1. Concentrations of elements other than iron

Measured aqueous concentrations of each element (Fe, Na, K, Si, Zn, Cu, Au, Pt, S, Cl) and 

reduced sulfur (Sred and H2S) are reported in Table B.1. In all experiments, Na, K and Cl behaved 

conservatively, being either constant before and after injection of the Fe solution (run m20), or displaying a 

slight decrease of concentrations upon the injection owing to the fluid dilution (runs m14 and m18), or 

showing an increase due to their introduction with the injected Fe solution (run m15). Dissolved silica 

concentrations are stable over the total duration of the experiments in the presence of silicate-quartz 

assemblages (m14 and m18) and correspond to quartz saturation at the corresponding T-P conditions. Gold 

solubility ranges from <1 ppm in most acidic runs (m15 and m20) to ~50 ppm in less acidic silicate-

buffered experiments (m14 and m18), in good agreement with the known Au speciation (Pokrovski et al., 

2015) dominated by AuHS0 (acidic pH) and Au(HS)2
– plus Au(HS)S3

– (near-neutral pH). Dissolved Pt 

displays ppb-level solubility with no systematic trends. Base metals Cu and Zn (introduced in m14 and 

m18) do not show systematic trends upon pyrite precipitation. In two other experiments (m15 and m20), Cu 

and Zn were present in trace quantities (< few ppm) close to background levels of the flexible-cell reactor. 

Upon fluid unmixing due to decompression (m18), all metals show consistent partitioning between the two 

phases, with Na, K, Si, Zn and Cu being enriched in the brine phase compared to vapor, and Au displaying 

an opposite fractionation in favor of the vapor phase. These trends are in excellent agreement with the 

available data and models on metal vapor-liquid partitioning (e.g., Pokrovski et al., 2013 and references 

therein). 

Total sulfur concentrations (Stot) measured in the sampled fluids before the Fe-bearing solution 

injection in the experiments at 450°C (m14, m18, m20) exhibit some scatter, yet are close, on average, to 

the initially loaded contents, in agreement with the high S0 solubility at this T (>1 m S) as predicted by 

thermodynamic modeling. In the experiment at 400°C (m15), the Stot concentrations are lower (Table B.1) 

than those initially loaded, in agreement with the lower S0 solubility (Table 1). The concentrations of Stot in 

the S0
liquid-undersaturated runs at 450°C drop after the Fe injection, reflecting pyrite precipitation. 

Concentrations of H2S and Sred were also monitored in the sampled fluids (Table B.1) but showed 

systematically lower values than predicted by thermodynamics (Table 1). This discrepancy is owing to the 

very rapid recombination of sulfide and sulfate to S0 (reverse of reaction 1) and re-equilibration of the 

cooling fluid with native sulfur during the sampling, as discussed in more detail in Appendix B. Thus, 
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accurate quantification of the different S species existing at high T-P in acidic S-rich fluids of this study 

would require in-situ measurements and cannot be achieved by sampling techniques, which are reliable for 

analyzing bulk element concentrations. Therefore, in the following interpretation of iron solubility, 

speciation and isotope fractionation we rather rely on the thermodynamically predicted sulfur speciation 

(Table 1). 

3.1.2. Aqueous iron speciation and pyrite solubility

It can be seen in Fig. 3 that, following the injection of FeCl2 or FeSO4 solution, aqueous Fe 

concentrations dropped by a factor of ~2 (m14, m18) to 5–10 (m15, m20) due to pyrite formation, as 

measured in the first sample taken the day after the injection. The initial pyrite precipitation rates, 

expressed as log10(mol pyrite/kg fluid/day), vary over a narrow range, from –1.7 (m20) to –1.2 (m15), and 

are about 1 log unit lower than those from Syverson et al.’s (2013) experiments at 300 and 350°C. In the 

subsequent samples (>3 days) of the time series, Fe aqueous concentrations either remain constant (m14, 

m15, m18) or slightly decrease before attaining a steady state between ~10 and 30 days of reaction (m20). 

The attainment of an apparent steady state is slower than in the previous experiments, which showed bulk 

fluid-pyrite equilibration within <1 hour (Syverson et al., 2013). This difference is likely due to the use in 

our study of pH buffers (aluminosilicate minerals or native sulfur, reactions (1) to (5), section 2.1) that have 

a certain response time to the pH perturbation caused by injection of Fe-bearing solution and pyrite 

precipitation leading to pH acidification:

FeCl2
0 + 2 H2S = FeS2(pyrite) + H2 + 2 Cl– + 2 H+ (10)

The steady-state Fe concentrations (indicated by horizontal solid lines in Fig. 3) fall within the 

range of those predicted in equilibrium with pyrite using the stability constants of the FeCl2
0 complex from 

Sverjensky et al.’s (1997) dataset and considering the uncertainties associated with those constants and 

with thermodynamic predictions of major fluid components (H2S, Cl–), redox and, in particular, pH - the 

parameter to which pyrite solubility is very sensitive (equation 10). These uncertainties are indicated by 

horizontal dotted lines delimiting maximum and minimum possible FeCl2
0 concentrations. For comparison, 

calculations including FeCl4
2– from Testemale et al.’s (2009) study (shown by dashed grey lines in Fig. 3) 

either predict negligible concentrations of this complex in low-salinity fluids (m15, m20) or significantly 

overestimate the measured pyrite solubility in high-salinity runs (m14, m18). Thus, a revision of the 

thermodynamic properties of FeCl4
2– and other potential high-order chloride species (e.g., FeCl3

–) would be 

required before these complexes could be used with confidence in speciation and solubility modeling 

across a wide T-P-salinity range.

3.1.3. Pyrite crystal habit

Scanning electron microscopy investigations of the solids recovered upon the run termination (Fig. 

2) show pyrite to be the only Fe-bearing mineral phase. Other minor solid phases include solidified droplets 

of liquid sulfur (m15) and metallic gold particles (m14), precipitated upon fluid cooling. Pyrite crystals 
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display a large variability in grain size (from <1 m to ~50 m) and crystal habit (from cubic to octahedral 

to pentahedral). It is impossible to unambiguously identify different crystal generations and their 

relationships, given the too small set of microscopic data and possible modifications of originally 

precipitated pyrite during the long reactor cooling (hours). It is likely that the largest crystals would be the 

least affected by such modifications. Their dominant habit seems to correlate with the initial degree of Fe 

super-saturation expressed as the ratio between the initially injected aqueous Fe (Fe0) and the steady-state 

measured Fe (Feeq) concentrations,  = [Fe]0/[Fe]eq (reported in Appendix C, Table C.2). Experiments with 

lower  values (2–4, m14 and m18) show predominantly pyritohedron-like habits (Fig. 3a,c,d), whereas 

those with higher  (32–34, m15 and m20) display mostly cubic and/or octahedral crystal shapes (Fig. 

3b,e,f). This variability may in addition depend on many other parameters such as T, P, fluid composition, 

duration, degree of sulfur saturation, nature of precursors and the associated growth mechanisms (e.g., 

Murowchick and Barnes, 1987; Graham and Ohmoto, 1994). Even though their effects cannot be 

unambiguously identified in this study, they have a small impact on the apparent bulk chemical equilibrium 

that was rapidly attained (within its associated uncertainty margins) between the fluid and pyrite in our 

experiments over a wide range of initial parameters and fluid compositions (i.e. (Fe), SI(S), pH, salinity, 

sulfur speciation, and pyrite precipitation rates; Tables 1 and C.2). This conclusion is in agreement with 

previous experiments of pyrite precipitation at lower temperatures and with different sulfur speciation 

(300–350°C, thiosulfate as sulfur source; Syverson et al., 2013), which showed even faster attainment of 

apparent chemical equilibrium, within <1 h, between a FeCl2-dominated fluid and pyrite. Note that the 

precision of the solubility method to identify the attainment of true thermodynamic equilibrium is simply 

limited by the intrinsic precision of Fe dissolved concentration determinations, which are at best ±5% of 

the value (e.g., Table B.1). In contrast, Fe isotope ratios, which are ~1000 times more precise (±0.05‰), 

enable a far better ‘resolution’ of the fluid-mineral equilibration processes. Therefore, given accurate 

chemical constraints on the experimental system, the present results and previous work should warrant the 

interpretation of the Fe isotope data described below.

3.2. Experimental Fe isotope fractionation

In each experiment, Fe isotope compositions were analyzed in fluid samples, and those of pyrite 

were estimated in each sampling session from mass balance using the injected and sampled amounts of Fe 

(Table B.1) and Fe isotope ratios measured in the fluid (Table 2), as detailed in Appendix C. The isotope 

composition measured in pyrite recovered after the experiment was always in agreement, within errors, 

with the mass-balance calculated values (Table 2). The derived fluid and pyrite 57Fe values in each 

sampling session are shown as a function of time in Fig. 4. They are distinctly different from one another 

and from the initially injected Fe solution demonstrating a significant fluid-mineral Fe isotope 

fractionation. They show an evolution with time depending on the respective Fe amounts in the two phases. 



PyFe manuscript for GCA, February 2021, Revision 1

15

For example, at advanced stages of experiments m18 and m20 (>10 days), the 57Fepyrite values are much 

less sensitive to time change than the 57Fefluid values, because pyrite represents ~90% of the total Fe 

reservoir in the system (Table 2). Using the 57Fe values measured in the fluid and calculated for pyrite, Fe 

isotope fractionation (57Fefluid-pyrite) between fluid and pyrite is calculated as 57Fefluid-pyrite = 57Fefluid – 

57Fepyrite, and displayed in Fig. 5 as a function of time elapsed from the moment of Fe injection in the 

reactor.

Three key observations can be drawn from these patterns. First, three experiments at 450°C (m14, 

m18 and m20) consistently display a rapid drop of the initially high 57Fe values (~ +1‰) shortly after 

pyrite precipitation (<5 days), followed by an apparent steady state (for 5 to 15 days after injection) without 

systematic evolution of the 57Fefluid-pyrite values, being between +0.5 and +0.7‰ (±0.2‰, on average 

among the data points at such apparent steady state, Table 2). Second, in the longest experiment (m20), a 

steady state (tentatively +0.45±0.15‰) is less clearly expressed between 5 and 20 days due to significant 

data scatter, yet 57Fe values from two last samples (taken at 25 and 30 days) indicate a decrease to 

+0.2±0.1‰ (Fig. 5). This decrease would suggest that the steady state observed in the shorter-duration 

experiments (m14, m18) can only be apparent and much longer runs would be required to identify the 

temporal trends. Third, an exception to this pattern is experiment m15 at 400°C that yielded a negative 

57Fefluid-pyrite value from the start (–0.4±0.1‰; 1st sample taken 1 day after injection) being at least 1‰ 

lower than those in the other experiments and regularly decreasing with time over the run duration (7 days) 

without reaching a steady-state. 

Remarkably, these patterns, as well as the absolute 57Fefluid-pyrite values, appear to be very similar 

to the data reported by Syverson et al. (2013, 2017) from analogous experiments of pyrite precipitation at 

300-350°C with faster attainment of equilibrium pyrite solubility (<1 h). To enable more direct 

comparisons with our results, we recalculated their data in terms of 57Fefluid-pyrite at each sampling session 

using mass balance (Appendix C, Table C.1, Fig. 5b). It can be seen in Fig. 5b that, similar to our 

experiments (Fig. 5a), their positive 57Fefluid-pyrite values (+0.5 to +1.5‰), measured shortly after pyrite 

formation for all four experiments conducted at 300 and 350°C, dropped by at least ~1‰ over 2 to 30 days 

of reaction, followed by pronounced flattening of this kinetic pattern vs time for longer-duration runs (350-

2 and 350-3, up to 180 days). Even though the available dataset is yet limited, the strong similarity of 

chemical and isotope patterns in our and Syverson et al.’s work suggests some common mechanisms of 

pyrite formation and isotope exchange with the fluid. Their interpretation would require theoretical 

molecular-level knowledge of species structures and their isotope signatures as reported below.

3.3. Theoretical Fe isotope fractionation factors
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To allow for a more systematic and robust comparison with the experimental data and 

identification of molecular-level controls on the observed Fe isotope fractionations, we have significantly 

extended the theoretical database of -factors for Fe sulfide minerals and different Fe aqueous species 

pertinent to the context of this study. 

As detailed in Appendix A, DFT-optimized lattice parameters of iron sulfide minerals are generally 

in good agreement with crystallographic values (i.e. within 0.6% in most cases). Theoretical vibrational 

frequencies also compare well with experimental values (within a few %). As a result, we assess that the 

derived mineral -factors are assorted with a realistic relative uncertainty of about 5% of the value at the 

temperatures pertinent to hydrothermal contexts. The coefficients of polynomial fits of the generated -

factors and tabulated values at selected relevant temperatures are given in Table 3.

As shown in Fig. 6a, the predicted equilibrium fractionation between pyrite and aqueous 

FeCl2(H2O)2
0 (see below calculations for aqueous species) is in excellent agreement with the experimental 

data of Syverson et al. (2013) obtained using the partial isotope exchange approach in long-term 

experiments at 350°C, thus providing support for the validity of our DFT method. We also compared, with 

the theoretical estimations, the experimentally measured isotope fractionation between mackinawite and 

aqueous Fe2+ at 2°C and 25°C by Guilbaud et al. (2011), and at 20°C and 35°C by Wu et al. (2012), which 

are in very good mutual agreement (Fig. 6b). The 57Fe fractionation factors of Wu et al. (2012) between 

FeHS+ or FeS0 type of complexes and mackinawite measured in H2S-rich solutions, which are 0.5‰ lower 

than with Fe2+, are also comparable with the difference of the predicted -factors between Fe2+ and FeHS+ 

(Fujii et al., 2014), providing further support to their measurements. These available experiments indicate 

mackinawite to be slightly 57Fe-enriched relative to aqueous Fe(II). This result would require a 

mackinawite -factor significantly larger than that derived from Mössbauer data by Polyakov and 

Soultanov (2011), thus providing additional support to our calculations. The low-T experimental data 

would be consistent with a -factor being in-between those of perfectly crystalline (i.e. ordered) and fully 

disordered mackinawite, as estimated in this study (Table A.3; Fig. 6b).

The optimized molecular structures and bond lengths of the investigated aqueous species are shown 

in Fig. A.3. In those complexes, Fe(II) has coordination numbers of 3, 4 or 6 with O, Cl or S as nearest 

atomic neighbors. In addition to the hexa-aquo Fe2+ cation, Fe(H2O)6
2+, a selection of 5 iron chloride 

complexes and of 7 iron (poly)sulfide complexes was modelled. These complexes were considered to be 

the most relevant species to the conditions and compositions of our experiments that are acidic (i.e., 

hydroxide species (OH–) are less likely) and have Cl–, H2S (HS–) and S3
•− as the major potential ligands for 

Fe(II). Even though among these complexes FeCl2(H2O)2
0 is likely to be dominant according to the 

thermodynamic analysis of our solubility data (section 3.1), other minor species undetectable by solubility 

or spectroscopic methods may also form and serve as reaction intermediates for pyrite precipitation. The 

corresponding -factors and polynomial fits of their temperature dependence are reported in Fig. A.2 and 

Table 3. To enable us to provide an error estimation on our theoretical predictions, we tentatively apply to 
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aqueous species the same relative uncertainty of 5% as for minerals, which would correspond to absolute 

uncertainties of 1000ln values of <0.6‰ and <0.1‰ at 25°C and 450°C, respectively. Four out of those 

13 species were already modeled by Fujii et al. (2014), namely Fe(H2O)6
2+, FeCl(H2O)5

+, FeCl2(H2O)4
0 and 

Fe(HS)2(H2O)4
0. Our optimized geometries and Fe -factors are very similar to theirs, confirming that the 

DFT calculation software version (Gaussian 16 vs Gaussian 09) introduces no bias. Therefore, results for 

the new aqueous species investigated here can be considered as a consistent extension of the database 

produced by Fujii et al. (2014). In addition, Hill et al. (2010) investigated, both experimentally and 

theoretically, the redox and ligand effects on isotope fractionation in aqueous Fe-Cl solutions. It can be 

noted that the present -factor values for Fe(H2O)6
2+, FeCl(H2O)5

+, and FeCl2(H2O)4
0 fall within the small 

range of values that these authors found using the models UHF/6-31G(d) and B3LYP/6-31G(d). These 

models are the ones displaying the best agreement with experimental data of aqueous-ether fractionation 

for ferrous species in solutions of various chlorinity (e.g., see Fig. 6b of Hill et al., 2010). The present 

results thus confirm the little fractionation between the Fe(II) hexaquo cation and Fe(II) chloride species. 

As shown in Fig. A.2 and Table 3, the two FeS2 polymorphs (pyrite and marcasite) show very 

similar -factors and the largest ones compared to the other solids. At the other end, troilite and disordered 

mackinawite show the lowest -factors. The values of -factors globally correlate with the average length 

of the bonds involving iron (Fig. 7) along two distinct trends. The ‘lower’ trend is composed of most 

aqueous species with Fe-O, Fe-Cl and Fe-S bonds that all follow the same trend. Species in which Fe have 

shorter bonds are 57Fe-enriched at equilibrium compared to those having longer bonds, in agreement with 

the general isotope fractionation principles. Sulfide minerals seem to form a different (‘upper’) trend of -

factor versus bond length, even though the correlation is more scattered (Fig. 7) because other 

crystallochemical parameters are likely at stake. For example, Fe(II) can be either low-spin like in pyrite 

and marcasite or high-spin like in troilite and mackinawite. Iron can also be either in 4-fold coordination 

like in mackinawite or in 6-fold coordination like in the other minerals, and FeS6 octahedrons share corners 

like in pyrite and marcasite, or edges and faces like in troilite (Fig. A.1). This variability of coordination 

geometries may contribute to generation of distinct trends for minerals and most aqueous species (Fig. 7). 

As described in section 2.4, the computational approach used for minerals and for aqueous species is 

different. The main difference lies in the functional used (e.g., PBE vs B3LYP). However, the functional 

alone does not explain the two trends observed in Fig. 7. For example, modelling the species Fe(H2O)6
2+ 

with the same functional as for the minerals (PBE) does not change much the results (i.e. with PBE 

functional, 1000ln = 1.49‰ at 400°C for a bond length of 2.155 Å, while 1000ln = 1.53‰ for a bond 

length of 2.165 Å with B3LYP functional; Table 3). On the other hand, we found that the electronic 

configuration of iron explains well the trends in Fig. 7. All aqueous species of the ‘lower’ trend have a 

high-spin configuration with 4 unpaired valence electrons, while the two low-spin species considered in 

this study (Fe(HS)2(S3)2(H2O)2
2– and Fe(HS)4(S3)2

4– where all Fe electrons are paired) fall on the ‘mineral’ 

trend. As a test, a virtual Fe(H2O)6
2+ species tentatively calculated in low-spin configuration would also 
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plot close to the mineral trend (i.e. 1000ln = 3.01‰ at 400°C for a bond length of 2.028 Å). These 

correlations may provide insight into molecular-level mechanisms of the formation of Fe sulfide minerals. 

Because Fe is in low-spin configuration in pyrite, its aqueous precursors, at some step of pyrite nucleation, 

would be expected to also be low-spin. These hypotheses warrant verification by experimental data as 

discussed in the following sections.

4. Discussion

4.1. Iron aqueous speciation and isotope fractionation in fluid-pyrite system

Our experiments, thermodynamic predictions, and the analysis of available literature data 

collectively demonstrate the dominant presence of the FeCl2
0 complex in the aqueous fluid in equilibrium 

with pyrite. Note that the solubility data alone of a mineral in aqueous solution, being only sensitive to the 

electric charge and number of Cl– ligands in the aqueous dominant complex (e.g., equation 10), cannot 

provide information about the exact complex geometry and the number of water molecules in the Fe 

coordination sphere that may impart isotope fractionation. Such information may only be gained from 

spectroscopic data or molecular modeling. The experimental 57Fefluid-pyrite value may be directly compared 

with the theoretical equilibrium value of 1000lnspecies-pyrite, which is the difference of the corresponding -

factors of the species and the mineral derived in the previous section (equation 8). The -factor for the 

species having FeCl2 ‘thermodynamic’ stoichiometry corresponds to a 4-coordinated complex, 

FeCl2(H2O)2
0, which is more stable at elevated T than 6-coordinated [Fe(II)Cln(H2O)6-n] species prevalent in 

solution at ambient conditions, in agreement with direct spectroscopic (XAS, UV-Vis) data on metal 

chloride complexes (e.g., Fe, Co, Ni, Zn, Cd) that consistently show an octahedral-to-tetrahedral transition 

above ~200°C (e.g., Crerar et al., 1985; Bazarkina et al., 2010 and references therein). The theoretical 

1000lnFeCl2(H2O)2-pyrite value is also in good agreement with the accurate isotope equilibrium measurements 

of Syverson et al. (2013) (Fig. 6). Therefore, this theoretical value will be used here as the reference for 

equilibrium fluid-pyrite Fe isotope fractionation over the investigated T-range. 

It can be seen in Fig. 5a that the experimental steady-state 57Fefluid-pyrite values for the three runs at 

450°C (m14, m18 and m20) are at least ~1.5‰ higher than those predicted at equilibrium with pyrite. Such 

a difference can neither be explained by the uncertainties of theoretical -factor values of pyrite and 

FeCl2(H2O)2
0, which are ±0.1‰ at this temperature (see section 3.3), nor by a potential contribution from 

species like FeCl4
2– or FeCl3

– in saline fluids (m14, m18), because the -factors for these species are all 

within only ~0.5‰ at 450°C (Table 3). In addition, the 57Fefluid-pyrite values in the experiments that covered 

a large range of salinity (>15 wt% NaCl equivalent, e.g., m14 vs m20) do not show any consistent trends 

that could be connected with a putative Fe speciation change between the dominant [FeCl2] stoichiometry 

at low salinity to [FeCl3-4] at high salinity. 
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An independent support for FeCl2(H2O)2
0 as the dominant aqueous species in saline fluids of our 

and previous (Syverson et al., 2013) experiments is provided by the direct measurement of Fe isotope 

fractionation between the vapor (~3 wt% NaCl+KCl) and brine (~16 wt% NaCl+KCl) phases in the last 

stage of experiment m18 (Tables B.1 and 2). The value of 57Fevapor-brine is +0.12±0.10‰, demonstrating a 

close to zero Fe isotope fractionation between the two phases. The low-density and low-dielectric constant 

vapor phase has been shown to be dominated by electrically uncharged and thus more volatile species 

(Pokrovski et al., 2013 and references therein), which should be of [FeCl2] type. The absence of significant 

Fe isotope fractionation between vapor and brine strongly suggests that the same species should also be 

dominant in the saline liquid phase. If FeCl4
2- were dominant in the brine, the vapor-liquid fractionation 

should be close to +0.5‰ at 450°C according to the predicted -factors (Table 3), which is significantly 

larger than the experimentally measured value (~0.1‰). Similar close-to-zero Fe isotope fractionations 

between vapor and brine were also reported by Syverson et al. (2014) at 420–470°C and liquid-phase 

salinities up to 30 wt%, indicating that [FeCl2] type of stoichiometry is likely to be the dominant in both 

phases.

In contrast to the three 450°C runs, the most acidic and S0-saturated experiment at 400°C (m15) 

yielded 57Fefluid-pyrite values of ~1‰ lower (≈ –0.5‰ on average), which regularly decreased over 7 days of 

run duration (Fig. 5) yet not reaching the theoretical equilibrium value with pyrite (–1.1±0.2‰). Again, this 

difference cannot be explained by potential variations in aqueous Fe dominant species (FeCl2
0 vs higher-

order chloride complexes) or pyrite supersaturation degree amongst the different experiments (e.g., 

experiment m20 of similar fluid composition and initial pyrite supersaturation degree yielded 57Fefluid-pyrite 

values of 0.5 to 1.0‰ greater, Tables 2 and C.2). Consequently, the large and variable difference between 

theoretical equilibrium 57Fefluid-pyrite values and those measured in this study is likely to be due to isotopic 

disequilibrium between pyrite and aqueous Fe whose amplitude and evolution may be controlled by the 

factors discussed below.

4.2. Kinetic isotope fractionation and solid-phase precursors during pyrite nucleation and 

growth

Kinetic factors related to faster diffusion and generally faster reaction rates of the light isotope 

during mineral nucleation and growth from aqueous solution might potentially contribute to the mineral 

enrichment by the light isotope compared to the equilibrium value (e.g., Hoefs, 2015; Watkins et al., 2017). 

Indeed, the first experimental samples in Fig. 5a,b display the highest ∆57Fefluid-pyrite values meaning that the 

initially precipitated pyrite gets enriched in light isotopomers. However, such mechanisms alone are 

unlikely to be responsible for the Fe isotope disequilibrium patterns between the fluid and pyrite observed 

in the course of these and previous (Syverson et al., 2013) experiments. First, the amplitude of the 57Fe 

fluid-pyrite disequilibrium, as may be quantified by the difference between the measured 57Fefluid-pyrite 
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values (Table 2) and the predicted equilibrium value at the corresponding temperature (Table 3, Fig. 6), 

does not show any significant correlation, across a wide temperature and compositional range, with either 

the initial degree of pyrite supersaturation or pyrite precipitation rate (Fig. C.2). Such correlations would 

have been expected in case of kinetic fractionation because those parameters are the main factors 

determining mineral precipitation and growth (e.g., Cole and Chakrabody, 2001; Watkins et al., 2017). 

Second, isotope fractionation that may be caused by faster diffusion of the light isotope of Fe(II) in the 

boundary layer of pyrite crystals growing in an aqueous medium is expected to be negligible, because the 

difference in diffusivities of Fe isotopes is rather weak in aqueous systems at near-ambient conditions (up 

to ~0.3‰; e.g., Rodushkin et al., 2004; Dauphas et al., 2017 and references therein), and is expected to be 

even smaller at elevated temperatures. We caution, however, that identification of kinetic effects at the very 

early stages, within the first hours, of pyrite nucleation at hydrothermal conditions in our and available 

studies currently lacks temporal resolution because of intrinsic difficulties of multiple sampling and 

analysis of high T-P experimental fluids within such short time frames. Investigation of these early stages 

of pyrite formation would ideally require in-situ time-resolved measurements or sophisticated flow-through 

high T-P setups which are not currently available. In the meantime, in the following analysis or our and 

previous experiments, we will treat as a single stage the Fe isotope disequilibrium between fluid and pyrite 

observed within an interval of several hours to several days after mixing of Fe- and S-bearing fluids.

An alternative (or complementary) interpretation of the 57Fe-depleted (i.e. isotopically light) pyrite 

compared to aqueous solution observed in nature and experiments would be a mechanism of pyrite 

formation via a solid FeS-like precursor, resembling mackinawite or troilite. Such a mechanism has 

commonly been assumed to operate over a wide temperature range, from ambient up to at least 300°C 

(Schoonen and Barnes, 1991; Butler at al., 2005; Rouxel et al., 2008). This mechanism appears, however, 

unproven by the Fe isotope fractionation data at T ≥300°C coupled with the theoretical calculations of 

fractionation factors. It can be seen in Fig. 5a,b that none of those solids considered as the pyrite precursor 

could consistently and systematically match the measured early 57Fefluid-pyrite values in this study and 

previous work (Syverson et al., 2013). First, the theoretical equilibrium 1000ln value between aqueous 

FeCl2(H2O)2
0 and crystalline troilite and crystalline mackinawite calculated from their respective -factors 

revised in this study are very different, the former being close to zero (+0.2‰) and the latter being far more 

negative and close to that of pyrite (–1.1 to –0.7‰ at 300–450°C, as can be computed from Table 3). 

Second, none of them matches the experimental 57Fefluid-pyrite values at apparent steady state attained in 

certain runs or at the end of the runs without steady state (Fig. 5, with a possible single exception of m20). 

Third, the -factor of highly disordered mackinawite appears to be very close to that of crystalline troilite, 

but ~1‰ lower than that for crystalline mackinawite. Even though such a wide range of possible -factors 

for mackinawite of different degree of disorder might encompass the experimental 57Fefluid-pyrite values in 

some of our and previous experiments, there is no any systematics between those values and the system 

composition, Fe concentration, degree of pyrite supersaturation or pyrite precipitation rate (e.g., Fig. C.2). 
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Thus, it is hard to imagine that mackinawite (or, by inference, troilite) of highly variable crystallinity and 

disorder degree would form in very similar experiments at similar conditions and would account for the 

large scatter of the measured values. Fourth, there is no significant correlation in the available dataset 

between 57Fefluid-mineral values and the saturation index of FeS(troilite) S0(liquid) (Fig. C.3), suggesting that 

such types of solid are unlikely to be universally involved in pyrite formation. Finally, we note that both 

mackinawite and troilite phases have Fe in high-spin configuration whereas Fe in pyrite is in low-spin. This 

difference would require significant (i.e. energetically expensive) electronic re-arrangements to form pyrite 

from such precursors. As a conclusion, none of the Fe sulfide phases considered here and in the literature as 

potential precursors of pyrite formation, would be consistent with the whole set of available hydrothermal 

experiments.

4.3. Aqueous Fe (poly)sulfide species as pyrite precursors

In the light of paucity of data to support evidence for simple kinetic isotope fractionation during 

pyrite nucleation and growth or FeS-like precursor phase formation in our and previous hydrothermal 

experiments, an alternative molecular-level approach to understand pyrite precipitation mechanisms at 

early stages would be to consider Fe aqueous species as possible direct precursors. Such (poly)sulfide-type 

polynuclear species [FexSy] might operate at early stages of pyrite precipitation before formation of larger 

colloid-like clusters or pyrite crystal nanoparticles as was commonly suggested for ZnS, FeS and FeS2 

mineral formation from aqueous solution at near-ambient conditions (e.g., Luther et al., 1999; Rickard et 

Luther, 2007 and references therein). At hydrothermal conditions, such bulky polymeric clusters are not 

expected to be stable due to increased thermal disorder and faster reaction rates at elevated temperatures 

favoring de-polymerization (e.g., Baes and Mesmer, 1976; Barnes, 1997). Mononuclear sulfide-type 

species, such as FeHS+ and FeS0, were also suggested to contribute to Fe isotope fractionation in near-

ambient H2S-rich solutions during FeS formation (Wu et al., 2012). Therefore, as a first approximation, a 

mononuclear type of species [Fe(HS–)x(S3
–)y(H2O)z], where x+y+z = 4 or 6, whose structures and -factors 

were generated in this study (Table 3, Fig. A.3) may be considered as a reasonable proxy for molecular 

mechanisms of FeS2 formation at elevated temperatures. Such species are expected to rapidly equilibrate, 

both chemically and isotopically, with the dominant aqueous FeCl2
0 complex in the fluid, and to transmit 

their resulting Fe isotope signatures, without fractionation, to the rapidly precipitating pyrite. 

To test this hypothesis, we compared the experimental 57Fefluid-pyrite values from our and Syverson 

et al.’s (2013) study with the 1000ln fractionation factors between the FeCl2(H2O)2
0 complex dominant in 

the fluid and a given Fe-S species (i.e. difference of their respective -factors). It can be seen in Fig. 5 that 

a number of possible Fe (poly)sulfide species in which Fe is generally 4-coordinated and in high-spin 

configuration (e.g., Fe(HS)2(H2O)2
0, Fe(HS)4

2–, Fe(HS)2(S3)2
2–) may indeed account for the observed fluid-

pyrite Fe isotope fractionation both in experiments at 450°C of this study and at 300–350°C in Syverson et 
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al.’s (2013) work, especially at early stages of fluid-pyrite isotope exchange reaction (<10 to 20 days). In 

contrast, for longer runs in Syverson et al. (2013) and for experiment m15 at 400°C in this study, the 

experimentally found fractionation (57Fefluid-pyrite ≈ –0.5±0.5‰, which is much closer to the equilibrium 

one (–1.25±0.25‰ on average, in the 300-450°C range) is better matched by species having 6-coordinated 

Fe in low-spin state (e.g., Fe(HS)2(S3)2(H2O)2
2–, Fe(HS)4(S3)2

4–). Remarkably, Fe in such type of species is 

similar, both structurally and electronically, to pyrite that has six-coordinated Fe in low-spin state (Fig. 

A.1). Such species likely develop at lower temperatures in more acidic and closer to S0-saturated conditions 

(300–400°C, Fig. C.3) compared to the higher-temperature S0-undersaturated systems (m14, 18 and 20 at 

450°C). Therefore, depending on the fluid composition, the formation of either low-spin or high-spin and 

6- or 4-coordinated aqueous Fe-(poly)sulfide precursors may adequately account for the large range of 

observed Fe isotope fractionations during pyrite formation. Interestingly, the experimental 57Fefluid-pyrite 

values at the termination of the first kinetic stage of the experiments positively correlate with the 

thermodynamically predicted concentrations of radical ions and fluid pH (Fig. C.3). Indeed, these 

parameters should obviously control the resulting Fe (poly)sulfide species abundance. The presence of the 

S3
•− ion, being a very reactive sulfur form itself due to an unpaired electron (Chivers and Elders, 2013), is 

further expected to favor rapid pyrite nucleation thus resulting in preferential enrichment of pyrite in light 

Fe isotopes, especially in solutions that have elevated radical ion concentrations (Fig. C.3). The exact 

identity and stability of the transient Fe (poly)sulfide species at a given temperature, fluid composition or 

acidity, is impossible to quantify solely by molecular modeling, and would require challenging in-situ 

spectroscopic approaches coupled with more systematic time-resolved Fe isotope data and space-resolved 

microanalyses of the growing pyrite crystals.

4.4. Mechanisms and rates of fluid-pyrite Fe isotope equilibration

The presently available experimental and theoretical dataset would be consistent with a two-stage 

mechanism with distinct kinetic patterns of Fe isotope equilibration between a saline hydrothermal fluid 

and pyrite (Fig. 8). The initial fast and short stage is controlled by transient (poly)sulfide aqueous species 

with Fe in low- or high-spin configuration that are in isotopic equilibrium with the dominant FeCl2(H2O)2
0 

complex in the fluid, characterized by a non-zero isotope fractionation factor 57Fe between the chloride 

and sulfide species. These sulfide species may be either 57Fe-depleted (in particular 4-coordinated and high-

spin) or 57Fe-enriched (e.g., 6-coordinated low-spin species) compared to FeCl2(H2O)2
0, but all of them are 

generally 57Fe-depleted relative to pyrite at equilibrium (Table 3). Upon fast pyrite nucleation, the mineral 

inherits those species isotope signature without fractionation, resulting in apparent isotope disequilibrium 

between the FeCl2-dominated fluid and pyrite. This disequilibrium may attain as much as 1.5‰ in 57Fe 

between 300 and 450°C yielding 57Fe-depleted pyrite. The degree of disequilibrium partly depends on the 

nature of the operating Fe-S aqueous precursor(s), which in turn may be function of various fluid 
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parameters (in particular pH and polysulfide ion abundance). This stage is followed by a slower and longer 

stage of pyrite isotope re-equilibration with the fluid. This second stage is required to describe the 

attainment of equilibrium and is expected to proceed by closer-to-equilibrium recrystallization and 

dissolution-precipitation processes with 57Fefluid-pyrite values tending towards the true equilibrium one. 

Even though the available 57Fe kinetic dataset is rather limited, it is strongly suggestive of the second 

slower stage in the longest runs of Syverson et al. (2013) and this study (350-2, 350-3, m20; Fig. 5a,b).

Using the available time-series 57Fe data (Tables 2 and C.1), the rate constants of Fe isotope 

exchange between fluid and pyrite for the two kinetic stages may be derived following a simple first-order 

rate law (e.g., Johnson et al., 2002; Syverson et al., 2017): 

log10(1–F) = –ri × t (11)

where t is the elapsed time, ri is the rate constant at each stage, and F is the extent of Fe isotope exchange 

relative to the equilibrium value:

F = (0
57Fe–t

57Fe) / (0
57Fe–eq

57Fe) (12)

where subscripts 0, t and eq stand for Fe isotope fractionation between fluid and pyrite at time zero, at a 

given moment, and at equilibrium, respectively. For the first stage, 0 was taken from the first sample after 

Fe injection in this and Syverson et al.’s (2013) study. For the second stage (when available), 0 was 

approximated by the apparent steady-state value reached after the first step (m20, Table 2, Fig. 5a) or by 

the last sample taken before the 57Fe kinetic pattern flattens (Table C.1 and Fig. 5b). The eq value for 

both steps was adopted as theoretical 1000lnFeCl2(H2O)2-pyrite calculated at each given temperature. It can be 

seen in Table C.2 and Fig. C.1 that the derived r1 values for the first step are remarkably similar and do not 

show any systematic trends (within reasonable uncertainties of 50%, as was roughly estimated from error 

bars on 57Fe values) among available experiments of this and previous studies (8 runs, 19 data points), 

with an average log10r1 value of –1.60±0.25 (in day-1). Similarly, a more limited dataset for the second step 

(3 runs, 7 data points) displays reasonably close r2 values, with an average log10r2 of –2.5±0.2. 

The consistency in the derived rate constants for very different experimental setups, solution 

compositions, and temperatures strongly supports a common universal two-stage mechanism of fluid-pyrite 

isotope exchange at hydrothermal conditions (Fig. 8). The first stage, controlled by [Fe-HS-Sn] type 

species, is potentially fast (e.g., according to the r1 value, <1 month would be required to reach 90% of Fe 

isotope equilibrium between pyrite and fluid), but is unlikely to go to completion due to very fast pyrite 

crystal precipitation that blocks the [Fe-HS-Sn] precursor action. The second stage of pyrite re-

crystallization takes the lead, and would require more than 1 year to reach 90% of isotope equilibrium, 

whereas only a few days are necessary for the fluid-pyrite chemical equilibrium to be attained. Therefore, 

Fe isotope fractionation patterns may record molecular mechanisms of mineral precipitation and 

recrystallization inaccessible by bulk chemical analyses. 

5. Geological significance
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Our experimental data at 400–450°C together with those published at 300–350°C (Syverson et al., 

2013, 2017) collectively demonstrate that even at such elevated temperatures, kinetic phenomena still 

control Fe isotope fractionation between aqueous saline fluid and pyrite as they do at lower, close-to-

ambient, temperatures. However, at high temperatures, these phenomena are likely to be driven by Fe 

(poly)sulfide aqueous species precursors, at least at the early stages of pyrite formation, rather than by an 

intermediate FeS-like phase, as suggested in lower temperature (<100°C) studies (e.g., Butler et al., 2005; 

Guilbaud et al., 2011; Wu et al., 2012; Mansor and Fantle, 2019). Depending on Fe magnetic spin and 

coordination, these species, whose exact identity and abundance await further studies, may lead to a 

variable degree of pyrite depletion in 57Fe relative to the Fe(II) chloride-bearing fluid, in contrast to the 

expected equilibrium fractionation which should produce 57Fe-enriched pyrite. By providing molecular 

mechanisms and the associated isotope exchange reaction rates, our data allow an in-depth interpretation of 

Fe isotope fractionation patterns in natural hydrothermal systems. 

For example, measurements of Fe isotope ratios between an Fe-bearing fluid and pyrite 

precipitating wherefrom at temperatures of 200–450°C in modern seafloor hydrothermal systems (black 

smokers) all over the world systematically show a significant enrichment of black smoker pyrite in the 

‘lighter’ isotope compared to the coexisting fluid (57Fefluid-pyrite ≈ +0.9 to +1.5‰; Beard et al., 2003; 

Rouxel et al., 2003, 2008; Bennett et al., 2009). Our experimental data and model are in agreement with 

such values, pointing to non-equilibrium isotope fractionation between pyrite and fluid driven by Fe-

(poly)sulfide aqueous precursors. Because of the extremely rapid pyrite precipitation rates from an Fe- and 

H2S-enriched fluid undergoing a temperature drop at the seafloor, it is very likely that this early pyrite 

retains the isotope signature of its aqueous (poly)sulfide precursors. Indeed, the pyrite bulk precipitation 

rates in our and other recent experiments are of an order of hours and thus comparable to those at the 

seafloor (Rouxel et al., 2008; Bennett et al., 2009). Instead, massive sulfides found in the subsurface 

oceanic crust, representing reworked remnants of older black smokers, show pyrite samples having lost 

their ‘light’ Fe isotope signatures as they re-crystallized and re-equilibrated with the fluid (Rouxel et al., 

2008). The rates of such re-equilibration, corresponding to the second stage of the model proposed in our 

study (Fig. 8), imply durations of at least a year to reach the fluid-pyrite isotope equilibrium (provided T 

and other fluid parameters do not significantly evolve). These durations are comparable to typical time 

spans of black-smokers activity (Hekinian et al., 1985).

In contrast, pyrites from ancient magmatic-hydrothermal porphyry Cu-Au-Mo, Sn-W, and 

associated skarn and epithermal deposits, characterized by saline fluids of similar Fe (chloride complexes), 

and S (coexistence of sulfate and sulfide) speciation to those from MOR, show distinctly ‘heavier’ 57Fe 

signatures (e.g., –0.3 to +1.5‰, Graham et al., 2004; +0.4 to +0.8‰, Li et al., 2018; +0.9 to +1.5‰, 

Wawryk and Foden, 2015). Such signatures would correspond to a 57Fefluid-pyrite value of –1.5‰, assuming 

that the magmatic-hydrothermal fluid had similar Fe isotope signature as those operating in MOR (e.g., 

Johnson et al., 2008). This assumption is also supported by the general constancy of the Fe isotope 
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composition of crustal magmatic rocks (57Fe = 0.10±0.03‰, Poitrasson et al., 2004, 2006). Thus, the 

negative 57Fefluid-pyrite values from magmatic-hydrothermal deposits are more consistent with an 

equilibrium Fe(aq)-pyrite fractionation estimated from theoretical calculations of this study and previous 

work (Blanchard et al., 2009; Hill et al., 2010; Rustad et al., 2010; Fuji et al., 2014; Polyakov et al., 2019). 

Such deposits, usually associated with hydrothermal activity in the proximity of intruded felsic magma 

bodies in volcanic arc environments, exhibit longer life durations (typically 10–100 ky) and lower T 

gradients, which are favorable for attainment of chemical and isotope equilibrium between fluid and 

minerals (Barnes, 1997; Graham et al., 2004). 

Nevertheless, recent more detailed and spatially resolved investigations of 57Fe signatures of 

pyrite from different ore mineralization stages or various mineral assemblages in hydrothermal deposits yet 

show a large variability (e.g., Wang et al., 2011; Li et al., 2018; Zhu et al., 2018), which often exceeds that 

of other coexisting Fe minerals (chalcopyrite, magnetite, pyrrhotite). This distinguishing feature of pyrite 

isotope systematics may, at least partly, be due to specific kinetic constraints acting on pyrite isotope 

exchange, by which other Fe sulfide minerals are much less affected (e.g., Polyakov et al., 2007). For 

example, the rates of Fe isotope equilibration between chalcopyrite and hydrothermal fluid measured at 

350°C (log10r = –0.99 day-1; Syverson et al., 2017) are at least 30 times faster than those of pyrite for the 

second kinetic stage, implying that only ~10 days would be required for precipitating chalcopyrite to reach 

Fe isotope equilibrium with the fluid. By contrast, the pyrite Fe isotope exchange rates derived in this study 

imply that mineralizing events shorter than 1 year, even at temperatures as high as 450°C, may record 

significant fluid-pyrite Fe isotope disequilibrium, whose extent is strongly dependent on the exact fluid 

composition and thus the identity of Fe-(poly)sulfide precursor species. Similar time-scale sulfur isotope 

disequilibria were reported between hydrothermal fluid and pyrite both in nature and laboratory (e.g., 

Syverson et al., 2015; Kokh et al., 2020), further highlighting strong kinetic controls and the complexity of 

molecular mechanisms of pyrite precipitation. Disentangling these fundamental molecular-level controls 

from other temporal and spatial changes in the fluid phase that all affect hydrothermal mineralization in a 

given natural context (such as different fluid pulses, T-P evolution, fluid composition changes, tectonic 

events), will require integrated studies, combining spatially-resolved Fe, S, and other elements isotope 

analyses in minerals (and, potentially, fluid inclusions) with more systematic laboratory experiments under 

controlled conditions, including in-situ spectroscopy, and coupled with molecular modeling approaches.

6. Concluding remarks

This study reports on direct experimental determinations of Fe isotope fractionation between 

hydrothermal fluid and pyrite over a wide salinity range and at the highest temperatures examined so far 

(400–450°C, 400–800 bar). Our experiments show a fast attainment, within hours to a few days, of bulk 

chemical equilibrium between the fluid and pyrite. They provide evidence for the dominant formation of 
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the aqueous ferrous iron di-chloride FeCl2(H2O)2
0 complex, which is the main carrier of Fe in natural 

hydrothermal fluids and vapors. However, this equilibrium is only “chemical” one because the measured 

57Fefluid-pyrite values for run durations up to 30 days exhibit a large variability depending on the system 

composition, but yet remain systematically higher, by 0.5–1.5‰, than the DFT-modeled isotope 

equilibrium fractionation factors between FeCl2(H2O)2
0 and pyrite. These differences provide evidence for 

significant Fe isotope disequilibrium between fluid and pyrite even at such elevated temperatures.

Combined with the revised and extended theoretical -factors of Fe sulfide minerals and aqueous 

species, along with previously available experimental work performed at lower temperatures (300-350°C), 

our results suggest a new universal two-step model of pyrite formation and isotope equilibration over the 

hydrothermal T-range. The first step, which includes an initial short-term involvement of the lighter Fe 

isotopes in the reaction of pyrite precipitation, is controlled by Fe (poly)sulfide aqueous species precursors. 

These species isotopically equilibrate with the fluid dominated by FeCl2(H2O)2
0 and transfer their isotope 

signature without fractionation to the rapidly precipitating pyrite. This signature depends on the exact 

identity of the precursor species, Fe electronic state (low or high spin) and coordination, leading to a large 

variability of the resulting 57Fefluid-pyrite values. This step is fast (<1 month would be enough to attain 90% 

of true fluid-pyrite Fe isotope equilibrium), but is blocked before reaching equilibrium owing to the 

continued pyrite growth thereby preserving the initially acquired 57Fefluid-pyrite value. This step is followed 

by a much slower second step of pyrite re-crystallization and re-equilibration with the fluid that should 

require on average about 1 year to attain isotope equilibrium.

The fluid-pyrite fractionation factors and exchange rates of Fe isotopes derived in this study are in 

agreement with those from active seafloor hydrothermal fields that are characterized by rapid pyrite 

precipitation rates and apparent Fe isotope disequilibrium leading to 57Fe-depleted pyrites relative to the 

fluid. Our model also accounts well for the generally 57Fe-enriched signatures of pyrite from magmatic-

hydrothermal deposits that have been formed by similar saline S-bearing fluids but over longer periods of 

time, sufficient to attain fluid-pyrite isotope equilibrium. Our results offer a new interpretation of Fe 

isotope variabilities in pyrite in terms of molecular-level kinetic control and the amplitude of isotope 

disequilibrium that may help better tracing relatively short-term mineralizing events inaccessible by 

traditional approaches.
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Figure 1. Sequence of the main experimental and analytical steps of this study to investigate Fe 
isotope fractionation during in-situ induced pyrite precipitation from hydrothermal fluid.
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Figure 2. Scanning electron microscopy microphotographs of pyrite after the precipitation 
experiments of this study (in backscattered, BE, or secondary, SE, electron modes). (A) A 
pyritohedron-habit (i.e. pentagonal faces, {201}) pyrite crystal with nano-sized gold particles 
precipitated on its faces in experiment m14 (SE); (B) a few large (10-20 m) pyrite crystals of mixed 
cubic {100} and octahedral {111} habit together with smaller particles agglomerated on native sulfur, 
which was deposited on cooling in m15 (BE); (C) and (D) variable-size (<1 m to 10 m) pyrite 
crystals of mixed pyritohedron-cubic habit in m18 (SE); (E) variable-size cubic and octahedral pyrite 
crystals composing the whole precipitated solid in m20 (BE); (F) a zoom on a large pyrite crystal (~50 
m) of predominantly cubic shape with remnants of octahedral (triangular-shape) faces in m20 (BE).
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Figure 3. Total aqueous Fe concentrations (red circles) as a function of time in the four precipitation 
experiments at the indicated conditions (see Table B.1 for numerical data). The green star shows the 
total concentration of Fe in the system right after the injection of a FeCl2 or FeSO4 aqueous solution 
into the Fe-free S-bearing fluid, after which Fe aqueous concentrations drop due to pyrite 
precipitation. The horizontal solid red line shows the steady-state Fe concentrations calculated as the 
average of measured concentrations that do not show systematic time-dependent trends. The 
horizontal dashed blue lines delimit the range of the FeCl2

0 complex concentrations (min and max) 
taking account of the associated uncertainties as calculated assuming chemical equilibrium with pyrite 
and using the thermodynamic data of aqueous FeII chloride species from Sverjensky et al. (1997), 
whereas the horizontal dashed gray line indicates possible mean concentrations of the FeCl4

2– complex 
that could be roughly estimated using its stability constants from Testemale et al. (2009). The 
concentrations of FeIII chloride species estimated according to equilibrium constants reported in 
Saunier et al. (2011) are less than 0.1 ppb Fe at the experimental conditions of this study.
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Figure 4. Iron isotope composition (in 57Fe relative to IRMM-014) of the initial injected Fe-bearing 
solution, the coexisting aqueous fluid, and pyrite as a function of time in the experiments of this study 
at indicated conditions. The 57Fe values of the fluid after pyrite precipitation (blue circles) were 
directly measured in the fluid samples; those of pyrite (brown squares) were derived using mass 
balance between the initial, sampled, and injected amounts of fluid and the measured 57Fefluid at each 
sampling step (see Table 2 for data and details).
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Figure 5. Iron isotope fractionation (expressed as 57Fefluid-pyrite) between hydrothermal fluid and pyrite 
measured in this work (A) and available previous studies indicated (B) as a function of time (symbols). 
For comparison are superimposed predicted fractionations between the dominant FeCl2(H2O)2

0 aqueous 
species and the indicated selected Fe sulfide aqueous complexes (dashed lines) and minerals (solid lines), 
expressed as the difference of the corresponding theoretical -factors at 450°C calculated in this study 
using DFT approaches (see eq. 8, section 2.4). Magnetic spin (hs = high, ls = low) is indicated for each 
aqueous Fe sulfide species. Mackinawite ord = ordered structure; Mackinawite dis = disordered structure. 
A two-stage kinetic pattern in the experimental 57Fe vs time is apparent for our runs in (A) (m14, m18, 
m20) and the longest runs in (B) (350-2 and 350-3), with a fast and short initial stage followed by a 
longer and slower second stage. Note that chemical fluid-pyrite equilibration (in terms of bulk aqueous Fe 
concentration) in Syverson et al.’s experiments was attained within <1 day, whereas isotopic equilibrium 
between the FeCl2-dominated fluid and pyrite was not reached even after 190 days of reaction. Note also 
that the calculated DFT values for the same species and minerals in (A) and (B) are shifted due to 
temperature differences.
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Figure 6. Equilibrium Fe isotope fractionation between the aqueous Fe(II) dichloride complex 
FeCl2(H2O)2

0 and pyrite at hydrothermal conditions (A), and between the aqueous Fe(H2O)6
2+ cation 

and mackinawite at ambient conditions (B). Experimental results (Syverson et al., 2013; Guilbaud et 
al., 2011; Wu et al., 2012) are compared with DFT theoretical predictions of this study. In (A) the 
solid theoretical curve (with its uncertainty margins shown by dotted lines) was obtained by 
combining the -factors of aqueous FeCl2(H2O)2

0 derived in this study and of pyrite from Blanchard et 
al. (2009). In (B) the solid theoretical curves (with their dotted error margins) were obtained by 
combining the calculated Fe2+ -factor with that of ordered and disordered mackinawite generated by 
DFT calculations of this study or of a mackinawite sample from the Mössbauer spectroscopy derived 
estimation of Polyakov and Soultanov (2011). An experimental value of fractionation factor between 
the FeHS+ aqueous complex and mackinawite (Wu et al., 2012) is also shown for comparison (B).
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Figure 7. Values of -factors of 57Fe/54Fe (in ‰) at 400°C as a function of the average bond length (in 
Å) between Fe and its first-shell ligands (L = O, Cl and/or S) in the indicated aqueous complexes and 
minerals with their respective Fe magnetic spins (ls=low, hs=high), calculated using quantum 
chemistry methods in this study. The dashed and dotted gray lines are linear regression through Fe 
high-spin species (lower trend) and low-spin species plus minerals (upper trend), respectively.
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Figure 8. Two-step mechanism of pyrite formation and equilibration between the mineral and 
hydrothermal fluid controlled by Fe(II) aqueous species, revealed by Fe isotopes in this study at 400–
450°C and from analyses of literature data in the T range of 300–450°C. Note the X-axis break at >50 
days to enable better visualization. The first, both short and fast (<10 days), step of pyrite precipitation 
(shown by the solid blue curve and its dotted extrapolation to longer durations) occurs via aqueous 
Fe(II) (poly)sulfide species precursors (e.g., those exemplified here) of stoichiometry, coordination 
and magnetic spin (low vs high) depending on the fluid composition. These species have Fe isotope 
signatures corresponding to equilibrium with the dominant Fe(II) di-chloride complex in the fluid. Due 
to fast formation, the resulting pyrite inherits the isotope composition of those S-bearing species. 
Depending of the exact precursor species, the resulting pyrite Fe isotope composition is generally by 
0.5 to 1.5‰ 57Fe-depleted than that corresponding to equilibrium fractionation between pyrite and the 
saline fluid dominated by the FeCl2(H2O)2

0 complex (indicated by horizontal arrow for the mean value 
between 300 and 450°C). The second, much slower and longer (100s to 1000 days), step of Fe isotope 
equilibration with the fluid (solid red curve broken at ~50 days and its dotted interpolation to shorter 
time) likely occurs through slower pyrite recrystallization and re-equilibration with the fluid and 
requires about 1 year to reach 90% of Fe isotope equilibrium even at such elevated temperatures.
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Table 1. Summary of the experiments conducted in this study and predicted chemical speciation in the aqueous fluid at equilibrium a.

Run/samples Experimental bulk aqueous system composition at each step 
(number of moles of substance per kg fluid, m)

T, 
°C

P mean, 
bar

duration 
of step, 

days

Injected 
aqueous 
solution

Fe phase
formed

pH b fO2 rel. 
HM c

SI (S0) d Cltot,
m

H2S,
m

SO2,
m

∑SO4,
m e

S3
•− + 

S2
•−,

m f
m14/1-3

m14/4-6

NaCl(1.50), KCl(0.51), NaOH(0.10), S(0.50), ZnS(0.013), 
CuS(0.015), QMAg

FeCl2(0.091), NaCl(1.17), KCl (0.39), NaOH(0.078), S(0.39), 
ZnS(0.01), CuS(0.01), QMA

450

450

624

614

18

7

-

FeCl2

-

pyrite

4.1

4.1

0.3

0.6

-0.45

-0.61

2.0

1.9

0.35

0.20

0.12

0.09

0.036

0.027

0.0094

0.0026

m15/1-3
m15/4-6

S(0.60)
FeSO4(0.069), S(0.48), NaCl(0.068), H2SO4(0.0008)

400
400

673
617

8
7

-
FeSO4

-
pyrite

2.5
2.7

1.2
1.5

0.071
-0.12

0
0.07

0.35
0.20

0.17
0.22

0.004
0.014

0.0008
0.0007

m18/1-2
m18/3-6
m18/7

m18/9-10
vapor-liquid

NaCl(0.96), KCl(1.00), NaOH(0.06), S (0.55), QMMg

FeSO4(0.045), NaCl(0.96), KCl(1.00), NaOH(0.05), S(0.49), QMM
FeSO4(0.036), NaCl(0.96), KCl(1.00), NaOH(0.04), S(0.38), 

ZnCl2(0.002), CuCl2(0.002), QMM
FeSO4(0.036), NaCl(0.96), KCl(1.00), NaOH(0.04), S(0.38), 

ZnCl2(0.002), CuCl2(0.002), QMM

450
450
450

450

746
731
747

410

6
13
3
-
5

-
FeSO4

NaCl-KCl

-

-
pyrite
pyrite

pyrite

4.8
4.8
4.8

-

0.3
0.5
0.5

-

-0.53
-0.62
-0.70

-

2.0
2.0
2.0

2.0

0.38
0.26
0.20

-

0.04
0.04
0.02

-

0.10
0.12
0.10

-

0.053
0.023
0.020

-

m20/1-4
m20/5-10

NaCl(0.050), S(0.54)
FeSO4(0.025), NaCl(0.05), S(0.51)

450
450

753
729

16
30

-
FeSO4

-
pyrite

3.5
3.6

0.5
0.6

-0.37
-0.43

0.05
0.05

0.36
0.29

0.17
0.19

0.005
0.006

0.0022
0.0016

error (1SD) - ±2 °C ±20 bar - - - ±0.1 ±0.1 ±0.03 ±2% ±5% ±10% ±10% ±50%

See Table B.1 for details on measured fluid chemical composition and Table 2 for Fe isotope composition.
a Calculated using thermodynamic properties of aqueous species discussed in section 2.3; Fe dominant species is predicted to be FeCl20.
b Calculated pH of the supercritical fluid at each step at indicated T-P-composition. For comparison, calculated pH of the neutrality point of water at indicated T-P (pH0) is in the range 5.7-6.3 (calculated 
as pH0 = a[H+] = a[OH-] = 0.5×log10Kw, where Kw = 1/(aH+×aOH-) is the water dissociation constant and a is H+ or OH- ion activity).
c Oxygen fugacity in the system (in log10 units) relative to that of the conventional Hematite-Magnetite (HM) mineral redox buffer.
d Sulfur saturation index SI (S0) = log10 (mS(i))/mSsat), where mS(i)) is molal concentration of dissolved sulfur at T-P-composition of step (i), and mSsat is the apparent saturation concentration for liquid 
sulfur at step (i). When SI>0, the fluid is saturated with S0 (liq) whose concentration in the system is reported instead of SI (in m15/1-3).
e Sum of sulfate-type species including SO4

2-, HSO4
- and their ion pairs with Na+ and K+.

f Concentrations of S3
•− (expressed in moles of S) are typically 10 times more than that of S2

•− at the given T-P-pH conditions.
g QMA and QMM are, respectively, Quartz-Muscovite-Andalusite and Quartz-Muscovite-Microcline mineral assemblages.
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Table 2. Iron isotope ratios (57Fe in ‰ relative to IRMM-014) in the coexisting hydrothermal fluid and pyrite, and fluid-pyrite 
fractionation factor (57Fefluid-pyrite, equation 7) derived in this study.
Experiment/sample days after 

injection
Fefluid 2SEa Fepyrite 2SEb % of Fe in 

pyrite
Fefluid-pyrite 2SEb

m14, injected Fe solution 0 0.477 0.075 - - - - -
4 0.9 0.908 0.079 -0.06 0.17 44.7 0.96 0.19
5 3.9 0.665 0.091 0.25 0.18 53.7 0.41 0.20
6 6.8 0.719 0.099 0.21 0.18 57.0 0.51 0.21

Apparent steady-state of stage 1 (5-6) 0.46 0.22
Pyrite recovered - - - 0.257 0.055 - - -
m15, injected Fe solution 0 0.987 0.066 - - - - -
4 0.8 0.730 0.064 1.12 0.11 66.6 -0.39 0.13
5 2.8 0.537 0.080 1.01 0.07 97.5 -0.48 0.11
6 5.8 0.443 0.075 1.02 0.07 97.5 -0.58 0.10
Pyrite recovered - - - 1.148 0.062 - - -
m18, injected Fe solution 0 0.987 0.048 - - - - -
3 0.8 1.498 0.059 0.59 0.12 56.5 0.90 0.13
4 2.8 1.381 0.042 0.77 0.10 68.2 0.61 0.11
5 9.0 1.557 0.032 0.81 0.08 81.2 0.75 0.09
6 12.9 1.624 0.044 0.79 0.08 82.5 0.84 0.09
7 15.9 1.453 0.068 0.75 0.08 76.4 0.71 0.10

Apparent steady-state of stage 1 (4-7) 0.72 0.14
9 vapor 21.0 1.434 0.042 - - 75.0 - -
9 liquid 21.0 1.307 0.092 - - 75.0 - -
Pyrite recovered - - - NA NA - - -
m20, injected Fe solution 0 0.949 0.084 - - - - -
5 1 1.607 0.040 0.83 0.10 84.2 0.78 0.11
6 6 1.414 0.025 0.85 0.10 86.1 0.57 0.10
7 10 1.187 0.112 0.89 0.09 93.8 0.29 0.14
8 16 1.395 0.039 0.90 0.09 97.5 0.50 0.10

Apparent steady state of stage 1 (6-8) 0.45 0.15
9 24 1.111 0.107 0.90 0.09 99.0 0.21 0.14
10 30 1.108 0.034 0.90 0.09 99.1 0.21 0.10
Pyrite recovered - - - 0.765 0.050 - - -
a Iron isotope composition (in 57Fe) in the sampled fluid and recovered pyrite and the associated standard error uncertainties defined at 95% probability level (2SE) 
are calculated from the number of analyses MS-ICPMS (n=4 to 6) and using the Student’s t-correction factors (Platzner, 1997). 
b The corresponding 57Fe values of precipitated pyrite at each sampling moment are derived using mass and isotope balance and its error (2SE) is estimated through 
error propagation (see Appendix C for details). Note a good agreement between the calculated 57Fe values of pyrite at the last sampling session and those directly 
measured in pyrite recovered after the experiment. NA = not available. ‘-‘ = not applicable.
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Table 3. Polynomial fits of 57Fe/54Fe -factors as a function of temperature for minerals and aqueous species, 
1000ln = ax + bx2 with x = 106/T2 (T in K), and tabulated 1000ln values at the temperatures relevant to this study.

Mineral or aqueous species Fe coordc magnetic 
spind

a b×10-3 25°C 300°C 400°C 450°C

Pyritea 6 l 1.2054 -4.09 13.05 3.63 2.64 2.29
Marcasite 6 l 1.2122 -4.14 13.13 3.65 2.66 2.30
Mackinawite 4 h 1.0636 -4.00 11.47 3.20 2.33 2.02
Mackinawite disorderedb 4 h 0.6182 -1.42 6.78 1.87 1.36 1.18
Troilite 6 h 0.6003 -1.22 6.60 1.82 1.32 1.14
Fe(H2O)6

2+ 6 h 0.6990 -3.16 7.47 2.10 1.53 1.33
FeCl(H2O)5

+ 6 h 0.6713 -3.00 7.18 2.02 1.47 1.27
FeCl2(H2O)4

0 6 h 0.6357 -2.64 6.82 1.91 1.39 1.21
FeCl2(H2O)2

0 4 h 0.6913 -3.17 7.38 2.08 1.51 1.31
FeCl3- 3 h 0.6339 -2.30 6.85 1.91 1.39 1.20
FeCl42- 4 h 0.4325 -0.79 4.77 1.31 0.95 0.82
Fe(HS)2(H2O)4

0 6 h 0.5431 -2.35 5.82 1.63 1.19 1.03
Fe(HS)2(H2O)2

0 4 h 0.6211 -2.78 6.64 1.87 1.36 1.18
Fe(HS)4

2- 4 h 0.4646 -1.18 5.08 1.40 1.02 0.88
Fe(HS)(S3)0 3 h 0.5341 -2.19 5.74 1.61 1.17 1.01
Fe(HS)2(S3)2

2- 4 h 0.5127 -1.37 5.60 1.55 1.13 0.98
Fe(HS)2(S3)2(H2O)2

2- 6 l 1.0636 -5.16 11.32 3.19 2.32 2.02
Fe(HS)4(S3)2

4- 6 l 0.8052 -2.68 8.73 2.43 1.76 1.53

a Pyrite -factors were taken from Blanchard et al. (2009) and correspond to the result obtained from the raw phonon 
frequencies (no scaling factor).
b Fe -factors of disordered mackinawite are a rough estimation made by applying a scaling factor to the DFT frequencies of 
crystalline mackinawite, and by using these corrected frequencies in equation (9) (see Appendix A for details).
c Fe nearest coordination, 4=tetrahedron, 6=octahedron, 3=triangle.
d l=low spin, h=high spin.
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