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[1] We assess the impact of high dust deposition rates on marine biota and atmospheric CO2 using a state-of-
the-art ocean biogeochemistry model and observations. Our model includes an explicit representation of two
groups of phytoplankton and colimitation by iron, silicate, and phosphate. When high dust deposition rates from
the Last Glacial Maximum (LGM) are used as input, our model shows an increase in the relative abundance of
diatoms in today’s iron-limited regions, causing a global increase in export production by 6% and an
atmospheric CO2 drawdown of 15 ppm. When the combined effects of changes in dust, temperature, ice cover,
and circulation are included, the model reproduces roughly our reconstruction of regional changes in export
production during the LGM based on several paleoceanographic indicators. In particular, the model reproduces
the latitudinal dipole in the Southern Ocean, driven in our simulations by the conjunction of dust, sea ice, and
circulation changes. In the North Pacific the limited open ocean data suggest that we correctly simulate the east-
west gradient in the open ocean, but more data are needed to confirm this result. From our model-data
comparison and from the timing of the dust record at Vostok, we argue that our model estimate of the role of dust
is realistic and that the maximum impact of high dust deposition on atmospheric CO2 must be <30
ppm. INDEX TERMS: 1615 Global Change: Biogeochemical processes (4805); 4255 Oceanography: General: Numerical modeling;

4267 Oceanography: General: Paleoceanography; KEYWORDS: Last Glacial Maximum, pCO2, ocean, biogeochemistry, dust, iron
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1. Introduction

[2] Air bubbles trapped in Antarctic ice reveal that
atmospheric PCO2 during peak glacial times, such as the
Last Glacial Maximum, was roughly 80–100 ppm lower
than the interglacial times value of 280 ppm [Barnola et al.,
1987]. Moreover, they show a tight correlation between
atmospheric PCO2 and temperature during the last four
glacial/interglacial cycles [Petit et al., 1999]. At the same
time, model calculations suggest that PCO2 variations play a
significant role in the energetics of glacial/interglacial
climate changes by amplifying the glaciations [Weaver et
al., 1998]. However, despite the clear importance of atmo-
spheric PCO2 variations for the glacial cycles, we have not
yet identified the cause of these variations and this question
has persisted for the last two decades.
[3] The turnover time of lithospheric carbon is too slow to

account for PCO2 changes over the glacial cycles and it has
been shown that the terrestrial biosphere released carbon
during glacial periods (the wrong direction to account for

lower glacial PCO2) [Shackleton, 1977]. Therefore the only
remaining candidate to explain atmospheric CO2 glacial-
interglacial changes is the ocean.
[4] One family of hypotheses to explain reduced atmo-

spheric CO2 during glacial times relies on physical mech-
anisms. The solubility of CO2 is increased at low
temperature. However, the magnitude of the glacial cooling
can account for only a small fraction of the observed PCO2

drawdown [Sigman and Boyle, 2000; Archer et al., 2000b].
Moreover, higher salinities during glacial times, through
reducing CO2 solubility, would partly cancel out the
temperature effect. Stephens and Keeling [2000] have
proposed that extended winter sea ice prevented outgassing
of CO2-rich water around Antarctica during glacial times,
but this mechanism requires much less vertical mixing at
low latitudes than is normally assumed [Archer et al.,
2000a].
[5] Another family of hypotheses invokes biogeochemi-

cal processes, through changes of the CaCO3 cycle and
changes in marine productivity. Either an increase in the
ocean inventory of major nutrients (PO4

3� and NO3
�)

[Broecker, 1982], or an increased utilization of surface
nutrients by marine ecosystems [Knox and McElroy, 1984;
Sarmiento and Toggweiler, 1984; Siegenthaler and Wenk,
1984] could have stimulated the oceanic biological pump
and thus reduced atmospheric PCO2 during glacial times.
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The observations that iron availability limits phytoplankton
growth in the ocean [Martin and Fitzwater, 1988; Coale et
al., 1996; Boyd et al., 2000] and that the supply of iron-
rich dust was increased during glacial periods [e.g., Rea,
1994; Petit et al., 1999] provide an indirect mechanism by
which dust and glacial-interglacial cycles of atmospheric
PCO2 are coupled: marine biota could potentially lower
atmospheric PCO2 in a dusty and iron-rich glacial climate
[Martin, 1990].
[6] Here we test this idea of the impact of iron fertiliza-

tion on ocean primary and export production. A similar
study by Watson et al. [2000] used a multibox model to test
the impact of iron fertilization on the Southern Ocean over
multiple glacial-interglacial cycles. Their results showed a
drawdown of atmospheric CO2 by 40 ppm. On the other
hand, Archer et al. [2000b], using an ocean general circu-
lation model with a more primitive biogeochemical cycle,
showed that the impact of iron fertilization resulted only in
an 8 ppm drawdown of atmospheric CO2. Here we use a
state-of-the-art ocean biogeochemistry model, which
includes an explicit representation of two groups of phyto-
plankton and colimitation by iron, silicate and phosphate
[Aumont et al., 2003]. This biogeochemical model was
embedded in an ocean general circulation model (OGCM),
and alternatively forced by glacial and interglacial fields of
atmospheric dust deposition [Mahowald et al., 1999], sea-
surface temperatures [CLIMAP, 1981], sea-ice cover [Crosta
et al., 1998a] and ocean circulation (L. Fleury and O. Marti,
personal communication, 2002). Glacial-interglacial
changes in marine productivity and in atmospheric PCO2

are simulated. In order to evaluate the reliability of our
results, we compare our simulated glacial-interglacial
changes in export production with observed glacial-inter-
glacial changes using a global compilation of paleoceano-
graphic indicators of export production archived in marine
sediments.

2. Method

2.1. Ocean Biogeochemistry Model

[7] We use the Pelagic Interactions Scheme for Carbon
and Ecosystem Studies (PISCES) ocean biogeochemistry
model. PISCES is based on the Hamburg Ocean Carbon
Cycle 5 (HAMOCC5) model [Aumont et al., 2003]. It
includes 3 nutrients, 2 phytoplanktons, 2 zooplanktons,
one detritus and semilabile dissolved organic matter. It
explicitly represents the colimitation of phytoplankton
growth by light and three distinct nutrients: phosphate, iron
and silicate (see Appendix A for Fe parameterization).
[8] The phytoplankton reservoir is split in two size

fractions corresponding to nanophytoplankton and diatoms.
Diatoms have two particularities: they require silicate to
build their shells and have a lower affinity than nano-
phytoplankton for nutrients because of their relatively low
surface to volume ratio. This lower affinity is modeled by
higher half-saturation constants for diatoms compared to
nanophytoplankton (Fe limitation, 0.12 nmol L�1 versus
0.02 nmol L�1, and PO4

3� limitation, 0.1 mmol L�1 versus
0.03 mmol L�1). Consequently, diatoms are favored in
regions where Fe or/and PO4

3� are high. Two sizes of
zooplankton (microplankton and mesozooplankton) are also

explicitly considered. This ecosystem representation enables
us to distinguish between a ‘‘large cells’’ loop (diatoms and
mesozooplankton) which exports carbon efficiently in the
intermediate and deep ocean (thus contributes to the export
production (EP)), and a ‘‘small cells’’ loop (nanophyto-
plankton and microzooplankton) which mostly leads to
regeneration of the primary production in the euphotic layer
(Figure 1).
[9] As a majority of CaCO3 is produced in the ocean by

coccolithophorid phytoplankton, a component of the nano-
phytoplankton, this ecosystem representation also enables us
to explicitly represent biogenic siliceous and carbonaceous
production through the diatoms/nondiatoms distinction. The
model also considers carbonate chemistry and air-sea gas
exchange of CO2.
[10] Our model does not include any sediment module or

any ocean-sediment interaction, and thus does not consider
seafloor CaCO3 burial/dissolution. As a result, these simu-
lations lack all processes implying an input/output budget
for alkalinity. Thus a fraction of the LGM-to-present CO2

response would be missing [Archer and Maier-Reimer,
1994].
[11] The PISCES model is embedded in an off-line tracer-

transport version of the Ocean Parallelisé (OPA) circulation
model [Madec et al., 1997]. Resolution averages 4� longi-
tude by 3� latitude with higher meridional resolution at the
equator (up to 1�). The vertical grid has 30 levels, 10 of
which are in the first 100 m. The deepest layer is 500 m
thick and reaches 5000 m depth. Effects of nonresolved sub
grid-scale movements are parameterized by horizontal and
vertical diffusion. The horizontal diffusivity coefficient is
constant everywhere at 2000 m�2 s�1 and the vertical

Figure 1. Main compartments of the PISCES ocean
biogeochemistry model highlighting the competition be-
tween the export production by diatoms and mesozooplank-
ton and the regenerated production by small phytoplankton
and microzooplankton.
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diffusivity coefficient is computed prognostically through-
out the water column, which allows the mixed layer depth to
vary in time and space [Blanke and Delecluse, 1993].

2.2. Forcing

2.2.1. Physics/Thermodynamic
[12] To force the tracer-transport model, we use monthly

mean fields of temperature, sea ice, oceanic circulation and
turbulence, both for present and Last Glacial Maximum
states. We use the circulation and turbulence fields comput-
ed using the OPA model (L. Fleury and O. Marti, personal
communication, 2002) for the present and LGM. The
control dynamical simulation (for present time) was forced
by climatological winds and fluxes [Hellermann and Rose-
nstein, 1983; Esbensen and Kushnir, 1981] and restored to
observed sea-surface temperatures and salinities. For the
LGM dynamical simulation, the forcing fields of winds and
fluxes were perturbed according to an LGM atmospheric
simulation [Pinot et al., 1999], and the SSTs, sea-ice fields
and SSSs were modified according to LGM reconstructions
(respectively, CLIMAP [1981] for the SSTs and sea ice,
Duplessy et al. [1991] for the SSSs). In the LGM simula-
tion, less deep water is formed in the North Atlantic (12 Sv
against 18 Sv in the control run) and the deep convection
zones are displaced toward the south. In the Southern
Ocean, deep convection zones are displaced toward lower
latitudes and vertical stratification highly increases south of
today’s polar front (�55�S) because of the large increase in
LGM sea-ice cover [CLIMAP, 1981].
[13] In addition to the dynamical fields described above,

we also use for the biogeochemical simulations the SST
estimations of Climate: Long-Range Investigation, Map-
ping, and Prediction (CLIMAP) Project Members (1981),
based on the abundance in the sediment of certain species of
planktonic microfossils. CLIMAP reconstructions indicate a
global mean cooling of 4�C for the glacial sea-surface
ocean, which would impact both marine productivity and
CO2 solubility. Because the magnitude of LGM tropical
cooling is still subject to controversy [e.g., Sonzogni et al.,
1998; Mix et al., 1999], we also use an alternative field in
which LGM tropical SSTs are cooled by an additional 4�C
compared to CLIMAP reconstructions. This additional
LGM SST field, the same as used by Archer et al.
[2000b], will enable us to evaluate the sensitivity of our
model’s response to the tropical SST cooling uncertainty.
[14] For the biogeochemical simulations, we also impose

a sea-ice reconstruction for the LGM around Antarctica
based on fossil plankton assemblages [Crosta et al., 1998a,
1998b]. This reconstruction suggests that wintertime Ant-
arctic sea ice extended to the modern Antarctic Polar Front
at the LGM, especially in the Atlantic and Indian sector of
the Southern Ocean. In summertime, Antarctic sea ice at the
LGM may not have been much more extensive than today.
2.2.2. Dust
[15] Stratigraphic records from ice caps [e.g., Petit et al.,

1999; Thompson, 2000], marine sediments [e.g., Koop-
mann, 1981; Ruddiman, 1997], and loess deposits [e.g.,
Kohfeld and Harrison, 2003] show that the dust content of
the atmosphere was massively increased during glacial
periods. Mahowald et al. [1999] have simulated those
glacial-interglacial changes using linked terrestrial bio-

sphere, dust source, and atmospheric transport models.
They obtain a 2.5-fold higher dust loading in the entire
atmosphere in LGM relative to present. The modeled LGM
dustiness depends on the expansion of unvegetated areas
caused by a combination of increased aridity and low
atmospheric CO2. In their simulation, dust deposition
increases by a factor of �2 over the ocean and �15 in
the Southern Ocean.
[16] Data validation suggests that this simulation

matches data fairly well, e.g., off NW Africa and in the
NW Pacific regions at the LGM (see discussions and
Mahowald et al. [1999]; Claquin et al. [2003]). However,
although few dust accumulation rate data from the South-
ern Hemisphere are available for validation, the overall
dust deposition in the Southern Hemisphere appears to be
too high at the LGM. For example, while data suggest that
dust deposition reaching the Tasman Sea are 3–8 fold
higher at the LGM, the Mahowald et al. [1999] simulation
suggests an LGM increase of 20 to 200 downwind of
Australia.
[17] The simulated monthly dust deposition maps of

Mahowald et al. [1999] for the present and for the LGM
are used to force the biogeochemical model. A constant iron
content of dust (3.5%), following Fung et al. [2000], and a
constant solubility for deposited iron (1%), inside the range
estimated by Jickells and Spokes [2001], are chosen.

2.3. Simulations

[18] Different biogeochemical simulations were carried
out for three hundred years each using simulated monthly
dust deposition maps of Mahowald et al. [1999] for the
present or for the LGM, simulated monthly ocean circula-
tion fields of Fleury and Marti (personal communication)
for the present or the LGM, reconstructed SSTs of CLIMAP
[1981] for the present and the LGM, and reconstructed sea-
ice cover of Crosta et al. [1998a] for the LGM. Compar-
isons of these simulations allow us to distinguish the
relative influence of each forcing field on marine produc-
tivity and atmospheric PCO2.
[19] Because of the relative high computer cost of these

simulations, only the simulation incorporating all effects
(LGM dust, SST from CLIMAP, sea ice and circulation)
was run more than 1000 years, i.e., almost to equilibrium.

2.4. Paleodata

[20] In order to assess the change in export production
(EP) from the marine record, we compiled several types of
paleodata on 123 cores from the literature (Table 1). Each
of these proxies has associated assumptions and problems
that can complicate its interpretation as a direct indicator
of export production. Our approach is to combine infor-
mation from multiple proxies wherever available in order
to minimize the uncertainties and assumptions associated
with just one data type. Given the difficulties of comparing
several different proxies, our assessment of changes in
export production remains qualitative. We only assess
whether the EP increased, decreased or remained the same
during the LGM compared to today. In instances where the
data do not agree we have used the dominant trend when
the majority of proxies agree, and keep it undetermined
otherwise.
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Table 1. Paleodata Table Indicating Name, Position, Dating, and Indication on LGM Export Compared to Present and Referencea

Core Latitude Longitude Depth Dating

Paleo Proxy

Referencea b c d e f g h i j

North Atlantic Ocean
PS2212-3 82.07 15.72 2550 d18O � WOL01
PS2138-1 81.53 30.60 995 d18O � WOL01
SU94-20bK 25.00 �16.00 1445 d18O + + MAR96;SIC00
SU94-20bK 25.02 �16.65 1445 d18O + + TER00;SIC00
SU94-11K 21.48 �17.95 1200 d18O � � TER00
GeoB 5559-2 31.65 �13.19 3178 d18O + + MOR02
GeoB 4216-1 30.63 �12.40 2324 d18O + + MOR02

Equatorial Atlantic Ocean
GeoB2910-1 4.85 �21.05 2700 d18O + + KAS01
GeoB1008-3 �6.58 10.31 3913 d18O + + + + RUT95;SCH97
GeoB1016-3 �11.77 11.68 3411 d18O + 0 + + MUE94;SCH97;HIN99

Western Equatorial Atlantic Ocean
GeoB1515-1 4.24 �43.67 3129 d18O � � RUH96
GeoB1523-1 3.83 �41.62 3292 d18O + � � RUH96;KAS01

South Atlantic Ocean
GeoB1712-4 �23.26 12.81 998 d18O + KIR99
GeoB1711-4 �23.32 12.38 1967 14C,d18O + KIR99
GeoB1710 �23.43 �11.70 2987 d18O + + + SCM97;HIN99
GeoB1214 �24.69 7.24 3210 d18O 0 SCH97;SCM97
RC15-94 �42.98 �20.85 3762 d18O + 0 + KUM95
V22-108 �43.18 �3.25 4171 d18O + + + 0 + KUM95;AND98
PS2082-1/3 �43.22 11.74 4661 d18O + 0 + + FRA00
PS2498-1 �44.17 �14.23 4610 + KOS96;FRA00
RC15-93 �46.10 �13.22 2714 d18O,14C + + + + KUM95
PS2499-5 �46.52 �15.33 3175 +/0 KOS96;FRA00
PS1754-1/2 �46.77 7.61 2476 d18O + + + FRA00
RC13-254 �48.57 �5.57 3636 d18O,14C + + + + + KUM95;AND98
PS1756-5/6 �48.73 6.71 3803 d18O,230Th + � + + FRA00
RC13-271 �51.98 4.52 3634 d18O + 0 + 0 KUM95
PS1768-8/6 �53.61 4.47 3298 d18O,14C + + + + FRA00
RC13-259 �53.88 �4.93 2677 d18O 0 � � � � KUM95
RC11-76 �54.38 �22.13 5229 � KUM95;AND98
PS1772-8/6 �55.46 1.16 4136 d18O � � 0 � FRA00
PS1575-1 �62.83 �43.33 3461 LC � � BON98
PS1821-6 �67.05 37.47 4027 LC � � BON98
PS1506-1 �68.72 �5.83 2426 LC � � BON98
PS2038-2 �69.35 6.29 1630 LC � � BON98
PS1648-1 �69.73 �6.52 2529 LC � � BON98
PS1375-3 �72.15 �17.10 1750 LC � � BON98

North Pacific Ocean
XP98-PC1 51.00 152.00 1107 14C � � SEK03
XP98-PC2 51.40 148.33 1258 14C � � SEK03
XP98-PC4 49.50 146.12 664 LC � � SEK03
GGC-15 48.17 151.347 1980 14C,d18O + + � KEI98;TER01
H3571 34.90 125.84 3571 d18O + + + KAW00
S2612 32.33 157.85 2612 d18O + + � KAW99b
ODP 887B 54.37 �148.45 3647 14C,d18O 0 MCD99
NH22P 21.52 �106.52 2025 14C,d18O � � GAN98
NH8P 22.39 �107.08 1018 14C,d18O 0 � GAN98
NH15P 22.07 �106.48 420 14C,d18O � � GAN98
ODP 1020 41.00 �126.43 3038 d18O � HER01
ODP 893 34.29 �120.04 575 14C,d18O � � HER01
ODP 1012 32.28 �118.38 1772 d18O � HER01
LPAZ 21P 22.99 �109.47 624 d18O � HER01

East Equatorial Pacific Ocean
GS7202-9 4.83 �89.32 3188 d18O � LOU99
RC11-210 1.82 �140.00 4420 ? ? ? REA91;LOU99
P6 0.87 �86.13 2712 14C + PED83
RC13-110 0.10 �95.65 3231 d18O + IKE00;LOU99
Y69-71 0.10 �86.48 2740 � LOU99
P2 �1.41 �92.98 3510 14C + PED83,88,91; LOU99
V19-28 �2.47 �84.48 2670 d18O + � LYL88;LOU99
ODP 846B �3.10 �90.82 3307 d18O � LOU99
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Table 1. (continued)

Core Latitude Longitude Depth Dating

Paleo Proxy

Referencea b c d e f g h i j

V19-29 �3.58 �83.93 3157 + BOY83;LOU99
Y71-9-101 �6.38 �106.94 3175 d18O + IKE00;LOU99
TT013-048 0.12 �139.74 4315 14C 0/� STE97
TT013-065 0.11 �139.74 4307 14C 0/� STE97
TT013-069 0.11 �139.72 4307 14C 0/� STE97
TT013-076 2.07 �140.15 4414 14C 0/� STE97
TT013-077 2.06 �140.15 4412 14C 0/� STE97
TT013-098 2.06 �140.14 4413 14C 0/� STE97
TT013-104 5.08 �139.64 4416 14C 0/� STE97
PC72 0.00 �140.00 na d18O 0 0 MAR01
ODP 680 �11.07 �78.08 252.5 d18O � WEF90

West Equatorial Pacific Ocean
SCS90-36 18.00 111.49 2050 14C,d18O � � � HUA97
NGC34/C2188 3.80 141.49 2188 d18O � � � KAW96
KH92-1-5cBX 3.53 141.86 2282 14C � + � OKH97
C4402 3.00 135.02 4402 d18O + + + KAW98
O3187 1.22 160.57 3187 d18O ? ? ? KAW99b

South Pacific Ocean
NGC100 �25.27 162.00 1299 d18O 0 KAW02
NGC99 �30.00 162.00 1158 d18O � KAW02
17748-2 �32.75 �72.03 2545 14C + + + + KLU01;HEB02
GeoB3302-1 �33.22 �72.09 1498 14C + + + + KLU01;HEB02
NGC98 �35.00 162.51 1338 d18O � KAW02
NGC97/LH3166 �35.50 161.00 3116 d18O ? ? ? KAW02;KAW99a,b
DSDP 594 �45.52 171.95 1204 + KOW97
TSP-2MC �48.13 146.90 2283 d18O,14C + IKE00
TSP-2PC �48.14 146.88 2321 d18O,14C 0 � + IKE00
TSP-3PC �48.56 146.41 2897 d18O + IKE00
ANTA91-8 �70.78 172.83 2383 230Th 0/� 0/� 0/� 0 CEC98
NB9802-3GC1 �66.13 �169.50 3232 d18O,14C 0 0 0 CHA03
NB9802-4GC1 �64.2 �170.08 2688 d18O,14C � 0 0 CHA03
NB9802-5GC1 �66.11 �169.74 2940 d18O,14C 0 � � � CHA03
NB9802-6PC1 �61.88 �169.98 3245 d 18O,14C � 0 0 � CHA03
E20-10 �60.22 �127.05 4474 d18O,14C 0 � CHA03
E11-2 �56.07 �115.09 3111 d18O,14C 0 � CHA03
E33-22 �54.93 �120.00 2744 d18O,14C 0 � CHA03

Equatorial Indian Ocean
74KL 14.32 52.38 3212 d18O � MAR01
MD900963 5.06 73.88 2446 d18O + + BEA00
GC4 �12.28 52.38 2069 + + + MUE00
GC5 �12.37 52.38 1462 + + + MUE00

South Indian Ocean
E49-21 �42.20 94.90 3328 na + � BAR98
RC11-120 �43.50 79.90 3193 d18O + + � BAR98
MD94-102 �43.50 79.80 3205 na + + + � BAR98
E49-19 �43.90 90.10 3069 na + BAR98
E45-29 �44.90 106.50 3863 na + BAR98
MD88-768 �45.80 82.90 3330 na 0/+ � BAR98
MD88-770 �46.00 96.50 3290 d18O + + � BAR98
MD88-769 �46.10 90.10 3420 d18O + + + � BAR98
MD88-767 �46.70 79.50 2920 na 0/� � BAR98
E49-23 �47.10 95.10 3206 na + � BAR98
MD88-771 �49.90 100.10 3310 na + � BAR98
MD88-772 �50.00 104.90 3240 na + + + � BAR98
KGL 01 �50.70 68.50 1648 na � � � BAR98
MD88-773 �52.90 109.90 2460 na � + � � BAR98
MD84-551 �55.00 73.27 2230 d18O � � � � PIC92;BAR98
MD84-787 �56.40 145.30 3020 na � � � � BAR98
MD88-788 �58.00 144.60 3740 na � � BAR98
MD84-540 �60.70 86.40 3964 na � � � BAR98
KR8830 �61.00 93.20 4300 na � � � BAR98
KR8814 �61.30 144.40 4200 na � BAR98
KR8815 �63.30 141.90 3880 na � � BAR98
KR8824 �63.80 116.40 2600 na � BAR98
MD88-791 �64.70 119.50 3150 na � + + BAR98
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[21] Direct sediment fluxes of biogenic components,
including organic carbon, biogenic opal, carbonate, and
biomarkers, all represent some balance between downward
fluxes, lateral fluxes, preservation and dissolution of these
components. Thus they are not direct representative of
export production.
[22] Indirect proxies such as radiogenic isotopes, biogenic

barium, authigenic uranium, and benthic foraminiferal
abundances all incorporate different assumptions but can
be used as organic carbon flux tracers in sediments. Radio-
genic proxies (e.g., 231Pa and 10Be), are scavenged by
particles in the water column and therefore are related to
biogenic and total particulate fluxes [Kumar et al., 1995].
However, they can be affected by extra particle scavenging
near continental margins, and preferential adsorption to
certain types of particles may affect their ability to record
export production exclusively [Frank et al., 2000]. Accu-
mulation of biogenic barium in marine sediments is posi-
tively related to organic carbon fluxes (specifically diatom
frustules), as barite forms during the decomposition of
planktonic marine organic matter [Paytan et al., 1996].
However, interpretation of barium depends on variable
ratios of barium to organic material, preservation problems
under reducing ocean water conditions, and regional vari-
ability in the lithogenic contribution to barium concentra-
tions [McManus et al., 1998]. Authigenic U is formed in
marine sediments during the degradation of organic mate-
rial, and thus is indirectly related to organic carbon fluxes
[Kumar et al., 1995]. However, it can also be influenced by
lateral fluxes of organic carbon during sediment focusing, as
well as low oxygen content of overlying bottom waters
[Frank et al., 2000]. The accumulation rates of benthic
foraminifera are also believed to increase in response to
high organic matter fluxes [Herguera, 1992, 2000]. How-
ever, interpretations can be complicated by lateral influxes
of carbon as well as poorly understood physiological
responses of benthic populations to temperature and re-
duced oxygen levels [Jorissen et al., 1992].
[23] In addition to preservation and dissolution processes,

the accumulation rate of all of these sedimentary compo-
nents can be affected by sediment redistribution processes
which enhance accumulation rates of materials by as much
as sixfold in the equatorial Pacific [Marcantonio et al.,
2001b], and 20-fold in the Southern Ocean [Francois et al.,
1993]. These problems can be circumvented by normalizing
fluxes to a proxy with a known water column production

rate and flux, such as 230Th [Bacon, 1984]. This procedure
improves the reliability of the export fluxes, and is used in
54 out of 123 sites.
[24] The age control for each site was taken from the

literature (indicated in Table 1). For the most part sites
depended on marine isotope stratigraphy. 32 sites used
radiocarbon control for their age models. Age model corre-
lations based on lithogenic or biostratigraphic information
alone were used on 7 sites [Bonn et al., 1998].

3. Modern Marine Biota

[25] A thorough comparison to nutrient and chlorophyll
data has been performed to validate the biogeochemical
scheme. Aumont et al. [2003] have shown that this biogeo-
chemical scheme is able to correctly simulate the main
characteristics of the ocean biogeochemistry. In particular,
the model reproduces the paradoxical high nutrient low
chlorophyll areas (equatorial Pacific, Southern Ocean,
North Pacific), where phytoplankton growth is iron-limited.
Furthermore, the model also predicts that phytoplankton
growth is limited by phosphate in the oligrophic gyres, and
that diatoms are specifically limited by silicate in the North
Atlantic and in some parts of the Southern Ocean [Aumont
et al., 2003]. According to this biogeochemical model,
upwelling and mixing constitute the major source of iron
for new production, with aeolian deposition only represent-
ing about a fourth of the demand for new iron [Aumont et
al., 2003].
[26] In the version used for this study, the simulated

annual net primary production for the modern global ocean
is 58.9 PgC y�1. This value is consistent with the most
recent estimates based on remote sensing (54–59 PgC y�1,
[Behrenfeld et al., 2001]). Simulated EP is 13.3 PgC
years�1 in the control simulation for the modern global
ocean. This estimate falls in the range of particulate organic
carbon (POC) export production estimated from observa-
tions (3.5–20 PgC y�1) [Berger and Wefer, 1991; Jahnke,
1996; Laws et al., 2000; Schlitzer, 2002] as well as that
from simulations with other global carbon cycle models
(8.5–15 PgC y�1) [e.g., Yamanaka and Tajika, 1996; Six
and Maier-Reimer, 1996; Aumont et al., 2002].
[27] Our zonal mean of export production is compared to

data-based estimates (Figure 2). Because of the sparseness
of direct flux measurements and the large uncertainties
associated with nondirect estimates, we have three of those

Note to Table 1
aThe different proxies used here are (see text for details on each proxy): a, 10Be; b, biogenic barite; c, biogenic opal; d, authigenic uranium; e, xs(Pa/Th)0;

f, organic carbon flux; g, carbonate; h, benthic foraminifera accumulation; i, coccolithophorids assemblage; and j, other biomarker accumulation. Authors
abbreviations in the reference column are: AND98 for Anderson et al. [1998], BAR98 for Bareille et al. [1998], BEA00 for Beaufort [2000], BON98 for
Bonn et al. [1998], BOY83 for Boyle [1983], CEC98 for Ceccaroni et al. [1998], CHA03 for Chase et al. [2003], FRA00 for Frank et al. [2000], GAN98
for Ganeshram and Pedersen [1998], HEB02 for Hebbeln et al. [2002], HER01 for Herbert et al. [2001], HIN99 for Hinrichs et al. [1999], HUA97 for
Huang et al. [1997], IKE00 for Ikehara et al. [2000], KAS01 for Kasten et al. [2001], KAW96 for Kawahata and Eguchi [1996], KAW98 for Kawahata et
al. [1998], KAW99a for Kawahata et al. [1999], KAW99b for Kawahata [1999], KAW00 for Kawahata et al. [2000], KAW02 for Kawahata [2002],
KEI98 for Keigwin [1998], KIR99 for Kirst et al. [1999], KLU01 for Klump et al. [2000], KOS96 for Koschmeider [1996], KUM95 for Kumar et al.
[1995], LOU99 for Loubere [1999], LYL88 for Lyle et al. [1988], MAR01 for Marcantonio et al. [2001a], MAR96 for Martinez et al. [1996], MCD99 for
McDonald et al. [1999], MOR02 for Moreno et al. [2002], MUE00 for Mueller and Opdyke [2000], MUE94 for Mueller et al. [1994], OKH97 for
Okhouchi et al. [1997], PED83 for Pedersen [1983], PED88 for Pedersen et al. [1988], PED91 for Pedersen et al. [1991], PIC92 for Pichon et al. [1992],
REA91 for Rea et al. [1991], RUH96 for Ruhlemann et al. [1996], RUT95 for Rutsch et al. [1995], SCH97 for Schneider et al. [1997], SCM97 for
Schmiedl and Mackensen [1997], SEK03 for Seki et al. (Reconstruction of paleoproductivity in the Sea of Okhotsk over the last 20 kyr, submitted to
Paleoceanography, 2003, hereinafter referred to as Seki et al., submitted manuscript, 2003), SIC00 for Sicre et al. [2000], STE97 for Stephens and Kadko
[1997], TER00 for Ternois et al. [2000], TER01 for Ternois et al. [2001], WEF90 for Wefer et al. [1990], and WOL01 for Wollenburg et al. [2001].
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estimates, two based on remote sensing of ocean color and
one on inverse modeling of oceanographic data. We first
exploit the primary production that was computed from the
CZCS ocean color archive [Antoine et al., 1996] and use a
simple algorithm [Berger and Wefer, 1991] to derive the
export production. Second, we use the export production
estimates from Laws et al. [2000], based on SeaWiFs ocean
color archive and a more complex algorithm to derive the
export production. Third, we use the export production
estimates from Schlitzer [2002], based on inverse modeling
of oceanographic (hydrographic, oxygen, nutrient, and
carbon) data. Given the large uncertainties associated with
such derivations and the differences between the data-based
estimates, export production simulated by our model is
generally consistent with those derived from observations
(Figure 2).
[28] Simulated rain ratio (the molar ratio of the downward

CaCO3 flux to the downward POC flux at the base of

euphotic layer) is 0.053 in our control simulation. This
number falls below the typical model-specified range of
0.15–0.25 [e.g., Aumont et al., 2002], but our model
prediction is consistent with a new estimate of the rain
ratio, based on observations of the vertical gradients of
alkalinity and nitrate, which indicates a global average of
0.06 ± 0.03 [Sarmiento et al., 2002].

4. Marine Biota at LGM

4.1. Simulated Dust Impact

4.1.1. Shift of Phytoplankton Assemblages
[29] When high dust deposition rates from the LGM are

used on modern ocean, surface iron concentration increases
everywhere in the ocean and drives a shift in the marine
phytoplankton assemblage from nanophytoplankton to dia-
toms (Figure 3a) in today’s iron-limited regions (North
Pacific, part of the Southern Ocean, equatorial Pacific). In
particular, the contribution of diatoms to the marine phyto-
plankton assemblage increases by 50% in the North Pacific,
by 30% off the Patagonian Plateau and west of Australia.
For the zonal mean (Figure 3a), the increase is general with
its maximum between 10 and 30% at 40�N–70�N and at
60�S–30�S. The differential response of diatoms and nano-
phytoplankton to an increase in sea-surface iron concen-
trations, and the changes of the phytoplankton ecosystem
that follows, is explained by the different half-saturation
constants that have been chosen for the two groups of
phytoplankton.
4.1.2. Production Changes
[30] This shift of species is responsible for major

changes in the regional patterns of export production
(EP) (Figure 3c) and for its global increase by 0.7 PgC y�1

(+6%) (Table 2). Globally, when LGM dust field is used,
EP is enhanced from 13.3 PgC y�1 to 14.1 PgC y�1.
Regionally, EP increases in areas where nanophytoplank-
ton are replaced by diatoms. The increase reaches +30–50
gC m�2 y�1 in the North Pacific, southwest of Australia
and off the Patagonian Plateau. In the equatorial Pacific,
EP also increases but this increase is balanced by a
reduction of EP north and south of the equatorial tongue.
In the same way, EP increase in the Benguela upwelling is
counterbalanced by a pronounced diminution westward
(�20 gC m�2 y�1).
[31] In parallel with the increase of export production

with LGM dust deposition, the total primary production
(PP) remains more or less constant (from 58.9 PgC y�1 for
modern dust deposition to 58.7 PgC y�1 in case of LGM
dust deposition). This decoupling between EP and PP can
be explained by the conjunction of two factors, an increase
in the export efficiency (e ratio, defined in the model as
the fraction of PP that is exported below 120 m) and an
increase in the oligotrophic gyres areas.
[32] 1. Export efficiency increases as diatoms export

carbon more efficiently than nanophytoplankton (they sink
more rapidly and are grazed less efficiently). Consequently,
the mean e ratio increases from 0.22 to 0.24 with higher
dust deposition and leads to an increased EP.
[33] 2. Oligotrophic areas increase because diatoms ex-

port macronutrients more efficiently in the productive
regions and thus waters advected toward the oligotrophic

Figure 2. (a) Particulate export production (EP) in the
control simulation (contours are every 25 gC m�2 y�1 and
shaded areas denote regions where EP > 50 gC m�2 y�1). (b)
Zonal mean of particulate export production (in gC m�2

y�1), simulated by our model (heavy solid line), estimated
from inverse modeling [Schlitzer, 2002] (dashed line) and
satellite-based (from Laws et al. [2000] (dotted line) and
from the CZCS ocean color archive and the Berger and Wefer
[1991] algorithm (thin solid line)).
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regions are more depleted in nutrients (Figure 3b). The
increase in oligotrophic areas reaches 9%, (from 1.69.1014

to 1.85.1014 m2) and is responsible for the slight decrease in
PP.
[34] The increased dust deposition also leads to changes

in biogenic silica and biogenic calcite productions. Whereas
the export production of siliceous tests is increased (+2%),
the export production of calcareous tests slightly diminishes
(�3%). In conjunction with increased export of organic
particles (POC) (+6%), the decreased biogenic calcite
production leads to a decreased rain ratio (the molar ratio
of the downward CaCO3 flux to the downward POC flux).
At 120 m, the rain ratio is decreased by 8% (from 0.053 to
0.048). Alkalinity distribution and CO2 fluxes are affected
by these changes (see section 5.1).

4.2. Other Effects: Temperature, Sea Ice, and
Circulation

[35] To compare our simulated changes in export pro-
duction to available paleodata, we use a simulation of the
LGM which combines the effects of changes in SSTs
[CLIMAP, 1981] without additional SST cooling in the
tropics), sea ice [Crosta et al., 1998a] and ocean circulation
(L. Fleury and O. Marti, OPA model) (Figures 4 and 5;
Table 3). The LGM-all effects simulation shows significant
differences from the LGM-dust only simulation. The mean
export production is reduced by 7% whereas it is increased
by 6% in the dust-only case (Table 3). Regional patterns of
changes in the LGM-all effects simulation are also quite
different from the dust-only case: export production strong-
ly decreases in the equatorial Pacific, decreases also south
of 50�S in the Southern Ocean and in the North Atlantic
(Figure 5).
[36] Additional simulations, taking into account each

mechanism individually (SSTs, sea ice and circulation)
enable us to analyze each effect separately (Figure 4). The
sum of all effects taken separately does not exactly match

Figure 4. Simulated impact of LGM dust deposition (solid
line), LGM circulation (dashed line), LGM SSTs (dotted
line), LGM Antarctic sea ice (dot-dashed line) and LGM all-
effects (heavy solid line) on export production (zonal annual
mean, in gC m�2 y�1). See text for details.

Figure 3. Simulated impact of dust deposition during the
LGM on changes in (a) the relative abundance of diatoms
during the LGM compared to modern marine biota
(contours are every 10%, shaded areas denote increased
relative abundance of diatoms during the LGM); (b) PO4

3�

concentrations in surface waters (contours are every 0.1
mmol l�1, shaded areas denote oligotrophic gyres in the
control simulation determined by PO3�

4 < 0.25 mmol l�1,
and black areas denote regions turning to oligotrophic areas
with LGM dust deposition); and (c) export production of
carbon at 120 m (contours every 10 gC m�2 y�1, shaded
areas denote increased EP during the LGM). On the right of
each map is added a zonal mean of the LGM relative to
present changes.

Table 2. Increase in Dust Deposition and Its Effects on Modern

Ocean Conditions

Modern Dust LGM Dust

Dust deposition, 109 mol years�1 265 465 (�1.75)
EP, PgC years�1 13.3 14.1 (+6%)
PP, PgC years�1 58.9 58.7 (�0.3%)
e ratio 0.22 0.24 (+8%)
P.CaCO3, PgC years�1 0.70 0.68 (�2%)
Rain ratio 0.053 0.048 (�8%)
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Figure 5. Export production (EP) for the LGM minus today. (a) The top panel shows whether the EP
increased (LGM > CTL), decreased (LGM < CTL), remained the same (LGM = CTL) or is undetermined
(LGM ? CTL) during the LGM compared to today (CTL for control). This information is based on our
analysis of various paleodata indicators (complete references of the data sources is given in Table 1). (b)
The bottom panel shows a comparison of simulated changes in export production (gC/m2/y) with the
paleoceanographic data. The simulated changes combine effects of LGM dust [Mahowald et al., 1999],
Antarctic sea ice [Crosta et al., 1998a], SSTs [CLIMAP, 1981], and circulation changes. See color version
of this figure at back of this issue.
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the LGM-all effects case because these processes are not
independent (Table 3).
[37] Sea-surface cooling leads to a slight reduction of

export production (�3%), located at middle and high
latitudes (Figure 4). Increased sea-ice cover in the Southern
Ocean also leads to a decrease of export production, but
almost negligible (�1%) at a global scale as summertime
Antarctic sea ice at LGM is taken to be very similar from
today’s sea ice [Crosta et al., 1998a].
[38] Circulation changes simulated with the OPA model

for the glacial conditions cause significant modifications of
export production (Figure 4). The global mean EP is
decreased by over 10% and this decrease is almost general
(Figure 4). In the Southern Ocean, export production is
mainly controlled by iron surface concentrations and our
simulation shows a decrease of those concentrations
(��0.1 nM) south of 50�S, following increased vertical
stratification and decreased mixing with iron-rich subsur-
face waters. In the equatorial Pacific, the upwelling intensity
is reduced for the LGM and leads to a strong decrease of
export production (Figure 4), mainly located on the edges of
the equatorial tongue. Those regional changes in EP due to
the LGM circulation are obvious in the LGM-all effects
simulation (Figure 5).

4.3. Comparison With Observed Changes in
Export Production

4.3.1. Southern Ocean
[39] Data from the South Pacific suggest little change or

slight decrease in export production [Chase et al., 2003].
However, data from the South Atlantic and Indian Oceans
clearly indicate a lower export production south of the
modern-day Polar Front, and higher export between approx-
imately 53.5�S and 40�S [Anderson et al., 1998; Bareille et
al., 1998; Bonn et al., 1998; Frank et al., 2000; Kumar et al.,
1995]. The model reproduces this dipole, which is driven in
our model both by changes in dust deposition and circula-
tion. However, the position of this dipole is displaced to the
south in the Atlantic basin, to the north in the Indian basin. A

possible cause for the shift in latitude in the Atlantic basin is
that the glacial-interglacial change in dust deposition simu-
lated by Mahowald et al. [1999] may be too large.
4.3.2. Upwelling Regions
[40] In the upwelling regions of west Africa (6�S to 25�S)

[Schneider et al., 1995, 1997; Kasten et al., 2001; Rutsch et
al., 1995] and South America (35�S) [Klump et al., 2000;
Hebbeln et al., 2002], the data indicate an increase in export
which is not reproduced by the model. The model/data
discrepancy may be due to the fact that the upwelling regime
is not well reproduced there mainly because of the coarse
resolution of our model. Furthermore, west Africa is also
influenced by increases in fluvial input from the Zaire River
which could regionally increase the nutrient and silica supply
[Schneider et al., 1995], a process that is not simulated.
4.3.3. Equatorial Pacific
[41] In the equatorial Pacific, assessment of changes in

export production from paleodata are more ambiguous,
primarily because of sediment redistribution. For example,
along 140�E, data that have not been normalized using
230Th suggest higher productivity [Paytan et al., 1996]
while 230Th-normalized data, which correct for sediment
redistribution, suggest that glacial export production was
slightly lower or unchanged compared with today [Stephens
and Kadko, 1997; Marcantonio et al., 2001a]. The latter
data suggest that the sign of the change in the model in the
central equatorial Pacific is correct, but the magnitude of the
changes cannot be verified. In addition, the model shows
large differences between the eastern equatorial Pacific
where EP is higher at LGM, and the western and central
equatorial Pacific where EP is strongly reduced under LGM
conditions. Such differences are again explained by the
conjunction of dust and circulation changes: higher LGM
dust deposition causes an increase of EP in the eastern part
of the basin and also leads to decreased EP elsewhere in the
equatorial Pacific because of the decrease of nutrients
advected from the upwelling zone toward the edges of the
equatorial tongue. Because the intensity of the simulated
equatorial upwelling is decreased at the LGM, simulated
circulation changes drive a reduction of EP in the western
and central part of the basin. This decrease accounts for a
large part of the global EP reduction simulated by the model
(Table 3). More data (and more data that is regionally
consistent, e.g., in the eastern equatorial Pacific) are needed
to determine if the simulated processes are realistic.
4.3.4. North Pacific
[42] The model results suggest a strong east-west gradient

in EP at the LGM. Some of the N. Pacific data support this
pattern: data show glacial increases in EP in the midlatitude
NW Pacific [Kawahata, 1999; Kawahata et al., 2000], little
or no change in the Gulf of Alaska [McDonald et al., 1999];
and decreases in EP on the west coast of North America
[Herbert et al., 2001]. The major exception to this pattern is
observed in the Sea of Okhotsk [Ternois et al., 2001; Seki et
al., 2003; Seki et al., submitted manuscript, 2003], where
EP was consistently lower at the LGM compared with
today. The authors suggest that decreases in productivity
resulted from a more extensive sea ice coverage and surface
water stratification. In the model, the east-west dipole is
entirely driven by higher dust deposition rates. The little or

Table 3. Effect of LGM Conditions on Export Production and

Atmospheric PCO2

EP,
PgC Years�1

Percent
Changes in EP

PCO2

Changes, ppm

Control 13.3 - -
Dust 14.1 +6 �15 (+3/�39)a

Circulation 12.0 �12 �3
Sea ice 13.25 �1 +1 (+1)b

Temperature 13.0 �3 �22 (�28)c

Salinity 13.3 � +6
All effectsd 12.5 (�7) �32

aThe numbers in parenthesis correspond to additional sensitivity tests: the
first one uses no iron deposition from the atmosphere, the second one
prescribes an iron-saturated surface ocean.

bThe number in parenthesis corresponds to an additional sensitivity test
in which LGM sea-ice cover was set all year-round to its winter value.

cThe number in parenthesis corresponds to an additional sensitivity test
in which LGM tropical SSTs are cooled by an additional 4� compared to
CLIMAP reconstructions.

dThe LGM all-effects simulation includes the combined effects of dust,
temperature (without additional SST cooling in the tropics), salinity, ice
cover and circulation.
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no change in the Gulf of Alaska coupled with the Sea of
Okhotsk data suggests that this simulated increase in EP at
the LGM may be too high, and that some physical processes
(such as extended sea ice in the Sea of Okhotsk) is missing
from this simulation. Additional EP data from the open
ocean North Pacific is required to solidly confirm this result.
4.3.5. North Atlantic
[43] Interpretation of changes in paleoexport production

in the North Atlantic region are complicated by a large
glacial influx of ice-rafted detrital material [Manighetti and
McCave, 1995], which could account for more than 80% of
the organic carbon accumulating in this region [Villanueva
et al., 1997]. Two points from the high Arctic region, based
on benthic foraminiferal abundances [Wollenburg et al.,
2001], suggest that productivity in this region was lower,
in keeping with the simulation.
[44] In summary, when the combined effects of changes

in dust, temperature, ice cover and circulation are included,
the model reproduces roughly our reconstruction of regional
changes in export production during the LGM (Figure 5). In
particular, the model reproduces the latitudinal dipole in the
Southern Ocean, driven in our simulations by the conjunc-
tion of dust, sea ice and circulation changes. In the N.
Pacific, the limited open ocean data suggest that we cor-
rectly simulate the east-west gradient in the open ocean, but
more data are needed to confirm this result.

5. Atmospheric CO2 at LGM

5.1. Simulated Dust Impact

[45] When the high dust deposition rates from the LGM
are used as input, our model shows an atmospheric PCO2

drawdown of 15 ppm (Figure 6). Two mechanisms explain
this drawdown: (1) the global increase of export production
(+6%) strengthens the biological pump. Once fixed in the
euphotic zone, carbon is more efficiently transferred into the
deep ocean and taken away from the air-sea interface. (2)
The decrease in rain ratio (�8%) increases alkalinity in sea
surface waters (+8 meq L�1 for the global mean), which leads
to a net CO2 sink. Simple calculations show that this effect
accounts for more than half (�8 ppm) of the total impact.
[46] However, large uncertainties remain, in particular

regarding the oceanic circulation and the sensitivity of the
model to changes in high latitudes [Archer et al., 2000a], the
possible iron fertilization of the N-fixers in the tropical
regions [Falkowski, 1997], and the iron cycle itself (varia-
tions in the solubility of dust, ligands and scavenging). To
estimate the maximum effect of changes in dust deposition
on CO2 in our model, two extreme sensitivity tests were
performed. The first test uses no iron deposition from the
atmosphere and shows an increase of 3 ppm. This result
illustrates the fact that aeolian deposition contributes only a
little to the new/export production (see section 3). The
second test prescribes an iron-saturated surface ocean and
shows a decrease of 39 ppm, for a total extreme range of
42 ppm (Figure 6).
[47] Our best estimation (�15 ppm) for dust impact on

atmospheric PCO2 lies between Archer et al. [2000b] and
Watson et al. [2000] estimations. In the model used by
Archer et al. [2000b], phytoplankton speciation is not
considered. Higher dust deposition rates stimulate both

organic matter and biogenic calcite productions and do not
affect the rain ratio. Their simulated impact is half as large as
the one we model. Watson et al. [2000] model is based on
a 2-D oceanic dynamical model but explicitly represents two
types of phytoplankton (siliceous and nonsiliceous) in a
similar way to what we have in our model. They simulate a
40 ppm drawdown in response to LGM higher deposition
rates. The lower value we simulate may be explained by the
fact that most of the iron utilized by phytoplankton in our
model comes from the ocean’s interior (by mixing with iron-
rich subsurface waters) and not from atmospheric dust
deposition [Aumont et al., 2003]. The question of the
opposition between ‘‘iron-from-below’’ and ‘‘iron-from-
above,’’ even in today’s ocean, is still open to debate [Aumont
et al., 2003; Archer and Johnson, 2000; Fung et al., 2000;
Moore et al., 2002]. It is a key question of the iron oceanic
cycle and for its changes over glacial-interglacial periods.
[48] Also based on higher iron supply during glacial

times, another mechanism has been proposed by [Brzezinski
et al., 2002]. Because addition of iron dramatically lowers
diatom Si/N or Si/C uptake ratios [e.g., Takeda, 1998],
Brzezinski et al. [2002] propose that higher iron supply
during glacial times would drive the Antarctic toward
N-depletion with excess silicate remaining in surface waters.
They postulate that the glacial silicate-rich water may have
been transported to the subtropics, favoring diatoms growth
there and lowering glacial atmospheric PCO2 by as much as
30–50 ppm [Matsumoto et al., 2002]. In our model, we
explicitly take into account the dependency of diatom Si/C
uptake ratio to iron concentration [Aumont et al., 2003].
However, the mechanism mentioned above has no effect on
atmospheric PCO2 in our simulation, certainly because we
clearly underestimate Si-limitation in today’s ocean [Aumont
et al., 2003].

5.2. Ice Cores Indications

[49] To assess the potential impact of dust on atmospheric
CO2 using available data, we examine Vostok records of

Figure 6. Dust impact on atmospheric CO2 for different
simulations: no atmospheric dust deposition, modern dust
from Mahowald et al. [1999], LGM dust from Mahowald et
al. [1999], iron-saturated ocean.
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CO2 and dust concentration [Petit et al., 1999] and GRIP
record of calcium concentration [Fuhrer et al., 1993]
(Figure 7).
[50] Each time when dust concentration is >0.15 ppm

(gray bands on Figure 7), Vostok CO2 record shows a
gradual decrease from around 220 ppm to reach its full
glacial value around 190 ppm. This suggests that dust
deposition over the ocean may indeed affect atmospheric
PCO2, but with a maximum effect of about 30 ppm,
consistent with the model results.

5.3. Other Effects and Uncertainties

[51] With the LGM all-effects simulation, we combine the
impact of SST cooling, increase in sea-ice cover and dust
deposition and circulation changes on atmospheric PCO2.
After more than 1000 years of simulation, the equilibrium is
almost achieved and the total effect on atmospheric PCO2

reaches a 30 ppm decrease.
[52] Additional simulations, taking into account each

mechanism individually (dust, SSTs, sea surface salinity,
sea ice and circulation) enable us to analyze each effect
separately and to find the major contributors to the 30 ppm
decrease.
[53] As mentioned above, LGM dust input is responsible

for half of the decrease (��15 ppm). However, a first source
of uncertainty is the estimated dust reaching the ocean surface
at the modern and LGM time periods, both taken from
Mahowald et al. [1999]. As discussed in section 2.2.2, data
validation suggests that this simulation matches data fairly
well. However, the overall dust deposition in the Southern
Hemisphere appears to be too high at the LGM. However,
counterbalancing these too high deposition rates is our use of
low values for the solubility of Fe in the ocean. We have used
the lowest value in the range of published values (1–10%;

Fung et al. [2000]). It has recently be suggested that the
solubility of Fe in dust is likely higher than 1%.
[54] Changes in circulation do not affect atmospheric

PCO2 significantly (see Table 3), most likely because two
opposing mechanisms come into play: (1) circulations
changes (vertical mixing, upwelling) affect the transport
of dissolved inorganic carbon and alkalinity from the
subsurface to the surface ocean, (2) but they also modify
export production of organic matter and calcite from the
surface ocean to intermediate and deep waters, via changes
in nutrient supply (see section 3.3). For example, the
decrease in the efficiency of the biological pump, driven
by LGM circulation changes (the export production of
organic matter decreases from 13.3 to 12 PgC y�1) is
counter-balanced by a reduction of vertical mixing of
surface waters with subsurface DIC-rich waters.
[55] Though identified as the potential driver for the LGM

low CO2 level [Stephens and Keeling, 2000], LGM increase
in sea-ice cover does not change atmospheric PCO2 in our
simulations. The reasons for the differences of our study
from the Stephens and Keeling [2000] study are threefold.
First, Stephens and Keeling [2000] prescribe an annual
increase of Antarctic sea-ice cover whereas we take into
account the changes in the seasonal cycle of the sea-ice cover
as estimated by Crosta et al. [1998a]. However, an addi-
tional simulation, in which we prescribe Antarctic sea-ice
cover at its winter maximum value, does not show any
difference with the sea-ice seasonal-explicit simulation
(Table 3). Second, oceanic circulation is very different in
our oceanic general circulation model and in their box
model, in particular in the Southern Ocean. Third, explicit
representation of diffusion in all OGCM prevents any
burying of CO2 in the deep ocean as simulated by box
models [Archer et al., 2000a]. The fundamental behavior of
box models and OGCM regarding the vertical transport of
carbon was highlighted recently [Toggweiler, 1999; Archer
et al., 2000a]. The fact that changes in ice cover in our model
leads to nearly no change in atmospheric CO2 whereas that
of Stephens and Keeling [2000] leads to 80 ppm is another
indication that major research is needed in this field.
[56] Concerning the effect of changes in sea-surface

temperatures and salinities, our results are consistent with
previous studies and estimates [Archer et al., 2000b; Sigman
and Boyle, 2000]. SST cooling reduces atmospheric PCO2

by 22 ppm (by 28 ppm when the tropical SST are cooled by
an additional 4�C), and the estimated increase in SSS
increases atmospheric PCO2 by 8 ppm. In summary, our
30 ppm decrease is caused by (1) SST cooling and (2) iron
fertilization of marine ecosystems.
[57] However, the simulated 30 ppm decrease is still far

away from the observed 80 ppm (100–120 ppm if we take
into account an LGM outgassing of 270–720 PgC [Bird et
al., 1994] by the land biosphere and the partial reabsorption
by the ocean) and leaves more than 50 ppm to explain.
Missing processes and/or systematic errors concerning
aspects of our simulations may explain the discrepancy.
Three main reasons have been identified. The first one
concerns changes in the oceanic nitrogen budget, identified
as a potential driver of LGM low atmospheric PCO2 and not
represented in our simulations. Increasing the glacial NO3

�

Figure 7. (top) Dust concentration from Vostok (solid
line) and calcium concentration from GRIP (dashed line)
[Petit et al., 1999; Fuhrer et al., 1993], (bottom) CO2 from
Vostok [Petit et al., 1999]. Gray bands denote time periods
when Vostok dust concentrations are above a threshold
value (i.e., 0.15 ppm).
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inventory beyond PO4
3� limitation, through iron fertilization

of N-fixation [Falkowski, 1997] or changes in denitrifica-
tion rates [Ganeshram et al., 2002], and assuming that the
Redfield ratio of N/P of phytoplankton was higher during
glacial periods, would further lead to lower atmospheric
PCO2. The second family of missing processes concerns
changes in the alkalinity budget of the ocean [Archer and
Maier-Reimer, 1994]. Any imbalance between CaCO3 buri-
al in the sediment and weathering on land would act to
change the alkalinity budget and would impact atmospheric
PCO2. Third, one strong bias of our simulations is that
ocean general circulation models used for simulating the
ocean carbon cycle may be more diffusive than the real
ocean. That would lead to underestimate the PCO2 sensi-
tivity to the biological pump as demonstrated by Archer et
al. [2000a].

6. Conclusion

[58] We have constructed a global map of changes in
export production during the LGM based on a compilation
of several different paleoceanographic indicators. This map
gives a strong constraint with which models can be evalu-
ated. Our model-data comparison is encouraging, especially
in the Southern Ocean and possibly also in the North
Pacific, where the model qualitatively reproduces increases
and decreases in export production. Nevertheless this com-
parison leaves room for changes in export production that
are not caused by dust changes because of a lack of spatial
coverage of the data. In addition, changes in magnitude are
not constrained because data are essentially qualitative.
[59] Using on the one hand a compilation of paleopro-

ductivity based on different proxies, and on the other hand
phasing information between the ice core records of CO2

and dust content for the last 4 glacial-interglacial cycles, we
argue that the amplitude of our simulated CO2 drawdown
associated with high dust input is realistic and that the
maximum impact of dust must be <30 ppm.

Appendix A: Fe Cycle in PISCES

[60] Here we recall the main characteristics of the param-
eterization of the iron cycle in PISCES. A more detailed
description can be found in the work of Aumont et al.
[2003].
[61] The approach used in PISCES is based on several

assumptions. First, all the dissolved iron in seawater is

supposed to be bioavailable, thus no distinction is made
between the different forms of dissolved iron.
[62] Second, to account for Fe scavenging, the simple

numerical model proposed by Johnson et al. [1997] is used.
The relative constancy of deep water concentrations of Fe
(around 0.6 nM) suggests that the scavenging rates of iron
should strongly decrease for concentrations below the 0.6
nM limit [Johnson et al., 1997]. Thus the following formu-
lation for scavenging is used:

Scavenging ¼ lscav max 0; Fe� 0:6nMð Þð Þ; ðA1Þ

where Fe is the iron concentration in nM and lscav the
scavenging rate, computed as a linear function of the
particle load of seawater to mimic the role of adsorption
onto particles.
[63] Third, net production, exudation by phytoplankton

and excretion by zooplankton affect dissolved iron concen-
trations through the use of an iron-to-carbon ratio (Fe/C ).
For all species except diatoms, a constant Fe/C is used. For
diatoms, observations have shown that iron requirement for
photosynthesis varies with iron availability and light level
[Sunda and Huntsman, 1997]. Based on those considera-
tions, an empirical relationship has been chosen to compute
the Fe/C ratio for diatoms as a function of light and Fe
concentration. Finally, the last strong assumption is that
particulate organic iron is exported and remineralized at the
same sinking speed and rate than particulate organic carbon.
[64] As external Fe sources, we only consider atmospher-

ic deposition. The monthly dust deposition maps of Maho-
wald et al. [1999] (for the present and for the LGM) are
used. A constant iron content of dust (3.5%), following
Fung et al. [2000], and a constant solubility for deposited
iron (1%), inside the range estimated by Jickells and Spokes
[2001], are chosen.
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Figure 5. Export production (EP) for the LGM minus today. (a) The top panel shows whether the EP
increased (LGM > CTL), decreased (LGM < CTL), remained the same (LGM = CTL) or is undetermined
(LGM ? CTL) during the LGM compared to today (CTL for control). This information is based on our
analysis of various paleodata indicators (complete references of the data sources is given in Table 1). (b)
The bottom panel shows a comparison of simulated changes in export production (gC/m2/y) with the
paleoceanographic data. The simulated changes combine effects of LGM dust [Mahowald et al., 1999],
Antarctic sea ice [Crosta et al., 1998a], SSTs [CLIMAP, 1981], and circulation changes.
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