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(<=140 characters)

1. Rain evaporation enriches the tropospheric water vapor more if more snow sublimates before melting and
more rain evaporates.

2. Entrainment of dry air reduces the vertical isotopic gradient and limits the tropospheric depletion of water
vapor.

3. These mechanisms explain the increased depletion of tropospheric water vapor as tropospheric relative hu-
midity increases.

Abstract

(<=250 words)

The goal of this study is twofold. First, we aim at developing a simple model as an interpretative framework
for the water vapor isotopic variations in the tropical troposphere over the ocean. We use large-eddy simulations
to justify the underlying assumptions of this simple model, to constrain its input parameters and to evaluate its
results. Second, we aim at interpreting the depletion of the water vapor isotopic composition in the lower and mid-
troposphere as precipitation increases, which is salient features in tropical oceanic observations. This constitutes
a stringent test on the relevance of our interpretative framework. Previous studies, based on observations or
models with parameterized convection, have highlighted the roles of deep convective and meso-scale downdrafts,
rain evaporation, rain-vapor diffusive exchanges and mixing processes.

The interpretative framework that we develop is a two-column model representing the net ascent in clouds and
the subsiding environment. We show that the mechanisms for depleting the troposphere when precipitation rate
is larger all stem from the higher tropospheric relative humidity. First, when the relative humidity is larger, less
snow sublimates before melting and a smaller fraction of rain evaporates. Both effects lead to more depleted rain
evaporation and eventually more depleted water vapor. This mechanism dominates in regimes of large-scale ascent.
Second, the entrainment of dry air into clouds reduces the vertical isotopic gradient and limits the tropospheric
depletion of water vapor. This mechanism dominates in regimes of large-scale descent.
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1 Introduction

1.1 Looking for an interpretative framework for water vapor isotopic profiles

The isotopic composition of water vapor (e.g. its Deuterium content, commonly expressed as D = (R/Rspow — 1)%
1000 in %o, where R is the ratio of Deuterium over Hydrogen atoms in the water, and SMOW is the Standard Mean
Ocean Water reference) evolves along the water cycle as phase changes are associated with isotopic fractiona-
tion. Consequently the isotopic composition of precipitation recorded in paleoclimate archives has significantly
contributed to the reconstruction of past hydrological changes ([Wang et al., 2001]). It has also been suggested
that observed isotopic composition of water vapor could help better understand atmospheric processes and evaluate
their representation in climate models, in particular convective processes ([Schmidt et al., 2005, Bony et al., 2008,
Lee et al., 2009, Field et al., 2014]). Yet, water isotopes remain rarely used beyond the isotopic community to an-
swer today’s pressing climate questions. A prerequisite to better assess the strengths and weaknesses of the isotopic
tool is to better understand what controls spatio-temporal variations in water vapor isotopic composition (6D,,)
through the tropical troposphere, in particular how convective processes drive these variations.

While there are interpretative frameworks for the controls of free tropospheric humidity ([Sherwood, 1996,
Romps, 2014]), no such interpretative framework exist for water isotopes beyond the simple Rayleigh distillation or
mixing lines ([Worden et al., 2007, Bailey et al., 2017]). We aim at filling this gap here. The first goal of this paper
is thus to design an interpretative framework that could be useful in the future to interpret water vapor isotopic
variations in the tropical troposphere in a wide range of contexts. Analogous to that for relative humidity, this
framework will also allow us to compare the processes controlling relative humidity and isotopic composition.

Frameworks do exist to interpret the 6D, in the sub-cloud layer (SCL), such as the [Merlivat and Jouzel, 1979]
closure assumption, later extended to account for updrafts and downdrafts ([Risi et al., 2020]). This latter frame-
work highlighted the need to know the steepness of the relationship between 6D, and humidity ¢ as they evolve
with altitude. This motivates us to develop a framework that allows us to predict the d D, evolution with altitude
in the troposphere.
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1.2 Large-eddy simulation analysis as a guide to design the interpretative framework

Many previous studies investigating the processes controlling tropospheric § D, have relied on general circulation

models that include convective parameterization ([Lee et al., 2007, Bony et al., 2008, Risi et al., 2008, Field et al., 2010]).

However, parameterizations include numerous simplifications or assumptions that are responsible for a significant
part of biases in the present climate simulated by GCMs and of inter-model spread in climate change projections
([Randall et al., 2003, Stevens and Bony, 2013, Webb et al., 2015]). Here, we thus use large-eddy simulations (LES)
as a guide to design the interpretative framework. These high-resolution simulations allows us to explicitly resolve
convective motions. These simulations will also provide the input parameters for our interpretative framework, and
a benchmark to evaluate its results.

1.3 Interpreting the amount effect

In the tropics, it has long been observed that in average over a month or longer, the isotopic composition of
the rain is more depleted when the precipitation rate is stronger ([Dansgaard, 1964, Rozanski et al., 1993]). This
phenomenon is called the “amount effect”. Since most of the precipitation in the tropics is associated with deep
convection, understanding the amount effect is a stringent test on our understanding of how convective processes
affect the water vapor isotopic composition trough the tropical troposphere. The capacity of our interpretative
framework to predict the amount effect will thus be a stringent test on its relevance. The second goal of this study
is thus to better understand the processes underlying the amount effect, using the interpretative framework.

[Dansgaard, 1964] hypothesized that the amount effect could be due to the progressive depletion by convective
storms of the vapor from which the rain forms, and to rain evaporation and diffusive exchanges between the
rain and the vapor. If the case, the amount effect crucially depends on the isotopic composition of the vapor.
From a column-integrated water budget perspective, the isotopic composition of precipitation depends on the
relative proportion of the precipitation that originates from horizontal advection and from surface evaporation
([Lee et al., 2007, Moore et al., 2014]). More precipitation is generally associated with more large-scale ascent and
thus more large-scale convergence. Since vapor from horizontal advection is more depleted than water from surface
evaporation because it has already been processed in clouds, the precipitation is more depleted. In this view as
well, the amount effect crucially depends on the isotopic composition of the vapor.

Water isotopic measurements in the vapor phase, by satellite or in-situ, have confirmed that increased precip-
itation was associated with more depleted water vapor ([Worden et al., 2007, Kurita, 2013, Lacour et al., 2017]).
Hereafter we will call this the “vapor amount effect”. Actually, the precipitation and water vapor isotopic composi-
tion often vary in concert ([Kurita, 2013, Tremoy et al., 2014]). In this paper, we will thus focus on understanding
the processes underlying the “vapor amount effect”.

From previous studies, four hypotheses have emerged to explain the “vapor amount effect”

1. Hypothesis 1: As precipitation rate increases, convective or meso-scale downdrafts bring more depleted vapor
from above into the sub-cloud layer (SCL) ([Risi et al., 2008, Kurita et al., 2011, Kurita, 2013]). This is
because the water vapor 6D (§D,,) generally decreases with altitude, because as water vapor is lost through
condensation and specific humidity ¢ decreases, heavy isotopes are preferentially lost in the condensed phase.
This phenomenon is called Rayleigh distillation and is plotted in a g—dD,, diagram in Figure 1 (blue). However,
downdrafts would both decrease 6D, and ¢. This hypothesis is thus inconsistent with the observation that ¢
generally increases while 0D, decreases as precipitation rate increases. By itself, this hypothesis cannot be
sufficient.

2. Hypothesis 2: As precipitation rate increases, the moistening effect by rain evaporation increases. If rain
evaporation is more depleted than the vapor, then it depletes the vapor ([Worden et al., 2007]). The effect
of rain evaporation is represented in purple in Figure 1. If the evaporated fraction of the rain is small, rain
evaporation acts to deplete the vapor because light isotopes preferentially evaporate.

3. Hypothesis 3: As precipitation rate increases, the rain evaporation is more depleted. For example, if precipi-
tation rate increases, the fraction of rain that evaporates is smaller, which leads the evaporation to be more
depleted ([Risi et al., 2008, Risi et al., 2010, Tremoy et al., 2014, Risi et al., 2020], Figure 1, purple). Alter-
natively, larger precipitation rates typically occur in moister environments, which favors rain-vapor diffusive
exchanges rather than pure evaporation [Lawrence et al., 2004, Lee and Fung, 2008]. Since rain comes from
higher altitudes, it is more depleted than if in equilibrium with the local vapor, and thus rain-vapor diffusive
exchanges favor more depleted evaporation.
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Figure 1: Schematic showing the influence of different processes on ¢ and §D,. Condensation and immediate loss
of condensate in convective updrafts leads to drying and depleting the water vapor following Rayleigh distillation
(blue). During evaporation of cloud droplets, each droplet evaporates totally. Since cloud droplets are enriched
in heavy isotopes, this moistens the air and enriches the vapor (cyan). In contrast, during evaporation of rain
drops, each drop evaporates progressively. Whereas it moistens the air, it depletes the vapor for small evaporation
fractions and enriches the vapor for large evaporation fraction (purple). Finally, mixing of subsiding air with air
detrained from convective updrafts dehydrates the air and depletes the vapor following a hyperbolic curve, leading
to higher 6D, for a given ¢ compared to Rayleigh (orange). The curves are plotted following simple Rayleigh and
mixing lines with approximate values taken from the control LES described later in the article.

4. Hypothesis 4: As precipitation rate increases, dehydration by mixing dominates relatively to dehydration
by condensation. Due to the hyperbolic shape of the mixing lines in a ¢ — D diagram, dehydration by
mixing with a dry source is associated with a smaller depletion than predicted by Rayleigh distillation
[Dessler and Sherwood, 2003, Galewsky and Hurley, 2010, Galewsky and Rabanus, 2016] (Figure 1 orange).
[Bailey et al., 2017] argues that in more subsiding regions, mid-tropospheric vapor is more enriched for a
given specific humidity because air masses result from the mixing between air subsiding from a higher altitude
and shallow convective detrainment.

We notice that hypothesis 2-4 are all associated with an increased steepness as precipitation rate increases (Figure
1), consistent with the key role of the steepness of the ¢ — D, relationship in depleting the SCL water vapor
highlighted by [Risi et al., 2020]. The mechanisms underlying these hypotheses will thus have to be key ingredients
of our interpretative framework.

The LES will be described and analyzed in section 2. The interpretative framework will be designed and used
to interpret the “vapor amount effect” in section 3. Finally, section 4 will offer a summary, some discussion and
perspectives.

2 Large-eddy simulations

2.1 Model and simulations

We use the same LES model as in [Risi et al., 2020, namely the System for Atmospheric Modeling (SAM) non-

hydrostatic model ([Khairoutdinov and Randall, 2003]), version 6.10.9, which is enabled with water isotopes ([Blossey et al., 2010]

This model solves anelastic conservation equations for momentum, mass, energy and water, which is present in the
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model under six phases: water vapor, cloud liquid, cloud ice, precipitating liquid, precipitating snow, and precipitat-
ing graupel. We use the bulk, mixed-phase microphysical parameterization from [Thompson et al., 2008] in which
water isotopes were implemented ([Moore et al., 2016]).

The control simulation (“ctrl”) is three-dimensional, with a doubly-periodic domain of 96 kmx96 km. The
horizontal resolution is 750 m. There are 96 vertical levels. The simulation is run in radiative-convective equilibrium
over an ocean surface. The sea surface temperature (SST) is 30°C. There is no rotation and no diurnal cycle. In
this simulation, there is no large-scale circulation.

The amount effect can be seen only if the precipitation increase is associated with a change in the large-scale
circulation ([Bony et al., 2008, Dee et al., 2018, Risi et al., 2020]). To compare ctrl to simulations with larger and
smaller precipitation rate, we thus run simulations with a large-scale vertical velocity profile, wrg. This profile is
used to compute large-scale tendencies in temperature, humidity and water vapor isotopic composition. We com-
pute large-scale vertical advection by a simple upstream scheme [Godunov, 1959]. In the computation, large-scale
horizontal gradients in temperature, humidity and isotopic composition are neglected, i.e. there are no large-scale
horizontal advective forcing terms. The large-scale vertical velocity wrs has a cubic shape so as to reach its maxi-
UM W, Smaz at & Pressure Pp,q,=>500 hPa and to smoothly reach 0 at the surface and at 100 hPa [Bony et al., 2008].
We analyze here simulations with wr,gma:=-60 hPa/d (“ wrgs — 60”), corresponding to typical deep convective con-
ditions in the inter-tropical convergence zone, and wr,gmaz=420 hPa/d (“wrg + 20”), corresponding to subsiding
trade-wind conditions.

The simulations are run for 50 days and the last 10 days are analyzed. We use instantaneous outputs that are
generated at the end of each simulation day.

2.2 Simulated amount effect and basic features

Figure 2a shows that the ctrl, wps — 60 and wrgs + 20 simulations allow us to capture the amount effect both in
the vapor and in the precipitation, which vary in concert. In case of large-scale ascent, the domain-mean relative
humidity is larger than in ctrl by more than 10% (Figure 2b), while §D,, is more depleted by more than 50%o, in
most of the troposphere (Figure 2¢). We can see that the D, difference at all altitudes is similar to that in the SCL.
This confirms that understanding what controls the SCL §D,, is key to understand what controls § D,, at all altitudes
([Risi et al., 2020]). This also explains why models that assume constant SCL 6D, show very little sensitivity to
all kinds of convective and microphysical processes ([Duan et al., 2018]). We can also see that Rayleigh distillation
alone (dashed line) is a poor predictor of § D, profiles and of their sensitivity to large-scale ascent.

2.3 Steepness of the ¢ — 6D, relationship

With the goal of understanding the amount effect, as a first step [Risi et al., 2020] focused on understanding what
controls the §D, in the SCL, because the SCL ultimately feeds the water vapor at all altitudes in the troposphere.
They identified the key role of the steepness of the ¢ — § D,, relationship of vertical profiles in the lower troposphere.
This steepness determines the efficiency with which updrafts and downdrafts near the SCL top deplete the SCL.
To understand what controls d D, in the SCL and thus everywhere in the troposphere, we thus need to understand
what controls the steepness of the ¢ — § D,, relationship.

The vertical profiles of In(R) as a function of In(q) for each simulation show a nearly linear relationship (Figure
2d), consistent with a Rayleigh-like distillation process (Figure 1). If the vertical profiles were dominated by mixing
processes, as in hypothesis 4, the relationship would look convex ([Bailey et al., 2017], Figure 1 orange). Rather,
in wrg — 60, the curve looks concave near the melting level, consistent with an effect of rain evaporation (Figure 1
purple).

To better quantify the steepness of the ¢ — dD, relationship, we define the ¢ — D, steepness «,, as the
effective fractionation coefficient that would be needed in a distillation to fit the simulated joint ¢ — §D evolution
([Risi et al., 2020]):

o =14+ In(R(z)/R(z — dz)) (1)
In(q(2)/d(z — dz))

The steepness a, in the ctrl simulation is smaller than that predicted by Rayleigh distillation, i.e. a, <
Qeq, especially at higher altitudes (Figure 2e) (section 3.2.2 will demonstrate that it is due to entrainment). In
case of large-scale ascent, just above the SCL top, a, — 1 is more than three times larger in wygs — 60 than in
ctrl. The increased steepness leads the updrafts and downdrafts to deplete more efficiently the SCL water vapor
([Risi et al., 2020]), and eventually the full tropospheric profile. Conversely, in wy,s+ 20, the steepness is smaller and




responsible for more enriched SCL. Our interpretative framework will allow us to interpret these features (section
3).

2.4 Effect of de-activating rain-vapor exchanges

According to hypotheses 2 and 3, the isotopic composition of the rain plays a key role in the “vapor amount effect”.
At a given instant and for a small increment of rain evaporation fraction, the isotopic composition of the evaporation
flux R., is simulated following [Craig and Gordon, 1965]:

o Rr/aeq - he'u : R'u

RB'U
QK - (1 — hev)

where R, and R, are the isotopic ratios in the liquid water and water vapor, ae, and ak are the equilibrium
and kinetic fractionation coefficient and h,, is the relative humidity. In order to test hypotheses 2 and 3, we run
additional simulations similar to ctrl and wyg — 60 but without any fractionation during rain evaporation, named
“nofrac”, where R., = R,. We also run additional simulations with fractionation during evaporation, but with
rain-vapor diffusive exchanges de-activated, named “nodiff”, where R, = R, /teq/ 0tk

When fractionation during rain evaporation is de-activated, 0D, is more enriched, consistent with a more
enriched composition of rain evaporation (Figure 3a). In addition, the 6D, difference between wyg — 60 and ctrl
is reduced by about 70% compared to when all isotopic exchanges are considered (Figure 3¢, red). This confirms
that fractionation during rain evaporation plays a key role in the “vapor amount effect”. When rain-vapor diffusive
exchanges are de-activated, the D, difference between wrs — 60 and ctrl is reduced by about 30% compared to
when all isotopic exchanges are considered (Figure 3c, green). Rain-vapor vapor diffusive exchanges thus play an
important role as well.

We note that the §D, difference between the simulations is remarkably constant with altitude (Figure 3a,c),
although we expect strong vertical variations in rain evaporation. This is consistent with the important role of the
SCL 6D, as an initial condition for the full § D,, profile. We also note that more enriched § D,, profiles are associated
with a reduced lower-tropospheric steepness «, just above the SCL, and larger § D,, differences between simulations
are associated with larger differences in lower-tropospheric «,. This is consistent with the SCL §D, being mainly
driven by the steepness «, just above the SCL ([Risi et al., 2020]). Finally, the reduced “vapor amount effect” in
“nofrac” leads to a reduced amount effect in the precipitation 6D as well (Figure 3c, circles). This shows that the
column-integrated water budget ([Lee et al., 2007, Moore et al., 2014]) cannot by itself predict the amount effect,
since it depends on the isotopic composition of the advected vapor, which can greatly vary depending on the detalied
representation of rain evaporation processes.

To summarize, in the total d D,, difference between wys—60 and ctrl, there is about one third due to fractionation
during evaporation, one third due to rain-vapor diffusive exchanges, and one third that would remain even in absence
of any fractionation during evaporation. These tests suggest that hypotheses 2 and/or 3 play a key role in the “vapor
amount effect”. In the next sections, we aim at better understanding how rain evaporation impacts § D, profiles.

2.5 Vertical profiles binned by moist static energy

Previous studies have shown that analyzing variables in isentropic coordinates was a powerful tool to categorize
the different convective structures: undiluted updrafts, diluted updrafts, saturated and unsaturated downdrafts,
and the environment ([Kuang and Bretherton, 2006, Pauluis and Mrowiec, 2013]). This method also has the ad-
vantage of filtering out gravity waves. It has been applied to the analysis of a wide range of convective systems
([Mrowiec et al., 2015, Mrowiec et al., 2016, Dauhut et al., 2017, Chen et al., 2018]).

Here we use the frozen moist static energy m as a conserved variable because it is conserved during condensation
and evaporation of both liquid and ice water ([Muller and Romps, 2018, Hohenegger and Bretherton, 2011]).

m=cpg-T+g-2+Ly-qu—Lys-g

where cpq is the specific heat of dry air, T' is temperature, g is gravity, z is altitude, L, and Ly are the latent
heat of vaporization and fusion, and ¢; is the total ice water content (cloud ice, graupel and snow). At each level,
we categorize all grid points into bins of m with a width of 0.4 kJ/kg.

The domain-mean frozen moist static energy m decreases from the upper troposphere down to about 5 km, due
to the loss of energy by radiative cooling, and then increases down to the surface due to the input of energy by
surface fluxes (Figure 4, solid black line). Based on this diagram, we can identify four kinds of air parcels:
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Figure 2: (a) Water vapor (circles) and precipitation (squares) dD,, as a function of precipitation. Vertical distri-
bution of relative humidity (b), water vapor 6D (c) and « (e) in ctrl (black), wrs — 60 (red) and wrs + 20 (green).
(c) In(R(2)) - 1000 as a function of in(q(z)) for different altitudes. In ¢ and e, dashed lines indicate the prediction
by Rayleigh distillation. The horizontal lines show the altitude of the melting level.
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Figure 3: (a) Vertical distribution of 6 D,, for ctrl, when fractionation during liquid evaporation is turned on (black)

or off (red) and when liquid-vapor equilibration is turned off (green).

(b) Same as (a) for the vertical profiles of a.

(¢c) 4D, difference between the wrg — 60 and ctrl, with (black) and without (red) fractionation during evaporation
and when liquid-vapor equilibration is turned off (green). The circles illustrate the difference in the precipitation

dD.
(d) Same as (c) but for a,.
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(a) number of samples, (b) vertical velocity anomaly, (c) vertical mass flux (vertical velocity multiplied by the
proportion of samples and density), (d) relative humidity, (e) cloud water content mixing ratio (liquid and ice), (f)
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expressed in %o. The solid black line show the domain-mean frozen moist static energy, while the dashed black line
shows the frozen moist static energy at saturation.
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1. Environment. They correspond to air parcels whose m is close to the domain-mean (solid black). They are the
most numerous (Figure 4a). Their vertical velocity is slightly descending (Figure 4b), but because they are
very numerous, they account for most of the downward mass flux (Figure 4c). Their relative humidity is close
to the domain-mean (Figure 4d), they contain only a small cloud water and rain content and phase changes
are very slow (Figure 4e-g). However, because they cover most of the domain, they contribute significantly to
the evaporation in the domain-mean (Figure 4h).

2. Cloudy updrafts. They correspond to air parcels on the right of the domain-mean m and whose bin-mean
vertical velocity is ascending (Figure 4b). If air rose adiabatically from the SCL, they would conserve their
m and they would be located completely on the right of the diagram. In practice, m decrease because the
environment air is progressively entrained into ascending parcels. In the diagrams, parcels are more diluted
when they are closed to the domain-mean, and less diluted when they are more to the right. In spite of their
dilution with the environment, their humidity is at saturation ( (Figure 4d). They contain a lot of cloud and
precipitating water, and vapor undergoes condensation (Figure 4e-g).

3. Cloudy downdrafts. They correspond to air parcels on the right of the domain-mean m and whose bin-mean
vertical velocity is descending (Figure 4b). They are more diluted than cloudy updrafts. Their humidity is
below saturation (Figure 4d). They contain cloud and precipitating water, but these hydrometeor undergo
evaporation (Figure 4e-g). Located around the cloudy updrafts in the real space, they mainly correspond to
subsiding shells ([Glenn and Krueger, 2014]).

4. Precipitating downdrafts. They correspond air parcels on the bottom-left of the diagrams, with lower m
relative to the domain-mean. They are among the most strongly descending air parcels (Figure 4b), but
since they are scarce (Figure 4b), they contribute little to the total descending mass flux (Figure 4c). They
are very dry, with no cloud water, but with precipitating water (Figure 4d-f). We interpret these parcels
as unsaturated, precipitating downdrafts. Strong evaporation of rain occur in these downdrafts (Figure 4g),
but because they cover only a small fraction of the domain, they contribute little to the evaporation in the
domain-mean (Figure 4h).

The isotopic composition of water vapor is the strongest in the least diluted updrafts, and the most depleted in the
precipitating downdrafts (Figure 5a). To assess the effect of phase changes, we plot ¢ = R.,/R,, where R., is the
ratio of the water vapor tendency associated with phase changes (evaporation in downdrafts and in the environment,
or condensation in cloudy updrafts) and R, is the isotopic ratio of the water vapor. In cloudy updrafts, ¢ — 1 is
about 100%o in the lower troposphere and increases with height (Figure 5b). This corresponds roughly to equilibrium
fractionation during condensation. In cloudy downdrafts, ¢ — 1 is also about 100%o. This means that cloud droplets
evaporate totally without fractionation. In contrast, in precipitating downdrafts, ¢ — 1 is much lower. It is around
30%o below 1 km. The fact that ¢ — 1 is positive is consistent with the fact that rain evaporation in the SCL acts
to slightly enrich the water vapor ([Risi et al., 2020]). In contrast, between 2 and 3 km, ¢ — 1 is around -100%: at
these levels, rain evaporation acts to deplete the water vapor, consistent with [Worden et al., 2007].

These diagrams look qualitatively similar for the other simulations. One noticeable difference is that in wy g — 60,
the 6D, contrast between the environment and the cloudy regions is larger (Figure 5b). This may be associated
with the more depleted evaporation of the rain in precipitating downdrafts, and even of cloud droplets in cloudy
downdrafts (Figure 5e). Conversely, in wrs + 20, the D, contrast between the environment and the cloudy regions
is larger (Figure 5¢). To quantitatively compare the different simulations, now we plot vertical profiles of variables
in average over cloudy regions and over the environment.

2.6 Vertical profiles for cloudy regions and for the environment

Here we chose to define cloudy regions as all parcels with a cloud (liquid or ice) water content greater than 10~° g/kg
(e.g. [Thayer-Calder and Randall, 2015]). In this loose definition, “cloudy regions” correspond to both cloudy
updrafts and downdrafts, while the “environment” includes both the environment and precipitating downdrafts.
Including the cloudy downdrafts into the cloudy regions is justified by the fact that a significant portion of the
water condensed in cloudy updrafts subsequently evaporate in these cloudy downdrafts, without directly affecting
the environment. Our results below are not crucially sensitive to the definition of the distinction between cloudy
regions and the environment, provided that the definition of cloudy regions is not too restrictive (Text S1).
Cloudy regions cover only a few percent of the domain (Figure 6a). The fraction of water condensed in cloudy
regions that evaporates into the environment, estimated as fe, = —(dq/dt)eny/(dq/dt)cioud, where (dg/dt)en, and
(dq/dt)cioua are the humidity tendencies associated with phase changes in average in the environment and in the
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Figure 6: (a) fraction of the domain-area covered by cloudy regions. (b) Fraction of the water condensed in cloudy
regions that evaporates into the environment, fe,. (c) (¢ —1)-1000 (solid) and (aeq — 1) - 1000 (dashed), where
¢ = Rey/Re and oq is the equilibrium fractionation coefficient. Both are expressed in %o. The black, red and green
lines are for ctr, wrs — 60 and wr g + 20 respectively.

cloudy region respectively, varies between 30% and 90%, depending on altitude (Figure 6b). It is smaller in wy,g —60
and than in ctrl, because the environment is moister.

Figure 6¢ plots ¢ = Rey/Re, where Re, = (dgupo/dt)eny/(dq/dt)env, (dgupo/dt)eny is the HDO tendency
associated with phase changes in the environment and R, is the isotopic ratio in the environment. In ctrl , ¢ > 1:
the evaporation has an enriching effect on the environment. Yet, ¢ < c.q: the evaporation is not as enriching
as if there was total evaporation of condensate. In wpgs — 60, ¢ is smaller than in ctrl: rain evaporation has a
weaker enriching effect. At 4.5 km, near the melting level, there is a small layer where ¢ < 1 : at this level, the
rain evaporation has a depleting effect on the water vapor. The overall enriching effect of evaporation contradicts
hypothesis 2, but the weaker enriching effect in wyg — 60 than in ctrl supports hypothesis 3. Conversely, ¢ is larger
in wrs + 20.

2.7 What controls the isotopic composition of the rain evaporation flux?

Why is ¢ smaller in wys — 60 and higher in wyg + 20 than in ctrl? It could be because rain-vapor exchanges in a
moister environment leads the evaporation to have a more depleting effect ([Lawrence et al., 2004, Risi et al., 2008]),

or because rain evaporation is more depleted when the evaporated fraction is small ([Risi et al., 2008, Tremoy et al., 2014]),

or because the rain itself is more depleted. We aim here at quantifying these different effects.

Figure 7a plots the vertical profiles of rain §D (solid). Below the melting level, the rain is very close to isotopic
equilibrium with the vapor (dashed). Above the melting level, the rain is more enriched than if in equilibrium due
to rain lofting. Near the melting level for simulation wygs — 60, the rain is anomalously depleted. This is due to
snow melt. Since the snow forms higher in altitude, it is more depleted than the rain. It thus imprints its depleted
signature on the rain when melting. In wrpg — 60, the moist middle troposphere prevents most of the snow from
sublimating: 24% of the precipitation is made of snow at the melting level. The rain is thus strongly depleted by
snow melt. In contrast, in ctrl and wrg + 20, the drier middle troposphere favors snow sublimation: only 8% and
3% of the precipitation is made of snow at the melting level respectively.

The quick equilibration between the rain and vapor motivates us to use a simple equation in which some mass
qio of rain, with isotopic ratio Ry, partially evaporates and isotopically equilibrates with some mass g,¢ of vapor,
with isotopic ratio R,o. As explained in text S2, if g;0 > qu0, we get:
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B Qeg — fev : (aeq - 1)

¢ (2)

where ¢ = Rey/Ryo, A = Rio/Ruo, Rev is the isotopic ratio of the rain evaporation flux, ae, is the equilibrium
fractionation coefficient and f., is the fraction of the rain that evaporates. Equation 2 tells us that the rain
evaporation is more depleted as the rain is more depleted relative to the vapor (quantified by A\) and as the
evaporated fraction f., is smaller. This simple equation (Figure 7b, red) is able to approximate the simulated
values of ¢ (black) for the ctrl simulation and is able to capture the smaller and larger values of ¢ for wrg — 60 and
wrs + 20 respectively (Figure 7c-d).

We find that below the melting level, ¢ is smaller in wz g — 60 than in ctrl mainly because f., is smaller (Figure
Tc, green). Near the melting level, ¢ is smaller in wyg — 60 than in ctrl both because f., is smaller and because A
is smaller, i.e. the rain is more depleted due to snow melt. In wrgs + 20 , the effect of f., dominates at all levels.

2.8 Summary

To summarize, the previous sections suggest that rain evaporation in the lower troposphere is a key ingredient of
the vapor amount effect. The isotopic composition of the rain evaporation flux mainly depends on the evaporated
fraction of the rain (consistent with [Risi et al., 2008, Tremoy et al., 2014]). Near the melting level in regimes of
large-scale ascent, it is also impacted by snow melt. We hypothesize that the isotopic effect of rain evaporation
propagates downward down to the SCL. To test this hypothesis and to understand the underlying mechanisms, in
the next section we develop a simple two-column model.

3 A simple two-column model to quantify the relative contributions of
different processes

The previous section and previous studies provide a guide for developing our simple interpretative framework. First,
the model needs to represent the effect of rain evaporation, highlighted as a key process in the previous section.
Second, alternative hypotheses for the “vapor amount effect” have involve mixing between the subsident environment
and detrained water ([Bailey et al., 2017], hypothesis 4). These processes also need to be represented in our model.
Third, the steepness of the ¢ — §D,, relationship must be a key ingredient, since it drives §D,, in the SCL and thus
0D, everywhere. Finally, the previous section has relied on the distinction between the environment and cloudy
regions. Keeping this distinction, we develop a two-column model.

3.1 Model equations and numerical application to LES outputs
3.1.1 Balance equations

This model is inspired by the two-column model used to predict tropospheric relative humidity in [Romps, 2014]
and §D profiles in [Duan et al., 2018]. The first column represents the cloudy regions, including cloudy updrafts and
downdrafts, as a bulk entraining plume. The second column represents the subsident environment and precipitating
downdrafts (Figure 8).

The mass balance for the air in the cloudy regions writes:

dM
— =M-(e—9$ 3
=M (=) 3)
where M is the bulk mass flux in the cloudy regions (positive upward), e and 6§ are the fractional entrainment
and detrainment rates.
We assume that the specific humidity in the cloudy regions is at saturation, and call it gs. The water balance
in the cloudy regions writes:

d(Mgs)
dz

where c¢ is the condensation rate and ¢, is the specific humidity in the environment. The terms on the right
hand side represent the water input by entrainment of environment air, the water loss by detrainment of cloudy air,
and the water loss by condensation respectively. We assume that all the condensed water is immediately lost by the

:E.M.qe_é.M.qS_c (4)
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Figure 7: (a) D profile for rain water (solid) and snow (dotted) falling in the environment. The liquid that would
be in equilibrium with the vapor in the environment is shown in dashed. (b) Profile of ¢ = R., /R, simulated by the
ctrl simulation (black, same as in Figure 6¢ black) and predicted by equation 2 (red). (c) Difference of ¢ between
wrs — 60 and ctrl simulated by the LES (black), predicted by the equation 2 (red), predicted by equation 2 if only
fev varies (green) and if only A varies (blue). (d) Same as (c) but for the difference between w20 and ctrl.
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Figure 8: Schematic view of the simple two-column model, and definition of the main variables.

cloudy regions to the environment, and evaporation of this lost water can occur in the sub-saturated environment
only (as in [Romps, 2014]).

We assume that mass is conserved within the domain, so that the flux in the environment is —M. The large-
scale ascent, when present, is taken into account through a humidity tendency, consistent with the LES set-up. We
assume that the large-scale humidity tendency applies to the environment only, which is a first-order approximation
justified by the small fraction of the domain that is covered by cloudy updrafts (less than 10%). The water balance
in the environment writes:

d (_qu)
dz

dg.
== Mq.+8-M g+ fuy-c—n-M- L (5)

where f., is the fraction of the cloud or precipitating water that evaporates in the environment, n = Myg/M
and Mg is the domain-mean large-scale mass flux. The terms on the right hand side represents the water loss by
entrainment into cloudy regions, water input by the detrainment of cloudy air, partial evaporation of condensed
water and water input by large-scale vertical advection.

Regarding water isotopes, we assume that the cloud water removed by condensation is in isotopic equilibrium
with the cloudy region water vapor. The isotopic balance in the cloudy regions thus writes:

d (qu : Rs)
dz
where a4 is the equilibrium fractionation coefficient, R; is the isotopic ratio in the cloudy regions and R, is the
isotopic ratio in the environment.
The isotopic balance in the environment writes:

=e¢M-qo-Re—0-M-qs-Rs —C-eq- Rs (6)

0 (QBRe)

d(—Mgqe - Re
w:_G'M'qe'Re+5'M'qs'Rs+fev'c'¢'Re_77'M'T (7)

dz

where recall that ¢ = Re,/R. and R., is the ratio of the precipitation evaporation flux.

3.1.2 Other simplifying assumptions and differential equations

To simplify the equations, as in [Romps, 2014] we assume that g5 is an exponential function of altitude:

qs = QS(ZO) : ei’y.(Zizo) (8)
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where 7 is a lapse rate in m~1! calculated as dIn(qs)/dz.
For isotopes, we assume that the R, is a power function of g5, consistent with a Rayleigh distillation:

Ry = RS(ZO) (QS/QSO)%i

Coefficient o represents the steepness of the ¢ — §D,, gradient in cloudy regions and remains to be estimated.
As in [Duan et al., 2018|, Ry is thus an exponential function of altitude:

R, = Rs(zo) . ef(asfl)-»y.(zfzo) (9)
We set:
e = h- qs
R.=H:-Rg

Combining equation 5 with equations 3 and 8, we get the following differential equation for h:

oh 1) -
—:h-"y——(l—h)—M

0z 1—79 1—n
where = ¢/(M - ¢s - 7) represents the ratio of actual condensation (c¢) relative to the condensation if the ascent
was adiabatic (M - ¢s - y). Similarly, combining equations 7 with equations 5 and 9, we get the following differential

equation for H:

(10)

OH J fev'ﬂ'/y.H.

EZH'W'(as—l)—m'(l—H)—m (0—1) (11)

We now have two equations with four unknowns: h, H, p and as. The condensation efficiency p can be deduced
from equations 4:

p=1-2-(1=h) (12)

This equation, similar to one in [Romps, 2014], reflects the fact that condensation efficiency decreases when
entrainment e increases and when the entrained air is drier. If e =0 or A = 1, then p = 1.
Similarly, the ¢ — D, steepness a; in cloudy air can be deduced from equation 6:

€

as—lzu-(aeq—l)—i—;-h-(l—H) (13)

This equation tells us that two effects control the steepness of the ¢ — 0 D, gradient. First, there is a “dilution
effect”. if dry air is entrained, then the condensation efficiency ;1 decreases. This reduces oy compared to cq,
i.e. compared to what we would expect from Rayleigh distillation. Second, there is an “isotopic contrast effect”: if
depleted water vapor is entrained (H < 1) is entrained, then «, becomes steeper. This is how a depleting effect of
rain evaporation can translate into a larger steepness, and eventually more depleted SCL.

3.1.3 Numerical solutions

To get analytical solutions for h and H, [Romps, 2014] and [Duan et al., 2018] assume that h - % > qs % and
that H - 881} > R - %—Ij. This allows them to calculate h and H as the solution of a simple linear equation and of
a second order polynomial respectively. However, there are two issues with these solutions. First, although these
solutions behave reasonably for h ( [Romps, 2014]), they become very noisy, unstable or unrealistic for values of
€, 0 and fe, that are diagnosed from LES outputs. This is because there is a powerful positive feedback between
as and H: as H decreases, more depleted vapor is entrained in updrafts which increases the steepness ay; in turn,
the stronger steepness a; makes the subsidence more efficient at depleting the environment, further decreasing H.
[Duan et al., 2018| circumvented this problem by assuming e and § that are constant with altitude and equal to
each other, but it is at the cost of artificially reducing freedom for the solutions. Second, our hypothesis is that rain
evaporation near the melting level affects the isotopic profiles down to the SCL. We thus want each altitude to feel
the memory of processes at higher altitudes. The term with %—f is thus a key ingredient in our framework.
Therefore, we choose to numerically solve the differential equations 10 and 11. We start from an altitude of

5 km with h = 0.8 and H — 1 = —10%.. We do not start above 5 km because entrainment is more difficult to
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diagnosed above the melting level (section 3.1.4). We integrate equations 10 and 11 down to the SCL top around
500 m. The resulting h profile is a function of the profiles of 5 input parameters: v, €, §, fe, and n . The H profile
is a function of 7 input parameters: v, €, 9§, fey, N, Qeq and ¢. These input parameters are all diagnosed from the
LES simulations as detailed below. In each LES level, the input parameters are assumed constant and equations
10 and 11 are integrated within each layer over 50 sub-layers.

3.1.4 Diagnosed input parameters

Parameters fe,, aeq and ¢ were already plotted in Figure 6 and discussed in section 2.6. Parameter v is calculated
from domain-mean profiles. It is steeper in ctrl than in w — 60 because of the steeper temperature gradient resulting
from the drier air (Figure 9a). Parameter n = Mps/M is calculated from the net upward mass flux in cloudy
regions M (Figure 9b), which is calculated as the average vertical velocity in cloudy regions multiplied by the area
fraction of the cloudy region. Entrainment e is diagnosed by using the conservation of the frozen moist static energy
(e.g. [Hohenegger and Bretherton, 2011, Del Genio and Wu, 2010]):

omg
dz

where m, and m, are the frozen moist static energy in the convective region and the environment respectively.
The application of this equation is limited to the lower troposphere. Above the melting level, we would need to
account for the precipitation of ice ([Pauluis and Mrowiec, 2013]) and for the lofting of rain. Therefore, we arbitrarily
set € = 0.5 km~! above the melting level. Entrainment is maximal in the sub-cloud layer, and decreases exponentially
with height (Figure 9c), consistent with previous studies (|[Del Genio and Wu, 2010, De Rooy et al., 2013]).

Finally, detrainment ¢ is deduced from e and M using equation 3. Detrainment shows the typical trimodal
distribution ([Johnson et al., 1999]) (Figure 9d), with a first maximum just above the SCL top corresponding to
the detrainment of shallow convection, a second maximum near the melting level near 4.5 km corresponding to the
detrainment of congestus convection, and a third maximum in the upper troposphere corresponding to the deep
convection (not shown in 9d).

=€ (me —my)

3.1.5 Closure in the sub-cloud layer

To calculate the full 6D profiles, we need as initial condition the isotopic ratio in the SCL. With this aim, we use a
simplified version if the sub-cloud layer model of [Risi et al., 2020]. We assume that water enters the SCL through
surface evaporation and through downdrafts at the SCL top, and exits the SCL through updrafts at the SCL top.
We neglect large-scale forcing and rain evaporation, since they have a small impact in the SCL ([Risi et al., 2020]).
The air flux of updrafts equals that of downdrafts. We define r, = ¢,,/¢1 and rq = q4/q1, where ¢; is the mixing
ratio in the SCL and ¢, and g4 are the mixing ratios in updrafts and downdrafts at the SCL top. We assume
that the water vapor is more enriched as the air is moister, following a logarithmic function: R, = Ry - r&«—1!
and Ry = Ry - 7’2‘“1 where R, and Ry are isotopic ratios in updrafts and downdrafts, and «, and oy are g — §D
steepness for updrafts and downdrafts. Water and isotopic budgets yield:

Roce/0teq(SST
R = [oeg(S5T) (14)
hl—l—aK-(l—hl)-ﬁ

where Roc. is the isotopic ratio at the ocean surface, ceq(SST) is the equilibrium fractionation coefficient
at the sea surface temperature, ay is kinetic fractionation coefficient ([Merlivat and Jouzel, 1979]) and h; is the
relative humidity normalized at the SST and accounting for ocean salinity: hy = q1/¢ "7/ (SST), ¢Sr (SST) =
0.98 - ¢5at(SST) and ¢sqr is the humidity saturation as a function of temperature at the sea level pressure. We
assume 0D,ce = 0%¢ and h; is diagnosed from the LES.

For r, and ry4, we use values for the ctrl simulation, because small changes in r, and rg4 across simulations
have only a marginal impact on Ry (|Risi et al., 2020]). Following [Risi et al., 2020|, we set r,, — 1=1.44% and
rq — 1=-0.38%. For «,, and g4, [Risi et al., 2020] had shown that they scale with «, values just above the SCL
top, but with larger values especially for simulations with large-scale ascent. We use an empirically-fitting function:

Finally, since the updraft region covers only a very small fraction of the domain, we assume that R.(zscr) ~ Rs.

The procedure to calculate the full 6 D, profiles is as follows:

1. vertical profiles for h, H and a; are calculated through a downward integration of equations 10-13 following
3.1.3.
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Figure 9: Input parameters for the simple model, for ctrl (black), wys—60 (red) and wzs+20 (green). (a) saturation

specific humidity lapse rate ; (b) ratio of large-scale vertical mass flux over the convective cloud mass flux; (c)
entrainment rate; (d) detrainment rate.
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2. The vertical profile for a normalized version of R, Rs norm that satisfies R norm(zscr) = 1, is calculated
based on the a; profile through an upward integration.

3. The vertical profile for a normalized version of R, Re¢ norm, is calculated as Re norm = Rs norm - H.
4. From the Re norm profile, a, is estimated.
5. From h; and o, R; is estimated.

6. The full R, profile can finally be calculated so that R.(zscr) ~ Ri: Re = Re norm - B1/H (zscr).

3.1.6 Evaluation of the two-column model

The two-column model successfully captures the order of magnitude and the shape of the vertical profile of relative
humidity for the ctrl simulation (Figure 10a), as well as the moister troposphere in wy,s—60 and the drier troposphere
in wrs + 20 (Figure 10b-c).

It successfully captures the vertical profile of 6D, (Figure 10b) and the more depleted troposphere in wrg — 60
but underestimate the 6D, difference by about half (Figure 10e). It also captures the more enriched troposphere in
wrs +20 but again underestimate the 6D, difference especially in the middle troposphere (Figure 10f). Similarly, it
approximately captures the steepness «, and the sign of the o, differences across simulations, but underestimates
the «, differences (Figure 10g-i).

These mismatches are caused by mismatches in the estimate of the relative enrichment of the environment
relative to the updrafts H. Although it is reasonably well predicted for the ctrl simulation (Figure 10c), the model
fails to simulate the smaller H for wygs — 60 in the middle troposphere and the larger H for wpgs + 20 almost
everywhere. The two-column model overestimates the impact of n and predicts a behavior for H that is too similar
to that of h. We could not find the exact reason for this shortcoming, but we have to acknowledge that the
two-column model hides many horizontal heterogeneities. We will have to keep this shortcoming in mind when
interpreting the results.

3.2 Decomposition of relative humidity and JD variations

To estimate the impact of the different input parameters on the relative humidity profile h, we modify them one by
one from the ctrl simulation to the wyg — 60 and from the ctrl simulation to wyg + 20 simulations.

3.2.1 Decomposition of relative humidity

The moister troposphere in wrs — 60 is mainly due to the larger 7, i.e. the direct moistening effect of large-scale
ascent (Figure 11a). The thermodynamic structure, entrainment, detrainment and rain evaporation have a much
smaller effect. Similarly, The drier troposphere in wygs + 20 is mainly due to the more negative 7, i.e. the direct
drying effect of large-scale descent (Figure 11b).

Note that the direct effect of n on environment relative humidity may be an artifact of the way the large-
scale forcing is prescribed in our LES. The large-scale circulation is accounted for through tendencies in humidity,
temperature and isotopes that are horizontally homogeneous. Therefore, since the environment covers most of the
domain, most of the large-scale ascent or descent is felt in the environment. In reality, in case of large-scale ascent
for example, we expect the environment to keep the same subsidence rate, corresponding to radiative subsidence.
Rather, we expect the large-scale ascent to be absorbed by the larger cloud fraction ([Emanuel et al., 1994]). In our
interpretative framework, this would be equivalent to adding the large-scale in the cloudy column rather than in
the environment. This would increase the condensation efficiency u, and would eventually moisten the environment
through rain evaporation, but less than if the large-scale ascent was homogeneous (Text S3). We have to keep this
in mind if trying to connect the sensitivity of h to large-scale circulation in our LES and in reality.

3.2.2 Dilution effect on 6D

A first effect impacting §D,, profiles is the dilution by entrainment (section 3.1.2). In the absence of entrainment
(e = 0), the steepness in the updraft column would be as = ae, (Figure 12a, black). Because dry air is entrained,
the condensation rate is reduced by the factor u following equation 12. According to equation 13, this reduces the
steepness (Figure 12a, green). This effect of entrainment can be understood as a mixing process: as the air rises and
condensation proceeds, the remaining air is mixed with dry air from entrainment and with droplets that evaporate.
Consistent with the convex shape of the mixing lines, this leads to a reduction of the ¢ — 6 D steepness (Figure 1).
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| Difference from ctrl | wrs — 60 | wrs + 20 |
Total simulated by the LES (%o) -40 10
Total predicted by the two-column model (%o) -30 11
Dilution effect (%o, %) -9 (29%) | 5 (47%)

Table 1: Difference of §D, between wps — 60 and ctrl and between wrs + 20 and ctrl simulated by the LES and
predicted by the two-column model, and the contribution of the dilution effect.

As a consequence of this “dilution effect”, tropospheric d D,, is less depleted than predicted by Rayleigh distillation.
Since the troposphere is moister in wyg — 60, this “dilution effect” contributes to the more depleted 6 D, in wyg — 60
(Figure 12b, green). Reciprocally, since the troposphere is drier in wr,g 4 20, this “dilution effect” contributes to the
more enriched 6D, in wrs + 20 (Figure 12¢, green). Quantitatively, the contribution of this dilution effect on the
SCL 6D, difference is 29% for wys — 60 and 47% for wrs + 20 (table 2). The contribution increases with altitude.

Note that the two-column model likely overestimates this contribution, because of the shortcoming mentioned in
section 3.1.6. The fact that only one third of the d D, difference remains when post-condensation effects are turned
off confirms that these contributions are overestimated.

3.2.3 Decomposition of 6D

In wrs — 60, the more depleted troposphere is driven primarily by the effect of the smaller ¢, i.e. the more depleted
rain evaporation (Figure 13a, cyan). It explains 147% of the 6D, difference in the SCL (Table 2). The smaller
rain evaporated fraction (smaller fe,) is the second main contributor (Figure 13a, blue, 43% in the SCL). This
positive contribution is explained by the fact that evaporation has an overall enriching effect. The third main
contributor is the larger n (i.e. large-scale ascent), contributing to 26% of the 6D, difference. This contribution
corresponds mainly to the “dilution effect” explained in section 3.2.2. The sum of these contributions exceeds 100%,
because there are some dampening effects, especially hi: the moister surface relative humidity reduces the kinetic
fractionation during surface evaporation.

In wrg + 20, n becomes the main contribution to the D, difference in the SCL (126%), associated with the
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Figure 13: (a) dD, difference between wrs — 60 and ctrl predicted by the two-column model (black) and its
contributions from variations of input parameters one by one: 7 (pink), v and a4 (green), e and ¢ (red), fe, (blue),
¢ (cyan) and hy (orange). (b) Same as (a) but for the difference between wrs + 20 and ctrl.

dilution effect. The effect of the larger ¢, i.e. the more enriched rain evaporation, contributes to 36% to the 6D,
difference in the SCL.

This decomposition can be reconciled with the result that about one third of the §D, difference from ctrl to
wrs — 60 remains when the fractionation during condensate evaporation is de-activated. This remaining difference
is associated with (1) the dilution effect, and (2) the portion of the ¢ contribution that is due to the more depleted
rain due to more snow melt. The fact that the sum of this two contributions exceeds one third suggests that the
underestimate of § D, variations by the simple model is due to the underestimate of the effect of rain evaporation.

We note that the relative contributions of the different processes are very homogeneous in the vertical. For
example, in the SCL, half of the contribution of ¢ comes from ¢ above 3 km. This shows the strong “memory” of
water vapor 6D, which integrates processes downwards in the environment column, and then upward in the updraft
column.

4 Conclusion

4.1 Summary

This study gives a comprehensive and quantitative understanding of the processes underlying the vapor amount
effect, at least in our LES simulations. This understanding is illustrated in Figure 14:

1. When the troposphere is moister (in terms of relative humidity), less snow sublimates and thus more snow is
available for melting. Snow melt results in rain that is more depleted relative to a liquid in equilibrium with
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| SCL 6D, difference from ctrl | wrs — 60 | wrs + 20 |

Total simulated by the LES (%o) -40 10
Total predicted by the two-column model (%o) -30 11
Effect of v and aeq (%0, %) 8 (-25%) | -3 (-30%)
Effect of € and & (%o, %) 6 (-19%) 2 (14%)
Effect of 1 (%o, %) -8 (26%) | 14 (126%)
Effect of fey (%o, %) -13 (43%) | -2 (-22%)
Effect of ¢ (%o, %) -44 (147%) | 4 (36%)
Including ¢ above 3 km (%o, %) -23 (76%) 2 (23%)
Effect of hy (%o, %) 22 (-72%) | -3 (-24%)

Table 2: Difference of D, in the SCL between wys — 60 and ctrl and between wyg 4+ 20 and ctrl simulated by the
LES and predicted by the two-column model, and the contribution of different effects. The sum of all the different
effects, except the line “Including ¢ above 3 km”, is 100% of the predicted 0D, difference. The line “Including ¢
above 3 km” is a part of “Effect of ¢”

the vapor, which leads to more depleted rain evaporation flux. When the troposphere is moister, the rain
evaporated fraction is also smaller, making the rain evaporation flux even more depleted.

2. The more depleted evaporation depletes the environment more efficiently relative to updrafts. When this
more depleted environment is entrained into the updrafts, it makes the vertical ¢ — §D gradient steeper. In
turn, the steeper ¢ — 6D vertical gradient makes the subsidence more efficient at depleting the environment,
in a positive feedback that makes the vertical ¢ — 0 D gradient even steeper. Overall, this mechanisms allows
to propagate the isotopic anomalies associated with rain evaporation downwards.

3. When the troposphere is moister, the updrafts get less diluted as they rise. They condense water vapor more
efficiently, which also contributes to the steeper vertical ¢ — d D gradient.

4. The steeper gradient in the lower troposphere makes updrafts and downdrafts at the SCL top more efficient
in depleting the SCL water vapor ([Risi et al., 2020]).

5. Finally, since the SCL serves as the initial condition for the full § D vertical profiles, the water vapor is more
depleted at all altitudes in the troposphere.

Coming back to our initial hypotheses, the dominant role of rain evaporation and rain-vapor diffusive exchanges
confirm hypothesis 3 ([Lawrence et al., 2004, Risi et al., 2008, Lee and Fung, 2008]). The role of entrainment in
diluting updrafts and reducing their condensation efficiency is reminiscent of hypothesis 4.

We notice that the root of the amount effect in the water vapor is higher relative humidity, with a triple effect on
reducing sublimation, reducing the rain evaporated fraction and reducing the dilution of updrafts by entrainment.
This explains why the amount effect can be observed only when the precipitation increase is associated with a
change in the large-scale circulation ([Bony et al., 2008, Moore et al., 2014, Bailey et al., 2017, Risi et al., 2020]).
While the tropospheric relative humidity is very sensitive to the large-scale circulation, it is almost invariant with
sea surface temperature ([Romps, 2014]). For example, if precipitation increases because sea surface temperature
increases without any change in large-scale circulation, then the tropospheric humidity would remain almost constant
([Romps, 2014]), the above-mentioned mechanism cannot take place and there is no amount effect.

4.2 Discussion

This study has investigated processes controlling isotopic profiles in idealized conditions. In particular, horizontal
gradients in humidity and 6 D were neglected. In reality, these gradients are expected to dampen the humidity and
dD variations as a function of large-scale vertical velocity ([Risi et al., 2019]).

The large-scale circulation is accounted for through tendencies in humidity, temperature and isotopes that are
horizontally homogeneous. This is equivalent to adding an horizontally-constant vertical velocity in each grid point,
thus shifting the probability distribution of grid-point vertical velocities w. In reality, in case of large-scale ascent,
we expect the w distribution to be modified, with a thicker tail corresponding to a larger cloud fraction, while
keeping its maximum corresponding to slow radiative subsidence ([Emanuel et al., 1994]). To check this, we would
need to analyze LES on large-domains in which a large-scale circulation is allowed to develop, without needing to ar-
tificially prescribe large-scale tendencies ([Bretherton and Khairoutdinov, 2015, Khairoutdinov and Emanuel, 2018,
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Stevens et al., 2019]). According to our analytical model, restricting the large-scale forcing to the cloudy regions
would dampen the humidity variations (Text S3) and amplify the 6D variations as a function of large-scale vertical
velocity.

To assess to what what extent our idealized simulations in radiative-convective equilibrium over the ocean are
relevant for interpreting observations, it would be useful to compare our LES simulations with different large-scale
velocities to in-situ and remote-sensing observations. This raises the question of the spatial scales at which the
amount effect can be observed and of the spatial representativeness of both observations and LES simulations. This
will also be investigated in a future study.

4.3 Perspectives

This paper highlights the important role of snow melt and rain evaporation in depleting the water vapor in case
of large-scale ascent. These processes are expected to be even stronger in stratiform regions of meso-scale systems,
where all the rain arises from the brutal melting of snow near the melting level, and where the rain evapora-
tion is boosted by the meso-scale downdraft drying the lower troposphere ([Houze, 1977]). This may explain
why observations show that stratiform regions are often more depleted than convective regions in squall lines
([Risi et al., 2010, Tremoy et al., 2014]), and why the amount effect is stronger where the fraction of stratiform
clouds is larger ([Kurita, 2013, Aggarwal et al., 2016, Sengupta et al., 2020]. To check this hypothesis, we plan to
analyze in a future study the dependence of water vapor isotopic profiles to large-scale circulation in LES with dif-
ferent convective organizations, such as squall lines ([Robe and Emanuel, 2001, Muller, 2013]) or tropical cyclones
([Khairoutdinov and Emanuel, 2013, Muller and Romps, 2018]).

Finally, this study highlights the key role of both microphysical processes (evaporation, snow melt) and macro-
physical processes (entrainment) in the amount effect. These processes are typically parameterized in LES through
the microphysical and sub-grid-scale turbulence schemes in LES. What is the sensitivity of the amount effect to these
parameterizations? These processes are even more crudely parameterized in general circulation models (GCMs).
How do GCMs represent these processes? More generally, what would be the added value of adding isotopic diag-
nostics when routinely comparing single-column versions of GCMs to LES simulations? This is yet another question
that we plan to address in the future.
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