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S U M M A R Y
Water enters the Earth’s mantle via subduction of oceanic lithosphere and sediments. A lot of
this water immediately returns to the atmosphere through arc volcanism, but part, retained in
Dense Hydrous Magnesium Silicates (DHMSs) and Nominally Anhydrous Minerals (NAMs)
like olivine, is expected to be subducted as deep as the bottom of the upper mantle (660 km
depth). Then, due to its low solubility in lower mantle minerals, water is likely to be released as
a hydrated fluid during the spinel–post-spinel phase change. The dynamics of this fluid phase
is investigated through a 1-D model of compaction, in which a source term has been introduced
to take the fluid precipitation into account.

The competition between the advective transport by the descending slab and the buoyant
rise of the fluid results in three distinct situations, depending on the properties of the solid
and the fluid phases. Low matrix permeability and high fluid viscosity inhibit compaction and
favour the entrainment of fluid towards the deep mantle. In this case, the entire slab water
content would enter the lower mantle and would be mixed at large scale. However, realistic
values of the fluid viscosity and matrix permeability make this possibility unlikely. When
effective, compaction results in an accumulation of fluid at and below the phase boundary.
Then, depending on the value of the matrix viscosity, the situation evolves differently. Above
1020 Pa s, accumulation of fluid extends below the phase boundary and the pressure difference
between the fluid and the matrix increases continuously, exceeding the yield strength of rocks.
As a result, cracks would form and evolve towards the formation of dykes. In case of very low
mantle viscosity, possibly due to strong grain size reduction during phase change, compaction
becomes very efficient and the fluid remains confined within the phase change horizon, without
increasing pressure. In the long term, this last situation appears unstable and would also evolve
towards the formation of dykes.

Thus, it is expected that water returns to the upper mantle by dykes propagating in the
direction of the maximum compressive stress. Since maximum compressive stress appears to
follow the dip of the slab below 410 km depth, we predict the formation of dykes extending
from the 660 km phase change to 410 km depth. The possible existence of such dykes in slabs
offers the necessary conditions for strong double couple component earthquake in the deepest
part of the upper mantle.

Key words: deep focus earthquake, fluids in rocks, mantle convection, melt segregation,
percolation, phase transitions, rock fracture, seismicity, subduction, transition zone.

1 I N T RO D U C T I O N

For more than a decade, the presence of water in the Earth’s mantle
has been thought to play a key role in geodynamic processes (Ahrens
1989; Bell & Rossman 1992; Thompson 1992). Its role in the pro-
cesses related to the origin of the continents has been recognized
for a long time (Campbell & Taylor 1983). Moreover, the dramatic
effects of water on various rock properties suggest a control on

other geophysical processes and over regions wider than the direct
vicinity of slabs. In particular, if the water injected in the mantle at
trenches were not released by the dehydration accountable for the
arc volcanism, the remaining part would be carried and dispersed at
greater depths. The amount of water recycled into the deep mantle
remains a matter of debate, and depends essentially on the geotherm
followed by the slab and the stability of Dense Hydrous Magnesium
Silicates (DHMS) (Luth 1995; Angel et al. 2001; Komabayashi et al.
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2005). As a consequence, the properties of hydrated regions will be
strongly different from dehydrated ones. For instance, the low ve-
locity zone below the lithosphere, initially interpreted as a partially
melted zone, may be viewed as a hydrated zone (Karato & Jung
1998). Further, some hotspots might be ‘wet spots’ (Bonatti 1990),
and more recently, it has been proposed that the high depletion in
trace elements of the upper mantle would result from dehydration
melting above the 410 km discontinuity (Bercovici & Karato 2003).

These hypotheses, although attractive, remain based on specu-
lations concerning the water distribution inside the mantle. Un-
fortunately, the high diffusivity of hydrogen ions in minerals (just
one order of magnitude lower than the thermal diffusivity) makes
extraction of information on the water content from deep mantle
regions extremely difficult. Thus, assumptions on the water distri-
bution mainly derive from our knowledge on the solubility of water
in the various minerals composing the mantle rocks. It is largely
accepted that the water solubility (2–3 wt per cent) in the transition
zone minerals (410–660 km depth) is higher than in the upper part
of the mantle (10–410 km depth) (Koga et al. 2003). The water sol-
ubility in the lower mantle is still controversial (Litasov et al. 2003),
but a consensus is arising around the weak storage capacity of deep
minerals, that is, two orders of magnitude lower than in the transition
zone (see Bolfan-Casanova 2005, for review). These values indicate
that the transition zone is an important potential reservoir for water
on Earth. Most models where water plays an important role assume
this reservoir relatively full, that is, that water content reflects the sol-
ubility. This assumption is justified only at equilibrium. Despite the
strong solubility drop across the spinel–post-spinel phase change,
the diffusion of water is not high enough to overcome the convective
transport and to hold back the water in the transition zone (Richard
et al. 2002). As a consequence, a probable exsolution of water from
minerals occurs when they enter the lower mantle. Incidentally, it
also means that if some hydrous phases are still able to hold water in
the lower mantle (in a very cold slab for example) this water will be
well-mixed by convection into the whole mantle. The possible fluid
precipitation at 660 km depth is of the first importance for the water
content of the transition zone, and could also concerns the origin of
deep Earthquakes. Based on depth distribution of seismicity, garnet
or DHMS dehydration reactions have been invoked to explain earth-
quakes at intermediate depth in subducting slabs (Estabrook 2004;
Omori et al. 2004).

In the context of subduction, the amount of water carried down
to the transition zone is unclear, it mainly depends on the degree of
hydration of the two peridotite layers that are the subducting litho-
spheric mantle and the downdragged mantle at the base of the mantle
wedge. The maximum concentration is controlled by the phase A
(Angel et al. 2001; Komabayashi et al. 2004) and the 10 Angstrom
phase (Fumagalli & Poli 2005). For the sake of simplicity, we have
chosen a value of 1 wt per cent that is in the upper range of mod-
els estimates (Schmidt & Poli 1998; Fumagalli & Poli 2005). This
remains below the average saturation of the transition zone miner-
als (wadsleyite, ringwoodite) of around 3 wt per cent. Crossing the
spinel–post-spinel phase change, the hydrated minerals undergo a
drastic reduction of their water storage capacity (to 10−2 wt per cent)
and much of the water they contain cannot be accomodated by the
new mineral structure (Bolfan-Casanova et al. 2003; Komabayashi
et al. 2004). Then, two opposite behaviours, still debated, may oc-
cur. Either water remains in non-connected fluid inclusions, or it
is exsolved from minerals at grain boundaries, creating an inter-
connected network. In the former case, water will be driven down
into the lower-mantle and eventually homogenized within the whole
mantle. In the latter, the water concentrated in the fluid phase may

percolate upward. Indeed, the percolation of fluid in an intergranu-
lar network is credible, even at very low concentrations (Mibe et al.
1998). For instance, at low pressure (1 GPa), Minarik & Watson
(1995) have shown that in a dunite with a 1 mm grain size, a melt
network can remain interconnected for concentrations as low as 0.01
vol per cent.

The goal of this paper is to investigate the mechanism and path
of transport of a hydrous fluid phase released at the post-spinel
mineral transition. For this purpose, we have developed a two-phase
flow model of fluid percolation within a permeable and plastic rocky
matrix, in which water precipitation is introduced through a source
term. In spite of its simplicity, this model provides insights on the
behaviour of the precipitated fluid phase. In particular, it predicts,
for a large range of parameters an accumulation of the fluid below
the phase change, going with an increase of the fluid overpressure.
Hydro-fracturing and dyke formation are the expected consequences
of such a case. Thus, a significant part of the discussion is devoted
to the probable pathway of the dykes discharging the hydrous fluid
accumulated below the phase change. This speculated mode of trans-
port has consequences for the large scale distribution of water in the
upper mantle and also for conditions favouring deep earthquakes.

2 M O D E L

The model consists of a vertical slab crossing the spinel–post-spinel
phase transition with a vertical velocity v. The phase change is as-
sumed to occur progressively over a thickness l, with a constant rate
equal to v/l. As the ringwoodite transforms into perovskite, water
is exsolved, so that within the phase change region three phases are
coexisting: ringwoodite, perovskite (plus magnesiowustite) and hy-
drous fluid. For simplicity, the four solid phases will be considered
as a single matrix. Two opposing processes are at work in this sys-
tem. On the one hand, the fluid and the matrix are advected down
into the lower mantle by the descending slab; on the other hand the
fluid percolates upward because of its lower density. To describe
the evolution of this system, we will first develop a set of equations
derived from Bercovici & Ricard (2003), in which the water exsolu-
tion will be introduced as a source term. All the notations used are
summarized in Table 1.

2.1 Poro-viscous equations

2.1.1 Mass conservation

In spite of the fact the model will be used to investigate the con-
ditions of hydro-fracturing induced by fluid migration, the matrix
and fluid will be considered as incompressible. Indeed, the effects
of compressibility are only substantial when the dynamic pressure
(the part resulting from the fluid/matrix movements and related to
the fluid buoyancy δρg) is of the same order of magnitude as the
fluid (or matrix) bulk modulus κ . A measure of this is given by
δρgL/κ , called the Deborah number, where L is a characteristic
length of the fluid accumulation, (see eq. 21 for a definition of L).
The bulk modulus of rocks or fluid at that depth are around 1011 Pa,
leading to Deborah number less that 10−2 and to negligible effects
on the compaction process (Vasilyev et al. 1998). Under these as-
sumptions (incompressibility and consequently constant density of
both phases), the equations of mass conservation gives:

∂φ

∂t
+ ∇ · [φv f ] = �̃

ρ f
(1)
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Table 1. Notations used in the paper.

Symbols Meaning Range of value Unit

φ Porosity
φ0 Reference porosity 0.01
v Slab velocity 1 cm yr−1

v f , v f Fluid velocity m s−1

vm , vm Matrix velocity m s−1

P f Fluid pressure Pa
P m Matrix pressure Pa
s, s Separation velocity
c, c Mean flow velocity
δP Effective pressure
ρ f Fluid density 2 × 103 kg m−3

ρm Matrix density 4 × 103 kg m−3

δρ Density contrast 2 × 103 kg m−3

η f Fluid viscosity 0.1–10 Pa s
ηm Matrix viscosity 1018–1024 Pa s
g The gravity 10 m s−2

�̃ Mass of water exsolved kg m−3 s
k Permeability m2

k(φ0) Reference permeability m2

L Compaction length m
l Phase change thickness

and length scale 104 m
l/v Timescale 106 yr
ηm v/l Pressure scale

and

−∂φ

∂t
+ ∇ · [(1 − φ)vm] = − �̃

ρm
, (2)

where φ is the porosity, that is, the proportion of the volume occupied
by the fluid, ρ i and vi the density and the velocity of phase i, and
subscripts f and m indicate the fluid and the matrix, respectively. �̇

represents the amount of fluid exsolved during the phase change:

�̃ = φ0ρ f
v

l
�, (3)

in which φ0 is the volume of exsolved fluid at phase change com-
pletion. The hydration state of the lithospheric part of the slab at the
660 km discontinuity is difficult to assess. Here, we assume that the
dehydration and water transport processes undergone by the slab
have homogenized its water content. Thus, � is constant with time
and can be represented as a box car function centred around the
depth at which the phase change occurs. This depth is taken as the
origin of the vertical axis:

�(z) =
{

1 for |z| < l/2,

0 otherwise.
(4)

2.1.2 Momentum conservation

In a geological context, where the fluid is assumed to be much less
viscous than the matrix, Bercovici & Ricard (2003) proposed the
following equations for the momentum conservation in the fluid
and the matrix:

0 = φρ f g − φ∇ Pf − η f
φ2

k(φ)
(v f − vm) (5)

and

0 = (1 − φ)ρmg − (1 − φ)∇ Pm + ∇ · [(1 − φ) ¯̄τm]

+ η f
φ2

k(φ)
(v f − vm) + (Pm − Pf )∇φ, (6)

where P is the pressure, ¯̄τm the viscous stress tensor of the matrix:

¯̄τm = ηm

[
∇vm + [∇vm]t − 2

3
(∇ · vm)¯̄I

]
, (7)

where η the viscosity and k(φ) the permeability. These equations are
not symmetric because the interfacial forces and the viscous dissipa-
tion are neglected in the fluid equation (eq. 5). Apart from the clas-
sical Navier–Stokes terms holding for the body forces, the pressure
gradient and the viscous stresses, the two phases flow description
introduces a Darcy term, proportional to the fluid–matrix velocity
difference, and a term proportional to the matrix–fluid pressure dif-
ference that accounts for the viscous dissipation due to the interface
deformation. In the equations of Bercovici & Ricard (2003), there
is also a term accounting for the surface tension forces that has been
neglected here.

2.1.3 Porosity equation

To close the system, an additional equation is required. On the basis
of energy conservation and entropy considerations, Bercovici &
Ricard (2003) proposed to relate the variation of the porosity to the
pressure difference between the matrix and the fluid:

Dφ

Dt
= −φ(1 − φ)K

Pm − Pf

ηm + η f
, (8)

where K is a dimensionless factor accounting for pore or grain
geometry and is typically O(1) (see Bercovici & Ricard 2003, for
discusion). Consequently K disappears in the following equations.

D

Dt
= ∂

∂t
+ vm · ∇, (9)

is the material derivative. In this equation, we introduce a source term
accounting for porosity creation resulting from water exsolution.
This volume that occupied by the matrix that disappears �̃/ρm or that
occupied by the fluid that is exsolved �̃/ρ f . Both correspond to the
mass exchange �̃. Only the smaller of the two actually accounts for
positive entropy source and thus should be included in the porosity
equation (Sramek et al. 2006). This gives:

Dφ

Dt
= −φ(1 − φ)

Pm − Pf

ηm
+ �̃

ρm
, (10)

where the fluid viscosity, several orders of magnitude lower than
that of the matrix, has been neglected.

2.1.4 Separation velocity and effective pressure

The introduction of the effective pressure δP, the separation velocity
s and the mean flow c:

δP = Pm − Pf

s = φ(v f − vm)

c = φv f + (1 − φ)vm, (11)

allows us to rewrite this set of three scalar and two vector equations
in a more simple form. The mass conservation equations (eqs 1 and
2) may be rearranged, so that their sum gives an equation for the
mean flow c:

∇ · c = δρ

ρmρ f
�̃ (12)

and the combination (1 − φ) × (1)-φ × (2)–(10), an expression for
s as a function of δP:

∇ · s = φ
δP

ηm
+ δρ

ρmρ f
�̃. (13)
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The force balance is highlighted by combination of momentum
equations, φ×(6) − (1 − φ) × (5):

0 = η f

k(φ)
s − ∇ [(1 − φ)δP]

+ (1 − φ)δρg + ∇ · [(1 − φ) ¯̄τm], (14)

whereas their simple sum leads to the hydrostatic equilibrium:

0 = −∇[(1 − φ)Pm + φPf ]

+[(1 − φ)ρm + φρ f ]g + ∇ · [(1 − φ) ¯̄τm], (15)

in which the viscous stress of the matrix is negligible in comparison
to the global pressure gradient. This set of equations, (10) and (12–
15), are very useful for 1-D models because it can be reduced to a
set of three scalar equations, the solving for the mean flow and the
hydrostatic pressure becoming unnecessary.

2.2 Simplified dimensionless equations

In reality, the geometry of the system (i.e. a slab entering the lower
mantle) is mainly 2-D. However, the dynamics of the water after its
release within the spinel–post-spinel phase change will result in a
competition between the upward fluid buoyancy and the downward
advective transport by the slab. As a first step, this can be approxi-
mated by a 1-D vertical model.

In 1-D, the viscous stress tensor is proportional to the divergence
of the matrix velocity. It can be evaluated by combination of the
matrix mass conservation (2) with the porosity eq. (10):

(1 − φ) ¯̄τm = 4

3
ηm(1 − φ)

∂vm

∂z

= −4

3
φ(1 − φ)δP. (16)

The force balance eq. (14) gives:

0 = η f

k(φ)
s − ∂

∂z
[(1 − φ)δP] + (1 − φ)δρg

−4

3

∂

∂z
[φ(1 − φ)δP] , (17)

where the vertical axis is oriented donward and z is the depth. One
can see that the first part of the viscous stress tensor (the fourth term
of the right hand side of equation) is φ times the order of magnitude
of the gradient pressure term, that is, the second term. Since the
water content of mantle rocks is likely not to exceed one percent
(Schmidt & Poli 1998), we can assume that the porosity will remain
small, so that φ � 1. This allows us to neglect this first part of the
viscous stress tensor. Subsequently, we will assume that 1 − φ � 1
which simplifies eq. (17) to:

0 = η f

k(φ)
s − ∂

∂z
δP + δρg, (18)

Thus, a differential equation for the separation velocity, s, is ob-
tained. However, dimensional analysis reveals that s is simply pro-
portional to the balance between the pressure gradient and the buoy-
ancy forces. The dimensionless form of the equations is obtained
scaling spatial quantities with l, the time with l/v, the pressure with
ηm v/l and the porosity with φ0. This gives:

s

φn
= N 2

L

∂

∂z
δP + NV , (19)

for the momentum equation, where φn is the dimensionless per-
meability of rocks, whose expression will be discussed in the next
section, and where N V and N L are two dimensionless numbers.

N V , denotes the ratio of the interstitial velocity of the fluid V to the
velocity of the descending slab v:

NV = k(φ0)δρg

vφ0η f
= V

v
. (20)

It expresses the capacity of the fluid to overcome the slab drag and
to accumulate at a fixed depth. The quantity N L , represents the ratio
of the characteristic size of a compaction wave L to the thickness of
the phase transition l:

NL = 1

l

√
k(φ0)ηm

η f φ0
= L

l
. (21)

Its meaning is less obvious than that of N V , and will be discussed
in the light of the experiment results. Finally, the momentum equa-
tion can be written as a simple Darcy-like equation:

s = φn

[
N 2

L

∂

∂z
δP − NV

]
. (22)

This last equation is used to eliminate s in (13) and thus to obtain
an equation for the effective pressure, δP:

φδP − N 2
L

∂

∂z

[
φn ∂δP

∂z

]
= −NV

∂φn

∂z
− δρ

ρm
�. (23)

In this equation, we note the presence of a source term proportional
to the matrix–fluid density contrast and to the exsolution rate, a term
also present in the mean flow eq. (12). It accounts for effects induced
by the volume variation due to the fluid exsolution. As a matter of
fact, in the Boussinesq approximation, the density variations are
only considered as non zero in the buoyancy term. Thus, keeping
this term would be only consistent with a compressible approach,
where the elastic forces due to the volume variation related to the
phase changes are taken into account. Indeed, we verified that this
term induces a dramatic increase of the pressure difference between
the fluid and the matrix (−δP). Thus, to stay in the Boussinesq
approximation, we drop this term in both (12) and (23). This lead to
a mean velocity c that remains constant in the phase change region,
and thus equal to v everywhere.

Finally, the dynamics of the fluid exsolved during the phase
change can be described in a 1-D framework by a set of two equa-
tions as function of the porosity φ and the effective pressure δP:

Dφ

Dt
= −φδP + ρ f

ρm
�, (24)

φδP − N 2
L

∂

∂z

[
φn ∂δP

∂z

]
= −NV

∂φn

∂z
. (25)

This system has been discretized over 30 000 equidistant grid points
and solved with a numerical scheme that is fourth order in space and
second order in time (Barcilon & Richter 1986). Boundary condi-
tions are periodic and the initial porosity is equal to zero everywhere.
The equations are solved in a Lagrangian system of coordinates that
moves with the mean flow c, that is, the slab velocity v.

3 PA R A M E T E R S A N D D I M E N S I O N L E S S
N U M B E R S

The estimation of the magnitude of the dimensionless numbers N L

and N V is not easy, because they depend on physical properties that
remain poorly constrained or simply unknown under the pressure
of the spinel–post-spinel phase transition. This is the case for the
permeability and the viscosity of the fluid whose existence and, a
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fortiori, composition, still remain speculative. These parameters, as
well as the lower mantle viscosity will serve as the free parame-
ters of the problem, whereas other parameters can be constrained
more precisely. Thus, the magnitude of N V is principally related
to the estimation of the ratio k(φ0)/η f that controls the velocity
of fluid inside the porous matrix, N L depending on both k(φ0)/η f

and ηm .
The dependence of matrix permeability on porosity is commonly

described by a power law (McKenzie 1984): k(φ) = d2/Cφn , in
which d is the rock grain size, C a constant and n an exponent
that depends on the porous network geometry. For connected chan-
nels with cylinder shape, it is proposed that n = 2, but with values
for the constant C varying strongly among different authors. For
porosity of 1 per cent in a milimetric grain rock, the predicted per-
meability ranges from 1.5 × 10−15 m2 with C = 64 000 (Maaloe &
Scheie 1982) to 3 × 10−13 m2 with C = 3000 (McKenzie 1989).
Contrasting with these values, Faul (1997) proposed a much lower
estimation of the permeability of rocks at small percentage of fluid.
In laboratory experiments where the fluid fraction remains below
2 per cent, he observed that only 10 per cent of the fluid is con-
nected in tubules network, the most part being in intergranular films
and disc-shaped inclusions. In such cases, he suggests a power-law
exponent at least equal to 3, leading to permeability of ∼10−17 m2

for porosity of 1 per cent. Note that uncertainties also come from
probable effects of deformation on permeability (Holtzman et al.
2003). With regard to the water concentration in deep minerals
(∼1 per cent), we have chosen to set n = 3 with a possible per-
meability range of [10−17, 10−14] m2.

The viscosity of the fluid expected at the spinel–post-spinel phase
transition should be bounded by those of magmas known at the
surface. Andesitic melts correspond to the upper limit, around
1000 Pa s. Intermediate values (∼10 Pa s) are found for basaltic
melts at subsurface pressure and the lowest ones (<1 Pa s) are those
of kimberlitic melt, also known for their high content in water and
carbon dioxide. This last argument could support the hypothesis
of a low viscosity, however the composition of such a fluid could
be silicate-rich (Bureau & Keppler 1999), and therefore, highly
viscous.

In summary, the ratio k(φ0)/η f could span seven orders of mag-
nitude [10−20, 10−13]. The lower mantle viscosity ηm is no more
constrained, varying from very low values (1018 Pa s), possible just
in the vicinity of the phase transition where a drastic grain size re-
duction may induce a super-plasticity effect (Solomatov 2001), to
high values (1025 Pa s) expected in a cold slab. In light of such un-
certainties, a very careful discussion of the remaining parameters
would appear unnecessary:

(i) The thickness of the spinel–post-spinel transition zone can
be reasonably set around 10 km. This value is a good compromise
between the seismological (20–30 km) (Petersen et al. 1993) and
mineralogical (<4 km) (Ito & Takahashi 1989) estimations.

(ii) Fluid dynamics shows that speed of subducting plate suffers a
slowdown by a factor proportional to the square-root of the viscosity
contrast when entering the lower mantle. A generally accepted value
for this contrast is around 50, implying a decent velocity up to
2 cm yr−1 in the lower mantle. For the sake of simplicity, the value
of v will be set to 1 cm yr−1.

(iii) The fluid density is not constrained at all, but we estimate that
a density contrast with the matrix around 2000 kg m−3 is reasonable.
Note that a fluid denser than the matrix δρ < 0, like the one proposed
at the core–mantle boundary (Ohtani & Maeda 2001) will sink to
the base of the mantle.

(iv) The reference porosity φ0 is equal to the assumed average
water content of rocks entering the lower mantle, that is, 1 per cent.
Other initial slab concentrations can be easily tested remembering
that N L (eq. 21) is proportional to φ2

0 and N V (eq. 20) to φ0

With this set of parameters, the unit of porosity is 1 per cent, of
time 106 yr, of length 10 km and of velocity 1 cm yr−1.

4 N U M E R I C A L E X P E R I M E N T S

We present the results for intervals of N V and N L relevant to fluid
migration, that is, [0.01, 100] for N V and [0.03, 3] for N L . These
parameter ranges have been investigated through 221 experiments
regularly distributed on a logarithmic scale (13 values for N V and
17 for N L ). These experiments permit us to distinguish between
different regimes.

4.1 Fluid flow dominated by the matrix drag

First, we look at experiments where the scale of the interstitial fluid
velocity (k(φ0)δρg/φ0η f ) is very low compared to the subducting
plate velocity v, that is, N V ≤ 0.1. In these cases, the fluid is swept
along by the matrix, as shown in Fig. 1. During the exsolution (inside
the shaded box on the top-left panel), the porosity increases at a
constant rate, as would be the case in the absence of gravity. It
exceeds the value expected at the phase change completion (φ =
1), to reach 1.155. This results from a residual upward migration of
the fluid (vm − v f ∼ .15), which remains too small to overcome
the descending matrix drag. Observing the time evolution of the
porosity, the velocity difference, and the effective pressure, we see
that, at a given depth below the source zone, these quantities reach a
maximum and then remain constant so that the region of maximum
porosity propagates downward. In fact, this implies that 100 per
cent of the fluid is advected downward, towards the deep mantle.
Such a situation occurs as long as N V < 0.15. It is worth noting that
this threshold does not depend on N L . It is also evident that similar
mode of water transport will be seen if the fluid density is higher
than the matrix density (δρ < 0).

4.2 Fluid flow dominated by percolation

For higher N V and any N L values, the migration of the fluid over-
comes the drag due to the matrix descending flow, and accumulates
at the phase change. In Fig. 2, where N V = 1 and N L = 10−1/2,
the porosity develops in a single stationary wave, anchored inside
the source region. By increasing N V or decreasing N L , the fluid
accumulation shrinks inside the source region and splits in several
stationary waves as it is shown in Fig. 3.

Fig. 4 is a summary of all the experiments that we ran. It repre-
sents the growth rate of the porosity, dφ/dt , when the porosity has
reached a non-dimensional value of 5, except in cases corresponding
to N V = 0.1, where the growth rate tends to zero and the porosity
never exceeds 1.15. In this figure, dashed lines draw a dimensioned
framework, obtained by fixing the value of some parameters. Set-
ting l = 10 km, δρ = 2000 kg m−3 and v = 1 cm yr−1, allows us
to plot the matrix viscosity as a function of N L and N V : ηm =
N 2

L/N V δρgl2/v. Then, the choice of the reference porosity, φ0 =
1 per cent, fixes the proportionality coefficient between K (φ)/η f

and N V .
The shaded area marks the zone where dispersion of porosity

waves occurs, as depicted in Fig. 3. This dispersion is favoured
at high N V and small N L . As expected, the porosity waves be-
come thinner as N L (the compaction length) decreases. This effect

C© 2007 The Authors, GJI, 168, 1291–1304

Journal compilation C© 2007 RAS

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/168/3/1291/2043688 by C

N
R

S - ISTO
 user on 08 N

ovem
ber 2021



1296 G. Richard, M. Monnereau and M. Rabinowicz

0 1 2 3 4 5

18.0

16.0

14.0

12.0

10.0

8.0

6.0

4.0

2.0

0.0

D
ep

th

0.00 0.50 1.00

vm - vf

-0.09 0.00 0.09

pm - pf

0.0 2.0 4.0 6.0 8.0 10.0 12.0 14.0

Time

-0.09

-0.04

0.00

p m
 -

 p
f

0.00

2.00

4.00

m
ax

Figure 1. Evolution of the porosity φ, the matrix–fluid velocity difference and the effective pressure for N V = 0.1 and N L = 1. The shaded area on the
left-hand panel corresponds to the region where the fluid is exsolved. It extends from z = −1/2 to 1/2 . On the three top panels, the various curves show 5
different stages of the evolution, regularly sampled. The bottom panel shows the evolution of the maximum of the porosity (dashed line) and the effective
pressure (plain line).

is shown on the left-hand panel of Fig. 5, where porosity profiles
corresponding to cases run at constant N V (=103/2) and N L vary-
ing from 10−3/4 to 101/2 are plotted. With this N V value, the width
of the porosity wave is roughly equal to one compaction length.
We verified that all these profiles superpose perfectly when plotted
with a scale length equal to the compaction length, indicating that
the width is strictly proportional to the compaction length. Besides,
the proportionality coefficient depends on N V . The central panel
of Fig. 5 shows that at constant N L , the porosity wave becomes
thinner as N V increases. Furthermore, the width can be smaller
than one compaction length, as in case of N V = 100 and N L =
0.18 where the wave size reaches roughly half of the compaction
length.

On these various porosity profiles, we observe that the splitting
occurs as soon as the wave size reduces to the source extent, or
rather that it never occurs outside the source region. In fact, the
compaction wave onsets when the fluid encounters an obstruction,
that is, a porosity decrease along its migration (Spiegelman 1993).
Here, the source term is such an obstruction due to the increase of
the porosity with depth. This feature is only present where � is non
zero. Below this region, the porosity decreases with depth because

of the upward migration of the fluid, precluding the development of
waves. When the porosity accumulation splits into 2 (or n) waves, the
corresponding wavelength is 1/2 (or 1/n), that is, smaller than 1. As a
consequence, the first term in eq. (25) appears negligible compared
to the second one, the diffusion term. Neglecting this first term,
the solutions of (25) becomes only dependent on the ratio N V /N 2

L .
This is highlighted on the right-hand panel of Fig. 5 showing four
porosity profiles in which N V /N 2

L remains constant from one case to
the other. As a consequence, for N V significantly higher than the
threshold that delimits the onset of compaction, the evolution of
the porosity seems only dependent on the N V /N 2

L ratio, that is,
on the matrix viscosity. We may notice, in Fig. 4, that, for high N V

values, the growth rate of the porosity wave remains constant along
the dash lines corresponding to a constant matrix viscosity.

4.3 Compaction versuks hydraulic fracturing

From these various experiments, we can discern three situations :

(i) The fluid is swept away in the deep mantle. This occurs in
case of highly viscous fluid or very low permeability of the matrix
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Figure 2. Same as Fig. 1 but for N V = 1. and N L = 10−1/2.

(i.e. if k(φ0)/η f < 10−17 m2/Pa s or N V ≤ 0.1) and whatever the
viscosity of the matrix. Such a situation will be reinforced in case
of fast downwellings.

(ii) Compaction is active and the fluid accumulates below the
phase change, but a significant amount escapes and is dragged down-
ward. This occurs for k(φ0)/η f > 10−17 m2/Pa s and ηm > 1020 Pa s.

(iii) When the matrix viscosity is very low, ηm < 1020 Pa s, com-
paction becomes strongly active and the fluid remains confined
within the horizon of the phase transformation where it is produced.
This last situation corresponds to the shaded area in Fig. 4, the (N L ,
N V ) values for which the porosity waves split.

Compaction seems to be capable of retaining water in the upper
mantle in the third situation only. In the other two, a moderate to
significant amount of water is carried into the deep mantle. How-
ever, beyond a concentration of a few percent, the fluid may induce
various changes in material properties with strong impacts on its
migration. For instance, a possible softening of the matrix (Hirth
& Kohlstedt 1995) would lead to a drastic enhancement of com-
paction, pushing the system from the second (ii) to the third regime
(iii). Another major change in the evolution of the fluid concentra-
tion may come from the increase of the effective pressure with time.
Hydraulic fracturing and dyke generation will be triggered as soon

as the difference between the fluid and the solid pressure will exceed
the yield strength of rocks. This threshold is estimated to be around
50 MPa (Spera 1987; Rubin 1995). It will be reached at the top of
the impregnation where the fluid pressure is always maximum, as
shown in Figs 1–3. Generation of cracks would evolves towards the
formation of dykes able to drain the fluid back to the upper mantle.

To determine in which case this ending is probable, we will first
examine the magnitude of the fluid excess pressure, P f − P m , as
a function of N L and N V . As shown on the bottom panel of Figs 1
and 3, the maximum fluid excess pressure is an increasing function
of time that tends to a limit. However, in most of cases, such as in
Fig. 2, this limit is not reached before φ = 5, value at which the
experiments were stopped. Fig. 6(a) is a plot of the maximum fluid
pressure reached at the end of the experiments. This value has been
multiplied by N 2

L/N V , in order to be easily dimensioned by a scale
based on the buoyancy of the fluid δρg l, instead of ηm v/l used
previously. For instance, the 50 MPa threshold corresponds to the
0.25 curve for l = 10 km, or to the 1.0 curve for the same density
contrast, but with a phase change thickness reduced by a factor of 4
(l = 2.5 km). Thus, a pair of values for l and δρ fixes the threshold
position in a (N L , N V ) diagram. Further, the choice of the downward
velocity v = 1 cm yr−1 and the reference porosity φ0 = 1 per cent
allows us to draw a dimensioned framework as in Fig. 4. Figs 6(b)
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Figure 3. Same as Fig. 1 but for N V = 10. and N L = 0.1.

and (c) represent the yield strength threshold (thick line) and the
time necessary to reach it in such a dimensioned framework, where
the only change concerns the phase transition thickness, from l =
10 km to 2.5 km, respectively.

First, when l = 10 km, which is an intermediate value between
seismological and mineralogical estimations of the phase change
thickness, fracturing happens in most of cases corresponding to sit-
uations (i) or (ii). Thus, the fluid either concentrates in several waves
within the phase change horizon (the shaded area on the figure),
or compaction trigger cracks after a few million years to fractions
of million years. A reduction by a factor of 4 of the phase change
thickness, that is, l = 2.5 km, shifts the threshold curve to N L values
four times greater, leaving a gap between fracturing and splitting for
cases corresponding to situation (ii), and thus opens some possibil-
ity of water leakage towards the lower mantle. However, whether the
spinel–post-spinel transition zone thickness is l = 10 km or 2.5 km,
fracturing is triggered for a matrix viscosity greater than 1020 Pa s.
As a result, the yield strength threshold corresponds to a viscos-
ity threshold. A comparison of these last two figures shows clearly
that the threshold curve (thick line), the time curves and viscosity
curves (dashed lines) drawn for l = 10 km are similar to l = 2.5 km,
but shifted towards N L values exactly four times greater, indicating

that both plots would be the same if plotted as a function of the
compaction length instead of N L .

4.4 About the shape of impregnations

As the model is 1-D, no inference can be made on the evolution of the
fluid concentration in the horizontal direction and its incidence on
the pressure predicted here. Wiggins & Spiegelman (1995) showed
that an homogeneous mush slowly develops spherical impregnation
with a radius of several compaction lengths L. However, in case of
obstructions to fluid percolation, that is, when the fluid concentration
sharply drops upwards, instability growth in the vertical direction
becomes much faster than in the horizontal one, so that sills develop
instead of spheres. Clearly, in our model, the zero porosity above
the phase change constitutes a total obstruction to the upward fluid
migration.

Connolly & Podladchikov (1998) studied conditions enhancing
lateral instabilities. In case of purely viscous rheology, spherical
impregnations elongate in the vertical direction when viscosity in-
creases progressively with depth and flatten in the reverse situa-
tion. With more complex rheologies, they found that a yield stress
to plastic deformation or/and a transition from plastic to elastic
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Figure 4. dφ/dt when φ = 5 as a function of N L and N V . Isolines have been extrapolated from a compilation of 221 runs. Three different regimes are
distinguishable. From and below N V = 0.1 the fluid is dragged downward by the slab and the porosity never exceed 1.15. Above this threshold, the fluid
accumulate in a stationary wave below the source term. In the shaded area, the fluid accumulation is restricted to the zone where the phase transition occurs
and splits in several units. Note that far from the threshold Nv = 0.1, the growth rate of the porosity waves seems only dependent on the matrix viscosity. Stars
refer to cases shown in Figs 1–3.

Figure 5. Porosity profiles in various cases. In the left-hand panel, cases are run with the same N V and the width of the porosity accumulation is proportional
to N L . In the central panel, N L remains constant, but the wavelength of the porosity decreases as N V increases. In the right-hand panel, the porosity profiles,
for which the ratio N V /N 2

L is constant, looks similar. It is important to notice that the porosity splits in several waves when it develops inside the source region
(the shaded area on the three panels).
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bottom two panels, the thick line marks the position of the yield strength, with cases in which this threshold is never reached on the left side. Alike in Fig. 4,
the shaded area corresponds to cases of porosity wave splitting, in which the fluid remains confined in the phase change horizon.
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rheology generates tube-like vertical impregnations, separated by a
compaction length L. These tubes, equivalent to dykes, develop in
absence of hydro-fracturing. The authors suggest that this situation
applies to the transition between mantle and lithosphere, when the
rheology changes from plastic to elastic behaviour, or when there
is a stress threshold for the plastic deformation. We find difficult to
assume such rheologies for the horizon of spinel-perovskite phase
change, where the grain size reduction suggests the existence of a
possible superplasticity.

Another limit of the 1-D formulation is that the phase change
is assumed to be horizontal. In fact, because of the temperature
gradient across the slab, the spinel-perovskite transition should be
deeper in the coldest part of the slab, such that the zone of water
precipitation may be tilted by few tens of degrees. In case of initially
tilted impregnations, Rabinowicz & Ceuleneer (2005) showed that
the fluid percolates upslope gathering all the eventual heterogenities
into a single sheet parallel to the slope. Even if it is difficult to
transpose this result to the present context, we may suspect that our
model underestimates the pressure that can be reached in case of
tilted geometry.

5 C O N J E C T U R E S O N DY K E S WA R M S
O R I G I N AT I N G F RO M T H E
S P I N E L - P E ROV S K I T E B O U N DA RY

The issue of the lower mantle water content depends on competition
of three processes: the advective transport, driving the hydrous fluid
exsolved at the post-spinel phase change down into the lower mantle,
the percolation or compaction, returning this fluid up to the transition
zone, and the hydraulic fracturing triggered by the increase of fluid
excess pressure over the rock yield strength.

5.1 Conditions for dyke generation

At small values of N L and N V , compaction is not able to retain
the water swept by the mantle flow. Thus, upon entering the lower
mantle, the water is possibly homogeneously distributed by mixing.
(Richard et al. 2002). Though this situation cannot be excluded, it
would occur only in case of very small permeability or large fluid
viscosity and large plate velocity.

In most cases, the evolution of the fluid migration depends on
the magnitude of the effective pressure, which is mainly related
to the matrix viscosity. For a characteristic mantle flow velocity of
1 cm yr−1 and a yield strength of 50 MPa, rock damage is avoided for
solid viscosity below 1020 Pa s. Various dynamic models suggest a
viscosity around 1021 Pa s in the transition zone and around 1023 Pa s
in the upper part of the deep mantle (Kaufmann & Lambeck 2002).
Nevertheless, some of these models agree on the possible existence
of a low viscosity zone located in between (Ito & Sato 1991). It might
result from superplasticity of perovskite (Karato et al. 1995), that is,
a rheological weakening associated to grain size reduction during the
post-spinel phase change. In that case, the fluid accumulate within
the phase change horizon and can end up in a complete separation
from the solid in a few million years (Rabinowicz et al. 2001). This
situation appears unstable because of the slope of the phase change
inside a slab. A more probable outcome is the growth of pure fluid
lenses, at the top of which the fluid pressure will eventually reach
the yield strength, inducing hydro-fracturing and emptying through
dykes.

In case of matrix viscosity higher than 1020 Pa s, as expected if no
superplasticity affects the rock rheology, fractures most probably

develop in the matrix during dehydration. Then, interstitial fluid
concentrates in the early-formed dykes. A dyke made by grouped
cracks is likely to drain most of the fluid in an area of thickness L
(Sleep 1988), decreasing the fluid excess pressure. Thereafter, the
fluid pressure rises again and a new cycle starts (Sleep 1995). The
recurrence of fracturing is dominated by the time necessary to reach
the yield strength. As shown in Figs 6(b) and (c), it ranges from a
few millions years to hundred thousands years and could be shorter
in case of high permeability and high viscosity of the matrix. This
time indicates the maximum depth at which the water may be driven
into the lower mantle before to be draining in dykes. This does not
exceed a few kilometres below the phase change.

5.2 About the dykes’ trajectories

To summarize, except in the case where the fluid is driven towards the
deep mantle because of its high viscosity, compaction would even-
tually trigger dykes. Percolation within dykes is the most efficient
migration path for a fluid and this process should be preponderant in
terms of water distribution. As a consequence, an important issue is
the direction of dykes. Usually, when cracks propagate, they follow
the direction of the maximum compressive stress (σ 1) (Rubin 1995).
The stress field in a slab crossing the transition zone depends on nu-
merous parameters (temperature, phase transition, rheology, etc.)
and is complicated. Nevertheless, deep earthquakes data (Isacks &
Molnar 1971) and most of the studies agree upon the presence of
a dominant region of downdip compression around the entry of the
lower mantle (660 km depth) and a region of downdip tension above
(410–500 km). More precisely, Yoshioka et al. (1997) locate the tilt
of the σ 1 direction at the wadsleyite–ringwoodite phase transition
(∼600 km) and in a more realistic geometry (slab dip angle of 60◦)
Bina et al. (2001) predict it around the olivine–wadsleyite transi-
tion (∼410 km). Based on these models we have drawn a simplified
sketchmap of the the direction of dykes in a slab (see Fig. 7). (in
other models (Goto et al. 1985), the compression region can be
narrower and localized at the surface of the slab but the trend re-
mains the same). The rotation of σ 1 is expected within the phase
change horizon. In all our compaction experiments, the maximum
fluid pressure is reached well inside this horizon. More precisely, it

410 km

660 km
fluid precipitation area

Overriding plate
Oceanic lithosphere

Figure 7. Expected direction of the dykes formed by slab dehydration at
660 km depth. The σ 1 directions are simplified from Bina et al. (2001). Fluid
precipitated at the spinel–post-spinel phase change is likely to accumulate
into these dykes and to be transported up to transition zone. Eventually,
after having settled in the slab neighbourhood and diffused into the nearby
mantle the water would be reintroduced into the large scale convective mantle
circulation.
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is found at mid-depth for cases close to the compaction/fracturing
limit (e.g. case of Fig. 2) and at the very top for cases with a short
recurrence time. According to this geometry, the hydrated fluid is
likely to be drained inside the transition zone following the dykes
opened in the cold centre of the slab. First, water will be absorbed
by the rocks of the dyke walls, up to saturation. Then, the following
dykes will be channelled in this saturated zone and progressively
will extend it upwards. The progression of these dykes would stop
as soon as σ 1 becomes horizontal. In the case shown in Fig. 7, this
happens at the top of the transition zone (410 km). The two ma-
jor consequence of such a process is first to return the water into
the transition zone and then to build a weak plane that can play an
important role in the onset of deep earthquakes.

6 C O N C L U S I O N

6.1 Implication for generation of deep Earthquakes

It has long been recognized that the occurrence of deep earthquakes
is problematic since brittle fracture and frictional sliding on fault
surfaces should be prohibited by confining pressure at great depth.
As a matter of fact, these earthquakes show negligible isotropic
components, contrary to the effect expected from the phase change
volumetric variation (Wiens 2001). Various processes have been
proposed to account for great depth double couple sources, indica-
tive of shear movement along a plane: lubrication induced by fric-
tional melting (Kanamori et al. 1998), runaway thermal creep along
weakness plane caused by the small grain size of a slab interior af-
ter the olivine to β-spinel transformation zone (Karato et al. 2001),
or by rapid anticrack growth (Green & Burnley 1989). According
to the anticrak theory, earthquakes cannot occur below the spinel–
post-spinel phase change because an endothermic transformation
is unable to sustain the thermal runaway required for the faulting
instability. Dehydration embrittlement is another mechanism that
can operate at any pressure, given a suitable source of fluid (Meade
& Jeanloz 1991). In fact, dehydration has long been recognized as
a probable cause of intermediate depth earthquakes (75–300 km),
but has been dismissed for the deepest ones, because beyond 300 km
depth the residual water is mainly dissolved in minerals and thus has
never been considered as available for faulting mechanism (Green
& Houston 1995).

A recent semi-quantitative study describes the stability fields
of hydrated minerals down to the upper–lower mantle (30 GPa)
(Komabayashi et al. 2004), in which the authors propose the pre-
cipitation of an hydrous fluid phase, when hydrogen rich materials
enter the lower mantle. If this assumption is correct, the resulting
behaviour of the fluid, predicted here, can explain some observa-
tions concerning deep earthquakes. The weak planes, necessary to
account for the strong double couple sources, naturally result from
the migration of fluid released by the dehydration of slabs at the
spinel–post-spinel phase transition. The expelled hydrous fluid ac-
cumulates in dykes, that converge towards the coldest part of the slab
and then propagate upward along it. Downwards, their extension is
restricted by the incapacity of the slab to drag along fluid deeper
than a few kilometres below the phase change, limiting to this depth
the conditions for earthquake triggering. Upwards, following the
direction of maximum compressive stress σ 1, dykes can propagate
far away and return water (or hydrous fluid) up to the base of the
upper mantle. As shown on Fig. 7, σ 1 in a subducting slab is vertical
between 660 and 410 km, becoming horizontal above. Seismicity of
slabs also reveals consistently downdip compressional solutions for
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Figure 8. Number of earthquakes per year as a function of depth after
Frohlich (1989). The figure has been redone with events referenced in the
Harvard CMT Catalogue, from 1977 January to 2003 December.

earthquakes deeper than 400 km (Isacks & Molnar 1971), whereas
it is downdip tensional for shallower seismicity (Green & Houston
1995). In spite of there being no dehydration reaction below 300 km
other than the phase change marking the entrance into the lower
mantle, the propagation of hydrous dykes offers the conditions for
earthquakes triggering in between. Thus, the bimodal aspect of the
distribution of earthquakes with depth, shown by Frohlich (1989)
(Fig. 8) and the apparent link between dehydration process and earth-
quake phenomenons reported by Omori et al. (2004) may find here
a simple explanation: the seismicity minimum marking the progres-
sive decrease with depth of dehydration reaction and the extend limit
of dykes coming from the upper-lower mantle phase transition. It
is worth noting that in this frame, the model proposed by Yoshioka
et al. (1997) where the σ 1 direction tilt at 500 km depth gives a
perfect explanation of the seismicity minimum.

6.2 Implications for large scale mantle water
concentration

The geochemical implications of the proposed deep dehydration
are not certain. Indeed, the incompatible elements will preferen-
tially leave the matrix for the fluid phase. However, by a depth of
660 km, the slab has already been affected by various dehydration
reactions removing much of the water it contained at the beginning
of subduction. On the other hand, the solubility of the trace elements
depends on the temperature and the chemical nature of the fluid, so
that this last dehydration could have a non negligible impact on the
formation of geochemical reservoirs.

The role of melting (dehydration) on the geochemical evolution
of the mantle has been considered recently in a different context.
Bercovici & Karato (2003) propose a water filter acting at the top of
the transition zone. Their model, that can explain some features of
the geochemical nature of the mantle, partially lies on the current
assumption that the water solubility variation reflects the average
water distribution in the mantle: they assume a concentration higher
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in the transition zone than in the lower and upper mantle. However,
the point of the water distribution issue is the existence of a mecha-
nism able to concentrate then to keep the water inside the transition
zone. We have shown that diffusion of hydrogen was inefficient in
that role (Richard et al. 2002). The conclusion of the present study
is that most of the water subducted towards the lower mantle will
return upwards and only a minor part corresponding to the solubil-
ity of hydrogen in deep minerals (around 100 ppm) will actually go
into the lower mantle. It is probable that the path of the fluid ends
when the direction of the maximum compressive stress becomes
horizontal. This probably happens in the transition zone. Giving the
1-D assumption we have made, it is risky to speculate further, but
we can say that if the lateral transport of water by percolation is
weak, the fluid is somehow trapped in centre part of the slab where
dykes formed and diffuses in the nearby region. In the case of a
stagnant slab, this type of water rich region could be related to the
low P-wave velocity region recently described by Obayashi et al.
(2006). Water enriched material could be eventually mixed into the
whole upper mantle and not preferentially into the transition zone.

It is very difficult to predict all the consequences of the pos-
sible precipitation of an hydrous fluid phases at the ringwoodite
to perovskite plus magnesiowustite phase transition. Thus, further
speculation concerning the global repartition of water in the mantle
and its consequences appears difficult, until laboratory experiments
have clarify the existence, and composition of the precipitated fluid
and the chemistry of the dehydration reaction.
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