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Abstract:

Large earthquakes break the subduction interfadepths of 60 to 80 km. Current
models hold that seismic rupture occurs when fwidrpressure builds in link with porosity
cycles, an assumption still to be experimentalljdeged at high pressures. Porosities of
subduction zone rocks are experimentally determureber pressures equivalent to depths of
up to 90 km with a novel experimental approach tisgs Raman deuterium-hydrogen
mapping. Natural rocks (blueschists, antigoritgestinites, and chlorite-schists)
representing a typical cross-section of the subdighterface corresponding to the deep
seismogenic zone are investigated. In serpenteite ,to a smaller extent blueschist, porosity
increases with deformation, whereas chlorite-rictists remain impermeable regardless of
their deformation history. Such a contrasting bébraexplains the observation of over-
pressurized oceanic crust and the limited hydratiahe forearc mantle wedge. These results
provide quantitative evidence that serpentinitel lédeely blueschist, may undergo porosity

cycles making possible the downdip propagatiorangd seismic rupture to great depths.

Keywords. subduction interface, porosity, permeability, seescycle, fluid overpressure
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1. Introduction

The interface between a subducting oceanic plate aerriding lithosphere and
mantle wedge (the subduction interface) is an afeatense seismic activity. Models of the
earthquake cycle have invoked fluid pressure vianiatto explain faulting behavior. Fluid
pressure progressively increases to near lithostatiues during the inter-seismic period
before it is released during an earthquake rupislkeep and Blanpied, 1992). Fluid pressure
variations may be explained either by upward flonidvement through a rigid matrix or by
compaction of the deformable fault zone (Sleep Blahpied, 1992), both associated with
permeability changes. The seismic cycle is assettiaith a “porosity” cycle, with porosity
decreasing during the inter-seismic phase, ana#@song through brittle deformation during
an earthquake. Porosity and permeability are alsmldmental parameters in modeling of

fluid circulation, and its influence on frictionbéhavior (Khoshmanesh and Shirzai, 2018).

Permeability and fluid pressure variations duririge tseismic cycle have been
confirmed by in-situ measurements of heat flow eggidual temperature on the subduction
interface (Fulton et al., 2013). Variations of thgdrological properties of crustal rocks
between seismic and interseismic periods is al$erred from hydraulic measurements
(Ingebritsen and Manning, 2010). Fluid overpressure the subducted oceanic crust are
imaged by seismology (Audet et al., 2009; Shiinaakt 2013), and require contrasted
hydrological properties in the different lithologief the oceanic crust and overlying mantle
(Peacock et al., 2011). Porosity and permeabitityadso essential for modeling fluid flow in
the various lithological layers dipping along theegathrust interface (Morishige and van

Keken, 2018).

Experimental values of rock porosity and permegbifieed to be determined as

critical parameters for numerical simulations obduction dynamics (Audet et al., 2009;
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Peacock et al.,, 2011). Direct porosity or perméghbmneasurements based on fluid flow
measurements are restricted to confining presaye® 150 MPa (Katayama et al., 2012;
Kawano et al., 2011; Shmonov et al., 1995), a preseange that addresses the upper five
kilometers of the seismogenic zone, where clay raieedominate the interface (Chester et
al., 2013; Ujiie et al., 2013). Extrapolation teegter depths is uncertain. Use of the Kozeny-
Carman relationship on ambient temperature expatsnen the 50-100 MPa range
(Katayama et al., 2012; Kawano et al., 2011) yiet@smeabilities below I8 m* at
subduction zone pressures, a threshold below wihatdks are impermeable. Similar
experiments up to 150 MPa (Shmonov et al., 1998icate stabilization of the permeability
values in the 100-150 MPa range instead of a cootisa decrease with increasing pressure,
and a complex behavior upon heating and reachimydtation of hydrated rocks around

300-400°C for serpentines.

At higher temperatures, permeability and fluid ocectivity have been determined
under conditions (800 - 1200°C, 1 - 5 GPa) pertitrenmagmas under volcanic arcs, and
where minerals can reach textural equilibrium whthds (Mibe et al., 1999; Wark and
Watson, 1998). These textural equilibrium experithanay capture the long-term behavior
of polycrystalline aggregates with dry mineralsnebderate anisotropy (olivine, quartz) but
they are not relevant to highly anisotropic materguch as amphiboles and phyllosilicates

stable in forearc rocks, and at high deformatidesa

In order to bridge the gap between the low- andhdpigessure high-temperature range,
we developed a novel experimental technique thes &aman deuterium-hydrogen mapping
to determine the porosity of metamorphic rocks €btthists, antigorite serpentinites, and
chlorite-schists) representing a typical crossisaaf the subduction interface corresponding
to the deep seismogenic zone. They represent,atesgdg, the metamorphosed oceanic crust

at the footwall of the subduction megathrust, thyelrated forearc mantle wedge at the
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hanging wall, and the metasomatic rocks or sedisnanthe interface between the subducting
plate and the mantle wedge (Spandler et al., 2@8)eriments were conducted up to 3 GPa
corresponding to depths of about 90 km. This cotleesportion of the subduction interface
that requires mechanical decoupling for matchirg lirat flux observations in geodynamic

thermal models (Syracuse et al., 2010; Wada e2@03).

2. Methods

2.1 Starting material

We used four different natural rocks, all domiabg one or two hydrated mineral:
two serpentinites (SB: BCS16a from Baja Califorteexico, and SC: Cul2 from Escambray
Massif, Central Cuba) dominated by antigorite, chkorite-schist (C: SZ24 from the Saas-
Zermatt unit, Western Alps) dominated by chlordaed one blueschist (G: from Groix Island,
French Armorican Massif) dominated by glaucophamel @pidote. These rocks are
representative of high-pressure low-temperatursilfaibduction rocks, i.e. with mineral
assemblages, compositions, and strength correspptalsubduction zones.

The two serpentinites are dominated by antigotibe, high-temperature form of
serpentine (Schwartz et al., 2013), with minor amaaf chlorite, magnetite and carbonate
(less than 5% in both rocks). SC also containerde5% each) of lizardite and chrysaotile,
the two other varieties of serpentine. Chemicamidas for the m = 14 modulation of
antigorite are (MgsF e 24Al 0.01)z=2.74Al 0.06Si1.94)s=205(OH)3 57 for SB (Pilorgé et al., 2017),
and (M@ s e.16Cr0.01Al0.09)s=2.8(Al 0.1Sh 9)3=205(OH)3 7 for SC (Reynard et al.,, 2011).
Antigorite grains are up to 100-150 pum long and200pm-thick, with grain size being
slightly lower in SB than in SC. SB is heterogerspuleformed and exhibits narrow zones

of low-temperature semi-brittle deformation surrdimgy zones with high-temperature
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schistosity. We refer to it as the deformed seiipgat SC has a high-temperature schistosity
of strong to very strong intensity (Bezacier ef a010) with well-recrystallized individual
grains and does not exhibit significant retrogratkformation. We refer to it as the
undeformed serpentinite.

The chlorite-schist (C) is composed mainly of cié>95%) with minor magnetite
and carbonate (<5%). The chemical formula of ctdograins (100-500 pm-long and 10-50
um-thick) is (Mg.od€**0.16%0.18 Al 1.09)(Sis.37A 1.690200H16 (Ganzhorn et al., 2018). They are
well recrystallized and almost free of deformation.

The blueschist (G) exhibits a mineralogical fobatiwith glaucophane-rich layers
(600-1000 pm thick) alternating with epidote-richyérs (200-1000 pm thick). The
glaucophane-rich layers were selected for experisnefhey mainly contain glaucophane
(>95%) with minor epidote, quartz, garnet, andnii@a (<5%). Chemical formulas are
Nay sCa oFe1.0MJ2 267l 1.6Si7.7022(OH), for glaucophane and €gAl;sFey sSisO12(OH) for
epidote. Glaucophane and epidote grains are can3long. Grains are well recrystallized
and show little evidence of internal deformatiorthie form of subgrain boundaries.

The same preparation protocol was applied toatilral rocks. Hand-scale sample
was crushed separately in an agate mortar and itfeezedt fractions were separated by a
series of sieves. Two different grain sizes of pewdvere used for experiments on
serpentinite (<125-100> um sieves and <50 um siand)only a single grain size was used
for the other natural rocks (<125-100> um sieveascfdorite-schist and <80 um sieve for
blueschist). Two grain-sizes of powder were useth@nfirst experiments in order to test for
compaction, water fraction and kinetic effectsgafivhich the largest grain size of powder
was preferred. This allowed increasing the amodiimital deuterated water from 3-10 wt%

to 10-20 wt%. Sub-micrometric particles were leftthe fraction as they dissolve more
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readily in water during the high-temperature staggurating the fluid so that it is in
equilibrium with the rock, limiting as far as pdsie potential dissolution within it.

Intact rock pieces were introduced in the expentalecharge along with powder to
simulate pristine rocks (Fig. 1). When possibleesoof about 1.5 mm diameter were used.
When it was not possible to core the rock due tussasity and brittle behavior, chips of

several hundreds of micrometers were used.

2.2. High-pressure experiments

Experiments were performed in a belt apparatubeatniversity of Lyon 1 (Fig. 1).
The belt press is a high-volume press with typgzahple size of 70 minThe powders and
one core, or one to three chips of natural rockeweaded in a gold capsule (6 mm-long and
4 mm in diameter). Powders were soaked witd Ppurity 99 atom%, Sigma-Aldrich) that
filled the porosity.

Capsules are designed to seal in the belt appavetiile pressure is increased at
ambient temperature (Pilorgé et al., 2017). In ptddimit D,O leakage at ambient pressure
and temperature, J® was added and capsules were closed only a fews {8tb) before
running experiments. Additionally, they were wragpe paraffin film and kept frozen until
used in the belt apparatus. Experiment narags,C-XX-315, are built as follow: the first
letter indicates the protolith (SB: serpentinite@%a, SC: serpentinite Cul2, C: chlorite-
schist, G: glaucophane-rich blueschist), XX is thenber of the experiment, and the last
number indicates the experimental temperatureodbsc exchange.

Belt experiments were run at several temperatundsleb - 3 GPa for 12 - 38 hours.
Each gold capsule was placed in an insulating bontmde gasket inside a cylindrical
graphite furnace which itself was surrounded by yaophyllite gasket. Pressure was

calibrated against the room temperature fixed-pwoietal transitions and the high-temperature
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quartz to coesite transition. Due to the desigthefbelt press, temperature cannot be directly
monitored with a thermocouple but is calculatedrirthe calibrated relationship between
input power and capsule temperature. Input powegipsule temperature was calibrated at 1
and 5 GPa over a broad range of temperatures (@820), and temperature uncertainty is
estimated to be +40°C (Koga et al., 2005).

The sample was pressurized at room temperatureebbéating (Fig. 1) for 12 to 48
hours at constant pressure and temperature, the staje at which isotopic exchange
between fluids and minerals is possible througlfusibn. Samples were then quenched to
ambient temperature before decreasing the pressitingn a few hours (0.02 GPa/min).
Recovered capsules were deformed with a shape (&tigth/diameter) ca. 0.5 to be
compared with the initial ratio of 1.4. Deformatioocurred due to the soft pressure media
(i.e. the boron nitride) and the high@®@ content and high porosity of the powder.

The weight of deformed capsules was monitored bedmid after piercing and drying
at 120°C for 10 minutes in a sterilizer. Weightdasdter drying indicates that capsules still
contained water after the experiments. It was destnated that with this type of capsule and
assemblage, the loss of,@ during an experiment and the hydrogen loss anterwa
dissociation were low (Ganzhorn et al., 2018; Bifoet al., 2017). Thus capsules are assumed
to be closed systems.

Quenched capsules were mounted in epoxy resin @ndrgthwise in two parts with
a wire diamond saw. Both parts were then entirelmounted in epoxy to properly fix the
loose crystals in the powder. They were polishetth wilicon carbide abrasive paper down to
a grain size of 2.5 um, and then with a solutiomlamina down to 0.5 um. Cores (or chips)

were sometimes lost during the preparation duetw pmechanical integrity of the powder.

2.3. Raman spectroscopy
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We used a Horiba™ LabRam HR Evolution and a 532coeminuous wave laser
source. This confocal setup coupled with an objectf x100 magnification and a high-
resolution stage for the sample movements allowsetbuacquire hyperspectral images with
spatial resolutions between 0.5 to 1.5 um dependimghe map size. Each spectrum was
acquired in 2 accumulations of 2 seconds with erlpewer of 30 mW on the sample.

No deuterium was detected in the characteristic &aspectra of the hydrous mineral
of the studied natural rocks, owing to the low malt@euterium abundance (< 0.02 atom%),
well below the detection limit ca. 0.1% at most. Qibrations are observed only after
interaction with DO at high pressure and temperature. For all ingatgd minerals, OD and
OH bonds have different Raman shifts in the reg0 - 2745 cfm and 3300 - 3720 cth
respectively, allowing good discrimination betweabe two. Epidote has the lowest Raman
shifts (2440 - 2560, 3301 - 3426 ¢nglaucophane shows thin bands (2671 - 2712, 3613
3674 cnt), antigorite has several bands in the 2600-2730D 3660-3700 cf range, and
chlorite shows the broadest bands (2460 - 27300 33700 crit).

For each mineral, the OD bands are strictly hommlisgto the OH bands with a
frequency ratio of 1.356+0.001, which correspondh theoretical harmonic reduced mass
ratio (1.374) and to minor anharmonic effects (Reginand Caracas, 2009). This indicates
that deuterium substitutes for hydrogen on theystadlographic sites through a lattice
diffusion process without modifications of the nmalechemistry or structure, and that
dissolution and precipitation processes, if ang @t detected by Raman or observed by
SEM. By integrating the area below OD and OH bantlss possible to calculate the
D/(D+H) ratio for each spectrum and convert the Ramap into a D/(D+H) map (Ganzhorn

et al., 2018; Pilorgé et al., 2017).

2.4. Quantification of porosity from D/(D+H) maps
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The method of porosity quantification was desigteedccount for and take advantage
of lattice diffusion. Because fluid is lost aftéretopening of the capsule, the only trace of
fluid-mineral interactions is an increase of D/(D+katio in the mineral with diffusion
profiles starting from grain boundaries and smagottécreasing towards the interior of the
grains (Pilorgé et al., 2017). Typical diffusiontggans can be compared with actual grain
boundaries and fractures from SEM observations. (BEigIn this example, a thin blade of
antigorite that displays a continuous crystallograporientation throughout the image
displays two sectors affected by intra-crystalldeiterium diffusion. On close inspection by
SEM (Fig. 2c¢), the limit between the two sectorsvgfl nano-porosity that was as active fluid
path during the high-temperature stage becausestifi occurred along it. Other cracks that
are easily seen on SEM images crosscut the isorgping and postdate it. They were likely
formed during decompression of the sample. Thisvshilat isotopic exchange is a much
more pertinent tool to locate "active" porositg. iopen fluid paths, during the high-pressure
high-temperature experiments than SEM image armslisihe following, instead of using the
isotopic profiles to obtain lattice diffusion coefénts, we use isotopic maps to infer active
porosity during the high-pressure high-temperastiage of the experiment when deuterium-
hydrogen exchange between the fluid and the roclirsc

When diffusion coefficients are around®0m?s, the distance over which lattice
diffusion occurs is of the order of tens of nancengtsmaller than the Raman beam size (ca.
500 nm) used to map D/(D+H) ratios. In these comalt, deuterium-bearing zones observed
in hydrated mineral on Raman maps are identifigth Vaications of fluid-mineral interface at
the time of experiments. D/(D+H) ratios are projoal to the active, i.e. fluid-filled, grain
boundary density (Fig. 3). We then make the assiompthat higher D/(D+H) ratios
correspond to the creation of numerous new graumdaries that are identified as cracks on

SEM images of a serpentinite experiment (Fig. xr@ated cracks or grain boundaries may

10



224

225

226

227

228

229

230

231

232

233

234

235

236

237

238

239

240

241

242

243

244

245

246

247

248

occur and could invalidate the assumption or dttaigoundaries made here because of
overlapping diffusion profiles. This is not the eashen diffusion length is small as in the
present experiments with low diffusion coefficienBEM images indicate little corrugation
and tortuosity of grain boundaries. Zones withdtin orientation subperpendicular to the
sample section are dominant because of shape ati@nf the rock chip or core, ensuring
that a majority of grain boundaries are subperprai to the studied sections.

Conversion of D/(D+H) ratios into grain boundaryndigy per unit area is achieved by
calculating synthetic D/(D+H) ratios correspondinggiven numbers of grain boundaries (n)
in one pixel (Fig. 3b). We then use the solutiorthe diffusion equation for a plane sheet in
contact with an infinite reservoir, considering dniane (i.e. duration of experiment is small
in comparison to a characteristic diffusion timegni (Cranck, 1975), to calculate diffusion

profile between two grain boundaries bounding agalement of mineral (our plane sheet):

Cx)—Co Co
C1—

(2m+1)l —-x (2m+1)l+x

= = Xm=o(—D)Merfe(" 7—) + Y=o (D) ™erfe(—77) (1),

with C(x) the mineral D/(D+H) ratio at the position xy @e initial mineral D/(D+H) (=0 in
our case), €the fluid D/(D+H) ratio at fluid-mineral interfasg(x=1 and x4, i.e. at crack
location, Fig. 3c)] the half thickness of the plate sheet (in m), ® diffusion coefficient (in
m?/s), and t the experiment duration (in s). Thisuoh converges rapidly and the infinite
sums may be approximated with the three first tgms0 to 3). The synthetic D/(D+H) ratio

of one pixel for a known amount of grain boundaryi¢ then:

D 2n pl
o = 7 Jrmo CCO) dx ),

with Y the pixel size (in m) an®€(x) the D/(D+H) profile for a half space plane sheet
calculated with equation (1) for m = 0 to 3. Thegral was approximated with the trapeze
method. We then calculate the evolution of D/(D+ét) one pixel with the number of grain

boundary per unit length using equation (2) (Fidj. Ihis relationship was then fitted with a

linear function over a restricted range of grainufary number above which the chosen

11
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solution to the diffusion equation is not valid amyre €.g. the last two points in Fig. 3d).
Actual experimental values were such that this bygss is verified. A different function was
generated for each experiment taking into accobet Raman map pixel size (Y), the
corresponding diffusion coefficient, experimentation and average effective (Pilorgé et
al., 2017). Finally, D/(D+H) Raman maps are coreeiit grain boundary density maps using
the corresponding function (Fig. 3e).

2D porosity was calculated as the mean grain baymdiensity of the map multiplied
by the grain boundary thicknesk 4l is of the order of 0.4 nm in olivine aggregatelréga
et al., 2004) with lattice parameters in the 0068-nm range. The present minerals have more
complex structures, and this value is likely higtgralingsl with lattice parameters in the 0.5
- 4 nm range, we estimaiein the 0.5 - 2 nm range, which is consistent WHRTEM images
of both naturally and experimentally deformed setipe samples (Amiguet et al., 2014).

From experiments at various temperatures, the-ditiisivity of deuterium-hydrogen
was determined in the different hydrous mineralst &ntigorite and chlorite deuterium-
hydrogen inter-diffusivity is within the requirednge at 315°C (18° and 10°" m%s
respectively (Ganzhorn et al., 2018; Pilorgé et a017). In the case of glaucophane,
deuterium-hydrogen inter-diffusivity at 315°C is &mw that almost no incorporation of
deuterium is seen in glaucophane grains after prgksure experiments. To overcome the
very slow diffusion in glaucophane, we set the terafure to 500°C (G-28-500) and 450°C
(G-31-450) where the diffusion coefficients for wtaphane of 18’ and 10°%° m?s,
respectively, are estimated from preliminary roamsgure exchange experiments betwegn D
gas and glaucophane. Estimated uncertainties dusiaih coefficients are of one order of
magnitude and are taken into account in error @apan on porosity determination.

As a result, among some thirty experiments, onlg {Table 1) could be selected

because they fall in the range where deuteriumdyein diffusion in minerals can be used to

12
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estimate porosity in the rock core or chip, at terafures of 315°C (experiments SB-4-315,
SC-24-315, C-25-315) for chlorite- and antigoritavdnated rocks, and of 450-500°C
(experiments G-28-500 and G-31-450) for the glabheoe-dominated rock. The good
agreement between porosity determinations at 450500°C for the blueschist (Table 1)
with one and a half order of magnitude differennediffusion coefficient validates the

approach, although the explored temperature rasmganiall due to constrains on diffusion

coefficients and thermal stability of hydrated nmads.

3. Reaults

The present experiments simulate the deformatiguesee of the seismic cycle in
water-saturated rocks: a short and intense pulsmldf compression representing an initial
earthquake is followed by a rest period with low#ess and slower deformation. Cores or
chips and powder of selected rocks are enclosedgold capsule and loaded in a belt press
(Fig. 1a). The first stage is a pressure and teatper increase (< 900 s) that models the
deformation event, with 85+5% of the deformatiomwting during it as recorded by piston
displacement in the press (Fig. 1b). Associategirstrates are on the order of 36", and
most of the deformation is taken up by compactind deformation of the water-saturated
rock powder around rock cores or chips, which tesml a large shape change of the gold
capsule observed after the experiments (Fig. l&ps&s are high enough to induce
deformation in the presence of excess water whek ores are used. Texture and
deformation heterogeneities were also inheritethftbose of the starting material in the case
for thin rock chips embedded in rock powder. Defation results in smallest grain sizes

identified with optical microscopy or SEM.

The second stage corresponds to a pressure andrggome plateau during which the

rocks interact with ambient aqueous solutions. Widximum strain rates of £0s* during

13
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this stage, stresses are constrained by plastic dfoboron nitride, the deformable material
surrounding the capsule, to values below 10 MRA.&EC, and to even lower values at 500°C
(Pezzotti et al., 1997). These values are lowen tha plastic or brittle yield stress of the
minerals studied here. The second stage is a miitapresentation of metamorphic
conditions, and of the beginning of the inter-setsmlaxation period, during which samples
exchanged hydrogen with deuterated water duringhilge-temperature plateau. Isotopic
exchange is limited to the high-temperature stagmabse diffusion is negligible at ambient

temperature.

Raman mapping of the isotopic exchange observéteimecovered samples is used to
constrain porosity with deuterium-hydrogen inteffediivity in minerals close to I8 m%s.
In these conditions (see above), Raman measuremktiis D/(D+H) ratio are proportional
to the density of grain boundaries that experiendled-rock interaction during the
experiment, a method validated by comparison wEMSmages (Fig. 4). D/(D+H) maps are
converted to grain boundary densities, and therR@o porosities by multiplying grain
boundary density by grain-boundary thickness, whiolh assume to be in the 0.5 - 2
nanometer range (Amiguet et al., 2014; Hiraga.e@D4). 2D porosities are converted in 3D
porosities assuming a ratio close to unity for ptatelet and elongated geometry of the

phyllosilicates and inosilicates studied here.

The five studied samples show different intensitégluid-rock exchange (Fig. 5),
hence different porosities of 0.2 - 2187 for the blueschist, 0.1 -x40°and 1 - 1610° for
serpentinite in the undeformed sample SC and defdrsample SB, respectively, and 1 -
19x10* for the chlorite-schist. In sample SB, deformatisrheterogeneous, and deformed
areas detected by SEM (P2 in Fig. 5b) displays drighorosities (4 - 126L0°%) than
undeformed areas (1 x80°, P1 in Fig. 5b). The largest porosities of theodefed areas of

the rock core are similar to the porosity of thdodmed powder surrounding it (Fig. 6).
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Values given above include uncertainties on pordttwin the 0.5-2 nm range, and on
diffusion coefficient of one order of magnitude ble1). Chlorite-schist retains low porosity
even in the powdered part of the sample (Fig 5ée Blueschist chip shows measurable
porosity heterogeneity associated with deformakieterogeneity in the starting material (0.2

- 1.0x10%vs. 0.6 - 2.6x10%, Fig. 6), although smaller than observed for setipite SB.

4. Discussion

Differences in mechanical properties of the magmkrforming mineral can explain
the variety of porosity increase on deformatiorasit yield stress exceeds 700 MPa in
antigorite (Hilairet et al., 2007) because of cgated structure that hinders basal slip
(Amiguet et al., 2014), and 100 - 300 MPa in arbplg, e.g. glaucophane (Ko and Jung,
2015). In the presence of excess water, the yiedds of amphiboles drops down to about
60+20 MPa because brittle failure is favored (Ka dong, 2015). This typical brittle yield
stress in the presence of excess water is comneaswith stresses expected at the
subduction interface of a few tens of MPa (Fagermg) den Hartog, 2016). Chlorite yields
plastically at similar stresses as micas, lizarditd talc, all phyllosilicates with easy slip on
continuous basal plane planes (Amiguet et al., 2ah4he 20 - 100 MPa range (Amiguet et
al., 2012; Kronenberg et al., 1990). Chlorite, mjcand talc, with their low plastic yield for
basal slip, are the only class of mineral capabldeforming plastically in deep subduction
zone conditions, therefore maintaining low porosien for large strain and strain rates.
Optical and SEM observations on the recovered sssnpbnfirm that chlorite shows
extensive plastic deformation with smoothly berystals.

Porosities are similar in the undeformed serpemtisample SC and in chlorite-schist,
and increases by one order of magnitude in therohefd areas of serpentinite sample SB. The

porosity difference between deformed serpentiniteé @hlorite-schist may be explained by
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their different deformation mode. Bending and kintgkof chlorite grains prevent the creation
of new porosity and chlorite-schists remain impeabte during deformation. Likewise, low
porosities are also expected for other phyllodéisawith continuous layers and low yield
stress such as micas and talc (Amiguet et al., 204 £ontrast, deformation in antigorite or
in glaucophane grains generates new grain boursjavigch act as open porosity, explaining
the one order-of-magnitude difference in porosigtween deformed and undeformed

serpentinite (Fig. 6), and of half-an-order of miaigghe in blueschists.

Porosities obtained in this study (Fig. 7) are Emio those of gabbro and serpentinite
at 100 MPa (Katayama et al., 2012), and at least awders of magnitude higher than
extrapolated at 1 GPa by these authors from thel tod their low-pressure measurements.
Present values of porosities are about one ordemaghitude lower than those measured in
textural equilibrium experiments on olivine or gizéte (Mibe et al., 1999; Wark and Watson,
1998). Once porosities are determined, permedasilitnay be inferred from porosity values

using the Kozeny-Carman relationship (Walder and, 1i984):

k=k(2)"

where @[] the porosity corresponding to the permeabilitieswith ¢ and kg being
reference values. The exponent n in equation Kb d#ferent values depending on rock type
and pore geometry. Values for reference porosifyd.005) and permeability ¢k10°°%) and
n=2 were anchored on those from previous studiesimilar rocks as those studied here
(Katayama et al., 2012). Different values and e@mbrof n=3 are obtained in synthetic
quartzite (Fig. 7a) because pores have well-eqaii@d shapes at triple junctions and can be
described by a wetting angle (Wark and Watson, 198BBis is not the case in the present
study and in that of Katayama et al. (2012) whdrarg and straight grain boundaries

dominate due to the easy cleavage of minerals@amddmperatures that do not allow textural
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equilibration. Permeabilities are estimated in #@* - 10*® m? range (Fig. 7a), with
uncertainties of the same order of magnitude asetiobtained from modeling of fluid or heat
flow in the continental crust (Ingebritsen and Magn 1999; Ingebritsen and Manning,

2010) or from measurements on rock cores from deéimg (Shmonov et al., 2003).

Rock permeabilities of subduction zone rocks ftbmpresent study can be compared
with those of crustal rocks as a function of deffity. 7b) in stable metamorphic conditions
and after earthquakes (Ingebritsen and Manning9;18%8gebritsen and Manning, 2010;
Shmonov et al., 2003). Values for blueschistsvatiin the trend for stable continental crust,
and those for antigorite serpentinite SB and cteasthist are lower than b, indicating
that these rocks are practically impermeable. L@nsmgabilities were also inferred from
hydraulic studies in metamorphic terrains (Sanf@@il 7). Values for highly deformed areas
in serpentinite SB are similar to those of the bdiest, indicating that porosity and
permeability increase by about one and two orddrsmagnitude, respectively, with
deformation. This difference is similar to thatared between stable continental crust rocks
and fault zones after earthquakes (IngebritsenMadning, 2010), but absolute values are

lower for serpentinites than for continental crust.

The present high-pressure determination of porcaityy permeability offers a new
perspective on the distribution of seismicity irbguction zones at forearc depths (35 - 90
km). Low frictional coefficient or high transientope-fluid pressure required in order to
generate earthquakes call for a control of seisaettvity by a porosity cycle (Sleep and
Blanpied, 1992) with porosity in the range of10°- 1x10° depending on the model. The
present determinations of porosity show that senpiges experience the largest porosity
variations with deformation compatible with the garfor seismic rupture defined above. In
blueschist, porosity variation is less pronoundad, sufficient to facilitate seismic activity.

Hence deformed serpentinite, and possibly blueschiay facilitate the propagation of
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rupture near the plate interface down to depth80e80 km, as observed for large shocks (e.

g. Tohoku-oki 3/2011, Sumatra 12/2004) and afterktiglLay et al., 2012).

Chlorite schists do not show significant porosigyiation with deformation, and their
low porosity makes the metasomatic plate interfadi&ely barrier for fluid migration. Low
permeability layers at the interface hamper masspwward migration of the aqueous fluids
produced by dehydration the subducted crust and time serpentinization of the mantle
wedge (Fig. 8). The thin layer acting as a seakxpected to break up during large
earthquakes, which would allow transient fluid raigpn from the subducted crust into the
forearc mantle wedge and local serpentinizatiorg.(Fd). Mantle wedge porosity and
permeability are expected to vary with the deforamabf serpentinites (Fig. 7), especially

near the deforming interface where it should inseea

Observations of low-velocity layers in subductedstisuggest that the oceanic crust is
over-pressurized down to a depth of 35 - 40 kmahdubduction zones (Audet et al., 2009;
Peacock et al., 2011) and 90 km in cold subducare (Shiina et al., 2013). The porosity of
the subducted oceanic crust deduced from seismie-walocities is in the range 1 x#0?
(Peacock et al., 2011; Shiina et al., 2013), ireagrent with the value of up to XB?

obtained in the present experiments on blueschists.

Over-pressure in subducted crust requires the pecesef a low permeability seal
(10724~ 10%* m?) at the plate interface (Audet et al., 2009; Pela@i al., 2011). According to
these authors, such a seal forms by grain-sizectiethuduring shearing or by precipitation of
platy minerals such as clay, serpentine or micasmBabilities inferred for the sealed
subduction interface are similar to those asse$med both for chlorite-schist £80>* -
10%°m?) and undeformed serpentinite~(t0?* - 10%°>m? Fig. 7). Serpentinite is likely
deformed near the subduction interface, hence atesity would be too high to seal the

interface, unless sealing by pressure-solution rscetl timescales larger than those of the
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present experiments. We infer that the seal magespond to a one to several meter-thick
chlorite-rich layer presents down to around 45 krhat subduction zones (such as Cascadia)
and down to 90 km in cold ones (such as NE Japian,8y, consistent with the predicted
stability limits of chlorite along the subductiamerface for the two different thermal regimes
(Abers et al.,, 2013). Chlorite-schist layers arenownly observed in ophiolites at the
metasomatic contact between serpentinites and rogbdumsed oceanic crust (Spandler et al.,
2008). Pelitic metasediments and metasomatic tdlsts are lithologies with weak
phyllosilicates behaving like chlorite that couldsa contribute to seal the subduction

interface.

The presence of a low permeability seal at thefaxte down to about 80 km in the
cold Tohoku subduction zone accounts for three taohdil seismological observations.
Firstly, the high seismic velocities observed ine tfiorearc mantle indicate limited
serpentinization and effective plate sealing (Akaral., 2017). Secondly, release of fluids to
the mantle wedge is detected below this depth (Katga and Watada, 2007). Thirdly, updip
fluid migration from the blueschist-eclogite dehgtion transition in the oceanic crust can
account for high seismicity in the shallower blugstfacies conditions (Kita et al., 2006).
Updip fluid migration and overpressured crust mayof the occurrence of large aseismic slip

preceding the magnitude 9.0 Tohoku-oki earthquileeq et al., 2012).

In young and hot subduction zones such as Casaadghikoku, the presence of
thicker metasomatic zones with low-porosity chittiype phyllosilicates at depths around 30
to 40 km may favor the occurrence and observatidnemors (Ide, 2012). The high seismic
velocities observed worldwide in the forearc mardfesubduction zones hint at limited
serpentinization and effective plate sealing, wité two notable exceptions of Cascadia and
Costa Rica (Abers et al.,, 2017). This is an indicatof intense fluid flow through the

interface of Cascadia, in apparent contradictiothwicker seal than in cold subduction
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zone. The large fluid production in hot Cascadiay refiiciently break the seal, leading to
complex zonation of the mechanical behavior of ititerface (Audet and Schaeffer, 2018)
and serpentinization of the mantle wedge. In asg cthe present determinations of porosities
and permeabilities provide experimental valuegHeressential parameters of mechanical and
geodynamical models describing fluid flow in dipgihithologic layers of subduction zones

(Morishige and van Keken, 2018).
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Figure captions

Fig. 1. Experimental procedure. a. Cartoon of thgpeemental procedure. b. Piston

displacement (blue), temperature (red) and preqgmeen) curves as recorded during the C-
25-315 experiment. Step 1: Pressure increase ateatntemperature. Step 2: Increase of
temperature at high-pressure. 80-90% of the stratars during steps 1 & 2 (blue dashed line
for C-25-315 and shaded grey area for all experigjermimicking large strain rates

associated with an earthquake. Step 3: Pressurd¢eamgerature plateau where deuterium-
hydrogen exchange occurs between rock and fluidp St Piston displacement is only

slightly recovered after decompression, demonstydtie large irreversible deformation.

Fig. 2. Isotopic zonation by Raman mapping andutexby SEM of an antigorite sample
exchanged with BD at 540°C and 3 GPa for 38 hours (redrawn frorar§d et al., 2017). a.

Raman map of the D/(D+H) ratio, the dashed linegcate the approximate outline of a large
single crystal of antigorite. b. SEM image, ellipshow the approximate location of diffusion
zoning observed in a. The two diffusion domains separated by very fine porosity (green
line). c. high magnification SEM image showing npoimsity that was active during isotopic
exchange at high temperature. In the oppositeksraisible in b. that cross-cut the isotopic

zonation (red lines) were created after quenchimagt likely during decompression.

Fig. 3. Determination of the grain boundary density Initial D/(D+H) data. b. Schematic
geometry of one pixel with several new grain boure$a c. Corresponding schematic
diffusion profile. G is the D/(D+H) ratio of the fluid. £- 0 is the initial ratio in the mineral.

is the half thickness of the plane sheet model usedalculate the diffusion profile. d.
Example of synthetic relationship between D/(D+iHjl dhe number of grain boundaries (n)

for one pixel of size Y (for conditions of experimeSB-4-315), and the linear fit used. e.
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Final map of grain boundary density calculated $B8-4-315. White on the color scale

corresponds to discarded spectra for saturatedlsign

Fig. 4. BSE images of heterogeneously deformedyarité laths in experiment SB-4-315. a.
Zone of deformed antigorite laths. b. Zoom-in aeformed area showing numerous parallel
cracks forming new grain boundaries. c. Zoom-inaonundeformed area. d. Zoom-in on a

deformed area showing fan-shaped cracks. e. Caméspg D/(D+H) map from Fig. 3.

Fig. 5. D/(D+H) and grain boundary density mapss{fand second image, respectively) for
blueschist G (a), deformed serpentinite SB (b, &fiost undeformed zone; P2: highly
deformed zone), undeformed serpentinite SC (c), taedchlorite schist C (d). The grain
boundary density and D/(D+H) color scales are thmes for all maps. White pixels are
discarded from analysis due to low signal/nois@rge) Histograms corresponding to grain
boundary maps for the four experiments. Red dasihed mean density used to calculate

porosity.

Fig. 6. Maps of grain boundary density at the chpscaale. Dashed lines: cores contours. The
color scale is the same as in Fig. 5. a. blues@Bist8-500). White arrow indicates a band of
higher porosity zone in the blueschist chip. Payasithe highest in the powder. b.
serpentinite (SB-4-315). Serpentinite chip showsiogeneities due to localized

deformation. Powder appears dark due to low sigesibciated with poorly polished surface.

Location of high-resolution maps in Fig. 5 is shown
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Fig. 7. a) Permeability-porosity diagram, with mesporosity data in blue: blueschist; dark
green: chlorite schist; medium green: antigoritepsetinite SC; light green: deformed
antigorite serpentinite SB. Dashed arrows: tremd-poessure data for gabbro (orange) and
serpentinite (green), respectively, define a Koz€ayman relationship with typical exponent
n=2 (Katayama et al., 2012; Kawano et al., 201EBdu® estimate permeabilities from the
present porosity determinations. Permeabilitieshef different rocks are slightly offset for
readability. Red: high-pressure data on texturalildgium experiments on quartzite with
typical exponent n=3 (Wark and Watson, 1998). Gaesa: impermeable rock domain. b)
Comparison of estimated permeabilities in a) witbse based on hydraulic and heat flow
measurements in stable continental crust (Ingeriend Manning, 1999), solid and long-
dashed black lines, after earthquakes (Ingebriett Manning, 2010), grey lines, and
measurements on deep core rocks (Shmonov et ab3)2Ghort-dashed black line.

Uncertainties are shown as vertical bars on th# n§the diagram.

Fig. 8. Schematic model of water circulation in (@t and cold (b) subduction zones taking
into account the present porosity and permeahiléterminations. a. Down to 40 km, the
subduction interface corresponds to a low pordsiyer €.g. chlorite schists) that act as a
seal leading to overpressure within the subductedtcand hampering fluid flow in the
mantle corner. Fluids, generated in large quastiéispecially at the eclogite (E) — blueschist
(BS) transition, can penetrate the cold cornehefrhantle wedge at greater depths leading to
serpentinization of the mantle, as evidenced in @&scadia subduction zone. b. The
subduction interface is sealed down to 80-90 kmpeaing fluid flow in the mantle corner
(seal thickness of a few meters to a few tens derads exaggerated). Fluid flows upward
within the high porosity blueschist causing eartdeps (Kita et al.,, 2006) and fluid

overpressure (Shiina et al., 2013) in the crusitserved in NE Japan. Fluid flow across the
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653 subduction interface may occur only after earthguhlat eventually break the seal, leading to
654 weak localized serpentinization of the mantle coroe to fluid release to the mantle below
655 80-90 km depth (Kawakatsu and Watada, 2007). G&rgchist facies; BS: blueschist facies;
656 E: eclogite facies.

657

658

26



659 Table 1. Experimental conditions for the experirsarded for porosity quantification

660 assuming pore width in the range 0.5-2 nanometaiae order of magnitude uncertainty in

661 diffusion coefficients.

Name Starting material T (°C) P (GPa)  Duration (h) "

(%)
SB-4-315 Atg (SB) 315 3 12 0.1-1.6
SC-24-315  Atg (SC) 315 1.5 14 0.01-0.6
C-25-315 Chl (Sz24) 315 1.5 14 0.01-0.2
G-28-500 Gl, Ep (G) 500 2.5 14 0.2-2.6
G-31-450 Gl, Ep (G) 450 2.5 48 0.3-2.1

662 Atg: antigorite. Chl: Chlorite. GI: glaucophane.: EHpidote.
663
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