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Abstract

The Earth’s oxygenation represents one of the most important environmental drivers of life’s evolution, with the first rise,
known as ‘the Great Oxidation Event’ (GOE), corresponding to unpreceded accumulation of atmospheric O2, changes in the
flux of marine nutrients and possibly global glaciations. However, the detailed evolution of the GOE is still debated, as for
instance the accumulation trends of oceanic versus atmospheric oxygen and the nature of biogeochemical responses to oxy-
genation. Here, we combine organic carbon and bulk nitrogen isotope compositions with major element concentrations and
iron speciation data of sedimentary rocks recovered from two drill cores (T2 and T3) in the early Paleoproterozoic Turee
Creek Group, Western Australia, to track the redox evolution of marine conditions during the GOE. T2 core samples of
the Kungarra Formation, which consists of clastic sedimentary rocks overlaid by the glaciogenic Meteorite Bore Member,
were deposited �2.31 Ga ago. T3 core intercepts, from bottom to top, quartzite of the Koolbye Formation, and shales
and stromatolitic carbonates of the Kazput Formation, which were deposited around �2.25 Ga. Samples from T2 show min-
or variations of d13Corg (avg. �34.5 ± 1.7‰, n = 30), with no significant difference between siliciclastic and glaciogenic sed-
imentary rocks. In contrast, T3 samples display an increase in d13Corg from �32.0 to �24.8‰ (n = 54) from shales to
carbonates. In both T2 and T3 cores, d13Corg values are inversely correlated with Al2O3, suggesting a strong petrological con-
trol on d13Corg values, inferred here as resulting from variable contributions of detrital organic matter. Bulk N contents are
low, from 13.5 to 56.7 ppm and 15.7 to 53.4 ppm in T2 and T3 samples, respectively. The d15N values show a bimodal dis-
tribution, with one mode at +2.6‰ in T2 and another at +8.8‰ in T3, independent from lithological variations. This d15N
values shift between T2 and T3 is interpreted as reflecting a change from dominating N2-fixers to NO3-assimilating organisms.
This implies an increase of NO3

� availability, and thus of O2 concentration, during the time interval separating the deposition
of T2 and T3 sediments. Dissolved NO3

� and O2 concentrations of the Turee Creek marine basin are estimated from two mod-
els using N isotope data. The dissolved NO3

� concentration has an upper limit ranging from 1.91 to 3.04 µM, about one order
of magnitude below the average value of modern oceans. The lower limit for dissolved oxygen concentration ranges from 1.8
to 4.4 µM, which is two orders of magnitude lower than modern oceans. Together with previous studies, the present data
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1. INTRODUCTION

Deciphering atmospheric and oceanic oxygen levels 
throughout Earth’s history is a central question in Geo-
sciences since O2 (1) tracked the evolution and activity of 
oxygenic photosynthesis, (2) led to the development of a 
protecting ozone layer in the stratosphere, absorbing 
high-energy UV light from the sun, (3) influenced the geo-
chemical cycling of redox-sensitive elements through oxida-
tive weathering, and (4) allowed the emergence of aerobic 
respiration among prokaryotes and eukaryotes as well as 
metazoans (Anbar and Knoll, 2002; Goldblatt et al., 
2006; Lyons et al., 2014; Knoll and Nowak, 2017). The 
long-term evolution pattern of surface oxygen level is now 
considered as a multiple-stages process (Lyons et al., 
2014), including a first stage with extremely low atmo-
spheric O2 concentration (<10�5 PAL, present atmospheric 
level) in Archean Eon (>2.5 Ga), a second stage with rising 
atmospheric O2 (10�2 � 10�1 PAL) related to an oxygen 
overshoot during the Great Oxidation Event (GOE, 
2.45 � 2.2 Ga) in the Paleoproterozoic (Pavlov and 
Kasting, 2002; Bekker et al., 2004; Luo et al., 2016; 
Philippot et al., 2018), followed by declining atmospheric 
O2 (10�3 PAL) in the Mesoproterozoic (Planavsky et al., 
2014) and a last increase in atmospheric O2 to near-
modern level occurred during the Neoproterozoic Oxida-
tion Event (NOE, 800 � 650 Ma; Kah and Bartley, 2011; 
Planavsky et al., 2014). Despite this general agreement on 
the long-term evolution, the detailed timings, patterns and 
processes of oxygenation are still highly debated, such as 
the possibility of dynamic (Lyons et al., 2014) versus unidi-
rectional (Kump, 2008) increase of atmospheric oxygen.

Nitrogen is a redox-sensitive element and is exchanged 
between atmosphere, hydrosphere, biosphere, crust and 
mantle through geological (i.e. sedimentation, metamor-
phism and volcanism) and biological (i.e. N-fixation, assim-
ilation, nitrification, denitrification, anammox) processes 
(Goldblatt et al., 2009; Canfield et al., 2010; Sigman 
et al., 2010; Bebout et al., 2013; Zerkle and Mikhail, 
2017). Nitrogen content and isotope composition of sedi-
mentary rocks can be used to reconstruct nitrogen specia-
tion and bioavailability through time (Galbraith et al., 
2008), which are essentially controlled by the ocean redox 
structure (Ader et al., 2016). It is generally considered that 
N isotope composition of sedimentary rocks depends on (i) 
the relative contribution of N2-fixers and nitrate or ammo-
nium (i.e. fixed-N) assimilators to sedimentary organic mat-
ter (e.g. Kipp et al., 2018), (ii) the N isotope composition of 
available fixed-N, and utimately (iii) the oxygen and nutri-
ent levels, which impact for instance the bio-available N 
species and the extent of N-fixation (e.g. phosphorus, 
Papineau et al., 2009, 2013). Nitrogen isotope signature of

sediments can vary regionally as illustrated by the distribu-

tion of d 15N values in the modern (Tesdal et al., 2013) and 
Precambrian (Ader et al., 2016) oceans. Nevertheless the 
identification of global changes in the N biogeochemical 
cycle through time can be assessed from systematic analyses 
of sedimentary rocks collected in various locations for a 
given time period. Over the last decade, large datasets of 
N isotope composition in Precambrian rocks have been 
acquired, and were compiled in recent reviews (Ader 
et al., 2016; Stüeken et al., 2016; Zerkle et al., 2017).

The evolution of marine N biogeochemical cycle during 
Earth’s history has been tentatively subdivided into several 
stages according to N isotope data in greenschist and sub-
greenschist facies sedimentary rocks (Thomazo and 
Papineau, 2013; Ader et al., 2016; Stüeken et al., 2016). 
From Hadean to Mesoarchean (�2.8 Ga), the N biogeo-
chemical cycle was anaerobic and N isotope signatures 
(mode at � +1‰) were dominated by Mo-based biological 
N2-fixation (Stüeken et al., 2015a) but with heterogeneities 
in local basins due for instance to NH4

+ assimilation under 
high concentration of dissolved NH4

+ (Pinti et al., 2001, 
2009) or alternative Fe-based/V-based nitrogenases used 
by N2-fixers (Zhang et al., 2014). In the Neoarchean 
(2.8 � 2.5 Ga), moderately positive d15N values (mode at 
� +3‰; Garvin et al., 2009; Godfrey and Falkowski, 
2009; Ader et al., 2016; Stüeken et al., 2016) appeared 
and were interpreted as episodic or localized aerobic nitro-
gen cycle (i.e. nitrification, denitrification, anammox) possi-
bly caused by ‘‘oxygen oases” (Kendall et al., 2013). An 
extreme positive excursion of d 15N values (up to +50‰) 
is recorded in some 2.6 � 2.7 Ga sedimentary successions, 
and is interpreted either as partial NH4

+ oxidation associ-
ated with quantitative denitrification of any nitrite or 
nitrate potentially generated (Thomazo et al., 2011) or as  
NH3 degassing from alkaline lacustrine systems (Stüeken 
et al., 2015b). In the Proterozoic (2.5 � 0.6 Ga), heavy N 
isotope compositions (mode at �+5‰; Ader et al., 2016; 
Stüeken et al., 2016) suggest an increasing activity of N aer-
obic pathways responsible for fixed-N losses (Jia and 
Kerrich, 2004; Papineau et al., 2009, 2013; Kump et al., 
2011; Busigny et al., 2013; Stüeken et al., 2013; Godfrey 
et al., 2013; Ader et al., 2014; Koehler et al., 2017).

To date N isotope data in sedimentary rocks spanning 
the GOE (2.45 � 2.2 Ga) is sparse since only three studies 
explored the variations associated with this time period 
(Zerkle et al., 2017; Luo et al., 2018; Kipp et al., 2018). 
The first two focussed on the 2.31 Ga Rooihoogte and 
Timeball Hill formations in South Africa, and the last 
one targeted a suite of Paleoproterozoic marine sedimen-
tary rocks (2.4 � 1.8 Ga). Zerkle et al. (2017) found highly 
variable but positive d 15N values (+1.4 to +12‰), inter-
preted as an evidence for unstable but aerobic N biogeo-

place quantitative constraints on the redox changes associated with the Great Oxidation Event and illustrate a stepwise 
increase of NO3

� bioavailability between 2.31 to 2.25 Ga, in relation with increasing O2 level.

Keywords: Nitrogen; Carbon; Isotopes; Oxygenation; Paleoproterozoic



chemical cycle, involving the presence of nitrate in the water 
column. Luo et al. (2018) provided extensive C and N iso-
tope data on samples collected from multiple drillcores, and 
covering a larger time interval, where the d 15N values 
(between �2 and +9‰) were interpreted as three main peri-
ods: (1) a pre-GOE period with NH4

+ representing the dom-
inant N source and being partially oxidized with subsequent 
quantitative denitrification, (2) a GOE period, recording a 
transitional increase of O2, with quantitative nitrification 
and denitrification exhausting most of the bioavailable 
NH4

+ and NO3
� (implying that N2 fixation served as the 

main source for biological N), and (3) a post-GOE period 
with NO3

� availability in a predominantly oxygenated 
ocean. Kipp et al. (2018) observed a positive shift of nitro-
gen isotope ratios (+1.1 to +7.7‰), which supported that 
an expansion of oxygenated surface waters across the early 
Paleoproterozoic. These previous studies provide a first 
view of the N redox cycle during the GOE that needs to 
be extended to other sedimentary sequences worldwide in 
order to pin down the exact timing and mechanisms of this 
transition. In the present work, we analyzed bulk N and 
organic C concentrations and isotope compositions in sed-
imentary rocks from the Turee Creek Group, Western Aus-
tralia, spanning the GOE from �2.31 to �2.25 Ga, to 
further understand temporal and spatial variations in the 
N biogeochemical cycling. The N data are coupled to major 
element concentrations and iron speciation data to evaluate 
potential detrital contribution, as well as diagenetic and/or 
metamorphic overprint, and then deduce the composition 
of primary authigenic organic matter. The N isotopic com-
positions are finally used in two models of N and O biogeo-
chemical cycles in the water column to assess temporal 
paleo-redox variations in the basin.

2. GEOLOGICAL SETTING AND SAMPLES

The sedimentary rocks analyzed belong to the early 
Paleoproterozoic Turee Creek Group, Western Australia 
(Fig. 1). The Turee Creek Group conformably overlies 
the Boolgeeda Iron Formation, which represents the top 
of the Hamersley Group, and sits unconformably beneath 
sedimentary and volcanic deposits of the Wyloo Group 
(Martindale et al., 2015). The sedimentary sequence is char-
acterized by a shallowing-upward marine succession from 
deep-water banded iron formation of the Boolgeeda, 
through fine-grained siliciclastic deposits and glaciogenic 
Meteorite Bore Member (MBM) of the Kungarra Forma-
tion, to fluvial and shallow marine strata of the Koolbye 
and Kazput formations (Martin, 1999; Van Kranendonk 
et al., 2015). The Turee Creek Group is remarkably well-
preserved and experienced only limited metamorphic over-
print, lower than greenschist facies (T < 300 �C; Smith 
et al., 1982; Rasmussen et al., 2005). The depositional time 
of the Turee Creek Group is constrained by two U-Pb zir-
con ages of 2,450 ± 3 Myr from the basal Boolgeeda Iron 
Formation (Woogarra rhyolites) and 2,209 ± 15 Myr from 
the base of the overlying Wyloo Group (Cheela Springs 
Basalt), respectively (Trendall et al., 2004). Recent in situ
U-Pb dating of �1500 zircons from these sequences con-
firmed that Boolgeeda Iron Formation is 2,460 ± 9 Myr

old and provided a maximum age of 2,340 ± 22 Myr for 
the glacial deposits of Meteorite Bore Member 
(Caquineau et al., 2018). This age is in agreement with 
Re-Os dating performed on the bulk mudstone matrix 
and early diagenetic pyrites from the Meteorite Bore Mem-
ber (MBM) glacial diamictites, which yielded an isochron 
age of 2,312.7 ± 5.6 Myr (Philippot et al., 2018).

In this study, we selected 85 samples (Table 1) from two 
pristine drill cores (T2 and T3) collected in the Hardey Syn-
cline (Fig. 1a) of the Turee Creek Group at 22�50049.7000S-
116�52027.7000E and 22�52015.9000S-116�56046.4000E 
(Fig. 1b), respectively. These two drill cores were sampled 
during the Turee Creek Drilling Project (TCDP) led by 
the Institut de Physique du Globe de Paris (IPGP). Drill 
core T2 intersected the Kungarra Formation between 
384.9 and 117.7 m depth (see stratigraphic log in Fig. 3). 
The intercepted sedimentary succession consists of 
interbedded finely-laminated shale and siltstone between 
384.9 and 281.7 m depth and is overlain by glacial diamic-
tites of the Meteorite Bore Member between 281.7 and 
117.7 m depth. The interbedded shale and siltstone show 
wavy beddings and cross-stratifications, with some occur-
rences of mud drapes. This indicates that the current flow 
at the time of deposition varied significantly, as for instance 
in storm-wave influenced shallow marine environment, 
tidal flats or delta settings. T2 core also comprises a massive 
sandstone deposit between 329.85 and 335.48 m depth and 
three laminated stromatolitic carbonates horizons at 
351.10–351.55 m, 360.40–360.75 m and 384.2–384.5 m 
depths, respectively. The Meteorite Bore Member glacial 
diamictite consists of polymictic pebbles (carbonate, chert, 
gneiss) embedded in an homogeneous chlorite-rich mud-
stone matrix, with local siltstones and argillaceous layers. 
Drill core T3 intercepted the uppermost part of the shallow 
marine and fluvial sandstones of the Koolbye Formation 
between 189.3 to 182.4 m depth and the base of the Kazput 
Formation from 182.4 to 75.8 m depth (Fig. 3; Mazumder 
et al., 2015). From bottom to top, the Kazput Formation 
consists of laminated shales and siltstones up to 145.15 m 
depth, followed by massive bedded, oolithic and locally 
stromatolithic carbonates. From 106.15 m depth to the 
top of the core, the carbonates are progressively replaced 
by siltstones interleaved with argillaceous layers.

3. ANALYTICAL TECHNIQUES

All samples from the cores T2 and T3 were cut to cm-
sized chips with fresh surface, cleaned with mQ water in 
ultrasonic bath and dried in an oven at 50 �C. The rock 
chips were then powdered to <60 lm in an agate mortar 
and homogenized. The analyses of carbon and nitrogen iso-
topes together with major element concentrations were per-
formed on the same homogeneous powders.

Whole-rock concentrations of major elements were mea-
sured via ICP-AES at the Service d’Analyse des Roches et 
des Mineraux (SARM) of the Centre de Recherches Pétro-
graphiques et Géochimiques (CRPG) of Vandoeuvre-Lès-
Nancy, France, following the method described in 
Carignan et al. (2001). Analytical precision and detection



limits for major element concentrations are typically better 
than ±10%.

Iron mineral species quantification follows the sequen-
tial iron extraction procedure proposed by Poulton and 
Canfield (2005). Four different mineral phases were 
extracted: (1) carbonate-associated Fe (Fecarb); (2) Fe con-
tained in oxyhydroxides (Feox) including hematite, goethite, 
akaganeite, lepidocrocite and ferrihydrite; (3) magnetite 
(Femag); (4) Fe bound to poorly reactive sheet silicates

(FePRS) including biotite, chlorite and glauconite. Each
extracted species of iron described above was reacted with
phenantroline and the concentration of the resulting
Fe2+-phenantroline complex was measured using a Jenways
spectral photometer Series 67 at 515 nm, at the Biogeo-
sciences Laboratory, following the method proposed in
Reuschel et al. (2012) and described in details in Sauvage
et al. (2013). The concentration of sulfur associated with
pyrite (Spy) was determined from the chromium reducible

Fig. 1. Geological map of the Turee Creek Group in Western Australia (after Philippot et al., 2018). (a) Location of Hardey Syncline. (b)
Location of T1, T2 and T3 drill cores.



Table 1
Major element concentrations, organic carbon and bulk nitrogen contents and isotope compositions, and Fe/Al mass ratios in TCDP samples from T2 and T3 drill cores.

Sample Rock Type Depth* TOC Nbulk d 13Corg d 15Nbulk C/N Major elements (wt.%) Fe/Al

m ppm ppm ‰ ‰ molar SiO2 Al2O3 Fe2O3 MnO MgO CaO Na2O K2O TiO2 P2O5 mass

Kazput Formation

T3 76.24–76.33 Shale 76.30 614 37.25 �28.99 8.07 19.2 63.27 14.06 7.04 0.72 3.29 2.07 0.86 2.89 0.60 0.10 0.66
T3 79.15 Shale 79.15 388 �28.82 59.49 14.50 7.37 0.81 3.70 2.68 0.82 3.04 0.61 0.09 0.67
T3 82.47–82.56 Shale 82.51 1294 �28.11 62.09 13.81 6.50 0.73 3.71 2.91 0.89 2.92 0.58 0.09 0.62
T3 86.28 Carbonate 86.28 320 �28.20 43.60 10.37 4.42 0.35 2.49 19.05 1.07 2.03 0.42 0.06 0.56
T3 89.06–89.15 Carbonate 89.10 307 16.20 �27.01 9.32 22.1 22.47 5.72 3.01 0.32 1.42 35.65 0.45 1.17 0.21 0.70
T3 91.70 Carbonate 91.70 270 �27.48 34.70 8.00 3.80 0.21 1.71 27.19 0.69 1.59 0.33 0.05 0.63
T3 93.45–93.55 Carbonate 93.50 471 �26.93 28.84 7.26 3.52 0.19 1.56 29.96 0.59 1.50 0.29 0.64
T3 95.96 Carbonate 95.00 375 �26.76 33.22 8.46 4.17 0.17 1.79 27.52 0.68 1.69 0.32 0.05 0.65
T3 98.44 Carbonate 98.44 669 �26.96 36.61 9.06 4.02 0.14 1.83 23.91 0.73 1.89 0.36 0.06 0.59
T3 100.52–100.62 Carbonate 100.57 315 �27.05 38.22 9.13 4.24 0.14 1.86 23.70 0.79 1.83 0.38 0.05 0.61
T3 102.62–102.71 Carbonate 102.68 487 28.26 �27.19 7.73 20.1 39.32 9.39 4.24 0.13 1.88 22.20 0.86 1.87 0.39 0.06 0.60
T3 103.35 Carbonate 103.35 397 �26.88 41.51 9.36 4.16 0.13 1.86 21.05 0.92 1.84 0.41 0.06 0.59
T3 105.18–105.32 Carbonate 105.25 535 �26.23 25.21 7.43 3.53 0.14 1.57 31.82 0.46 1.64 0.28 0.05 0.63
T3 107.77–107.84 Carbonate 107.80 293 �26.27 23.25 6.37 3.11 0.14 1.36 35.57 0.44 1.37 0.24 0.04 0.65
T3 108.65 Carbonate 108.65 656 �25.90 28.24 7.89 3.60 0.13 1.63 30.08 0.51 1.74 0.30 0.05 0.60
T3 109.76–109.84 Carbonate 109.80 348 23.85 �26.56 8.85 17.0 31.74 7.81 3.86 0.13 1.72 28.01 0.60 1.59 0.33 0.05 0.65
T3 115.09–115.19 Carbonate 115.14 472 �26.55 26.60 6.80 2.85 0.15 1.44 36.28 0.48 1.56 0.27 0.04 0.55
T3 116.37 Carbonate 116.37 359 �27.02 39.92 9.02 4.04 0.12 1.76 23.66 0.78 1.98 0.39 0.05 0.59
T3 118.23–118.31 Carbonate 118.27 379 �26.83 29.04 6.78 2.78 0.14 1.41 33.46 0.58 1.51 0.28 0.04 0.54
T3 120.73–120.84 Carbonate 120.78 419 �26.83 25.84 7.17 3.10 0.15 1.54 34.98 0.44 1.00 0.27 0.04 0.57
T3 123.82–123.90 Carbonate 123.88 1246 23.08 �26.72 9.01 63.0 27.52 6.98 2.97 0.15 1.48 34.68 0.50 1.61 0.28 0.04 0.56
T3 126.26–126.32 Carbonate 126.29 325 �26.56 23.54 6.26 2.59 0.15 1.34 37.93 0.41 1.48 0.24 0.04 0.55
T3 129.43–129.51 Carbonate 129.47 536 �26.59 22.06 6.54 2.52 0.17 1.35 38.16 0.39 1.63 0.23 0.04 0.51
T3 135.16–135.29 Carbonate 135.22 458 �27.45 31.89 8.26 3.23 0.19 1.66 30.68 0.60 1.96 0.32 0.05 0.52
T3 141.68–141.75 Carbonate 141.71 490 �28.74 28.20 7.52 3.25 0.37 1.71 36.76 0.60 1.72 0.29 0.05 0.57
T3 141.68–141.75# Carbonate 141.71 377 23.13 �27.97 7.40 19.0 29.63 7.45 3.44 0.35 1.58 30.10 0.67 1.47 0.31 0.05 0.61
T3 144.34–144.47 Carbonate 144.40 579 �28.19 29.44 8.70 4.09 0.55 2.22 29.53 0.61 2.03 0.29 0.05 0.62
T3 144.80 Carbonate 144.80 507 �28.50 36.66 9.30 6.05 0.76 2.71 23.21 0.79 1.80 0.35 0.06 0.86
T3 149.19 Shale 149.19 425 �29.84 55.99 12.91 7.66 2.02 3.72 5.06 0.57 3.05 0.50 0.08 0.78
T3 151.52–151.61 Shale 151.57 782 �29.46 55.55 17.31 9.18 1.49 3.53 2.00 0.39 4.06 0.57 0.10 0.70
T3 151.52–151.61# Shale 151.57 816 40.81 �29.29 9.89 23.3 54.86 16.90 8.67 1.42 3.25 2.15 0.24 3.89 0.57 0.09 0.68
T3 153.29 Shale 153.29 356 �29.34 50.72 11.26 6.94 7.10 3.93 7.21 0.45 3.50 0.52 0.07 0.82
T3 154.97 Shale 154.97 466 �29.05 42.37 12.94 7.16 5.54 3.90 8.53 0.47 3.96 0.47 0.09 0.73
T3 154.97–155.07 Shale 155.02 466 �29.05 59.28 15.42 6.85 2.18 2.86 3.01 0.52 3.57 0.62 0.07 0.59
T3 154.97–155.07# Shale 155.02 548 32.50 �29.03 6.82 19.7 56.14 14.58 6.63 2.34 2.79 4.04 0.44 3.49 0.61 0.09 0.60
T3 155.07–155.19 Shale 155.13 559 �28.67 59.28 15.42 6.85 2.18 2.86 3.01 0.52 3.57 0.62 0.07 0.59
T3 156.54 Shale 156.54 375 �29.06 42.37 13.94 8.72 6.08 3.96 6.89 0.42 3.81 0.45 0.08 0.83
T3 157.26–157.35 Shale 157.30 893 �29.21 46.50 14.85 6.72 4.48 4.00 5.92 0.32 2.71 0.48 0.08 0.60
T3 157.26–157.35# Shale 157.30 690 35.85 �29.14 9.27 22.5 44.50 14.37 8.08 4.50 3.88 6.72 0.27 3.36 0.46 0.09 0.74
T3 161.16–161.30 Shale 161.20 885 �30.16 48.32 16.01 9.58 2.42 4.47 5.17 0.48 3.81 0.48 0.10 0.79
T3 161.16–161.30# Shale 161.20 872 45.75 �29.88 7.37 22.2 49.41 15.99 9.32 1.87 4.20 4.83 0.49 3.50 0.48 0.09 0.77

(continued on next page)



Table 1 (continued)

Sample Rock Type Depth* TOC Nbulk d 13Corg d 15Nbulk C/N Major elements (wt.%) Fe/Al

m ppm ppm ‰ ‰ molar SiO2 Al2O3 Fe2O3 MnO MgO CaO Na2O K2O TiO2 P2O5 mass

T3 161.39 Shale 161.39 861 �29.76 50.51 16.93 10.29 1.61 4.53 3.63 0.53 2.00 0.48 0.11 0.80
T3 162.24–162.34 Shale 162.29 763 �29.60 42.87 13.98 8.70 2.21 4.71 8.69 0.88 3.63 0.40 0.08 0.82
T3 164.36–164.43 Shale 164.39 427 �29.81 43.87 12.21 27.88 0.51 4.91 2.39 0.22 0.00 0.38 0.14 3.02
T3 164.54 Shale 164.54 353 �28.59 33.99 7.52 29.01 1.53 4.46 6.94 0.02 0.00 0.24 0.23 5.10
T3 168.60 Shale 168.60 1264 �31.99 57.45 19.84 8.48 0.14 3.31 0.44 0.93 3.76 0.64 0.09 0.57
T3 170.64 Shale 170.64 473 �31.06 57.32 19.93 8.57 0.16 3.34 0.42 0.91 4.33 0.63 0.09 0.57
T3 171.65–171.71 Ca# Shale 171.68 1131 44.92 �31.69 9.34 29.4 59.82 18.30 8.54 0.11 3.15 0.18 0.75 4.16 0.59 0.10 0.62
T3 171.71–171.80 Ag# Shale 171.75 1338 53.42 �31.34 10.24 29.2 58.12 19.15 8.07 0.11 3.06 0.20 0.77 4.69 0.57 0.10 0.56
T3 174.22 Shale 174.22 1231 �30.27 54.15 16.76 13.77 0.85 4.35 1.82 0.90 2.36 0.46 0.16 1.09
T3 182.20–182.25 Carbonate 182.22 384 �26.15 5.20 1.50 6.85 9.77 10.57 26.32 0.03 0.00 0.07 0.09 6.04
T3 182.25 Carbonate 182.25 117 �24.77 13.54 1.58 26.28 7.00 5.99 14.13 2.56 2.94 0.04 0.11 21.94
Koolbye Formation

T3 183.70–183.77 Quartzite 183.73 169 �29.08 70.12 12.26 3.44 0.17 2.22 1.30 2.48 2.52 0.38 0.12 0.37
T3 186.98 Quartzite 186.98 67 15.72 �28.25 11.53 5.0 71.93 12.25 4.59 0.10 2.45 0.95 2.53 2.54 0.38 0.12 0.50
Meteorite Bore Member

T2 120.32 Diamictite 120.32 753 36.66 –33.09 4.25 24.0 65.36 15.22 7.38 0.05 2.24 0.66 1.46 2.93 0.65 0.11 0.64
T2 142.15 Diamictite 142.15 539 –33.59 65.62 15.18 7.15 0.05 2.16 0.41 1.43 2.96 0.64 0.11 0.62
T2 162.10 Diamictite 162.10 766 36.67 –33.22 3.82 24.4 66.60 15.13 7.09 0.05 2.07 0.81 1.51 3.02 0.64 0.12 0.62
T2 194.04 Diamictite 194.04 462 –33.51 68.17 14.07 6.55 0.05 1.95 0.77 1.43 2.58 0.61 0.12 0.62
T2 215.90 Diamictite 215.90 933 44.70 �34.60 1.64 24.4 60.46 17.35 9.05 0.05 2.64 0.47 1.12 3.06 0.70 0.12 0.69
T2 240.90 Diamictite 240.90 919 �34.77 62.58 16.67 7.98 0.05 2.38 0.36 1.27 3.26 0.69 0.11 0.63
T2 259.30 Diamictite 259.30 670 40.08 �34.74 4.10 19.5 63.14 16.01 7.59 0.05 2.29 0.53 1.24 3.10 0.64 0.11 0.63
T2 271.10 Diamictite 271.10 647 �34.75 66.16 15.14 7.35 0.05 2.24 0.76 1.41 2.57 0.62 0.11 0.64
T2 283.90 Diamictite 283.90 950 �35.31 65.07 16.34 7.90 0.05 2.46 0.30 1.62 3.09 0.79 0.11 0.64
Kungarra Formation

T2 299.70 Shale 299.70 1492 56.73 �36.27 2.11 30.7 56.52 20.32 9.21 0.05 2.91 0.25 1.01 3.96 0.48 0.12 0.60
T2 302.45 Shale 302.45 958 �35.80 63.44 15.76 7.88 0.05 2.46 0.37 1.52 2.80 0.69 0.09 0.66
T2 312.35 Shale 312.35 944 �35.84 65.26 15.13 8.10 0.05 2.50 0.26 1.56 2.38 0.69 0.10 0.71
T2 312.39 Shale 312.39 1241 �36.12 61.02 17.24 8.67 0.05 2.73 0.23 1.55 3.12 0.83 0.13 0.67
T2 324.80 Shale 324.80 747 �35.54 62.97 16.30 7.91 0.05 2.59 0.32 1.73 2.87 0.77 0.11 0.64
T2 329.73 Sandstone 329.73 213 37.56 �31.68 2.90 6.6 67.04 15.01 7.13 0.04 2.16 0.28 1.38 2.94 0.74 0.12 0.63
T2 333.10 Sandstone 333.10 32.50 �0.39 65.86 18.49 4.95 0.03 1.34 0.21 0.90 3.56 0.81 0.10 0.35
T2 333.65 Sandstone 333.65 62 �27.76 81.08 7.35 2.13 0.06 0.73 2.20 1.45 1.40 0.28 0.05 0.38
T2 335.55 Ca Sandstone 335.55 251 –32.29 76.87 10.34 5.04 0.04 1.48 1.21 1.21 3.42 0.39 0.13 0.64
T2 335.55 Ag Shale 335.56 663 �34.57 64.82 16.91 7.69 0.04 2.41 0.60 1.43 1.67 0.69 0.07 0.60
T2 347.45 Shale 347.45 1246 �35.69 60.03 18.37 8.63 0.05 2.77 0.30 1.31 3.63 0.60 0.11 0.62
T2 352.72 Shale 352.72 406 �34.76 65.76 13.55 7.81 0.08 2.34 1.84 1.37 2.17 0.59 0.12 0.76
T2 354.72 Shale 354.72 1066 �36.13 57.60 18.14 9.13 0.08 2.79 1.30 1.29 3.61 0.60 0.11 0.67
T2 359.43–359.50 Shale 359.46 857 �35.25 65.06 16.67 8.35 0.09 2.74 0.34 1.47 2.97 0.63 0.13 0.66
T2 359.45–359.60 Shale 359.53 1174 �35.04 63.31 17.57 8.84 0.10 2.85 0.37 1.34 3.14 0.64 0.13 0.67
T2 360.45 Shale 360.45 378 13.52 �34.30 3.98 32.6 46.79 8.57 4.84 0.68 1.98 17.38 1.51 1.07 0.48 0.10 0.75
T2 360.85 Shale 360.85 644 �34.90 62.23 13.09 7.12 0.18 2.60 3.33 1.49 2.09 0.74 0.12 0.72
T2 363.90 Shale 363.90 625 21.79 �34.15 �0.83 33.5 58.82 10.86 6.64 0.32 2.39 8.10 1.48 1.49 0.70 0.12 0.81



sulfur extraction by gravimetric quantification (Canfield 
et al., 1986). Iron associated with pyrite (Fepy) was calcu-
lated from the Spy assuming stoichiometric ratio. The total 
iron concentration (FeT) has been measured as part of the 
ICP-AES analysis (see above). Because of their high reac-
tivity toward hydrogen sulfide (Canfield et al., 1992; 
Poulton et al., 2004), the sum of Fecarb, Feox, Femag and 
Fepy are referred to as ‘Highly Reactive’ Fe fraction (FeHR) 
of the total iron concentration. FeHR/FeT ratio is then com-
monly used to argue for anoxic conditions when values are 
above a threshold of 0.38 (Raiswell and Canfield, 1998). 
FeHR enrichment, in excess toward this maximal detrital 
background, indicates an external source of reactive Fe 
decoupled from the siliciclastic flux. Euxinic conditions 
can also be identified when both FeHR/FeT and Fepy/FeHR 
exceeds thresholds of 0.38 and 0.80, respectively.

Total organic carbon (TOC) content and isotope com-
position were determined on decarbonated samples. Car-
bonates from powdered samples were removed using 6 N 
HCl overnight at room temperature, followed by 2 h at 
80 �C. The residue of acid attack was rinsed with distilled 
water and centrifuged several times until neutral pH was 
reached, and then dried at 50 �C for 2 days. After drying, 
the decarbonated powders were weighed and mass balance 
was done for subsequent calculation of the total organic C 
content. The powders were grounded again in an agate 
mortar to avoid any heterogeneity related to the analytical 
procedure of decarbonation. Aliquots of dried decarbon-
ated samples (50–100 mg) were introduced in tin capsules 
and wrapped up. All capsules were analyzed on a Flash 
EA1112 elemental analyzer coupled to a Thermo Finnigan 
Deltaplus XP mass-spectrometer via a Conflo IV interface 
under a helium continuous flow. Three internal standards, 
calibrated against international standards, were used to cal-

culate the d 13C values of all samples. Replicate analyses on 
standards gave an external precision better than ±0.1‰

(1r). Five different amounts of an internal standard were 
used to estimate total organic C content of the samples. 
The data were reported using the conventional d unit (in 
permil) with respect to the V-PDB standard, such as d13-
Corg = [(13C/12C)Sample/(

13C/12C)V-PDB � 1] � 1000. Up to 
four replicate analyses of each sample were performed for 
d13Corg measurements, but only the average values are pro-
vided herein. The reproducibility on samples TOC content 
and d13Corg values was always better than ±0.3 wt.% (1r) 
and ±0.4‰ (1r), respectively.

Bulk N content and isotope composition were measured 
on 24 samples selected to represent the various lithologies 
observed in the cores T2 and T3 (Table 1). The analyses 
were performed using sealed-tube combustion and on-line 
N2 purification on an ultra-high vacuum line coupled to a 
triple-collector static mass spectrometer (Ader et al., 2006, 
2014; Busigny et al., 2005, 2013). The procedure can be 
summarized as follows. The decarbonated samples (12–
100 mg) embedded in pre-purified platinum foils were evac-
uated under vacuum at 300 �C for 12 h in quartz tubes filled 
with pre-cleaned CuO and Cu wires and CaO granules 
(Busigny et al., 2013). This degassing temperature was 
selected because metamorphic conditions of the Turee 
Creek Group did not exceed 300 �C (Smith et al., 1982;T
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Rasmussen et al., 2005). The quartz tubes were then sealed
under vacuum and combusted at 950 �C for 6 h and 600 �C
for another 2 h for separating N2 from other volatiles
(mainly CO2 and H2O). After combustion, the gas was
extracted from the tube loaded in ultra-high vacuum line
(�4 � 10�9 mbar), purified and quantified with a capaci-
tance manometer. Subsequent N isotope analyses were per-
formed on a static mass spectrometer allowing
measurement of nanomole quantities of N2. The nitrogen
blank amount and isotope composition of the sealed tubes
were on average 2.63 ± 0.73 nmol and 3.59 ± 1.80‰
(n = 9), respectively. After blank correction, analysis of

the internal standard 09–02 (Alpine metagabbro) gave a
mean N content of 6.00 ± 0.81 ppm and d15Nbulk value of
8.23 ± 0.41‰, consistent with previously published values
(N = 4 ppm, d15Nbulk = 8.1‰; Busigny et al., 2005). The
slight difference in N content relative to former measure-
ments of this standard probably results from different
degassing temperature of the sample (300 �C here versus

450 �C in our previous study; Busigny et al., 2005). All N
content and d15Nbulk values presented in this paper were
corrected for blank contribution. The isotope data are
reported using the conventional d notation (in permil) with
respect to air standard, with d 15Nbulk = [(15N/14N)sample/

Fig. 2. Major element concentrations of the Turee Creek samples. Symbols represent the different lithological units from the two drill cores,
T2 and T3 (MBM: Meteorite Bore Member). (a) CaO (wt.%) versus SiO2 (wt.%). (b) Al2O3 (wt.%) versus SiO2 (wt.%). (c) K2O (wt.%) versus
Al2O3 (wt.%). (d) TiO2 (wt.%) versus Al2O3 (wt.%). (e) Fe2O3 (wt.%) versus Al2O3 (wt.%). (f) Fe/Al mass ratio (log scale) versus SiO2 (wt.%).
The dashed line and blue zone depict the average value and the range of Fe/Al mass ratio of shales deposited in oxic and suboxic environments
(�0.53 ± 0.11; Raiswell et al., 2008; Taylor and McLennan, 1985; Lyons and Severmann, 2006).



(15N/14N)Air � 1] � 1000. The reproducibility on samples 
Nbulk content and d 15Nbulk values were always better than
±0.5 ppm (1 r) and ±0.5‰ (1r), respectively.

4. RESULTS

4.1. Major element concentrations and Fe speciation data

Major element concentrations in T2 and T3 samples are 
given in Table 1 and some general features are illustrated in 
Fig. 2. SiO2 content shows a large range of variations from 
5.20 to 81.08 wt.%, highly dependent on lithology, and 
averaging �29.48 wt.% in carbonate, �55.83 wt.% in shale, 
�64.79 wt.% in diamictite and �72.15 wt.% in quartzite 
and sandstone. Negative correlations are observed between 
CaO and SiO2 contents (Fig. 2a), reflecting mixing between 
carbonates and various silicate minerals (quartz, chlorite, 
micas). The positive correlation between Al2O3 and SiO2 
(Fig. 2b) in T2 and T3 samples indicates that Al and Si 
are contained in layer silicates (chlorite, micas), expressing 
a progressive transition from carbonate-rich to shale-rich 
rocks. For SiO2 content higher than �56 wt.%, a negative 
trend defined by quartzite/sandstone indicates that SiO2 
increase is tied to the presence of quartz rather than 
layer-silicate minerals. Al2O3, K2O and TiO2 contents vary 
from 1.50 to 20.32 wt.%, 0.00 to 4.69 wt.%, and 0.04 to 0.83 
wt.%, respectively. They are positively correlated to each 
other (Fig. 2c-d) and track the relative proportions of detri-
tal component to the samples. It can be noted that Kazput 
carbonates define a better correlation than other geological 
units, which are more scattered (Fig. 2c-d).

Furthermore, total iron (FeT) content, expressed as 
Fe2O3, varies from 2.13 to 29.01 wt.% (average = 7.19 wt.

%) and is linearly correlated to Al2O3 (Fig. 2e) for most
samples. FeT/Al mass ratio (Fig. 2f) shows a stable value
around 0.64 in most T2 and T3 samples, except four car-
bonates and shales from Kazput Formation, which have
higher Fe/Al ratio (i.e. Fe-enrichment; Fig. 2e-f). The rela-
tively constant FeT/Al ratio of most samples possibly
reflects lithogenic contribution and is only slightly higher
than the average value of shales deposited in oxic and sub-
oxic environments (�0.53 ± 0.11; Taylor and McLennan,
1985; Lyons and Severmann, 2006; Raiswell et al., 2008).
Moreover, FeT/Al ratio is sensitive to detrital mineralogy
and sedimentation rates. In mafic or ultramafic settings,
FeT/Al ratios of sediments can be quite high, even if the
Fe is largely contained in silicates rather than authigenic
minerals (e.g. Stüeken et al., 2017). Conversely, high sedi-
mentation rates with minerals that have crustal FeT/Al
ratios can dilute Fe enrichments (Lyons and Severmann,
2006). Accordingly, oxic conditions cannot be firmly estab-
lished from FeT/Al ratios alone. Iron speciation data of
shales selected to represent the different geological units
were thus obtained to provide further constraints on the
redox state of the paleo-water column in the Turee Creek
basin (Table 2). Highly reactive iron (FeHR), which corre-
sponds to Fe in carbonates, oxides, magnetite and pyrite,
can be enriched in sediments deposited under anoxic condi-
tions, either ferruginous or euxinic (e.g. Poulton and
Canfield, 2005, 2011; Planavsky et al., 2011; Izon et al.,
2017). A ratio FeHR/FeT higher than 0.38 indicates anoxic
conditions while lower values point to oxic to suboxic con-
ditions. In the present work, shales from Kungarra, Mete-
orite Bore Member and Kazput Formations show FeHR/
FeT in the range 0.14–0.36 (average 0.26, n = 7), 0.15–
0.37 (average 0.26, n = 3) and 0.16–0.33 (average 0.23,

Table 2
Iron speciation of TCDP samples selected from T2 and T3 drill cores.

Sample Rock Type Depth* FeT Fecarb Feox Femag Fepy PRS Fepy/FeHR FeHR/FeT

m % % % % % % ‰ ‰

Kazput Formation

T3 76.24–76.33 Shale 76.30 4.99 0.47 0.09 0.19 0.06 0.69 0.08 0.16
T3 79.15 Shale 79.15 5.15 0.92 0.07 0.20 0.09 0.79 0.07 0.25
T3 86.28 Carbonate 86.28 3.09 0.48 0.04 0.08 0.06 0.39 0.09 0.22
T3 164.36–164.43 Shale 164.39 19.49 3.05 0.82 0.76 1.81 3.43 0.28 0.33
T3 174.22 Shale 174.22 9.63 1.09 0.17 0.26 0.27 3.64 0.15 0.19
Average 0.13 0.23

Meteorite Bore Member

T2 194.04 Diamictite 194.04 4.58 0.58 0.22 0.20 0.21 0.89 0.18 0.26
T2 259.30 Diamictite 259.30 5.19 0.44 0.04 0.15 0.15 1.20 0.20 0.15
T2 283.90 Diamictite 283.90 5.52 1.10 0.29 0.50 0.19 0.86 0.09 0.37
Average 0.16 0.26

Kungarra Formation

T2 298.00 Shale 298.00 5.96 0.35 0.08 0.31 0.12 1.18 0.14 0.14
T2 309.10 Shale 309.10 5.48 1.07 0.21 0.40 0.14 1.06 0.08 0.33
T2 312.39 Shale 312.39 6.06 0.63 0.25 0.34 0.20 0.86 0.14 0.23
T2 335.55 Shale 335.55 3.53 0.66 0.28 0.16 0.17 0.63 0.14 0.36
T2 347.45 Shale 347.45 6.03 0.64 0.25 0.26 0.10 0.65 0.08 0.21
T2 359.43–359.50 Shale 359.46 5.84 0.72 0.19 0.32 0.18 0.42 0.13 0.24
T2 363.90 Shale 363.90 4.64 0.84 0.22 0.22 0.20 0.59 0.14 0.32
Average 0.12 0.26

* Depth in T2 and T3 drill core recovered by the Turee Creek Drilling Project (TCDP).



n = 5), respectively, therefore supporting deposition under
oxic to suboxic conditions for both T2 and T3 samples.

4.2. Carbon content and isotope composition

Depth profiles of organic C content (TOC) and d13Corg

value in T2 and T3 samples are plotted in Fig. 3. Organic
C content ranges from 62 to 1492 ppm (avg. 783
± 332 ppm, n = 30) in T2 samples and from 67 to
1338 ppm (avg. 567 ± 307 ppm, n = 54) in T3 samples.
Thus, there is no significant difference between the two drill
cores. Organic C content seems to vary according to lithol-
ogy, with shales being enriched in Corg compared to other
sediments. In contrast, organic C isotope composition
shows a marked distinction between T2 and T3, with aver-
age d13Corg values of �34.5 ± 1.7 ‰ (n = 30) and �28.3
± 1.6 ‰ (n = 54), respectively. In detail, d13Corg values
are also subtly controlled by lithology. In T2, d13Corg values

decrease from Kungarra sandstone (avg. �30.6 ± 2.5 ‰, 
n = 3), Meteorite Bore Member diamictite (avg. �34.2
± 0.8 ‰, n = 9), to Kungarra shale (avg. �35.2 ± 0.6 ‰, 
n = 18). In T3, d13Corg values increase from Kazput shale 
(avg. �29.6 ± 1.0 ‰, n = 25) to Kazput carbonate (avg. 
�27.0 ± 0.8 ‰, n = 27). Finally, d13Corg values show nega-
tive trends with TOC content (Fig. 4a), Al2O3 content 
(Fig. 4c) and molar Corg/Nbulk ratio (Fig. 4e).

4.3. Nitrogen content and isotope composition

Depth profiles of Nbulk content and d15Nbulk values in 
T2 and T3 samples are shown in Fig. 3. Bulk N content 
is low, and varies from 13.5 to 56.7 ppm (avg. 34.3
± 12 ppm, n = 11), and 15.7 to 53.4 ppm (avg. 32.4
± 11.9 ppm, n = 13) in T2 and T3 samples, respectively. 
Significant positive correlations are found between Nbulk

Fig. 3. Total organic carbon (TOC) and nitrogen contents (both in ppm), isotope compositions (‰), and Corg/Nbulk molar ratio of the Turee
Creek samples (symbols as in Fig. 2). *Depth is the depth in the drill cores. The light green and orange bands represent the ranges of N isotope
composition of T3 and T2 samples, respectively. WR, Woogarra rhyolites; B Fm, Boolgeeda Iron Formation; Kungarra Fm, Kungarra
Formation; MBM, Meteorite Bore Member (including Member 1 and Member 2); K Fm, Koolbye Formation; Kazput Fm, Kazput
Formation; BRQ, Beasley River Quartzite; CSB, Cheela Springs Basalt. (For interpretation of the references to colour in this figure legend,
the reader is referred to the web version of this article.)



and TOC (Fig. 5a), K2O (Fig. 5b) as well as Al2O3 content 
(Fig. 5c) in T2 and T3 samples.

The Corg/Nbulk molar ratio (avg. 25.9 ± 12.5, n = 23; 
Fig. 3) is low in comparison with other older or contempo-
rary sedimentary rocks (C/N >> 100; e.g. Garvin et al., 
2009; Thomazo et al, 2011; Luo et al., 2018). It does not dis-
play any correlation with either K2O content (Fig. 5d), 
TOC or Al2O3 content (not shown).

Nitrogen isotope compositions show a bimodal distribu-
tion in T2 and T3 (Fig. 3), with d15Nbulk values from �0.8
to +4.3‰ (avg. +2.6 ± 1.8‰, n = 11) and +6.8 to +11.5‰
(avg. + 8.8 ± 1.3‰, n = 13), respectively. These d15Nbulk

differences do not correlate with Nbulk content (Fig. 4b),
Al2O3 content (Fig. 4d) or molar Corg/Nbulk ratio
(Fig. 4f). Additionally, in contrast to d13Corg values, d15-
Nbulk values do not show any correlation with lithological

Fig. 4. Relations between organic C isotope composition (‰ vs PDB), TOC (ppm), bulk N isotope composition (‰ vs Air), Nbulk (ppm) and
Al2O3 content (wt.%) in the Turee Creek samples. (a) Organic C isotope composition (‰ vs PDB) versus TOC (ppm). (b) Bulk N isotope
composition (‰ vs Air) versus Nbulk (ppm). (c) Organic C isotope composition (‰ vs PDB) versus Al2O3 content (wt.%). The two red lines
represent a mixing between purported authigenic and detrital endmembers. (d) Bulk N isotope composition (‰ vs Air) versus Al2O3 content
(wt.%). (e) Organic C isotope composition (‰ vs PDB) versus Corg/Nbulk molar ratio. (f) Bulk N isotope composition (‰ vs Air) versus Corg/
Nbulk molar ratio. MBM, Meteorite Bore Member. (For interpretation of the references to colour in this figure legend, the reader is referred to
the web version of this article.)



changes (i.e. carbonate, shale, diamictite, quartzite and 
sandstone).

5. DISCUSSION

5.1. Evaluation of the influence of modern organic matter 
contamination

Because of the low TOC and N contents in most samples 
from T2 and T3 (down to �60 ppm TOC and 13.5 ppm N), 
it is primordial to evaluate potential contamination by 
modern organic matter. For instance, a recent experimental 
study determined that cleaning samples with organic sol-
vents for removing modern organic matter can induce more 
contamination (e.g. up to 6000 ppm by cleaning with 
dichloromethane) and produce a bias on TOC and d 13C

measurements (homogeneous d 13C between �27 and
�29‰; Muller et al., 2018). The use of such solvent has
thus been avoided in the present work and sample surface
was cleaned only with mQ water (see section 3). Moreover,
an organic contamination would be characterized by
unique and homogeneous d 13C and d 15N values, which
is not the case in the Turee Creek samples. For carbon, a

contamination should have produced well-defined trends
between d 13C and TOC towards a specific d 13C value (that
of the contaminant). In contrast, samples from T2 and T3
with the lowest TOC contents show a wide range of d 13C
(Fig. 4a), as for instance samples T3-186.98 and T3-
182.25 with values of �28.3 and �24.8‰, respectively
(Table 2). Moreover, in the case of an organic contamina-
tion, the correlation observed between d 13C and TOC
should be better than the one between d 13C and Al2O3,
which is not the case (Fig. 4a and c). Finally, the blanks
of CO2 obtained in EA-IRMS measurements on empty
tin capsules and on pure quartz powders were always lower
than 0.1 lmol and represented less than 3% of the total CO2

extracted from the samples.
For nitrogen, samples were degassed under vacuum at

300 �C overnight before N extraction thus excluding any
contribution from N2 adsorbed on the powder (e.g. air)
and modern organic contamination. Additionally, if con-
taminated, samples with the lowest N content should show
a d 15N value specific of the contaminant. In contrast, N
isotope compositions in T2 and T3 are not related to N
concentrations (Fig. 4b) but are controlled only by strati-
graphic positions of the samples, with d15N values around

Fig. 5. Relations between TOC (ppm), Nbulk (ppm), K2O content (wt.%), Al2O3 content (wt.%) and Corg/Nbulk molar ratio in the Turee Creek
samples. (a) TOC (ppm) versus Nbulk (ppm). (b) K2O content (wt.%) versus Nbulk (ppm). (c) Al2O3 content (wt.%) versus Nbulk (ppm). (d) K2O
content (wt.%) versus Corg/Nbulk molar ratio.



+2.6 ± 1.8‰ in T2 and +8.8 ± 1.3‰ in T3 (Fig. 3). These 
different observations together with the strong stratigraphic 
control of C and N isotope compositions (Fig. 3) point to 
pristine/indigenous isotope signatures rather than sec-
ondary contamination.

5.2. Nitrogen speciation and isotope signature preservation in 
Turee Creek sediments

Before using N isotope composition as a tracer of paleo-
environmental conditions, the potential effects of diagenesis 
and metamorphism on N content and isotope signature 
need to be evaluated (e.g. Papineau et al., 2009; Busigny 
et al., 2013; Stüeken et al., 2015a; Ader et al., 2016). The 
correlations between Nbulk and TOC (Fig. 5a) as well as 
K2O content (Fig. 5b) in T2 and T3 drill cores indicate that 
N in Turee Creek sediments is related to organic matter and 
K-bearing clay minerals. Basically, sedimentary N is 
derived from organic matter, and part of the organic N is 
released and replaces K in clay minerals during post-
depositional processes, such as diagenesis and metamor-
phism. Combined with the correlations between Nbulk, 
TOC and K2O contents, the relatively low Corg/Nbulk ratios 
(avg. = 25.9 ± 12.5) suggest that most of the organic N was 
preserved and replaced K+ as inorganic NH4

+-N in clay 
minerals, due to their similar charge and ionic radius 
(Honma and Itihara, 1981; Rouchon et al., 2005). An 
important concern is the possibility of a later modification 
by exogenous NH4

+-containing fluid because N contents of 
the Turee Creek sediments are low. Assuming exogeneous 
NH4

+ was added after sediment deposition, the rocks with 
more clay minerals should have fixed more NH4

+, resulting 
in lower Corg/Nbulk ratios, in particular for the low TOC 
contents in T2 and T3 samples. Thus, negative correlations 
between K2O or Al2O3 contents and Corg/Nbulk ratios 
should have been observed, which is not the case 
(Fig. 5d). Moreover, if part of the N would be derived from 
exogenous NH4

+ with a specific N isotope signature, one 
would expect a correlation between K2O or Al2O3 and d

15
N, which again is not seen (Fig. 4d). A potential modifi-

cation by exogeneous NH4
+ cannot be deduced from the 

relations between TOC and Nbulk concentrations because 
different slops likely record various input of detrital organic 
matter (see below). We therefore conclude that N in Turee 
Creek sediments originated from organic matter and was 
transferred without significant isotopic fractionation as 
inorganic NH4

+ in clay minerals in good agreement with 
previous studies of diagenetic effects in anoxic conditions 
(see review in Robinson et al., 2012), and on other Archean 
sedimentary sequences (e.g. Garvin et al., 2009; Stüeken 
et al., 2015a; Zerkle et al., 2017). The lower Corg/Nbulk 
ratios found here relative to previous studies are interpreted 
as exceptional N preservation because Al2O3 concentra-
tions are highly enriched relative to TOC, and the diage-
netic N-fixation into clay is thus stronger than in other 
geological formations. The Koolbye quartzite (T3) and 
Kungarra sandstone (T2) with the highest Al2O3/TOC ratio 
(average � 972) and lowest Corg/Nbulk ratio (average � 5.8) 
likely preserved most N while losing C during organic mat-
ter degradation, producing C/N slightly lower than the

Redfield ratio (i.e. 6.6). In contrast, carbonates and shales 
with relatively lower Al2O3/TOC ratio (average � 206) 
and higher Corg/Nbulk ratio (average � 27.8) have probably 
lost part of their N and/or merely contain more N-poor 
detrital organic matter.

The absence of correlation between d 15Nbulk and Nbulk 
content (Fig. 4b) or molar Corg/Nbulk ratio (Fig. 4f) in 
Turee Creek sediments also indicates no or minimal effect 
of diagenesis and metamorphism on N isotope composi-
tion. Therefore, the distinct N isotope compositions 
recorded in T2 and T3 samples (Fig. 3) must be explained 
by other factors than diagenesis or metamorphism. A litho-
logical control can also be ruled out since T2 and T3 show a 
range of chemical composition and sediment types largely 
overlapping (Fig. 2).

5.3. Origin of the relation between C isotope composition of 
organic matter and Al concentration

The inverse correlation observed between d 13Corg values 
and Al concentrations is an important feature of the present 
data set (Fig. 4c) and may arise from three different pro-
cesses: (1) a preservation effect of organic matter, (2) a basi-
nal redox gradient and/or (3) a mixing between authigenic 
and detrital organic matter (e.g. detrital graphite particles 
in Cryogenian Nantuo Formation of South China; Ye 
et al., 2019). These three possibilities are explored below.

First, in modern marine sediments, it is well known that 
deep shaly facies better preserve organic matter than more 
shallow facies such as, for instance, carbonates and sand-
stones (e.g. Hedges and Keil, 1995; Playter et al., 2017). 
This is mainly due to the low permeability of clay layers 
that prevent oxygenation of the shaly sediment, therefore 
limiting oxic degradation of organic matter. In contrast, 
carbonates and sandstones are more permeable and lose 
most of their organic matter when O2-rich seawater diffuses 
into sediments porosity. Although this scenario could link 
Al2O3 (i.e. shale dependent) to TOC concentrations in the-

ory, this should not produce a correlation with d 13Corg. We  
thus consider that this possibility is unlikely in the case of 
the Turee Creek sediments. Additionally, a limited amount 
of O2 possibly available in bottom seawater of the basin 
would have prevented significant O2 diffusion within any 
sediment.

Second, a redox and chemical gradient in the Turee 
Creek basin could potentially have impacted the C isotope 
composition of organic matter and be indirectly related to 
the proportion of clay particles deposited in the sediment. 
Several authors already invoked intra-basinal variations 
to explain d 13Corg distribution in shallow- and deep-
facies sediments from the Proterozoic (e.g. Bekker et al., 
2008; Stüeken, 2013; Gilleaudeau and Kah, 2013; Guo 
et al., 2013; Luo et al., 2014). Carbon isotope compositions 
of shallow-facies sediments generally have d 13Corg values of 
�25 to �27‰ and are attributed to photoautotrophic 
organisms. In contrast, deep-facies sediments with d 13-
Corg < �30‰ are interpreted as reflecting heterotrophs 
and/or chemotrophs thriving at or below a redoxcline 
(Bekker et al., 2008; Guo et al., 2013; Luo et al., 2014). 
In the case of the Turee Creek samples, such a scenario is



compatible with lithological variations since deep-facies
shales show more negative d 13Corg values than shallow-
facies sandstones and carbonates (Fig. 3). In parallel, Al
concentrations would be higher in deep sediments due to
a larger proportion of detrital clay particles. In this scenar-
io, N isotope composition could eventually track changes in
the local biomass added to the sediment and thus follows d
13Corg values, in particular if the N source used by living
organisms is affected by chemical reactions at a redoxcline.
In contrast, d 15N values are decoupled from d 13Corg and
show a bimodal distribution in T3 and T2, independent
of lithological variations (Fig. 3). Notably, the Kazput For-
mation contains deep-facies shales with d 15N values undis-
tinguishable from associated shallow-water carbonates
(Fig. 3). Finally, FeT/Al ratios and Fe mineral speciation
data of shales do not show evidence for anoxic conditions
in any of the samples analyzed herein. Taken together,
these observations are not supportive of intra-basinal redox
variability but we cannot exclude subtle redox variations
for instance from oxic to suboxic conditions, which may
not be identified from Fe mineral speciation.

A third and last hypothesis for explaining the correla-
tion between d13Corg and Al concentration is a mixing
between authigenic and detrital particles. More specifically,
the negative correlation between d13Corg and Al2O3 content
suggests that 13C-depleted organic matter (OM) was even-
tually inherited from detrital input. Conversely, the 13C-
enriched OM would represent primary export production
with typical photosynthetic d13Corg values (Schidlowski,
2001). As shown in Fig. 4c, the d13Corg signatures of pri-
mary photosynthetic OM in T2 and T3 can be extrapolated
at �24.7‰ and �28.4‰, respectively, assuming that the
authigenic endmember is devoid of aluminum (i.e.
Al2O3 = 0 wt.%). It can be noted that the authigenic end-
member may contain some Al2O3, for instance if adsorp-
tion of biomass onto clay minerals is an important
preservation mechanism for organic carbon (and nitrogen).
In that case, the calculated d 13C endmembers would repre-
sent extreme scenarios. The two distinct d13Corg values of
authigenic endmembers estimated from T2 and T3 samples
(Fig. 3) possibly reflect different isotope effects associated
with photosynthesis, which is known to depend on modifi-

Fig. 6. Relation between organic C isotope composition (‰ vs PDB) and bulk N isotope composition (‰ vs Air). The curves represent mixing
lines modeled between purported authigenic and detrital organic matter. The black lines with arrows correspond to authigenic d13Corg value
(‰ vs PDB) determined from the relations between d 13Corg and Al2O3 (see details in the main text). The diamonds represent assumed detrital
organic matter, for which the average values of d15Nbulk, d

13Corg and Corg/Nbulk molar ratio are taken from samples older than 2.45 Ga (data
from Garvin et al., 2009; Thomazo et al., 2011; Busigny et al., 2013). The blue bands represent the possible range of authigenic d15Nbulk values
(‰ vs Air; values in italic) deduced from modeling for T2 and T3 samples. (For interpretation of the references to colour in this figure legend,
the reader is referred to the web version of this article.)



cations in the type and/or size of living organisms, and/or 
environmental factors such as temperature (Mook et al., 
1974) and the partial pressure of atmospheric CO2 (e.g. 
Popp et al., 1998; Hayes et al., 1999; Sansjofre et al., 2011).

Assuming that detrital organic matter was deposited in 
Turee Creek sediments, it is important to estimate its poten-
tial impact on N isotope composition, which has been 
found significant in other formations (Ishida et al., 2017). 
Contrasting with organic carbon, N isotope compositions 
do not display any relationship with Al2O3 content, sug-
gesting that possible detrital OM input has no or very little 
effect on d 15Nbulk values. The decoupling between C and N 
isotope compositions in Turee Creek sediments can be 
interpreted as resulting from a high flux of detrital organic 
C, but a low detrital N flux. This would correspond to a 
detrital organic material with high C/N ratio. Interestingly, 
in the Hamersley Basin, Western Australia, sedimentary 
sequences older than the Turee Creek Group are all charac-
terized by high C/N ratio, with values up to 1719 in the 
2.7 Ga old Tumbiana Formation (Garvin et al., 2009; 
Thomazo et al., 2011; Busigny et al., 2013; Stüeken et al., 
2015b) and low d13Corg values (e.g. average of ��37.8‰
and �39.5‰ in Mount McRae Shales and Tumbiana for-
mations). These older sediments of the Hamersley and 
Fortescue groups with high C/N molar ratio and low d13-
Corg could represent potential sources of detrital OM to 
the Turee Creek sediments. A detrital origin of organic C 
from sediments of the Hamersley Basin is supported by 
recent U-Pb-Hf isotope systematics of more than 1500 
detrital zircons extracted from the same core samples than 
the one analyzed in this study. Specifically, Caquineau et al.
(2018), showed that the vast majority of T1 and T2 zircons 
show a range of age distribution with three major peaks at 
2.45, 2.52, and 2.68 Ga, which are consistent with those of 
the underlying 2.45–2.78 Ga Hamersley and Fortescue 
groups. More recently, Caquineau et al. (in review) ana-
lyzed the same zircons for their Hf isotopic compositions 
and showed that they are significantly different from zircon 
Hf isotope data of the nearby Glenburgh Terrane, located 
to the south of the Turee Creek Group, or older successions 
of the Pilbara or Kaapvaal cratons. This together with U-
Pb age constraints have led these authors to propose that 
the main source of Turee Creek zircons was the underlying 
subaerial volcanic sequences of the Hamersley and Fortes-
cue groups, which are interleaved with the sedimentary suc-

cessions displaying the high C/N ratio and low d13Corg 
values. Erosion of both the subaerial basalts and associated 
sedimentary successions could account for the dominant 
zircon population and specific flux of detrital organic C 
(high C/N ratio and low d13Corg values) to the Turee Creek 
basin. In addition, some of these older sediments have 
extremely positive d 15N values (Thomazo et al., 2011; 
Stüeken et al., 2015b) and could have impacted the N iso-
tope signature of the Ture Creek sediments, possibly 
explaining high d 15Nbulk values in T3 samples (Fig. 3). In 
the following, we thus modelled the contribution of such 
a detrital N input to the Turre Creek sediments in order 
to estimate the primary authigenic N isotope signatures 
and reconstruct the paleo-environment and -ecosystem.

In the model, the three sedimentary sequences older than 
the Turee Creek Group and analyzed in previous studies for 
C and N isotope compositions were used as potential detri-
tal OM sources (Fig. 6). These sequences are the 2.7 Ga 
Tumbiana Formation (Thomazo et al., 2011; Stüeken 
et al., 2015b), the 2.5 Ga Mount McRae Shales (Garvin 
et al., 2009), and the 2.45 Ga Brockman Iron Formation 
(Busigny et al., 2013). Each sedimentary sequence was con-
sidered independently from the others, so that three differ-
ent mixing relationships were built in the model. The 
endmembers used as detrital component correspond to 
the average values of d 13Corg, d 15Nbulk and Corg/Nbulk 
molar ratio for each sedimentary sequence (Fig. 6). In the 
model, d 13Corg value and Corg/Nbulk molar ratio of authi-
genic endmembers were fixed at �24.7 and �28.4‰, and 
6.6 and 5.0 for T2 and T3, respectively (as deduced from 
the trends observed in Fig. 4c and the minimum C/N values 
in Fig. 4e). The results of the mixing model show that detri-
tal endmembers from Mount McRae Shales (Garvin et al., 
2009) and Tumbiana Formation (Thomazo et al., 2011; 
Stüeken et al., 2015b) can reproduce the range of d13Corg 
and d 15Nbulk values measured in the Turee Creek sediments 
(Fig. 6). In contrast, sedimentary rocks from the Brockman 
Iron Formation (Busigny et al., 2013) are unlikely detrital 
endmembers for the Turee Creek sediments. Therefore, 
the N isotope signatures of primary authigenic organic mat-
ter were determined by considering only Mount McRae 
Shales and Tumbiana Formation as possible detrital 
sources. The calculated d 15N values of authigenic compo-
nents are comprised between �3 to  +4‰ (avg. = +1.5‰) 
for T2, and +6.5 to +11.5‰ (avg. = +8.6‰) for T3 
(Fig. 6). These results are close to raw d 15N values mea-
sured in bulk sediments (+2.6‰ in T2 and +8.8‰ in T3; 
Fig. 3), thus confirming a small effect of detrital organic 
matter input on N isotope composition of the Turee Creek 
sediments. Although this finding may be surprising when 
considering extreme d 15Nbulk values of the Tumbiana For-
mation (�+30‰; Thomazo et al., 2011; Stüeken et al., 
2015b), this reflects that detrital organic matter was charac-
terized by particularly elevated C/N ratio, and thus low N 
content (bulk rock N concentration in Tumbiana averages 
4.7 ± 3 ppm, which is one order of magnitude lower than 
in Turee Creek; Thomazo et al., 2011; Stüeken et al., 
2015b). Overall, we conclude that the large difference in d
15Nbulk values recorded in T2 and T3 sediments was caused
by changes of paleo-environmental conditions rather than
variable detrital N sources. Thus, d 15Nbulk values in Turee
Creek sediments likely reflect N isotope composition of
�2.31 Ga primary producers thriving in the water column.

5.4. Implications for paleo-environment and -ecosystem

The N isotope signature of the Turee Creek sediments
can be used to constrain paleo-environment and -
ecosystem during the Great Oxidation Event. The most
striking feature observed in the present data is the rise in
d 15N values from about +1.5 ± 1.9‰ in T2 to +8.6
± 1.4‰ in T3 samples after correcting for minor detrital
effect. This rise is independent from lithological variations



(>9), producing a shift from NH4
+ to NH3 and associated 

NH3 volatilization (Wada and Hattori, 1990; Li et al., 
2012; Stüeken et al., 2015b), (2) partial oxidation of ammo-
nium, followed by complete denitrification of any produced 
nitrite and nitrate (Thomazo et al., 2011), and/or (3) partial 
ammonium assimilation by the biomass (Papineau et al., 
2009). Under oxic conditions, the main dissolved N species 
is nitrate (NO3

�), like in the modern ocean. The pool of 
NO3

� can be depleted by (4) partial denitrification and/or 
anammox (i.e., anaerobic ammonium oxidation) under sub-
oxic to anoxic conditions (Garvin et al., 2009; Godfrey and 
Falkowski, 2009; Zerkle et al., 2017; Luo et al., 2018; Kipp 
et al., 2018). Although the magnitude of N isotope fraction-
ation varies between the four mechanisms presented above, 
all of them are associated with a preferential loss of light 
isotope from the ocean, resulting in heavy residual fixed-
N pool (NH4

+ or NO3
�, then assimilated by living organ-

isms; see discussion in Busigny et al., 2013). In the Turee 
Creek depositional environment, anoxic conditions seem 
unlikely because Fe/Al ratio is similar to the average ratio 
of shales deposited in oxic and suboxic environments 
(Taylor and McLennan, 1985; Lyons and Severmann, 
2006; Raiswell et al., 2008; Fig. 2f). Furthermore, Fe min-
eral speciation data from the different units in T2 and T3 
show FeHR/FeT ratio lower than 0.38, confirming oxic to 
suboxic conditions (e.g. Poulton and Canfield, 2005, 2011; 
Planavsky et al., 2011). These results imply that the mech-
anisms (1) to (3) should be discarded. Free O2 was likely 
present in Turee Creek seawater, promoting an aerobic N 
cycle, associated with isotope fractionations such as those 
of mechanism (4).

In detail, the N biogeochemical cycle in the Turee Creek 
basin may have been as follows. Nitrogen was mostly intro-
duced into the ocean by N2-fixing microorganisms, such as 
cyanobacteria. The nitrogen isotope composition of these 
organisms is usually close to 0‰ (e.g. Minagawa and

Fig. 7. Schematic representation of the biogeochemical nitrogen cycle used for modeling Turee Creek marine basin. nif., nitrogen fixation;
ass., assimilation; min., mineralization; diff., diffusion; nit., nitrification; den., denitrification; ana., anammox. The colored curves represent the
profiles of dissolved O2, NO3

�, NO2
� and NH4

+ concentrations in the water column. Z1, distance between the depth of maximum O2

concentration and the depth where oxygen concentration is zero; Z2, distance between the depth of maximum NO3
� concentration and the

depth where NO3
� concentration is zero. The dashed line represents the redox boundary of oxic and suboxic water.

Fig. 8. Distribution of P/Fe molar ratio in Banded Iron Forma-
tions from Boolgeeda (samples from T1 drill core, see in Fig. 1 for 
drill location). The dash line indicates the average P/Fe (0.0050

± 0.0026, 1 r, n = 47).

in T2 and T3, and thus likely indicates a change in the N 
biogeochemical cycle in the Turee Creek basin. Increase 
of d 15N value in sedimentary rocks is generally interpreted 
as resulting from isotope fractionation during fixed-N loss 
from the ocean water column (e.g. Beaumont and Robert, 
1999; Garvin et al., 2009; Godfrey and Falkowski, 2009; 
Thomazo et al., 2011; Stüeken et al., 2013; Ader et al., 
2016; Zerkle et al., 2017; Kipp et al., 2018). Four mecha-
nisms were invoked to induce a loss of the fixed-N pool 
under either anoxic or oxic conditions in the Precambrian. 
Under dominantly anoxic conditions, ammonium (NH4

+) is  
the main dissolved N species in the ocean. The pool of NH4

+ 

can be depleted by (1) a loss of gaseous NH3 under high pH



Wada, 1986), but may have reached negative d15N values
(down to �7‰) depending on the type of metal cofactor
used for N2-fixation (Zerkle et al., 2008; Zhang et al.,
2014). Mineralization of these organisms in the water col-
umn or sediments releases ammonium (NH4

+) without frac-
tionation, which in the presence of free O2, was readily
oxidized to NO3

�. In O2-depleted environments, such as
oxygen-minimum zones, NO3

� dissolved in the water col-
umn was partially reduced by denitrification or anammox
into gaseous N2 or N2O (Lam and Kuypers, 2011). During
denitrification and anammox, 14N is preferentially released
relative to 15N, leaving the residual marine NO3

� enriched in
heavy isotope (average marine d15NNO3- �+5‰; Brandes
and Devol, 2002). The heavy isotope signature of residual
NO3

� was transferred by assimilation to organisms living
in the water column and finally recorded in sedimentary
organic matter. Accordingly, assuming a steady-state sys-
tem, the N isotope composition of organic matter in oxic
marine environment should reflect mainly the relative pro-
portion of partial N denitrification versus N2-fixation. The
extremely low TOC content of the Turee Creek sediments
relative to contemporaneous sediments (e.g. �2.31 Ga old
sediments from Rooihoogte and Timeball Hill formations,
South Africa; Zerkle et al., 2017; Luo et al., 2018) implies
that primary productivity was low, remineralization was
very efficient and/or sediment depositional rate was high.
Low primary productivity and high remineralization could
have resulted from limited nutrient availability and rela-
tively high O2 content in the water column, respectively.

In the framework of Fe speciation evidence for oxic or
suboxic conditions, the marked increase in primary N iso-
tope composition between T2 (d15Nbulk � �3‰ to +4‰,
avg. +1.5‰) and T3 (d15Nbulk � +6.5‰ to +11.5‰, avg.
+8.6‰) sediments can be interpreted as a stepwise increase
of dissolved O2 level during the Great Oxidation Event.
Previous studies developed a conceptual model to predict
how sedimentary d 15N signature would vary as dissolved
O2 concentration increases in deep seawater (Fennel,
2005; Quan et al., 2008; Luo et al., 2018; Kipp et al.,
2018). When there is hardly any O2 in the water column,
sedimentary d 15N value is close to 0‰, i.e. N2 fixation sig-
nature. Any NO3

� production is nearly quantitatively deni-
trified so that N2 fixation dominates and d 15N remains near
0‰. As O2 level rises, beyond a ‘‘tipping point”, denitrifica-
tion is no more quantitative, and residual nitrate with pos-

itive d 15N values can accumulate. Finally, when dissolved 
O2 concentration further increases and pushes the redox-
boundary deeper, partial denitrification in the water col-
umn is inhibited. Denitrification is restricted to the pore 
waters where it is quantitative, so that the d 15N value 
decreases again towards 0‰. The low primary d15N values 
observed in T2 (�+1.5‰) most likely reflect a biomass 
dominated by N2-fixation in a dominantly suboxic water 
column where nitrate is nearly quantitatively denitrified, 
which limits the denitrification isotopic signal. In contrast, 
the higher primary d15N values of T3 (�+8.6‰) would 
point to an increasing NO3

� availability due to lower rate 
of denitrification compared to nitrification. The limited d
15N variability observed in T3 suggests a relatively stable

pool of dissolved nitrate. On the time scale represented by 
the samples of each core (one to several tens of millions 
of years; Philippot et al., 2018), the N isotope cycling of 
the Turee Creek basin seems to be near-steady state regime. 
This suggests a significant increase of NO3

�, and thus accu-
mulation of O2 between T2 and T3 sediment deposition, 
with relatively rapid change of the water column redox 
state, in good agreement with recent studies focused on 
the GOE (e.g. Luo et al., 2016, 2018; Zerkle et al., 2017; 
Kipp et al., 2018). Interestingly, a detailed study of the 
2.31 Ga Rooihoogte and Timeball Hill formations in South 
Africa concluded to a similar timing for the transition from 
O2-poor environment, with near quantitative nitrification 
and denitrification (N2 fixation being the main source for 
biological N), to O2-excess environment where NO3

� was 
available (Luo et al., 2018). This supports large-scale ocean 
oxygenation at least in shallow waters, even if anoxic envi-
ronment may have been preserved in deep waters.

5.5. Modeling dissolved nitrate and oxygen concentrations in 
the Turee Creek basin

In this section, we use a simple model, modified from 
previous studies (Voss et al., 2001; Fennel, 2005), to esti-
mate the concentrations of dissolved NO3

� and O2 in Turee 
Creek basin waters (Figs. 7 and 8). As mentioned above, the 
N isotope biogeochemical cycle of the Turee Creek basin is 
assumed to be near steady state, where NO3

� is present in 
shallow waters and can be assimilated by biomass 
(Fig. 7). In suboxic zone such as oxygen minimum zone 
in the water column or near sediment-water interface,

Table 3
Parameters used for the calculation of dissolved nitrate and oxygen concentrations.

Parameter Definition Value Reference

RN:P Redfield ratio of nitrogen and phosphorus 16 Gruber and Deutsch (2014)
Kads Adsorption constant of phosphorus on iron oxides 0.048–0.139 µM�1 Jones et al. (2014)
Fe3+/Fetot Statistic ratio of ferric Fe and total Fe in Archaean and Proterozoic

BIFs
0.43 Bjerrum and Canfield (2002)

Pads/Fetot Molar ratio of phosphorus and total Fe in T1 core 0.005 This study, see Fig. 8
DO2 Diffusion coefficient of oxygen in seawater at 0 �C 1.2E-5 cm2s�1 Broecker and Peng (1974)
DO2 Diffusion coefficient of oxygen in seawater at 24 �C 2.3E-5 cm2s�1 Broecker and Peng (1974)
DNO3 Diffusion coefficient of nitrate in seawater at 0 �C 9.5E-6 cm2s�1 Chang and Devol (2009)
DNO3 Diffusion coefficient of nitrate in seawater at 24 �C 1.9E-5 cm2s�1 Chang and Devol (2009)
RO2:NO3 Consumed oxygen per molar nitrate produced 8.625 Redfield et al. (1963)



NO3
� is converted to NO2

� (Fig. 7), which is subsequently
transformed to gaseous species (N2O and/or N2) by denitri-
fication and/or anammox with large isotope effects (enitrate-

dinitrogen � +15 to +30‰ for denitrification and anammox;
Mariotti et al., 1981; Thunell et al., 2004; Fuchsman et al.,
2008; Granger et al., 2008; Brunner et al., 2013; Wenk et al.,
2014). Specifically, a suboxic zone can be easily established
if the oxygen content of the water column is low. The resid-
ual NO3

� is enriched in 15N, with a magnitude depending on
the residual fraction and N isotope enrichment factor (e)
during denitrification and/or anammox. From the present
data, the signatures of d15N values in T2 (avg. + 1.5‰)
and T3 (avg. + 8.6‰) sediments are considered as the most
primary and reliable records of organic matter deposited in
the Turee Creek basin. During T2 sediments deposition, the

contribution of sedimentary organic N derived from NO3
�

assimilation was limited, due to a low NO3
� availability.

In contrast, the positive and only slightly variable d 15N val-
ues of T3 likely reflect a stable pool of 15N-enriched NO3

�,
which was assimilated by living organisms. Considering the
similar Corg/Nbulk in T2 (avg. 28) and T3 (avg. 24) sedi-
ments, diagenetic and metamorphic effects on N isotope
composition along with organic matter degradation should
also be analogous. As a first approximation, we can con-
sider the d 15N value of +1.5‰ in T2 as representative of
N isotope composition of organic matter from N2-fixers
after limited diagenesis and metamorphism. We can further
assume that the minimum d 15N value of dissolved NO3

�

during T3 deposition is around +7.0‰, under similar iso-
topic effect of diagenesis and metamorphism. If the fraction

Fig. 9. Calculated results of dissolved nitrate and oxygen concentrations in seawater during T3 deposition. (a) Dissolved nitrate concentration
versus N isotope enrichment factor (e). (b) Dissolved oxygen concentration versus N isotope enrichment factor (e). Blue and green curves
indicate the calculated dissolved nitrate (a) and oxygen (b) concentrations when dissolved nitrate has a N isotopic composition of +7‰
(fnitrate-using organisms = 1; the fraction of nitrate-using organisms in sedimentary organic matter) and +12‰ (fnitrate-using organisms � 0.6),
respectively. The solid lines and dashed lines in (b) are calculated dissolved O2 concentrations based on diffusion coefficients at temperatures of
0 and 24 �C in surface water, respectively. (For interpretation of the references to colour in this figure legend, the reader is referred to the web
version of this article.)



of nitrate-users in T3 organic matter is not 100% and N2-
fixers represent a significant fraction of the total N isotope
composition analyzed in bulk rock, the N isotope composi-
tion of dissolved NO3

� recorded in T3 sediments should be
higher.

The average NO3
� concentration in surface water can be

calculated from d15N value of NO3
� and N isotope enrich-

ment factors (Brandes et al., 1998; Voss et al., 2001) when
the average phosphorus concentration in surface water is
known. Moreover, dissolved oxygen concentration in sur-
face waters can also be estimated based on the relationships
between dissolved oxygen, aerobic mineralization, nitrate
production and denitrification/anammox. Detailed calcula-
tions are presented and discussed in the following sections.

5.5.1. Dissolved nitrate concentration

In water column, N and P generally follow a stoichio-
metric relation, due to identical release rates of N and P
from sinking particles of decomposing organic matter,
which always contains N and P in a Redfield ratio (i.e.
16; Gruber and Deutsch, 2014). However, dissolved nitrate
in low oxygen zone is usually depleted relative to phosphate
(low [NO3

�]/[PO4
3�] ratio) due to the loss of fixed nitrogen

via denitrification and/or anammox. The denitrification
and anammox lead to significant increase in d 15N of the
residual nitrate (Wada and Hattori, 1976), depending on
the fraction of residual nitrate (Brandes et al., 1998; Voss
et al., 2001). Therefore, we can calculate the fraction of
residual nitrate (f) using a Rayleigh equation, based on d
15N value of nitrate and N isotope enrichment factor (e)
during denitrification and/or anammox,

d15N initial nitrateð Þ � d15N residual nitrateð Þ
¼ e� ln f ð1Þ

where d 15N value of initial nitrate is assumed as 0‰ after
quantitative mineralization and nitrification of organic
matter from N2-fixers. Then the average concentration of
residual nitrate in surface seawater is related to the dis-
solved phosphate concentration by the relation (Cline and
Richards, 1972; Voss et al., 2001),

f ¼ NO�
3 dissolvedð Þ=½RN:P � PO3�

4 ðdissolvedÞ� ð2Þ

3

where RN:P is the Redfield ratio of N over P, and NO3
� and 

PO4
� are average dissolved nitrate and phosphate concen-

trations in surface seawater. Therefore dissolved nitrate 
concentration can be calculated if the dissolved phosphate 
concentration is known. Although dissolved phosphate 
concentration in Turee Creek paleo-seawater is unknown, 
we estimated the possible range from bulk rock data avail-
able for the Boolgeeda Iron Formation, underlying the 
Turee Creek Group (T1 drill core, see Fig. 1). We adopted 
the method developed by Bjerrum and Canfield (2002), 
based on the phosphorus and ferric iron contents of 
Archaean and early Proterozoic banded iron formation 
(BIF), and the adsorption properties of phosphorus on iron 
oxides such that,

PO3�
4 dissolvedð Þ ¼ 1=Kadsð Þ � Pads=Fetotð Þ= Fe3þ=Fetot

� � ð3Þ

where Kads (µM�1) is the adsorption constant of phos-
phorus on iron oxides, Pads (µM) is the concentration 
of phosphate adsorbed onto iron oxide particles, Fe3+ 

and Fetot are the ferric iron and total iron concentrations 
in BIFs. The adsorption constant (Kads) can be influenced 
by solution chemistry such as salinity, as well as silica 
and divalent cations concentration (Konhauser et al., 
2007; Jones et al., 2015). A reasonable range of Kads 
from 0.048 to 0.139 can be considered for silica concen-
tration from 1.5 to 0.6 mM, and modelled divalent con-
centrations at �2.3 Ga (see for instance supplementary 
material in Jones et al., 2015). Based on selected param-
eters from previous studies and our data on Boolgeeda 
Iron Formation (Fig. 8 and Table 3), we estimated the 
dissolved phosphate concentration of seawater, in which 
Boolgeeda Iron Formation was deposited, to a range 
comprised between �0.08 to 0.24 µM for Kads of 0.139 
and 0.048 respectively. These phosphate concentrations 
may be underestimated because up to 50% of the phos-
phorus might have been lost from Fe oxyhydroxides dur-
ing early diagenesis (Bjerrum and Canfield, 2002; Jones 
et al., 2015). Moreover, the Boolgeeda Iron Formation 
represents the base of the Kungarra Formation and 
may not be perfectly representative of the T3 sediments 
(see Fig. 3 for a stratigraphic distribution of T1, T2 
and T3). The phosphate concentration determined here 
probably represents a lower limit for the depositional 
environment of T3 shales and carbonates because of 
higher removal capacity of phosphorus by Fe oxyhydrox-
ides in the Boolgeeda Iron Formation. A higher dissolved 
phosphate concentration in T3 seawater relative to T1 
(Boolgeeda) is consistent with the higher TOC content 
in T3 samples (TOC � 685 ppm) than in T1 samples 
(TOC � 133 ppm). Overall, we conclude that the range 
of phosphate concentrations calculated from BIFs 
(�0.08 to 0.24 µM) can be regarded as a lower limit 
for the seawater corresponding to T3 sediments 
deposition.

Using this range of phosphate concentrations, dissolved 
nitrate can be estimated from Eqs. (1) and (2). The results 
are illustrated in Fig. 9a and represent an upper limit of dis-
solved NO3

� concentration in T3 paleo-water column. The 
dissolved nitrate concentration in surface water should have 
ranged below 1.91 to 3.04 µM (d15Ndissolved nitrate = +7.0‰, 
Kads = 0.048; Fig. 9a) depending on the isotope enrichment 
factor (e). This calculation assumes d15Ndissolved nitrate of
+7‰ and thus that the fraction of nitrate-using organisms 
in sedimentary organic matter is 100%. A smaller fraction 
of only 60% (i.e. with 40% N2-fixers) is also reported for 
comparison by considering d15Ndissolved nitrate of +12‰
(Fig. 9a). This shows that dissolved NO3

� concentration 
would be lower, in a range between 1.16 and 2.57 µM (d15-
Ndissolved nitrate = +12‰, Kads = 0.048; Fig. 9a). For lower 
phosphate concentration (and Kads = 0.139), the model 
predicts dissolved NO3

� concentration from 0.39 to 
0.86 µM. We conclude that reasonable estimate of the dis-
solved NO3

� concentration in T3 paleo-water column may 
have been at the micromolar level, with values in a range 
from 0.5 to 3 lM.



5.5.2. Dissolved oxygen concentration

Assuming that N cycle in seawater is near steady state,
we can consider that the size of the nitrate reservoir is
stable, implying that input flux (i.e. nitrification) is equal
to output flux (i.e. denitrification and/or anammox). The
flux of nitrate production in surface water is related to oxy-
gen consumption through aerobic mineralization of organic
matter. The relation can be described as:

This equation illustrates that during the aerobic mineral-
ization of 1 mol of organic matter, 138 mol of oxygen are
required and 16 mol of nitrate are produced, according to
the Redfield stoichiometry of organic matter (Redfield
et al., 1963). Therefore, we can relate the nitrate input flux
to the consumption of dissolved oxygen (i.e. downward flux
from surface to deep waters where oxygen content is zero).
Our approach does not discriminate, but includes, any type
of organic matter produced by either oxygenic or anoxy-
genic photosynthesis. As nitrate in oxic water diffuses stea-
dily into denitrification zone (suboxic zone in Fig. 7),
specific N isotopic signature in residual nitrate is produced
and depends on the residual fraction of nitrate during den-
itrification and/or anammox. Finally, residual nitrate with
specific N isotopic signature is continually accumulated at
depth and mixes with the surface nitrate pool. At near-
steady state, we can write the two equations derived from
Fick’s law as follow:

F input ¼ �DO2 � CO2=Z1½ �=RO2:NO3� ¼ F output ð5Þ
F down�diffusion ¼ �DNO3 � CNO3�=Z2½ � ¼ F output= 1 � fð Þ ð6Þ
where Finput is the input flux of new nitrate produced by 
aerobic degradation, Foutput is the output flux by denitrifi-
cation and/or anammox, Fdown-diffusion is the down-
diffusion flux of nitrate from surface water to the redox 
boundary, DO2 and DNO3 are the diffusion coefficients of 
oxygen and nitrate in seawater, CO2 and CNO3– are maxi-
mum dissolved oxygen and nitrate concentrations in surface 
oxic water, Z1 is the distance between the depth with max-
imum O2 concentration and the depth where oxygen con-
centration is zero, Z2 is the distance between the depth 
with maximum NO3

� concentration and the depth where 
NO3

� concentration is zero, RO2:NO3– is the consumed oxy-
gen amount when 1 mol nitrate is produced, and f is the 
fraction of residual nitrate after denitrification and/or 
anammox (as in Section 5.5.1). By coupling Eqs. (5) and 
(6), and assuming that Z1 is equal to Z2, the dissolved oxy-
gen concentration (Fig. 9b) can thus be calculated as:

CO2 ¼ DNO3�=DO2½ � � CNO3� � RO2:NO3� � 1 � fð Þ ð7Þ

A strong assumption of the present model is that ocean
circulation is approximated only by diffusion. Although
advection should also be important to consider, we note
that in widespread marine environment like the Black
Sea, dissolved NO3

� concentration in the water column
decreases linearly with depth and is consistent with a diffu-
sion profile (Murray et al., 2005). Moreover, simulated oxy-
gen profiles in the Black Sea are also compatible with

diffusion from the Cold Intermediate Layer, which is the 
only oxygen source in the upper water column for the lower 
oxycline layer (Konovalov et al., 2006). It is unknown if the 
Turee Creek basin was similar to the Black Sea but we 
assume here that dissolved NO3

� and O2 concentrations 
are reasonably approximated by diffusive fluxes, at least 
at first order. The diffusion coefficients of oxygen and 
nitrate in seawater both depend on temperature. In the pre-
sent model, we used two extreme diffusion coefficients by 
considering minimum and maximum temperatures of 0 
and 24 �C, respectively, thus covering a wide range of tem-
perature including cold ones corresponding to glacial sedi-
ments deposition. The dissolved oxygen concentration 
calculated here represents a minimum value for at least 
three reasons. Firstly, Z1 is greater than or equal to Z2 
(Fig. 7), as supported by data from literature (Velinsky 
et al., 1991; Murray et al., 2005 and references therein). 
These previous studies demonstrated that Z1/Z2 ratio 
ranges from 1.5 to 5 in various redox-stratified aquatic sys-
tems. Secondly, the nitrate concentration (CNO3–) calcu-
lated from average phosphate concentration represent a 
minimum value (see Section 5.5.1). Lastly, the model con-
siders that O2 is consumed only during organic matter min-
eralization by nitrification but neglects the potential effect 
of other reduced species such as Mn(II) and Fe(II). There-
fore O2 concentration calculated here from N isotope signa-
ture in TCDP sediments represents a minimum estimate. 
Another limit of our approach is that the dynamic of water 
masses such as advection is not taken into account in our 
simple approach. This will need to be tested in more com-
plex models in the future.

The results of the calculation for dissolved oxygen con-
centration are presented in Fig. 9b. The lower limit of oxy-
gen concentration in surface water would range from 1.8 to 
4.4 µM (d15Ndissolved nitrate = +7.0‰, Kads = 0.139; Fig. 9b). 
If the fraction of nitrate-using organisms were not 100% or 
the value of Kads were lower than 0.139, the calculated O2 

concentration would be higher (Fig. 9b). Assuming that dis-
solved oxygen in seawater was in equilibrium with the 
atmosphere, then atmospheric oxygen content could have 
reached �0.9 to 2.1%PAL (Present Atmospheric Level)

(CH2O)106(NH3)16(H3PO4) + 138O2 ! 106CO2 + 16HNO3 + H3PO4 + 122H2O ð4Þ



during T3 sediment deposition. This estimate of atmo-
spheric O2 level is consistent with common values > 10�2

PAL O2 proposed for the Great Oxidation Event (e.g.
Farquhar, 2000; Pavlov and Kasting, 2002; Kump, 2008).
However this value of atmospheric O2 content is uncertain
since there is no evidence that Turee Creek marine waters
were equilibrated with the atmosphere. In any case, our cal-
culation provides a first-order estimate of dissolved nitrate
and oxygen concentration in the Turee Creek basin.

In a redox transition period, O2 produced by photosyn-
thesis was released from the ocean to the atmosphere con-
tinuously and accumulated when the source exceeded the
sink (Canfield et al., 2010). When atmospheric O2 content
reached a threshold level, then global aerobic nitrogen cycle
could have been recorded in sedimentary rocks (e.g. Kipp
et al., 2018). Based on U-Pb analyses on zircon and data
from the literature, Caquineau et al. (2018) determined ages
of the Turee Creek Group and found similar sedimentation
rates in T2 and T3 of �15 m/Ma. Using the correlation
between sedimentation rate and organic matter concentra-
tion of modern oceanic sediments (Müller and Suess,
1979), one would expect Corg content of �0.6 wt.% in the
Turee Creek sediments for similar organic matter produc-
tion, although a part of this C may have been lost during
burial. Moreover, since organic matter mineralization was
possibly less efficient in an O2-poor world 2.3 Ga ago (e.g.
Catling, 2014), a productivity similar to modern environ-
ments should have led to even higher Corg content (i.e.

>0.6 wt.%). These observations suggest that the low TOC
content of Turee Creek sediments (783 ± 332 ppm in T2
and 567 ± 307 ppm in T3) reflects a limited productivity,
possibly �10 times lower than modern oceanic productiv-
ity. A low productivity implies that NO3

� biological demand
was weak and may therefore explain partly why NO3

� con-
centration and isotope composition were near steady state
in the Turee Creek water column. However, an extremely
low productivity would also provide small amount of O2

in the photic zone and would thus hardly maintain a steady
aerobic nitrogen cycle. Accordingly, the relatively stable
d15N signal recorded in T3 sediments (�+8.6‰) may
record the first global aerobic nitrogen cycle and the irre-
versible increase of O2 necessary for nitrate stability in mar-
ine shallow waters between �2.31 and �2.25 Ga ago,
possibly reflecting an early stage of the Lomagundi Event
(�2.3 to �2.1 Ga; Bachan and Kump, 2015). This finding
is consistent and temporally concordant with inferences
from N isotope compositions of the Rooihoogte and Time-
ball Hill formations in South Africa (Luo et al., 2018), sug-
gesting global rather than local phenomena (see also Kipp
et al., 2018).

6. CONCLUSION

In the present study, we combined C and N isotope anal-
yses with major element chemistry in order to distinguish 
primary N isotope signature from detrital influence and 
post-depositional overprints and finally reconstruct paleo-
environmental conditions. The primary N isotope signature 
in Turee Creek sediments (�2.31 to �2.25 Ga) significantly 
increased from about +1.5‰ in T2 to +8.6‰ in T3 sam-

ples. This suggests that higher dissolved oxygen concentra-
tion in T3 seawater promoted NO3

� accumulation and 
associated partial denitrification, which allowed organisms 
to record heavier N isotope signature, then transferred to 
sediments. The limited variability of d 15N values during 
deposition of T3 sediments suggests that N isotope cycle 
in Turee Creek basin was near steady state. This allowed 
us to evaluate dissolved nitrate and oxygen concentrations 
in surface water. A Rayleigh model for N isotope cycle sug-
gests that the upper limit of average dissolved NO3

� concen-
tration ranges from 1.91 to 3.04 µM. A simple model for N 
isotope geochemical cycle under near-steady state regime 
shows that the lower limit of dissolved oxygen concentra-
tion in surface waters possibly ranged between 1.8 and 
4.4 µM, consistent with oxygenated conditions at the time 
of T3 sediments deposition (�2.25 Ga ago). We conclude 
that Turee Creek sediments record a stepwise increase 
and accumulation of O2 content in oceanic and possibly 
atmospheric reservoirs over one to several tens of millions 
of years.
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