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Crustal recycling, mantle dehydration, and the thermal evolution of

Mars

A. Morschhausera, M. Grotta, D. Breuera

aInstitute of Planetary Research, German Aerospace Center (DLR), Rutherfordstraße 2, 12489 Berlin,
Germany

Abstract

We have reinvestigated the coupled thermal and crustal evolution of Mars taking new labo-

ratory data concerning the flow behavior of iron-rich olivine into account. The low mantle

viscosities associated with the relatively higher iron content of the Martian man-

tle as well as the observed high concentrations of heat producing elements in

a crust with a reduced thermal conductivity were found to promote phases of

crustal recycling in many models. As crustal recycling is incompatible with an

early separation of geochemical reservoirs, models were required to show no episodes of

crustal recycling. Furthermore, admissible models were required to reproduce the Martian

crust formation history, to allow for the formation of partial melt under present day man-

tle conditions and to reproduce the measured concentrations of potassium and

thorium on the Martian surface. Taking dehydration stiffening of the mantle viscosity

by the extraction of water from the mantle into account, we found that admissible models

have low initial upper mantle temperatures around 1650 K, preferably a primordial crustal

thickness of 30 km, and an initially wet mantle rheology. The crust formation process on

Mars would then be driven by the extraction of a primordial crust after core formation,

cooling the mantle to temperatures close to the peridotite solidus. According to this sce-

nario, the second stage of global crust formation took place over a more extended period of

time, waning at around 3500 Myr b.p., and was driven by heat produced by the decay

of radioactive elements. Present-day volcanism would then be driven by mantle

plumes originating at the core-mantle boundary under regions of locally thick-

ened, thermally insulating crust. Water extraction from the mantle was found to be
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relatively efficient and close to 40 percent of the total inventory was lost from the mantle

in most models. Assuming an initial mantle water content of 100 ppm and that 10% of the

extracted water is supplied to the surface, this amount is equivalent to a 15 m thick global

surface layer, suggesting that volcanic outgassing of H2O could have significantly influenced

the early Martian climate and increased the planet’s habitability.

Keywords:

Mars, Mars, interior, Thermal histories, Volcanism, Geophysics

1. Introduction

The coupled crustal and thermal evolution of Mars is one of the outstanding problems

in Martian geophysics and knowledge of the evolution of the crust can place important

constraints on the thermal evolution of the planet. The thickness of the Martian crust

has been constrained from various studies including analysis of localized admittance spectra

(McGovern et al., 2002), analysis of geoid-to-topography ratios (Wieczorek and Zuber, 2004),

viscous relaxation studies (Nimmo and Stevenson, 2001), and geochemical analysis of the

Martian meteorites (Norman, 1999, 2002). From these, a range of crustal thicknesses of

50±12 km was found to be consistent with all studies (Wieczorek and Zuber, 2004). A hard

upper limit on the crustal thickness is placed by the absence of viscous relaxation

of topography at the crustal dichotomy boundary (Nimmo and Stevenson, 2001)

and crustal thickness is unlikely to exceed 100 km.

The bulk of the Martian crust formed early in Martian history and Martian meteorite

isotope data suggests an early mantle differentiation and the extraction of a primordial

crust around 4.5 Gyr b.p. (Halliday et al., 2001; Nyquist et al., 2001). Using mass balance

calculations, Norman (1999) constrained the thickness of this layer to 20-30 km. A second

stage of crustal formation later produced a 45-75 km thick secondary crust (Norman,

2002), and there is evidence that the crust of Mars is indeed stratified (Ruiz et al., 2006,

2009). It is generally assumed that the bulk of the crust was in place around the end of the

Noachian epoch at 4 Gyr b.p. (Nimmo and Tanaka, 2005). The volumetrically largest late

stage contribution to the Martian crust is marked by the emplacement of the Tharsis rise,
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which was essentially complete at the end of the Noachian period (Phillips et al., 2001) and

changed little thereafter (Banerdt and Golombek, 2000).

Minor contributions to the Martian crust by basaltic volcanism are pervasive throughout

Martian history and there is ample evidence for late crustal production even after 4 Gyr

b.p. (Hartmann et al., 1999; Hartmann and Berman, 2000; Neukum et al., 2004; Grott,

2005; Hauber et al., 2009; Werner, 2009). However, late stage activity appears to be focused

on the Tharsis and Elysium volcanic provinces. It has been speculated that this activity

may be driven by hot mantle plumes (Kiefer and Li, 2009; Grott and Breuer, 2010). Such

plumes have also been invoked to explain the formation of the Tharsis bulge (Harder and

Christensen, 1996; Li and Kiefer, 2007; Kiefer and Li, 2009). Alternatively, volcanism may be

driven by heat accumulation underneath regions of a thickened, thermally insulating crust

(Schumacher and Breuer, 2007), or a combination of both processes (Grott and Breuer,

2009).

The coupled thermal and crustal evolution of Mars has been previously investigated in a

number of studies using parameterized (Spohn, 1991; Hauck and Phillips, 2002; Breuer and

Spohn, 2003, 2006; Schumacher and Breuer, 2006; Fraeman and Korenaga, 2010) as well

as two dimensional (Li and Kiefer, 2007) and three dimensional (Keller and Tackley, 2009)

convection models. In these models, the initial temperature distribution in the Martian

interior as well as the viscosity structure of the Martian mantle were identified as the key

parameters influencing mantle melting and the evolution of the Martian crust.

Coupled thermal and crustal evolution models have so far been constrained by the ob-

served and inferred crust production rate (Hauck and Phillips, 2002; Breuer and Spohn,

2006) and the magnetic field history (Breuer and Spohn, 2006). With these constraints,

two different classes of admissible models have been identified: On the one hand, a wet

mantle rheology is compatible with the formation times as well as the overall volume of

produced crust if low initial upper mantle temperatures are assumed (Hauck and Phillips,

2002; Breuer and Spohn, 2006). These models cool relatively efficiently and crustal pro-

duction ceases around 3.5 Gyr b.p. with the vanishing of the global melt channel. On the

other hand, a trade-off exists between initial temperatures and viscosity: Assuming higher
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initial temperatures, the existence of a primordial crust and a dry mantle rheology were also

found to be compatible with the observations (Breuer and Spohn, 2006). This ambiguity

has recently been investigated on the basis of elastic thickness estimates, which indicate

that a dry mantle rheology is incompatible with the low elastic thicknesses suggested for the

Noachian and early Hesperian periods (Grott and Breuer, 2008a, 2010).

New laboratory data on the creep behaviour of dry olivine indicates that the relatively

higher iron content of the Martian mantle with respect to the Earth’s reduces mantle vis-

cosity on Mars by approximately one order of magnitude (Zhao et. al., 2009). Assuming

that this also holds for wet olivine, reference viscosities previously identified with wet

and dry rheologies need to be downward corrected by one order of magnitude, resulting in

more vigorous mantle convection.

New data concerning the enrichment and concentration of radioactive elements in the

Martian crust has been obtained from the gamma-ray spectrometer on board the Mars

Odyssey spacecraft (Taylor et al., 2006). Radioactive elements were found to be distributed

fairly homogeneously over the Martian surface and the crust was found to be more strongly

enriched with heat producing elements than previously assumed. Given a crustal thickness of

45 km, Taylor et al. (2006) estimate that about half the planets inventory of heat producing

elements is situated in the crust, corresponding to an enrichment factor of about ten with

respect to the undepleted mantle - more than twice as high as the enrichment usually found

in terrestrial mid-ocean ridge basalts (BVSP, 1981). Furthermore, the compositional model

by Dreibus and Wänke (1987) was found to best reproduce the ratio of K to Th abundances

in the Martian interior and is now considered the standard compositional model for Mars.

Radioactive elements in this model produce heat at a rate comparable to the chondritic

heat production rate. Also, it is consistent with the Martian crust formation history (Hauck

and Phillips, 2002) as well as the absence of viscous topographic relaxation at large impact

basins (Grott and Breuer, 2008b).

The stronger enrichment of radioactive elements in the crust and its low

thermal conductivity lead to a period of lithospheric thinning. Together with

the lower reference viscosities, this promotes erosion of the stagnant lid from below and
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the stagnant lid thickness can thin below the crustal thickness in many models. Physically,

this situation corresponds to a scenario in which crust is recycled back into the mantle,

replenishing the mantle with enriched crustal material. Crustal erosion and recycling by

mantle convection was alluded to in previous publications (Spohn, 1991; Breuer and Spohn,

2006; Keller and Tackley, 2009), but being on the margin of the admissible parameter space

has never been studied in any detail. However, together with the assumption of a crust

with reduced thermal conductivity, the new data indicates that crustal recycling should

be the rule rather than the exception for a variety of models, justifying a reinvestigation of the

crustal and thermal evolution of Mars. As argued below, crustal recycling is incompatible

with an early separation of geochemical reservoirs (Jagoutz, 1991; Papike et al., 2009),

and we will use the requirement that no crust must be recycled back into the mantle to

constrain our models. Furthermore, models will be constrained by a comparison with the

crust formation history as derived from observations, the measured concentration of

potassium on the Martian surface as well as the requirement that formation of partial

melt should be possible under present day mantle conditions. In the following, we will

present a reinvestigation of the coupled crustal and thermal evolution of Mars, which will be

studied using parameterized convection models. Extraction of partial melt from the mantle

and the fractionation of heat producing elements into the crust are included in a

self-consistent manner. Also, the dehydration of the mantle by volcanic outgassing will be

investigated.

2. Modelling

2.1. Thermal Evolution

The thermal evolution of Mars is modeled starting from an initial temperature profile

corresponding to the time after core formation. The evolution is then followed to the present

by solving the energy balance equations for the core, the mantle and the lithosphere. Energy
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conservation in the mantle is given by

ρmcmVlǫm(1 + St)
dTm

dt
= −

(

ql + (ρcrL+ ρcrccr(Tm − Tl))
dDcr

dt

)

Al +

qcAc +QmVl (1)

where ρm and cm are the density and heat capacity of the mantle, Vl is the volume of

the convecting mantle given by Vl = 4/3π(R3
l − R3

c), Rc the core radius, Rl the radius

of the base of the stagnant lid, Al and Ac are the corresponding surface areas given

by Al = 4πR2
l and Ac = 4πR2

c and Dcr is the crustal thickness. Tm is the upper mantle

temperature, ǫm is the ratio between the average and upper mantle temperature, and St

is the Stefan number which accounts for the consumption and release of latent heat during

melting and crystallization of mantle rock. ql is the heat flux from the convecting mantle

into the base of the stagnant lid, qc is the heat flux from the core into the mantle and t is

time. The term proportional to the crustal growth rate dDcr/dt on the right hand side of Eq.

1 accounts for additional heat lost from the convecting mantle due to volcanic heat piping

and ρcr and ccr are the crustal density and heat capacity, respectively, L is the latent heat of

melting and Tl is the temperature at the base of the stagnant lid. The mantle volumetric

heating rate Qm depends on the amount of radioactive elements in the mantle.

Here, the depletion of radioactive elements in the mantle and the associated

enrichment of these elements in the crust will be calculated self-consistently

using a fractional melting model which will be discussed in Sec. 2.3.

The Stefan number St is calculated from the averaged degree of melting ma in the

melt zone and given by

St =
L

cm

Va

Vl

dma

dTm

(2)

where Va is the volume of the melt zone. Va and ma are calculated from the assumed

melting model (see below).

Energy conservation in the core is given by

ρcccVcǫc
dTc

dt
= −qcAc (3)
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where ρc and cc are the density and heat capacity of the core, Vc is the volume of the

core given by Vc = 4/3πR3
c , Tc is the temperature at the core-mantle boundary, and ǫc is

the ratio between the average and core-mantle boundary temperatures. Core-freezing (e.g.,

Stevenson et al. (1983)) is neglected in our model, as the core of Mars is generally assumed

to be entirely molten due to its presumably high sulfur content (Stevenson, 2001).

The growth of the stagnant lid is determined by the energy balance at the lithospheric

base (Schubert et al., 1979; Spohn and Schubert, 1982; Schubert and Spohn, 1990; Spohn,

1991), which is given by

ρmcm(Tm − Tl)
dDl

dt
= −ql + (ρcrL+ ρcrccr(Tm − Tl))

dDcr

dt
− km

∂T

∂r

∣

∣

∣

∣

r=Rl

(4)

whereDl is the stagnant lid thickness, km is the mantle thermal conductivity and ∂T/∂r|r=Rl

is the thermal gradient at the base of the stagnant lid which is determined from the

temperature profile T (r) in the stagnant lid. As heat is transported conductively

in the stagnant lid, T (r) is calculated by solving the heat conduction equation given by

1

r2
∂

∂r

(

r2kl
∂T

∂r

)

+Ql = 0 (5)

Here, r is the radial distance from the planetary centre and kl and Ql are the

thermal conductivity and heat production rate in the stagnant lid, respectively.

These have to be replaced by their respective values km, kcr and Qm, Qcr in the

lithospheric mantle and crust. As boundary conditions, the surface temperature

Ts and the temperature Tl at the base of the stagnant lid (cf. Eq. 8) will be

used.

It follows from Eq. 4 that the growth of the stagnant lid is determined by the

balance between heat provided to the base of the lid from the convecting mantle and the

ability of the lithospheric rocks to conduct this heat. Note that heat conduction in the lid

is strongly influenced by the crustal thermal conductivity kcr and crustal heat production

rate Qcr. A low crustal thermal conductivity and a high concentration of heat

producing elements in the crust result in a thermal insulation of the lid and

reduced stagnant lid thicknesses. By including a heat-piping term proportional to
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the crustal growth rate in the energy balance at the lithospheric base we assume that

the bulk of the extracted melt originates from a region close to or inside the upper thermal

boundary layer. This is equivalent to the heat-piping case considered by Spohn (1991). The

other end-member case, in which volcanic heat transfer bypasses the stagnant lid and heat

is provided to the lithospheric base purely conductively will not be considered in detail here.

However, we will briefly discuss the influence of neglecting volcanic heat-piping in Eq. 4

when discussing our results in Sec. 4.

The evolution of Mars is driven by the efficiency of mantle energy transport and Mars is

in the stagnant lid regime of mantle convection (Solomatov and Moresi, 1997; Reese et al.,

1998). We use scaling laws for stagnant lid convection by Grasset and Parmentier (1998) to

parameterize heat flow as a function of Rayleigh number, which is defined as

Ra =
αρmg∆T (Rl − Rc)

3

κη
(6)

where ∆T = Tm − Tl + Tc − Tb and Tb is the temperature at the base of the mantle, κ

is the mantle thermal diffusivity, α is the thermal expansivity, g the surface gravitational

acceleration and η the mantle viscosity. The mantle viscosity is temperature-dependent

and given by

η = η0 exp

(

A

R

(Tref − Tm)

TrefTm

)

(7)

where η0 is the reference viscosity at the respective reference pressure pref and temperature

Tref , R is the gas constant, and A is the activation energy for diffusion creep.

To calculate the convection driving temperature difference ∆T , the temperature Tl at

the base of the stagnant lid and the temperature Tb at the base of the mantle need to be

known. Tl has been determined using two-dimensional Cartesian mantle convection models

(Davaille and Jaupart, 1993; Grasset and Parmentier, 1998; Choblet and Sotin, 2000) and

was found to be the temperature at which the viscosity has grown by one order of magnitude

with respect to the convecting mantle. It is thus a function of mantle temperature and the

rate of change of viscosity with temperature and is given by

Tl = Tm −Θ
RT 2

m

A
(8)
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where Θ = 2.21 is usually assumed (Grasset and Parmentier, 1998). To account for

spherical symmetry, Θ = 2.9 is used here, which was derived from a comparison of

the model presented here to the two-dimensional mantle convection models by Reese et al.

(2005). This change results in a small increase of the surface heat flux as compared to the

previously used value of Θ = 2.21, which is of little influence when studying the general

thermal evolution, but has noticeable effects on the melt productivity considered here. The

temperature Tb at the base of the mantle is determined by the adiabatic temperature

increase in the mantle and

Tb = Tm +
αgTm

cm
∆R (9)

where ∆R = Rl − Rc − δu − δc and δu and δc are the thicknesses of the upper and lower

thermal boundary layer, respectively.

The heat flow out of the mantle ql and the core qc are calculated from

ql = km
Tm − Tl

δu
(10)

and

qc = km
Tc − Tb

δc
(11)

and the thickness of the upper thermal boundary layer is derived from boundary layer theory

(Turcotte and Schubert, 2002). It is given by

δu = (Rl −Rc)

(

Racrit
Ra

)β

(12)

where Racrit is the critical Rayleigh number of the mantle and β = 1/3. The thickness of

the lower thermal boundary layer is given by

δc =

(

κfcηcRai,crit
αρmgc(Tc − Tb)

)
1

3

(13)

where gc is the gravitational acceleration at the core-mantle boundary, fc is a factor ac-

counting for the pressure dependence of the viscosity, and ηc is the viscosity at the average

temperature η((Tc+Tb)/2) in the lower thermal boundary layer (Richter, 1978). For the lower
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thermal boundary layer, Deschamps and Sotin (2001) found that a local critical Rayleigh

number Rai,crit depending on the internal Rayleigh number Rai should be used instead of

Racrit of Eq. 12. The internal Rayleigh number is defined as

Rai =
αρmg∆Ti(Rp − Rc)

3

κη
(14)

where ∆Ti = Tm − Ts + Tc − Tb and the internal critical Rayleigh number was found to be

Rai,crit = 0.28Ra0.21i (15)

2.2. Crustal Evolution

Partial melting in the mantle, melt extraction, and crustal formation have a huge influ-

ence on the thermal evolution of Mars and we will present our model for the crustal evolution

in this section. We follow an approach similar to that of Breuer and Spohn (2003, 2006) and

Schumacher and Breuer (2006), but explicitly take the increase of the mantle solidus upon

depletion of crustal components into account. Thus, we need to modify their equation for

crustal growth accordingly.

The presence of partial melt in the mantle depends on the solidus of mantle rocks and

the temperature profile in the mantle. Partial melt will be present whenever the ambient

temperature exceeds the pressure dependent solidus of mantle rocks. Here, we assume that

the first melting mantle component is peridotite. Therefore, we use the parameterization for

the peridotite solidus and liquidus by Takahashi (1990) to determine the degree of partial

melting. The peridotite solidus is given by

Tsol,P eridotite = 1409 + 134.2P − 6.581P 2 + 0.1054P 3 (16)

where the pressure P is in units of GPa. Using the same parameterization, the liquidus is

given by

Tliq = 2035 + 57.46P − 3.487P 2 + 0.0769P 3 (17)

After extraction of crustal components, the solidus of the mantle residue will increase

and we will assume a linear increase of Tsol with proceeding depletion of the mantle.
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A total maximum solidus change of ∆Tsol = 150 K has been determined between undepleted

and depleted peridotite (Maaløe, 2004), i.e. harzburgite. Hence, we will use

Tsol = Tsol,P eridotite +
Dcr

Dref

∆Tsol (18)

as a parameterization for the mantle solidus. Here, Dref is a reference crustal thickness

defined such that the solidus increase equals ∆Tsol after the extraction of 20 % of the total

silicate volume, i.e.,

Dref =
0.2

3

R3
p − R3

c

R2
p

(19)

The volumetrically averaged degree of melting can then be calculated from

ma =
1

Va

∫

Va

T (r)− Tsol(r)

Tliq(r)− Tsol(r)
dV (20)

where Va is the volume of the meltzone, i.e., that portion of the mantle where partial melt

is present and T (r) is the calculated mantle temperature profile. Due to the higher

compressibility of basaltic melt with respect to mantle rock, melt looses its buoyancy at

pressures around 6 GPa (Suzuki et al., 1998; Ohtani et al., 1998). Consequently, we only

consider meltzones shallower than the corresponding depth in the following.

Note that Eq. 20 implies a linear relationship between the degree of partial

melt and the normalized temperature difference between solidus and liquidus,

yet in reality this relationship is nonlinear primarily due to the exhaustion of

clinopyroxene (McKenzie and Bickle, 1988; Katz et al., 2003). Different param-

eterizations for the dependence of the degree of partial melt on temperature and

pressure have been derived based on thermodynamic considerations and exper-

imental data (McKenzie and Bickle, 1988; Iwamori et al., 1995; Ghiorso et al.,

2002; Katz et al., 2003) and a comparison of these parameterizations shows that

systematic differences exist at very low and very high degrees of melting (Katz

et al., 2003). For this reason, Katz et al. (2003) suggest that a linear relationship

should be used to reconcile the different models, which is the approach adopted

here.
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Finally, assuming that crust will be distributed uniformly on the planetary

surface, the rate of crustal growth can be calculated from

dDcr

dt
= uma

Va

4πR3
p

(21)

where the mantle convection velocity u is given by

u = u0

(

Ra

Racrit

)2β

(22)

and u0 is the mantle convective velocity scale. Thus we assume that the timescale for melt

extraction is governed by the rate at which undepleted material can be supplied to the

partial melt zone. Note that, depending on plume size, melt ascent in plumes and dikes can

be much faster than this timescale for individual melt parcels. However, the local solidus

increase will cut-off the melt supply until undepleted material is transported to the meltzone,

a process occurring at the convective velocity scale.

After a phase of rapid growth due to volcanic heat extraction, many of our models show

a rapidly thinning stagnant lid due to the inefficient heat transport from the lithospheric

base. Lithospheric thinning is promoted by the presence of a highly enriched, low thermal

conductivity crust and in many cases the stagnant lid thickness Dl becomes smaller than

the crustal thickness Dcr. In this case, we will assume that crust will be recycled into the

mantle by the vigorous convective motion and that

Dcr = min(Dc, Dl − ǫ) (23)

where the offset ǫ = 100 m is introduced for reasons of numerical stability. Recycling of the

crust into the mantle is promoted by the basalt to eclogite phase transformation, which on

Mars occurs at depths between 50 and 150 km (Babeyko and Zharkov, 2000), depending on

temperature. Eclogite has a density similar to that of mantle material, thus leading to a

loss of buoyancy of the crustal component.

2.3. Fractionation of heat producing elements

The amount of radiogenic heating in the mantle and in the crust depends on the bulk

concentration of radioactive nuclides and their distribution between crust and mantle. The
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radiogenic heating rate H0
i (t) is decreasing with time due to radioactive decay and

is given by

H0
i (t) = Hi exp(−λit) (24)

where the index i extends over all relevant radioactive species, i.e. thorium, uranium and

potassium, and λi and Hi are the species half life and heat generation rate, respectively

(Turcotte and Schubert, 2002). The volumetric heat generation rate therefore depends on

time and the concentration of the respective radioactive species in the host rock which is

different for the mantle and the crust.

The extraction of radioactive elements from the mantle is calculated self-

consistently assuming accumulated fractional melting. The concentration X liq
i of

heat producing elements in the liquid phase of the partial melt can be calculated

from the bulk mantle concentrations Xm
i and partition coefficients Di for each of

the heat producing elements i, respectively. It is given by

X liq
i =

Xm
i

F

[

1− (1− F )1/Di
]

(25)

where

F =
T − Tsol

Tliq − Tsol

(26)

is the depth dependent melt fraction. The partition coefficients Di are similar

for all relevant heat producing elements (Beattie, 1993). It is Di ∼ 0.01 for

the partitioning of heat producing elements from clinopyroxene into the melt,

Di ∼ 0.004 for the garnet-melt system and vanishingly small in all other systems

(Hart and Dunn, 1996; Hauri et al., 1994). For the composition model of Wänke

and Dreibus (1994) we obtain Di ∼ 0.002. As Di ≪ 1, the partial melt and thus

the crust are strongly enriched in heat producing elements with respect to the

mantle.

To determine the total amount of heat producing elements extracted from

the mantle, we average their depth-dependent concentration X liq
i in the melt
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over the entire melt zone

X̄ liq
i =

1

maVa

∫

Va

X liq
i FdV (27)

The total mass Mscr
i for each species of heat producing elements in the secondary

crust which has been extracted from the mantle is calculated from

dMscr
i

dt
= X̄ liq

i

dMcr

dt
(28)

where Mcr = 4/3π(R3
p − (Rp −Dcr)

3)ρcr is the mass of the crust and Mscr
i (t = 0) = 0.

The enrichment of heat producing elements in the primordial crust, which

formed from a magma ocean, probably differs from that of the secondary crust.

This is taken into account by treating the extraction of heat producing elements

during the first stage of crustal production separately. The amount of radioactive

elements in the primordial crust after accretion is parameterized by

Mpcr
i = ΛX0

i M
0
cr (29)

where X0
i is the bulk concentration of heat producing elements in the primitive

mantle given by the compositional model of Wänke and Dreibus (1994), M0
cr =

4/3π(R3
p − (Rp − D0

cr)
3)ρcr is the total mass of the primordial crust and Λ is the

crustal enrichment factor of heat producing elements in relation to the primitive

mantle.

The mantle concentration of heat producing elements at any time t can then be deter-

mined from mass balance considerations and is given by

Xm
i (t) =

X0
i M −M cr

i (t)

Mm(t)
(30)

where Mm is the mass of the mantle given by Mm = 4/3π((Rp − Dc)
3 − R3

c)ρm, M =

4/3π(R3
p − R3

c) is the total mass of the primordial silicate mantle and M cr
i (t) is the

total mass of each of the heat producing species in the crust given by

M cr
i (t) =











Mscr
i (t), if D0

cr = 0,

Mscr
i (t) +Mpcr

i , if D0
cr > 0.

(31)
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where D0
cr is the thickness of the primordial crust.

The mantle volumetric heating rate Qm(t) can then be calculated from

Qm(t) = ρm
∑

i

Xm
i (t)H0

i (t) (32)

To calculate the cumulative heating rate in the crust, some assumptions re-

garding the distribution of heat producing elements within the crust need to

be made. Although it has been argued that the crust could be stratified (Norman, 1999,

2002; Ruiz et al., 2006, 2009), impact gardening and intrusive volcanism would act to largely

remove any initial compositional heterogeneities. Therefore, we assume that heat producing

elements are distributed homogeneously within the crust (Taylor et al., 2006). In this case,

the crustal volumetric heating rate is given by

Qcr(t) = ρcr
∑

i

M cr
i (t)

Mcr(t)
H0

i (t) (33)

2.4. Mantle Dehydration

Water behaves similar to other moderately incompatible elements and will preferably

move to the liquid phase upon partial melting. Thus it will be extracted from the man-

tle during the crust formation process. By considering water to behave as a regular trace

element, its accumulated fractional partitioning between solid and silicate melt can be

determined using a bulk distribution coefficient (Katz et al., 2003). The concentration of wa-

ter remaining in the mantle then follows from mass balance considerations and the successive

dehydration of the mantle during crust formation will be described in the following.

Given the bulk concentration of water in the mantle rock Xm
H20

and the partitioning

coefficient for water DH2O between solid and silicate melt, the concentration of water in

the melt can be determined using a fractional melting model similar to that used for heat

producing elements and

X liq
H2O

=
Xm

H2O

F

[

1− (1− F )1/DH2O
]

(34)

where DH2O = 0.01 (Katz et al., 2003; Aubaud et al., 2004). X liq
H2O

is the cumulative

concentration of water in the silicate melt, provided that the concentration does not exceed
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the pressure dependent saturation concentration. The maximum amount of water soluble

in the melt is given by

Xsat
H2O

= χ1P
ξ + χ2P (35)

where χ1, χ2 and ξ are experimentally determined constants and χ1 = 12 wt% GPa−ξ,

χ2 = 1 wt% GPa−1 and ξ = 0.6 (Katz et al., 2003). Combining Eqs. 34 and 35, the amount

of water in the liquid phase is given by the minimum of the cumulative and saturation

concentrations and X liq
H20

:= min(X liq
H20

, Xsat
H2O

).

The concentration of water in the melt therefore depends on the local melt fraction

as well as on the local saturation concentration. To determine the total amount of water

extracted from the mantle, we average the concentration of water in the melt over the entire

meltzone

X̄ liq
H2O

=
1

maVa

∫

Va

X liq
H2O

FdV (36)

and calculate the total mass Mscr
H2O

of water in the secondary crust from

dMscr
H2O

dt
= X̄ liq

H20

dMcr

dt
(37)

The extraction of water from the mantle therefore depends on the decreasing

concentration Xm
H2O

of water in the mantle as well as the crustal production rate

dMcr/dt. Water extraction and degassing during the formation of a primordial

crust from an early magma ocean is not considered here. Instead, the initial

bulk water concentration X0
H2O

should correspond to a value after formation of

the primordial crust. Therefore, M cr
H2O

= Mscr
H2O

and the mantle water content at time t

is given by

Xm
H2O(t) =

X0
H2O

M −M cr
H2O

(t)

Mm
(38)

Note that the amount of water transported to the crust is the same as the mass of

water extracted from the mantle as the crust entirely consists of extracted mantle

material. Part of this water will be outgassed into the atmosphere through

extrusive volcanism.
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3. Parameters

Parameters most sensitively influencing the coupled thermal and crustal evolution of

Mars have been identified in previous studies (Hauck and Phillips, 2002; Breuer and Spohn,

2006). In these studies, mantle viscosity, the initial upper mantle temperature, as well as the

bulk content of radiogenic elements were found to have the largest influence on model results.

We will discuss our choice of these parameters as well as the influence of a primordial crust of

variable thickness in the following. Other parameters used in the modeling are summarized

in Table 1.

The viscosity of the Martian mantle is governed by the flow behavior of olivine, which

strongly depends on mineral water content (Mei and Kohlstedt, 2000a,b). The viscosity of

anhydrous and water saturated olivine differs by two orders of magnitude (Karato and Wu,

1993) and already small amounts of water can be rheologically significant (Mei and Kohlst-

edt, 2000a,b). The amount of water present in the Martian mantle is poorly constrained and

estimates range from relatively low water contents of 36 ppm (Wänke and Dreibus, 1994) to

extremely large water contents in excess of 1000 ppm (Johnson et al., 1991). Geochemical

analysis of the SNC meteorites suggest that the SNC parent magmas contained considerable

amounts of water (McSween et al., 2001; Médard and Grove, 2006), but given their rela-

tively shallow crystallization depths a crustal origin of this water cannot be ruled out. On

the other hand, even the lowest estimated water concentrations of 36 ppm would be about 20

and 60 % saturated in olivine at 300 and 100 km depth, respectively (Hirth and Kohlstedt,

1996), such that a wet mantle rheology appears to be best compatible with all data. We

will use a normalized water concentration when calculating mantle dehydration

with Xm
H2O

ranging between zero and one and a normalized initial mantle water

content of X0
H2O

= 1, which corresponds to a rheologically wet mantle.

Recent experiments on the influence of iron content on the creep behaviour of olivine

indicate that a high iron content can significantly decrease mantle viscosity. In particular,

the relatively higher iron content of the Martian mantle with respect to Earth’s reduces

mantle viscosity on Mars by approximately one order of magnitude (Zhao et. al., 2009).
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Using flow law parameters appropriate for diffusion creep in olivine (Karato and Wu, 1993),

reference viscosities of 1019 and 1021 Pa s have been obtained at a reference temperature of

1600 K for wet and dry Earth-like material, respectively (Breuer and Spohn, 2006). Reducing

these numbers by one order of magnitude, we will vary η0 between 1018 and 1021 Pa s to

cover the whole range of plausible viscosities, spanning the range from iron-rich wet olivine

to Earth-like dry material.

Reasonable initial upper mantle temperatures T 0
m range from 1600 K to 2300 K, where

the lower limit is close to the solidus of peridotite and the upper limit is close to its liquidus

(Takahashi, 1990). Initial temperatures below the solidus are unlikely if one allows for

silicate and mantle melting during core formation. Also, it is highly unlikely that the

Martian mantle remained above the liquidus for any significant period of time (Spohn and

Schubert, 1990). This range of initial temperatures can be further constrained from the crust

formation history as high initial temperatures close to the liquidus result in extremely large

crustal thicknesses, which are incompatible with the observations (Hauck and Phillips, 2002;

Breuer and Spohn, 2006). Therefore, we will here vary initial upper mantle temperatures

between 1600 and 1900 K.

Models for the bulk abundance of heat producing elements in the Martian interior fall into

two categories. The first class of models produce heat at a rate comparable to the chondritic

heat production rate (Dreibus and Wänke, 1987; Treiman et al., 1986; McDonough and Sun,

1995) and the second class of models produce about twice as much (Lodders and Fegley,

1997). Hauck and Phillips (2002) found that the model by Lodders and Fegley (1997) is

incompatible with the Martian crust formation history, as the high heat production rates

in this model result in extensive mantle melting and extremely large crustal thicknesses.

Furthermore, Grott and Breuer (2008b) found that such large heat production rates would

result in the viscous relaxation of topography at the large impact basins. Consequently,

we will not consider the model by Lodders and Fegley (1997) in the following. New data

concerning the concentration of radioactive elements in the Martian crust have been obtained

from the gamma-ray spectrometer on board the Mars Odyssey spacecraft (Taylor et al.,

2006). They found that the measured ratio of the K and Th abundances in the Martian crust
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is best compatible with the compositional model by Dreibus and Wänke (1987). Therefore,

we will use their model in the following.

Different parameterizations for the solidus of peridotite have been derived from melt-

ing experiments (McKenzie and Bickle, 1988; Takahashi, 1990; Zhang and Herzberg, 1994;

Herzberg et al., 2000; Hirschmann, 2000; Katz et al., 2003). Melting models are summa-

rized in Fig. 1 where the peridotite solidus is given as a function of pressure for different

models. Apart from early work by McKenzie and Bickle (1988), which suffered from the

lack of available data at high pressures, all models are in good agreement. Note that the

parameterizations derived by Herzberg et al. (2000) and Zhang and Herzberg (1994) are

valid only for pressures above 2.5 and 5 GPa, respectively, such that models in general agree

to within 50 K. In terms of the coupled thermal and crustal evolution of Mars, choosing

one parameterization over another is roughly equivalent to a change of initial upper mantle

temperature by 50 K. Here we choose the model by Takahashi (1990), which is valid between

0 and 10 GPa and covers the full range of pressures considered here.

Martian meteorite isotope data suggests an early mantle differentiation and the extrac-

tion of a primordial crust around 4.5 Gyr (Halliday et al., 2001; Nyquist et al., 2001). The

thickness of this crustal layer has been constrained to 20-30 km (Norman, 1999). In addi-

tion, heat flows derived from elastic thickness data indicate that the Martian crust is indeed

stratified (Ruiz et al., 2006, 2009). Therefore, we will consider two end-member cases

in the following. One with an initial primordial crustal thickness D0
cr of 30 km

and another without a primordial crust.

If existing, the primordial crust will probably be enriched in radioactive ele-

ments while emerging from an early Martian magma ocean, but the enrichment

of radioactive elements in a putative magma ocean on Mars is not well con-

strained. However, the enrichment should be bracketed by that usually found

in komatite and basalt, i.e., ranging from equal partitioning to an enrichment

factor of roughly five. The fraction fp of radioactive elements which have been

extracted from the primordial mantle can then be calculated assuming a thick-

ness and an enrichment factor for the primordial crust. Using an enrichment
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factor of five together with the assumption of a 30 km thick primordial crust,

we obtain that fp = 12 % of the radioactive elements in the primitive mantle are

located in the crust. Variations of this value will be briefly discussed in Sec. 4.5.

4. Results

4.1. Crustal evolution and recycling

We have calculated the coupled crustal and thermal evolution of Mars varying the initial

upper mantle temperature T 0
m between 1600 and 1900 K and the reference viscosity η0

between 1018 and 1021 Pa s. The results of a typical model run assuming an initial upper

mantle temperature of 1650 K, a reference viscosity of η0 = 1018 Pa, and a primordial crust

of 30 km thickness are shown in Fig. 2. In Fig. 2a, the stagnant lid thickness Dl and

crustal thickness Dcr are shown as a function of time. Within the first 10 Myr, the crustal

thickness Dcr rapidly grows to 45 km and the magmatic heat-piping connected to the melt

extraction causes the stagnant lid to rapidly grow to a thickness of 85 km. The relatively

thick low conductivity crust, which is highly enriched in radioactive elements, then acts as an

insulating layer and heat transport from the base of the stagnant lid by heat conduction

becomes increasingly inefficient. This results in a phase of thinning of the lid until the

stagnant lid thickness equals the crustal thickness at around 80 Myr. At this point, crustal

recycling sets in and the growth of the crust is limited by the evolution of the stagnant lid

thickness. At around 520 Myr the global melt channel vanishes and crustal production is

halted, inhibiting a further increase of the thermal blanketing effect caused by the crust.

At this point in time, the stagnant lid starts to grow again and the remaining evolution

is governed by planetary cooling. Therefore, crustal recycling acts to limit the attainable

crustal thickness in this model.

Fig. 2b shows the upper mantle temperature Tm, the temperature at the core-mantle

boundary Tc and the temperature at the base of the crust Tcr as a function of time. The

superheated core rapidly cools until the temperature difference across the core-mantle bound-

ary reaches ∼55 K. Due to the low mantle viscosity and effective heat transport,
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the entire evolution is characterized by planetary cooling and mantle temperatures drop

by ∼260 K until the present day. Temperatures at the base of the crust rapidly increase

as the crust gets thicker and the crustal base is pushed to ever increasing depths. At the

onset of crustal recycling crustal temperatures stabilize at around 1400 K before planetary

cooling starts to reduce Tcr to 510 K today.

The heat flow out of the mantle into the stagnant lid ql, the heat flow out of the core

qc, and the surface heat flux qs are shown as a function of time in Fig. 2c. At 600 Myr,

heat flow from the core rapidly drops below 20 mW m−2, the upper limit on the critical

heat flow necessary for the generation of a thermally driven core dynamo (Nimmo and

Stevenson, 2000). Due to the removal of heat producing elements to the crust, surface heat

flow increases in the early evolution and drops to about 20 mW m−2 today, while mantle

heat flow drops from 75 to 10 mW m−2.

The normalized concentration of water in the Martian mantleXm
H2O

is shown as a function

of time in Fig. 2d and continually drops from the normalized initial value of Xm
H2O

= 1

to 0.19 as long as melt is extracted from the mantle. Note that melt and water extraction

continue during the phases of crustal erosion and Xm
H2O only stabilizes with the vanishing of

the global melt layer. Therefore, the Martian mantle looses 82 % of its total water inventory

due to outgassing in this model. This value is much higher than predicted by Hauck and

Phillips (2002), but similar to the 80 % suggested by Fraeman and Korenaga

(2010).

Crustal production rates as a function of time are shown in Fig. 2e. In general, crustal

production declines rapidly as a function of time, though it shows a small peak at the onset

of crustal erosion. The position and extent of the meltzone is indicated by shades in Fig.

2f where the base of the stagnant lid as well as the crustal thickness are indicated by a

dashed and solid line, respectively. Due to the rapid growth of the stagnant lid in the early

phases of the evolution, the meltzone is pushed to a depth of ∼120 km, before shrinking of

the lid allows the meltzone to migrate to a depth of ∼80 km. At around 520 Myr, mantle

temperatures have dropped such that the global melt layer finally vanishes.

Average melt fractions encountered in this model amount to 5 % on average. However,
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melt fractions locally reach about 10 %, consistent with melt fractions derived from trace

element analysis of the shergottites, which range from 2 to 10 % (Norman, 1999; Borg and

Draper, 2003).

Results of varying initial upper mantle temperature and reference viscosity are shown

in Figs. 3a and 3b, respectively, where the crustal thickness Dcr is shown as a function of

time for different models. For initial upper mantle temperatures in excess of 1600 K, models

with a reference viscosity of η0 = 1019 Pa s (Fig. 3a) show crustal recycling in the early

evolution, which limits the final crustal thickness to ∼80 km. For T 0
m = 1600 K, crustal

growth in the early evolution is much slower and the present day crustal thickness is only

32 km. Results of varying the reference viscosity while keeping the initial upper mantle

temperature constant at 1700 K are shown in Fig. 3b. There, the low viscosity models show

crustal recycling. Stabilization of the crust only sets in for η0 ≥ 1020 Pa s. These models

show a prolonged phase of crustal production due to the inefficient cooling of

the planet.

The models for which crustal recycling is observed are identified in Fig. 4, where the

fraction of the eroded crustal volume with respect to the present day crustal volume is

given as a function of initial upper mantle temperature for different reference viscosities.

Models without a primordial crust are shown in Fig. 4a whereas those with

a primordial crust of 30 km thickness are shown in Fig. 4b. Crustal erosion is

found to be widespread and only models on the abscissa show no signs of crustal recycling.

Crustal recycling is promoted by high initial upper mantle temperatures T 0
m and low reference

viscosities η0. Between these two quantities, a clear trade-off can be observed: Higher T 0
m

can be sustained without any recycling of the crust, as long as mantle viscosity is sufficiently

high.

Crustal recycling appears to be incompatible with the SNC geochemical characteristics

as these suggest the presence of three to four silicate reservoirs that all formed in the very

early evolution of the planet and did not remix since then (e.g., Jagoutz, 1991; Papike et

al., 2009). Therefore, we rule out models showing crustal recycling. Inspecting Fig. 4a,

we conclude that only models with initial upper mantle temperatures below or equal to
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1600, 1650, 1700 and 1800 K for reference viscosities of 1018, 1019, 1020, and 1021 Pa s are

compatible with the SNC observations. Fig. 4b shows the results for models with a

primordial crustal thickness of 30 km. The general trend for these is similar, yet

initial upper mantle temperatures need to be lower by ∼50 K to prevent crustal

recycling. Note that for D0
cr = 30 km, no model is able to fit the observations for

a reference viscosity of 1018 Pa s.

The presented results have been obtained assuming that heat-piping is an efficient process

to cool the base of the stagnant lid, such that the lid rapidly grows during the phases of

early crust production. If the heat-piping term is removed from Eq. 4, crustal recycling

will be promoted and more models will show crustal recycling in Fig. 4. In these models,

the present day crustal thickness will be smaller than presented in Figs. 3a and 3b, but the

overall volume of produced crust will be similar. Therefore, outgassing of H2O will be an

efficient process in these models as well.

4.2. Crust formation history

To be compatible with the geological evidence, models need to reproduce the crust

formation history visible in the surface record as well as the average volume of produced

crust. Here we will use the fact that the bulk of the crust has been produced within the first

500 Myr (Phillips et al., 2001; Nimmo and Tanaka, 2005) to constrain the timing of crust

formation. To quantify this, we will assume that 75 % of the crust needs to be emplaced

before 500 Myr, similar to the nominal model by Hauck and Phillips (2002). For the overall

crustal thickness, the observation that no viscous relaxation of topography is visible at the

dichotomy boundary will be used as a constrain, which requires Dcr < 100 km (Nimmo and

Stevenson, 2001). This can be viewed as a hard upper limit on Dcr, but note that most

studies indicate a lower crust thickness of around 50 km (Wieczorek and Zuber, 2004). A

lower limit of 33 km is provided by the minimum average crustal thickness found

in geoid-to-topography studies (Wieczorek and Zuber, 2004).

Fig. 5a and b show the fraction of crust produced within the first 500 Myr after

differentiation as a function of initial upper mantle temperature T 0
m for different reference
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viscosities η0 without and with a primordial crust, respectively. Values above

100% indicate early produced crust which was later removed by crustal erosion.

Low viscosity models tend to produce crust very early in the evolution, as the efficient

mantle convection results in a relatively shallow melt zone. For η0 = 1018 Pa s, all models

produce essentially all crust within the first 500 Myr. Models without a primordial

crust are shown in Fig. 5a. For a reference viscosity of η0 = 1019 Pa s, only models

with T 0
m ≥ 1650 K are compatible with the constraint that 75 % of the crust needs to

be produced early. Higher initial upper mantle temperatures of 1800 K and 1900 K are

required for η0 = 1020 and 1021 Pa s, respectively. If we assume that a primordial crust

is present at the beginning of the evolution (Norman, 1999; Halliday et al., 2001; Nyquist

et al., 2001), models using a dry mantle rheology will comply somewhat better with the

requirement of early crust formation. Results assuming D0
cr = 30 km are shown in Fig. 5b.

In this case, minimum initial upper mantle temperatures need to exceed only 1750 K and

1850 K for η0 = 1020 and 1021 Pa s, respectively.

Present day crustal thicknesses for models assuming no initial crustal thickness and

assuming D0
cr = 30 km are shown in Fig. 5c and 5d, respectively. The admissible range

of crustal thicknesses is indicated by the horizontal dashed lines. Results differ

little between D0
cr = 0 and 30 km and most models comply with the upper limit of Dcr < 100

km. This is due to the fact that present day crustal thickness is limited by crustal recycling

in most models, as indicated by the horizontal trend of the respective lines. Only if η0 ≥ 1020

Pa s and T 0
m ≥ 1750 K, Dcr will exceed 100 km.

Taking together the constraints posed by the crust formation history and the fact that

models must not show any sign of crustal recycling, we find that only few models satisfy

both constraints: For η0 = 1018 Pa s, a primordial crust can be ruled out and T 0
m

needs to be 1600 K. For η0 = 1019 Pa s, T 0
m needs to be 1650 K and 1600 K for

models with and without a primordial crust, respectively. A dry mantle with a

reference viscosity of η0 ≥ 1020 Pa s can be ruled out on the grounds that the

low initial upper mantle temperatures required to inhibit crustal recycling and

to produce a crust of Dcr < 100 km are incompatible with the requirement that
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the bulk of the crust was formed early in Martian history.

The concentration and distribution of potassium and thorium on the Martian

surface has been measured using the gamma-ray spectrometer on board Mars

Global Surveyor and it was found that the average concentration of these ele-

ments on the Martian surface is 0.62 and 3300 ppm, respectively (Taylor et al.,

2006). As concentrations vary on the Martian surface, we will use the spatial

standard deviation of the experimental data as a limit for our models, which is

approximately 20% of the respective concentrations (Taylor, G.J., priv. comm.).

Furthermore, as potassium and thorium have similar partition coefficients, it is

sufficient to consider only one of these elements. The measured values of potas-

sium are compared to the calculated values in Fig. 6 and the admissible range is

indicated by dashed lines. Without a primordial crust (Fig. 6a), initial mantle

temperatures T 0
m should be ≤ 1750 K for dry mantle rheologies and ≥ 1700 K

for wet mantle rheologies. However, if a primordial crust is included, a wider

range of models is in accordance with the observations. This is mainly due to

the constant enrichment of radioactive elements in the primordial crust. In this

case, only high mantle viscosities together with high initial mantle temperatures

are incompatible with the observations (Fig. 6b).

In summary, only the model with a reference viscosity of η0 = 1019 Pa s, a low

initial mantle temperature of 1650 K and a primordial crust of D0
cr = 30 km is

compatible with all observations. Models without a primordial crust can be ruled

out, as the predicted concentrations of heat producing elements in the crust are

too high for the required low initial mantle temperatures and viscosities.

4.3. Recent volcanism

A final constraint on our models is posed by the observation that volcanism was perva-

sive throughout Martian history and has probably been ongoing into the very recent past

(Hartmann et al., 1999; Hartmann and Berman, 2000; Neukum et al., 2004; Werner, 2009).

Therefore, melting should be possible under present day mantle conditions and this will be
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used to constrain our models in the following.

As shown by the models presented in the previous sections (e.g. Fig. 3), global volcanism

on Mars ceased between 500 and 2000 Myr after core formation and we cannot expect a

global melt channel to exist today. However, this does not preclude the formation of local

meltzones and there are indeed two alternative hypotheses for the persistence of volcanism on

Mars today: First, recent production of partial melt in the Martian mantle could be caused

by decompression melting in the heads of uprising mantle plumes (O’Neill et al., 2007; Li

and Kiefer, 2007) and second, melting could be caused by heat accumulation underneath

regions of a thickened, thermally insulating crust (Schumacher and Breuer, 2007).

In order to determine whether present day partial melting is feasible in our models, we

calculate the temperature rising mantle plumes would have and compare it to the solidus of

peridotite. In this way, the excess temperature needed to induce melting and the distance

mantle plumes would have to penetrate into the stagnant to allow for decom-

pression melting can be calculated. In our parameterized models, mantle plumes would

originate at the core-mantle boundary. Thus, the initial plume temperature is given by the

core temperature Tc. Plumes then cool adiabatically as they rise to the surface and plume

temperature is given by

Tplume(z) = Tc −
αgTcz

cm
(39)

where z is the distance from the core-mantle boundary.

Given the plume and solidus temperatures Tplume and Tsol, we compute the minimum

temperature difference ∆Tmin between Tplume and Tsol

∆Tmin = min (Tsol(z)− Tplume(z))
∣

∣

z≤(Rp−Rc−Dl) (40)

to determine if partial melt is generated in the convecting mantle below the stagnant lid.

Furthermore, the distance Dmelt mantle plumes would have to penetrate into the

stagnant lid from below to initiate decompression melting is calculated. This distance

corresponds to the depth at which Tplume equals Tsol and can be decreased under regions

of thickened and thermally insulating crust, where plume temperatures have
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been increased by 100 K (Schumacher and Breuer, 2007). As the feasibility of

recent volcanism turned out to be independent of the existence of a primordial

crust, the following models are presented only for models including a primordial

crust of 30 km thickness.

Results of calculating ∆Tmin for the range of models considered in this study are pre-

sented in Fig. 7a. Low viscosity models cool very efficiently, resulting in low present day

mantle temperatures requiring substantial local heating of more than 350 K to initiate par-

tial melting. Given that the temperature excess provided by the thermal blanketing effect

of a low conductivity crust is of the order of only 100 K (Schumacher and Breuer, 2007),

this is clearly insufficient to initiate melting. Only models with η0 = 1021 Pa s would barely

allow for the production of melt today. However, these models produce crust too late in the

evolution and have been ruled out in the previous section.

The distance D100
melt mantle plumes would have to penetrate into the stagnant

lid under a locally thickened crust is given in percent of the stagnant lid thickness as a

function of T 0
m and η0 in Fig. 7b. Higher viscosity models have less efficient mantle energy

transport and more heat can be stored inside the planet over the course of the evolution.

The relatively larger present day stagnant lid thickness for high viscosity models adds to the

fact that plumes need not penetrate far into the stagnant lid to initiate partial melting for

η0 = 1020 and η0 = 1021 Pa s. However, these models have been ruled out in previous sections

as they are incompatible with a predominantly early production of crust or the absence of

crustal recycling. Models compatible with these constraints have reference viscosities below

η0 = 1020 Pa s and inspecting Fig. 7b we find that plumes would need to penetrate ∼90 and

∼75 % into the stagnant lid for η0 = 1018 and 1019 Pa s, respectively. This is larger than

the penetration depths discovered in mantle convection models, which indicate

that long-lived mantle-plumes can penetrate into the stagnant lid by more than 50 % of

the stagnant lid thickness (Buske, 2006; Kiefer and Li, 2009).

In summary, the model best compatible with the absence of crustal recycling,

the concentration of heat producing elements in the crust and the crust forma-

tion history has a low initial upper mantle temperature of T 0
m = 1650 K, a low
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viscosity of η0 = 1019 Pa s and a primordial crust of D0
cr = 30 km thickness. How-

ever, considering that plumes would need to penetrate ∼80 % into the stagnant

lid to initiate decompression melting even under a locally thickened, thermally

insulating crust, this set of parameters is only marginally acceptable.

One way to facilitate present day melt production would be to increase mantle viscosity

late in the evolution, while keeping viscosity low during the early evolutionary stages. In this

way, heat would be released from the interior at a reduced rate, while early crust formation

would not be affected. Given that the models considered so far loose a significant amount

of water from the mantle due to volcanic outgassing, dehydration stiffening of the mantle

would be one way to increase viscosity in the course of the evolution. This possibility will

be investigated in the next section.

4.4. Dehydration stiffening

The viscosity of water-saturated and anhydrous olivine varies by more than two orders

of magnitude (Karato and Wu, 1993) and we will treat the viscosity of the Martian mantle

as a function of mantle water content in the following. We will assume that viscosity

increases linearly between these two end-member cases. To this end, we will parameterize

the reference viscosity η0 using the normalized mantle water concentration Xm
H2O

. In the

case considered here, Xm
H2O

should be equal to unity for a rheologically wet

mantle. Dehydration stiffening is then accounted for by changing the reference viscosity η0

in Eq. 7 according to

η0(X
m
H2O

) = ηwet

(

1 + ∆η
(

1−Xm
H2O

))

(41)

where ηwet = 1018 Pa s is the viscosity of wet olivine and ∆η = 100 a factor accounting for the

viscosity difference between wet and dry olivine, respectively. Therefore, viscosities range

from values of 1018 Pa s representative for wet, iron-rich olivine to 1020 Pa s, representative

for dry, iron-rich olivine.

Results of the calculations including dehydration stiffening are presented in Table 2,

where models are identified by their initial upper mantle temperature T 0
m and primordial
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crustal thickness D0
cr. For models including a primordial crust, the enrichment factor Λ

is also given. Only those models which do not show crustal recycling are considered and

for each model the present day crustal thickness D4500
cr , the fraction f 500

cr of crust produced

before 500 Myr, the minimum temperature difference ∆Tmin between the mantle solidus and

plumes, the distance mantle plumes would have to penetrate into the stagnant lid

to initiate decompression melting expressed as a fraction of the stagnant lid thickness

f = 1 − Dmelt/Dl and the analogue fraction f100 assuming a mantle locally heated by 100

K as well as the percentage of mantle water lost fH2O and the ratio of calculated

to measured concentrations of potassium in the crust Kca/Kme are given.

For most models, the present day crustal thickness is in the admissible range and the

bulk of this crust is produced at an early evolutionary stage. However, the total volume

of crust produced in models with low initial mantle temperatures and without

a primordial crust is too small as the minimum average crustal thickness may

not be lower than 33 km (Wieczorek and Zuber, 2004). Also, the presence of a

primordial crust is favoured by the calculated potassium concentrations which

are generally too high for models without a primordial crust and only the model

with T 0
m = 1700 K is barely feasible. Assuming a primordial crust with D0

cr = 30

km, the best fitting model has an initial mantle temperature of T 0
m = 1650 K. In

this model, melting by excess heating in regions of a thickened crust is possible

if ∆Tmin ∼ 300 K and therefore unlikely to cause mantle melting on its own. On the

other hand, decompression melting gets efficient if thermal insulation by a thick crust is

taken into account. In this case, f100 indicates that the distance mantle plumes need

to penetrate into the stagnant lid in order to induce melting is reduced to ∼56 %.

Therefore, dehydration stiffening of the mantle viscosity faciliates present day

volcanism as expected. The best fitting model compatible with all observations

has the same initial mantle temperature of 1650 K and a primordial crust of 30

km as the best fitting model without dehydration stiffening. However, recent

volcanism is easier to explain if dehydration stiffening is taken into account.

Other models presented in Table 2 consider the effects of varying the enrichment
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of radioactive elements in the primordial crust, which will be discussed in Sec.

4.5.

Fig. 8 is similar to Fig. 2 and shows the results for the preferred model including

dehydration stiffening in some more detail. For this model, an initially wet mantle rheology

with η0 = 1018 Pa s, an initial mantle temperature of T 0
m = 1650 K and a primordial

crust with a thickness of D0
cr = 30 km have been assumed, and this model may be directly

compared to the results presented in Fig. 2 for a model without dehydration stiffening and

T 0
m = 1650 K, η0 = 1018 Pa s, and D0

cr = 30 km. Results are similar, but the model including

dehydration stiffening does not show any crustal recycling because mantle viscosity rapidly

increases by a factor of 40 in the first Gyr as in this interval the mantle water content

is reduced by 40%. The absence of crustal recycling and the associated larger stagnant lid

thickness also result in lower temperatures at the crustal base, where maximum Tcr is close

to 1050 K for only a limited period of time. Upper mantle temperatures increase during the

first 650 Myr of the evolution due to the less efficient heat transport, resulting in sustained

crustal production over that time-period. The global melt layer vanishes at 970 Myr, about

450 Myr later than in the model without dehydration stiffening. This is already indicating

the reduced rate at which heat is lost from the mantle.

4.5. Model sensitivity to additional processes

The growth of the stagnant lid as presented in Eq. 4 is determined by the

energy balance at the lithospheric base. When more heat is transported through

the lithospheric mantle towards the surface than is provided to the base of the

lid by the mantle boundary layer, the stagnant lid will cool and therefore grow.

Heat producing elements in the crust and lithospheric mantle can insulate the

base of the stagnant lid and therefore hamper effective heat removal, resulting

in a relatively lower stagnant lid thickness. As heat producing elements are

highly incompatible and therefore effectively transported from the mantle into

the crust, the residual rocks in the global mantle melt zone are depleted in

radioactive elements. In this work, we assumed that such a layer will efficiently
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be remixed with pristine mantle material through vigorous convective motion.

However, it cannot be excluded that a depleted layer in the lithospheric mantle

could persist. To investigate the influence of such a depleted mantle layer, we

have calculated an extreme case for which we assumed that all heat producing

elements have been removed from the lithospheric mantle. Results indicate a

decrease of the present crustal thickness by 5 % in comparison to the model with

a homogeneously mixed mantle. This small difference between models assuming

either a homogeneously mixed or a layered mantle with respect to heat sources

has also been suggested by Fraeman and Korenaga (2010).

In our derivation of the crustal growth rate in Eq. 21, we assumed that the

melt zone is global whenever the calculated average mantle temperature exceeds

the solidus temperature. However, this may not be true in regions of convective

downwelling where temperatures are generally lower. In the case of symmetrical

upwelling and downwelling, the crustal production rate in Eq. 21 would be

reduced by a factor of two. In this case, we found that the reduced crustal

growth is outbalanced by a less efficient extraction of heat producing elements

and reduced volcanic heat-piping from the mantle. This leads to a generally

hotter planet, capable of producing thicker melt zones over an extended period

of time. Therefore, crustal thicknesses increase by ∼ 9 % for a half as efficient

crustal production rate in our model. This result is in agreement with Fraeman

and Korenaga (2010) and Hauck and Phillips (2002), who introduced a variable

factor in the crustal production rate to account for this effect and found that

results vary only marginally by varying this factor.

The enrichment of radioactive elements in the secondary crust is calculated

self-consistently in our model, but this approach cannot be applied to the pri-

mordial crust which probably formed during overturn of an early magma ocean

(Elkins-Tanton et al., 2005). In this study, we have assumed a primordial crustal

thickness of D0
cr = 30 km and an enrichment factor of Λ = 5 for radioactive ele-

ments in the primordial crust, which implies that 12% of all radioactive elements
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have been extracted into the primordial crust during its formation process.

This enrichment is similar to the enrichment factors typically encountered in

mid-ocean ridge basalts on Earth (BVSP, 1981). However, the exact differenti-

ation process in a Martian magma ocean is unknown and significantly higher or

lower enrichments are possible. Hence, we investigated models including dehy-

dration stiffening for different enrichment factors. For these models, resulting

concentrations of potassium in the crust are then compared to the measured

concentrations (Taylor et al., 2006).

Results of these calculations are shown in Fig. 9, where the ratios of calcu-

lated to measured concentrations of potassium in the Martian crust are shown

for different enrichment factors Lambda and initial mantle temperatures T 0
m. For

enrichment factors greater than five, concentrations of potassium in the Martian

crust become too large for low T 0
m. On the other hand, lower enrichment factors

lead to concentrations of potassium better compatible with the observations for

cold mantle temperatures and all models result in too low crustal potassium

concentrations for T 0
m ≥ 1800 K.

To test the robustness of our results, all models with and without dehydration

stiffening have been recalculated assuming no enrichment of radioactive elements

in the primordial crust (Λ = 1) to test the robustness of our results. We find

that all conclusions presented in this study remain unchanged as model results

change only little. As an example, the results for an initial mantle temperature

of T 0
m = 1650 K and a crustal enrichment factor of Λ = 1 are shown in Table

2. Compared to the model using Λ = 5, the largest difference is a slightly

increased crustal thickness of Dc = 65 km, indicating that models are relatively

insensitive to low values of Λ. Note, however, that low enrichment factors are

rather unrealistic, as the crustal component should be significantly enriched in

incompatible elements when forming from completely molten material.

Crustal erosion vanishes for enrichment factors of Λ = 10, 20 even when choos-

ing higher initial mantle temperatures up to T 0
m = 1700 K, but the concentration
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of potassium in the Martian crust will be too high for initial mantle tempera-

tures below T 0
m = 1700 K. The results for models with high enrichment factors and

T 0
m = 1700 are compared to the models with an enrichment factor of Λ = 5 in Ta-

ble 2. These models are compatible with all constraints and crustal thicknesses

tend to be higher than for the admissible model with Λ = 5. This is caused

by the higher initial mantle temperatures necessary to explain the measured

concentration of potassium in the Martian crust. However, mantle plumes will

have to penetrate 10 and 15% deeper into the stagnant lid to enable recent vol-

canism on Mars, as a more depleted mantle leads to lower mantle temperatures

in the late stage of the evolution. Therefore, models assuming Λ = 10, 20 are also

admissible, provided that initial mantle temperatures are slightly increased.

5. Discussion and Conclusions

We have reinvestigated the coupled thermal and crustal evolution of Mars taking new

laboratory data concerning the flow behavior of iron-rich olivine into account. The lower

mantle viscosities (Zhao et. al., 2009) in combination with an insulating crust were

found to promote phases of extensive shrinking of the stagnant lid thickness early in the

evolution, with stagnant lid thicknesses rapidly approaching the crustal thickness in many

models. We interpret the expansion of the actively convecting region into the crust in terms

of a recycling of crustal material back into the mantle. This process is facilitated by the

basalt to eclogite phase transformation, which on Mars occurs at depths between 50 and 150

km (Babeyko and Zharkov, 2000), depending on temperature. Eclogite has a density similar

to that of mantle material and crustal material will loose buoyancy due to this phase-change.

Geochemical analysis of the SNC meteorites such as the 182W-142Nd isotope and Re-

Os systematics (e.g., Lee and Halliday (1997); Brandon et al. (2000); Foley et al. (2005))

imply the presence of three to four isotopically distinct silicate reservoirs on Mars. Two of

these reservoirs are depleted in incompatible lithophile elements relative to chondrites, and

the third is enriched. The two depleted reservoirs are most likely located in the Martian

mantle, while the enriched reservoir could be either in the mantle or the crust. These
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source reservoirs of the SNC meteorites appear to have remained separate for almost the

entire history of Mars (4-4.5 Ga). Crustal recycling would have destroyed any early mantle

reservoirs (Jagoutz, 1991) and we require that admissible models do not show episodes of

crustal recycling.

Further evidence against models exhibiting phases of crustal recycling is provided by the

absence of viscous topographic relaxation at the dichotomy boundary and the large impact

basins. Crustal flow will relax isostatically supported topography if the base of the crust is

too hot (Nimmo and Stevenson, 2001; Parmentier and Zuber, 2007) and basal temperatures

in excess of 1200-1250 K were found to result in efficient lower crustal flow (Grott and

Breuer, 2008b; Mohit and Phillips, 2007). Models exhibiting crustal erosion have crustal

basal temperatures in excess of 1400 K for extensive periods of time, such that for these

models viscous relaxation of topography would be expected. On the other hand, models

showing no crustal recycling have much lower crustal temperatures and peak temperatures

reach only 1050 K, making crustal flow unlikely.

Further model constraints are provided by the inferred crust formation history and we

required that 75 % of the crust was emplaced within the first 500 Myr after core formation

(Phillips et al., 2001; Nimmo and Tanaka, 2005) in admissible models. Also, the present day

crustal thickness must not exceed 100 km (Nimmo and Stevenson, 2001) to be compatible

with the absence of viscous relaxation at the dichotomy boundary. The content and

distribution of heat producing elements in the Martian crust has been measured

using gamma-ray spectroscopy (Taylor et al., 2006) and admissible models must

be able to reproduce the observed crustal concentrations of these elements.

Finally, we required that admissible models must allow for the formation of partial melt

under present day mantle conditions as volcanism is a recent process on Mars (Hartmann

et al., 1999; Hartmann and Berman, 2000; Neukum et al., 2004; Werner, 2009).

Taken together, these constraints limit the range of admissible models significantly: Mod-

els are required to posses a primordial crust to be compatible with the crust formation history

and the measured concentration of radioactive elements in the crust. Only low

initial upper mantle temperatures around 1650 K are compatible with the absence of crustal
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recycling. Furthermore, admissible reference viscosities are around 1019 Pa s, and even then

models are only marginally compatible with the existence of present day volcanism.

Model compatibility with the above constraints is improved if the increase of mantle

viscosity upon loss of water from the mantle is taken into account. These models cool less

efficiently, increasing present day mantle temperatures and facilitating the production of par-

tial melt, while crust production during the early phases of the evolution is only marginally

affected. In this way, these models better satisfy the constraints posed by the crust forma-

tion history and the existence of present day volcanism. Initial upper mantle temperatures

in these models need to be between 1650 and 1700 K, and the best fitting model with

T 0
m = 1650 K and D0

cr = 30 km has a present day crustal thickness of 59 km, 93 % of which

was emplaced before 500 Myr. These results suggest that Martian interior temperatures

after core formation were reduced to close to the peridotite solidus upon extraction of the

primordial crust. A second stage of crust formation then took place over a more extended

period of time, waning at around 1000 Myr, and was driven by heat produced by the decay

of radioactive elements. In these models, present-day volcanism is driven by long-

lived mantle plumes under regions of a locally thickened, thermally insulating

crust.

Dehydration stiffening of the mantle rheology results in thick thermal bound-

ary layers, which grow as the viscosity of the mantle is increased over time.

Therefore, models accounting for mantle water loss show larger stagnant lid

thicknesses. Hence, estimates of the elastic thicknesses obtained in these mod-

els are increased. Using the best fitting model determined here (cf. Fig. 8), we

calculate a present day stagnant lid thickness of 330 km. This value is about

80 km larger than values typically obtained when dehydration stiffening is dis-

regarded. Using the model by Grott and Breuer (2010), this increase of the

stagnant lid thickness results in an elastic thickness of 250 km at the north pole

today, reducing the discrepancy between derived (Phillips et al., 2008) and mod-

eled values from 100 km to only 50 km. Therefore, taking dehydration stiffening

of the mantle into account, the spatial heterogeneity of the Martian mantle heat
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flow does not need to be as strong as previously estimated. However, this would

still argue for active mantle plumes on Mars today.

The results presented here are similar to those obtained by Hauck and Phillips (2002),

who also found that cold initial temperatures and low mantle viscosities best fit the inferred

crust formation history, although their preferred models have slightly higher initial upper

mantle temperatures between 1700 and 1800 K. However, part of this discrepancy is ex-

plained by the use of different parameterizations for the peridotite solidus, with Hauck and

Phillips (2002) using the parameterization by Zhang and Herzberg (1994), which results in

solidus temperatures which are about 70 K higher than the values adopted here (Takahashi,

1990). While Breuer and Spohn (2006) found that models using high initial upper mantle

temperatures and high mantle viscosities are also admissible if the existence of a primordial

crust is assumed, we have ruled out these models on the grounds that they show episodes

of crustal recycling.

The dehydration of the Martian mantle upon partial melting and melt extraction has

been studied by Hauck and Phillips (2002) and they found it difficult to extract more than a

few percent of water from the mantle, while 40−50 % of water are easily extracted from the

mantle in our models. This efficient water extraction is consistent with the models

by Fraeman and Korenaga (2010), which indicate a mantle water loss of ∼80

% for crustal thicknesses larger than 50 km. However, it is considerably larger

than the amount of extracted water calculated by Hauck and Phillips (2002),

which is only 5 %. This very low value is similar to the volume fraction of

crust produced in their models when compared to the volume of the primitive

mantle and would be consistent with a distribution coefficient of D = 1 for

water. Also, the fraction of heat producing elements extracted from the mantle

is larger than the fraction of extracted water in their models. This indicates

that the distribution coefficient used for water is larger than that used for the

heat producing elements, which Hauck and Phillips (2002) chose to be D = 0.1

in their nominal model. Therefore, the low amount of water extracted in their

models might be due to the use of a comparatively large distribution coefficient
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for water.

Assuming an initial mantle water content of 100 ppm, the extracted amount of water in

our preferred model is equivalent to a 150 m thick global surface layer, and the concentration

of water in the melt ranges from 800 to 2100 ppm. Even if only 10 % of magma is erupted

onto the Martian surface (Lillis et al., 2009), volcanic outgassing of H2O could still have

significantly contributed to the surface water inventory, strongly influencing the early climate

and increasing the habitability of early Mars.
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Figure 1 Peridotite solidus temperature as a function of pressure for six different pa-

rameterizations. Note that the fits by Herzberg et al. (2000) and Zhang and Herzberg (1994)

are valid only for pressures above 2.5 and 5 GPa, respectively.

Figure 2 (a) Stagnant lid thickness and crustal thickness as a function of time for

T 0
m=1650 K, D0

cr = 30 km, and a reference viscosity of η0 = 1018 Pas. The model does

not include dehydration stiffening of the mantle upon water extraction. When the stagnant

lid thickness Dl equals the crustal thickness, crustal erosion sets in and crustal growth is

limited by Dl. (b) Upper mantle temperature Tm, core temperature Tc and lower crustal

temperature Tcr as a function of time for the same model. (c) Heat flux out of the mantle

into the stagnant lid ql, out of the core qc, and surface heat flux qs as a function of time

for the same model. (d) Normalized bulk water content XH2O as a function of time for the

same model. (e) Crust production rate as a function of time. (f) Location and extent of

the meltzone (shaded) as a function of time. As a reference, the extent of the stagnant lid

(solid line) and the crustal thickness (dashed line) are also given.

Figure 3 (a) Crustal thickness Dcr as a function of time for different initial mantle

temperatures T 0
m and a reference viscosity of η0 = 1019 Pas. No primordial crust is assumed.

(b) Crustal thickness Dcr as a function of time for different reference viscosities η0 and an

initial upper mantle temperature T 0
m of 1700 K. No primordial crust is assumed.

Figure 4 (a) Eroded crustal fraction in percent of the present day crustal thickness as

a function of initial upper mantle temperature T 0
m for different reference viscosities η0. No

primordial crust is assumed. (b) Same as (a), but with a primordial crust of 30 km thickness.

Figure 5 (a) Fraction of crust in percent produced before 500 Myr as a function of initial

upper mantle temperature T 0
m for different reference viscosities η0. No primordial crust is

assumed. Values greater than 100 % indicate models with vigorous crust production before

500 Myr which is eroded afterwards. The dashed line indicates the lower limit of the

admissible range. (b) Same as (a), but including a primordial crust of 30 km thickness.

(c) Present day crustal thickness as a function of initial upper mantle temperature T 0
m for

different reference viscosities η0. No primordial crust is assumed. Dashed lines indicate

the admissible range of crustal thicknesses. (d) Same as (c), but including a primordial
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crust of 30 km thickness.

Figure 6 (a) Minimum present day temperature difference between the solidus of peri-

dotite and an uprising mantle plume as a function of initial upper mantle temperature T 0
m

for different reference viscosities η0. No primordial crust is assumed. (b) Distance which

mantle plumes would have to penetrate into the stagnant lid from below to

initiate decompression melting in percent of the stagnant lid thickness as a function of

initial upper mantle temperature T 0
m for different reference viscosities η0. Melting is assumed

to take place in a region of locally thickened, thermally insulating crust, such that plume

temperatures are increased by 100 K. No primordial crust is assumed.

Figure 7 (a) Ratio of measured (Taylor et al., 2006) to calculated abundance of potas-

sium in the Martian crust. No primordial crust is assumed. Dashed lines indicate the

spatial standard deviation of the measurements. (b) Same as (a), but including a

primordial crust of 30 km thickness.

Figure 8 (a) Stagnant lid thickness and crustal thickness as a function of time for

the nominal model including dehydration stiffening with T 0
m=1650 K, D0

cr = 30 km, and

ηwet = 1018 Pas. (b) Upper mantle temperature Tm, core temperature Tc and lower crustal

temperature Tcr as a function of time for the same model. (c) Heat flux out of the mantle

into the stagnant lid ql, out of the core qc, and surface heat flux qs as a function of time

for the same model. (d) Normalized bulk water content XH2O as a function of time for the

same model. (e) Crust production rate as a function of time. (f) Location and extent of

the meltzone (shaded) as a function of time. As a reference, the extent of the stagnant lid

(solid line) and the crustal thickness (dashed line) are also given.

Figure 9 (a) Ratio of measured (Taylor et al., 2006) to calculated abundance of potas-

sium in the Martian crust for models with dehydration stiffening. The dash-dotted line

represents a model without a primordial crust and solid lines represent models with a pri-

mordial crustal thickness of D0
cr = 30 km. The enrichment factor Λ of heat producing

elements in the primordial crust has been varied. Also, the corresponding fraction fp of ra-

dioactive elements in a primordial crust of D0
cr = 30 km thickness with respect to the mantle

is given. The two horizontal lines mark the limit given by the spatial standard derivation of
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measurements of K on the Martian surface (Taylor et al., 2006).
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Table 1: Parameters used in this study.

Variable Physical Meaning Value Units

Rp Planetary radius 3390×103 m

Rc Core radius 1550×103 m

g Surface gravity 3.7 m s−2

Ts Surface temperature 220 K

∆Tcm Initial core-mantle temperature difference 300 K

ρcr Crustal density 2900 kg m−3

ρm Mantle density 3500 kg m−3

ρc Core density 7200 kg m−3

ccr Magma heat capacity 1000 J kg−1 K−1

cm Mantle heat capacity 1142 J kg−1 K−1

cc Core heat capacity 840 J kg−1 K−1

ǫm Ratio of mean and upper mantle temperature 1.0

ǫc Ratio of mean and upper core temperature 1.1

R Gas constant 8.3144 J K−1 mol−1

Tref Reference temperature 1600 K

A Activation Energy 3×105 J mol−1

kcr Crust thermal conductivity 3 W m−1 K−1

km Mantle thermal conductivity 4 W m−1 K−1

κ Mantle thermal diffusivity 10−6 m2 s−1

α Thermal expansion coefficient 2×10−5 K−1

Racrit Critical Rayleigh number 450

L Latent heat of melting 6×105 J kg−1

u0 Convection speed scale 2×10−12 m s−1

X0
H2O Initial mantle water content 100 ppm

Dl0 Initial stagnant lid thickness 50 km
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Table 2: Results for models including dehydration stiffening for different initial upper mantle temperatures

T 0

m and primordial crustal thicknesses D0

cr. For models including a primordial crust, the crustal enrichment

factor Λ is also given. For each model, the final crustal thickness D4500

cr , the fraction f500

cr of crust produced

before 500 Myr, the minimum temperature difference ∆Tmin between the peridotite solidus and uprising

mantle plumes, the distance mantle plumes need to penetrate into the stagnant lid to initiate decompression

melting expressed as a fraction of the stagnant lid thickness f = 1−Dmelt/Dl, the same fraction assuming a

locally heated mantle f100, the fraction of extracted water from the mantle fH2O and the ratio of calculated

and measured potassium Kca/Kme on the Martian surface are given.

T 0
m [K] D0

cr [km] Λ D4500
cr [km] D500

cr [%] ∆Tmin [K] f [%] f100 [%] fH2O [%] Kca/Kme

1600 0 15 80 275 71 48 23 3.51

1650 0 33 86 293 72 51 42 1.94

1700 0 64 88 334 78 58 60 1.21

1600 30 5 41 96 298 78 55 18 1.35

1650 30 5 59 93 312 77 56 41 1.16

1650 30 1 65 89 308 77 55 49 1.07

1700 30 10 88 93 367 85 66 59 0.96

1700 30 20 76 99 411 89 71 47 1.16
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Research Highlights

• We model the thermal and crustal evolution of Mars.

• Crustal recycling is common due to low mantle viscosities and an insulat-
ing crust.

• Observations suggest a primordial crust and low initial mantle tempera-
tures.

• Dehydration stiffening of the mantle favors recent volcanism.

• Water extraction from the mantle is efficient and can exceed 40 %.
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