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We developed a new three-dimensional electromagnetic time domain technique to invert 32 years of magnetic monthly mean values from 120 geomagnetic observatories to image the mid-lower mantle. A preliminary global analysis of the data provided a source field model and an initial one-dimensional (1-D) conductivity profile for the inversion. The 1-D analysis showed that monthly mean magnetic data could resolve the lower mantle conductivity structure in the depth range ∼ 900 -1400 km. We run a series of synthetic data inversion to test the approach. The inversion of the true data with different initial conditions and different fractions of the data set was found fairly stable. Regions of low and high conductivity values were identified. The most resistive structures are beneath the Australian region, near Japan, North and Central America while highly conductive structures are identified beneath Eastern Africa and Eurasia. Some of these significant variations in the lower mantle conductivity are well correlated with structures in seismic tomography model. The uncorrelated features suggest

Introduction

Estimates of the lateral variations of Earth's properties in the lower mantle come mainly from global seismic tomography. While great progress in lower mantle seismology models have been achieved recently (e.g., [START_REF] Romanowicz | Global mantle tomography: progress status in the past 10 years[END_REF], interpretation of the seismic velocity anomalies in terms of thermodynamical and petrological parameters of the mantle is uncertain and needs additional information. The only other mean to directly probe the physical properties of the lower mantle is geomagnetic and geoelectric deep sounding to obtain the electrical conductivity. Conductivity is thermically active and sensitive to small amount of conducting material such as partial melting or water. Very recent progress in global and regional induction studies of the three-dimensional (3-D) earth provides new upper mantle conductivity models that may be quantitatively compared with other geophysical parameters (e.g., [START_REF] Kelbert | Global electromagnetic induction constraints on transition-zone water content variations[END_REF]Utada et al., 2009). Most of known information on the lower mantle conductivity comes from one-dimensional (1-D) induction studies [START_REF] Schultz | On the electrical conductivity of the midmantle: II. Delineation of heterogeneity by application of extremal inverse solutions[END_REF][START_REF] Semenov | Model of the geoelectrical structure of the mid-and lower mantle in the Europe-Asia region[END_REF]Utada et al., 2003) and mineral physics (e.g., Shankland et al., 1993;[START_REF] Katsura | Electrical conductivity of perovskite at lower-mantle conditions[END_REF]Xu et al., 2000). From these studies a body of evidence has been assembled that suggests that the lower mantle is electrically heterogeneous.
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A c c e p t e d M a n u s c r i p t A number of aspherical 3-D induction solutions have been developed in the last decade to address the issue of global heterogeneous mantle conductivity (see Kuvshinov, 2008, for a review) and a global inverse solution is recently proposed by [START_REF] Kelbert | Non-linear conjugate gradient inversion for global EM induction: resolution studies[END_REF]. [START_REF] Kelbert | Global electromagnetic induction constraints on transition-zone water content variations[END_REF] are the first to propose a 3-D conductivity model of the uppermost lower mantle. The progress has been possible thanks to great improvement in computing systems and to increasingly larger data source, including satellite data. While the later are not yet included in 3-D inversion, the observatory data are being compiled for this purpose.

To infer conductivity distribution at lower mantle depth implies the use of very long reliable time series of geomagnetic and geoelectric data. Geomagnetic observatory data , geoelectric and geomagnetic time series or recent satellite magnetic data have been analyzed to obtain reliable geomagnetic data at the longest possible periods, typically a few months to 1 year (e.g., Egbert and Booker, 1982;[START_REF] Fujii | The 3D electromagnetic response of the earth to ring current and auroral oval excitation[END_REF][START_REF] Kuvshinov | A global model of mantle conductivity derived from 5 years of CHAMP, Oersted, and SAC-C magnetic data[END_REF]. At these periods, the external time-varying magnetic field induces electric currents down to the mid lower mantle that in turn produce an internal magnetic field observable at the earth surface.

The time-varying geomagnetic field at these long periods is actually the superimposition of two types of sources, the internal secular variation of the main geomagnetic field by the earth's core dynamics and the interaction, external to the earth, between the sun and the main geomagnetic field. The external sources are organized at and within the boundary between the solar wind and the magnetic field [START_REF] Courtillot | Time variations of the earth's magnetic field: from daily to secular[END_REF]. When measured at the earth surface, the external magnetic field may be described with A c c e p t e d M a n u s c r i p t simple geometry [START_REF] Banks | Geomagnetic variations and the electrical conductivity of the upper mantle[END_REF] namely an uniform continuously varying field which source is the ring current and two harmonic fields of period 6 months and 1 year. The field is also modulated by the 11 years period of solar activity. The external magnetic field induces electric currents in the conducting earth which in turn produces a magnetic field of internal origin. The later is a function of electrical conductivity to a maximum depth controlled by the skin effect. Electromagnetic (EM) induction analysis consists of the determination of the internal induced field and its interpretation in terms of conductivity structure.

We analyzed 32 years of monthly mean values of the geomagnetic field observatories have been running for less than 32 years. Furthermore while an observatory is in operation, the control of the baseline to maintain continuity over time may have been uneven, creating spurious behavior in the data. Second, the geographical distribution of the observatories (Figure 1) limits considerably our ability to recover accurately the SH spectral coefficients related to mantle heterogeneity. The approach proposed here limits the spatial global analysis and attempts to match the actual time series at each observatory.

The source field and the 1-D earth

Data analysis

We assembled a new global data set of geomagnetic observatory monthly mean values (Table 1) from 1958-1990 (Figure 2). The data sources are the IAGA yearbooks and the national observatory archives. The data spatial distribution is given in Figure 1. The geomagnetic main field and secular variation model of [START_REF] Jackson | Four centuries of geomagnetic secular variation from historical records[END_REF] was removed from data. Spurious effects in the time seris are detected by time differencing the field (TDF).

The TDF is also a high-pass filter that weights down long period residuals of the secular variation as well as the longest external source field such as the 11 years sun cycle. The TDF data file were edited. We inspected all the files to remove data with any spurious behavior. The editing was first carried out by hand with plot control. In general, we flagged any suspicious behavior in terms of continuity and lack of homogeneity in a given time series component compared to the other components and to observatories nearby (when existing). Whenever possible, we controlled the coherence between A c c e p t e d M a n u s c r i p t a given component at an edited observatory with the same component at close observatories with no flagged values. At the end of the editing process, the final time series at some observatories were reduced and included gaps.

Finally, three observatories (las, sba, crp, see Table 1) were removed from the database because of unclear and maybe spurious time changes in their time series.

In the period range of our time series, the external magnetic field may be described to a good approximation by a small number of SH coefficients [START_REF] Banks | Geomagnetic variations and the electrical conductivity of the upper mantle[END_REF]. The continuum field and the 6 months harmonic field may be described by the first (degree l = 1) SH while the 12 months SH field is well described by the second spherical harmonic (degree l = 2). While higher odd spherical harmonic terms are also expected, the corresponding energy seems to decrease rapidly with the SH degree [START_REF] Courtillot | Time variations of the earth's magnetic field: from daily to secular[END_REF]. The skewness in the geographic distribution of the observatories is a major limiting factor in the derivation of the SH coefficients, particularly the internal field resulting from the mantle heterogeneities. Only the lowest order terms are in general accurately recovered because of the simple geometry of the source field. So we limited the SH analysis to degrees and orders up to 3.

Because the dominant dipole part of the geomagnetic field is tilted with respect to the geographic equator, it is best to analyse the data in the geomagnetic coordinate system. We used the 1960-1990 IGRF dipole to rotate the observatory locations and the horizontal magnetic components in this reference frame.

The global analysis approach takes stock of the simple geometry of the Page 7 of 42 A c c e p t e d M a n u s c r i p t source field to model the external field and the corresponding internal induced field. At and above the earth surface, the magnetic field is curl free and derive from a scalar potential V = V e + V i (V e external and V i internal).

V (r, θ, ϕ, t) = a lmaxe l,m (r/a) l V m el (t)Y m l + a lmax i l,m (a/r) l+1 V m il (t)Y m l (1)
where V m l are the SH coefficients of V . The function Y m l (θ, ϕ) is the spherical harmonic of degree l and order m at geomagnetic colatitude θ and longitude ϕ. The coefficient a is the earth radius and r the radius. The maximum degree of SH expansion lmax i is equal to lmax e for a spherically symmetric 1-D earth and larger for the 3-D case. The field B is obtained by taking the gradient of (1)

At each time step (one month) of the time series from 1958-1990, the potentials V e and V i were fitted to the observatory data in geomagnetic coordinates using Eq. 1. We tested various SH expansion models (lmax = 1 -3 for the external field and lmax = 1 -7 for the internal field). The system

(1) for the magnetic field B was solved with a damped weighted robust least square method that minimizes:

M = N o W o Σ -2 | B o -B c | 2 + λ l,m l|V m el | 2 + (l + 1)|V m il | 2 (2)
The subscripts o and c stand for observed and computed values. The first term in the right hand side of the equation is the misfit function. The weights W o were obtained using the formalism proposed by [START_REF] Mochizuki | Spherical harmonic analysis in terms of unevenly distributed observation points and its applications to geomagnetic data[END_REF] to make the observatory distribution uniform on average. The value Σ normalizes the field values to non-dimensional data and is taken arbitrarily equal A c c e p t e d M a n u s c r i p t to 1 nT . The second term is the magnetic energy times λ, the damping parameter.

In spite of gaps in the time series either because the observatory was not running or because data were discarded, at any given time step there were data available from about simultaneous 60 observatories in the early years up to 115 in the latest years. We also tested the influence of the auroral observatories (geomagnetic latitudes larger than ±65 o deg). We found that lmax = 3 provided a good fit on average to all observatories including the auroral's. In contrast, at periods shorter than 2 months [START_REF] Fujii | The 3D electromagnetic response of the earth to ring current and auroral oval excitation[END_REF] observe a strong auroral current effect down to rather low latitudes.

We observe that this effect seems to vanish at our longer periods. The dominant zonal SH coefficients (l = 1 -3) are shown in Figure 3. As expected, the ring current signal and the 6 months period field is dominant on P 0 1 while the 12 months period field is dominating the P 0 2 geometry. Note that these coefficients are for the TDF's so the 11 years sun cycle is only marginally visible.

The one-dimensional earth

In spherically symmetric approximation the ratio Q = V i /V e in the frequency domain and at a given SH degree and order is the 1-D earth response function (e.g. [START_REF] Banks | Geomagnetic variations and the electrical conductivity of the upper mantle[END_REF]. The value Q as a function of frequency (or period) is used to obtain a 1-D conductivity profile of the earth. The dominant P 0 1 term is used because of its high signal over noise ratio. We obtained Q from the processing of the internal and external P 0 1 time series with a standard robust approach (Chave and Thompson, 1999). Prior to processing the periods 6 and 12 months were filtered out. The Q values were converted into 8

A c c e p t e d M a n u s c r i p t the classical induction length C (e.g. [START_REF] Olsen | Induction studies with satellite data[END_REF]. The C values are listed in Table 2.

We used a non-linear inversion scheme [START_REF] Hautot | The deep structure of the Baringo Rift basin (central Kenya) from 3-D magneto-telluric imaging: Implications for rift evolution[END_REF] adapted for a spherical symmetric solution to infer the a posteriori pdf on the conductivity model that best fit the data. The fit to the data is measured with a misfit function M of the form:

M = N f Σ -2 |C o -C c | 2 + λ i,j [log(σ i /σ j )] 2 (3) 
where the subscripts o and c stand for observed and computed. The first term in the right hand side of the equation is a χ 2 misfit. The value Σ is the standard deviation (Table 2). The regularisation (second term) damped by the parameter λ is based on the minimisation of the conductivity constrast between two different layers i and j.

The absolute minimum of χ 2 is χ 2 = 12.2 for this set of data and was obtained for a Dirac distribution of conductances [START_REF] Parker | The inverse problem of electromagnetic induction: Existence and construction of solutions based on incomplete data[END_REF] (Figure 4).

In our inversion, the earth was parametrized with a series of homogeneous shells to find the depth range resolved by the data. A datum (here

Q or C)
is representative of a certain depth approximatively given by the real part of C (Weidelt , 1972) We tested this estimation with models with different numbers of layers between 0-2400 km in depth. We observed that the data set were mostly sensitive to the conductivity in the depth range ∼ 1000 -1400

km. An example of an a posteriori pdf is presented in Figure 4a for a model with 5 layers. For this model the minimum misfit is 13.8. The conductivity is well resolved only between ∼ 1000 -1400 km with a value close to ∼ 7 S/m. The data are weakly or not sensitive to the upper mantle conductivity.
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A c c e p t e d M a n u s c r i p t

Between 660 -1000 km, the conductivity may have any values less than ∼ 0.1 -0.6 S/m and below ∼ 1400 km any value less than ∼ 3 -10 S/m.

The deepest part of the mantle is conductive but its conductivity is not resolved either.

While the purpose of this analysis is mainly to prepare the subsequent 3-D inversion of the data, it is worth noting the large average conductivity value (∼ 6 -7 S/m) in the depth range ∼ 900 -1500 km. This value is in general agreement with other global studies (see [START_REF] Kuvshinov | A global model of mantle conductivity derived from 5 years of CHAMP, Oersted, and SAC-C magnetic data[END_REF], and references herein) (Figure 4b). The conductivity value is also in agreement with the estimate of the mean mantle conductivity obtained by [START_REF] Mandea Alexandrescu | An estimate of average lower mantle conductivity by wavelet analysis of geomagnetic jerk[END_REF] deduced from the study of the diffusion through the mantle of the geomagnetic secular variation impulses. Depending on the thermodynamical conditions of the lower mantle (mineralogy, temperature, iron content, minor phase), mineral physics studies lead to large ranges of conductivity values (Verhoeven et al., 2008). Our estimates would suggest a hot mantle and/or large iron content.

Three-dimensional inversion

We have developed (Tarits et al., 1992) steepest descent approach adapted from the work of [START_REF] Beiner | Analysis in phases of diffusion PI-C-12 beneath 300 MEV[END_REF]. The gradients with respect to the parameters are not needed with this algorithm at a cost of a large number of calls to the forward solver. The number of calls is at least 10-20 times the number of parameters seeked in the inversion.

The misfit function M writes now:

M = N o t W o Σ -2 | B o -B c | 2 + λ i,j [log(σ i /σ j )] 2 (4)
The term B is the vector magnetic field (o for observation and c for calcu- parameter is adjusted so that the damped reguralisation is smaller than the misfit. As a result, while the models obtained are not necessarily smooth, they do not exhibit spurious large conductivity contrasts.

One call to calculate the quantity M consists of the calculations of the induced field for all source field SH coefficients at all frequencies needed to restore the magnetic field time series at the earth surface. It is added to the external field and the total field is Fourier and Legendre transformed back into time and space domains at all observatory locations to calculate M .

Note that all the calculations are carried out in the geomagnetic reference frame. The total number of data is:

N T = 3 N o i N t (i) (5) 
where N t (i) is the number of data points in the time series at observatory i.

The value of N T ranges from 48, 000 -110, 000 depending on the type of tests done on data inversion.

In order to obtain some benchmark for the approach proposed, we carried out a series of runs with synthetic data. The conductivity model considered was derived from the 1-D analysis presented before. A total of 4 layers over a homogeneous core were considered (Table 3). Only layer 3 is heterogeneous.

We designed a conductivity model with a checkerboard structure in layer were synthetised on a grid much finer than the grid used for the inversion.

We ran tests with different grids, different mesh sizes for the checkerboard and different inversion grids. Here we present a selection of results with the following characteristics. The data were synthesized on a 48x24 grid and the EM field computed with a maximum SH degree and order of 17. The checkerboard model has 16x8 meshes (Figure 5). The inversion grid is either the same size (Figure 5) or has 24x12 meshes (Figure 6). For the inversion the maximum SH degree and order was 9.

In the first example (Figure 5), the inversion grid is identical to the 

Inversion of the observatory data

The inversion was initiated with a starting conductivity model identical to the initial model used in the study with synthetics. Again only layer 3 between 900 and 1400 km was heterogeneous. The analysis with the synthetic data suggested to use a 24x12 inversion grid and a maximum SH degree and order of 9. The parameters for the inversion are the conductivity in the 288 cells. Optionally, the conductivity in layer 1, 2 and 4 as well as their depth could be included in the inversion.

We carried out a series of inversion with different initial models and different sets of data. In all inversions, the regularisation term in (3) was set to about 1-10 % of the misfit term. In all trials, we observed that the auroral observatories could not be well fitted in spite of the presence of the 6 months and 1 year source terms. As a result, we removed 5 observatories with geomagnetic latitudes higher than ±75 o deg (Table 1). Note that the data set is in the geomagnetic reference frame for the inversion.
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All runs led to similar patterns in the conductivity structure. A typical run is presented in Figure 7. The 1-D initial model explained a large fraction of the time series, in particular the North component X which carries a dominant source field. The inversion was stopped when no significant changes were observed, roughly after ∼ 5000 calls to the forward solver. The misfit decreases monotonically with regular jumps when a general new conductivity pattern is obtained. The occurrence of this pattern is visible in the regularisation parameter. This pattern is obtained after all directions for all parameters have been explored and the steepest slope found for the misfit function M . We found the Y component the most difficult to fit (Figure 8). In the equatorial region, the Y amplitude is quite large compared to the model response. There might be some source field residual. The X component is in principle not very discriminatory for the conductivity structure because the source field is dominant in this component. But it is in general very accurately measured and is therefore very useful. Both components Z and Y carry a large fraction of the induced signal and are therefore discriminatory although Z is in general more noisy than the horizontal components.

These observations are summarized in Figure 9. The values presented in Figure 9 are the differences between the rms of the final solution and the rms of the starting 1-D solution for each observatory. The rms is defined by:

rms = 3 N T N o t Σ -2 | B o -B c | 2 (6)
for each component X, Y, Z. Most of the rms decrease is observed in Z while in several stations X may increase, probably in relation with uncertainties in the source field. It is difficult to estimate the impact of the source field The results discussed below suggested that this impact might be small.

We present two cases with different runs. The first case (Figure 10) results in models with two different initial 1-D conductivity values in layer 3 (6.1 S/m and 1.8 S/m). In the second case (Figure 11) we split the data in two.

One resistive than the final model with an initial value of 6.1 S/m. We have averaged the two models (Figure 10). In a given mesh, the conductivity value σ is the arithmetic mean of the conductivity from both models. We calculated the relative difference ∆ in each mesh of the grid between both models as follow:

∆ = |σ 1 -σ 2 |/σ (7)
where σ 1 and σ 2 are the conductivity value in one mesh for each model.

Page 17 of 42

A c c e p t e d M a n u s c r i p t

These relative differences (Figure 10) are the largest in the polar region and in areas with no data. The pattern in the relative difference map is however complicated. Some regions with no data inside but with data on the border have weak differences while regions with some data inside have significant values. These differences are probably caused by several factors, the maximum SH degree cut off, the distribution of observatories as well as a moderate level of regularisation in the misfit function M in equation ( 3).

In case 2 (Figure 11), the final model with the 1958-1974 data set is the result of a smaller number of observatories ( 60-90) and shorter time series than for the 1974-1990 data set ( 80-110 observatories). The model is also smoother than the model obtained with the 1974-1990 data set although all the main features are observed in both models. One likely contribution to the differences between the 1958-1974 and 1975-1990 models comes from the uncertainty in the source field model used. The comparison between these models and the full data set model in Figure 11 showed that both 1958-1974 and 1975-1990 data contributed.

Discussion

On the basis of the analysis carried out with synthetic data, we attempted to draw some conclusions about the resolution and uncertainty in the lower mantle (LM) conductivity model we obtained. Despite the uneven distribution of observatories, the synthetic tests showed that LM conductivity contrasts were correctly recovered. The conductivity structures were grid dependent and smeared over the actual LM bodies. Furthermore, the resistive regions tended to be undershoot. On the bright side, the stability observed The conductivity value obtained from the inversion of induction data is in principle absolute although not necessarily well resolved. The value is representative of the conduction mechanism in the lower mantle. There is some sense to discuss the conductivity distribution in terms of high and low values compared to a mean 1 S/m (Figure 12). A number of 1-D global studies [START_REF] Kuvshinov | A global model of mantle conductivity derived from 5 years of CHAMP, Oersted, and SAC-C magnetic data[END_REF] shows a value of 1-2 S/m for the mean conductivity in the 1000-1500 km range. Mineral physics studies, using average mantle temperature and composition conditions, show similar values (e.g., Xu et al., 2000).

The resistive regions in the model are likely to show values too low if we referred to the synthetic analysis. We do not really know by how much the value is too low. It could be a factor of 2 or 3 according to the results
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A c c e p t e d M a n u s c r i p t presented in Figure 6. In contrast, the synthetic analysis showed that the conductivity in high conductivity regions (Figure 6) should be of the right value. Some of the conductivity values are large (more than 10 S/m) which agreed with the 1-D conductivity profile obtained with the global earth response of Table 2. Eventually, what might probably be the most robust parts of the models in Figure 12 are the high and low conductivity regions but their exact size, shape and conductivity could not be very well defined.

The worldwide variability of our conductivity values are in agreement with the few deep 1-D conductivity profiles obtained with different type of EM data (Egbert and Booker, 1982;[START_REF] Schultz | Conductivity discontinuities in the upper mantle beneath a stable craton[END_REF][START_REF] Semenov | Model of the geoelectrical structure of the mid-and lower mantle in the Europe-Asia region[END_REF]Utada et al., 2003). We observed significant discrepancies between our model and the conductivity distribution proposed by [START_REF] Kelbert | Global electromagnetic induction constraints on transition-zone water content variations[END_REF] in the same depth range. Their model shows a weaker conductivity contrast

(1 log unit or less) than our model. This result is not surprising given the widely different approach used, in particular for the smoothing parameterization and the fact that our technique may produce conductivity too low in resistive areas. More problematic is the absence of some of our prominent features in Kelbert et al.'s model. For instance, the Australian low does not exist neither does the Japan low. In contrast, our models are in good agreement from Southern Europe to Middle East as well as Eurasia. One possible explanation lays in the short period data set (maximum period 100 days) used by [START_REF] Kelbert | Global electromagnetic induction constraints on transition-zone water content variations[END_REF]. Their longest period is approximatively our shortest period (Table 2). The short period data ought to be only marginally sensitive to structures at depths more than 1200 km which may explain our agreement in areas with many high quality observatories.

A c c e p t e d M a n u s c r i p t

Lateral variation of seismic velocity and electrical conductivity result from temperature and compositional changes in the mantle in relation with global geodynamics. [START_REF] Kelbert | Global electromagnetic induction constraints on transition-zone water content variations[END_REF] observe some degree of correlation between conductivity and seismic tomography models in the upper mantle transition zone. Good correlation or more precisely anti-correlation is expected when temperature variations are the leading process in a dry mantle (Shankland et al., 1993;Utada et al., 2009;Verhoeven et al., 2008). When temperature increases, the velocity decreases while the conductivity increases.

Several tomography models of the mid-mantle are available (e.g. [START_REF] Becker | A comparison of tomographic and geodynamic mantle models[END_REF][START_REF] Romanowicz | Global mantle tomography: progress status in the past 10 years[END_REF]. [START_REF] Becker | A comparison of tomographic and geodynamic mantle models[END_REF] have synthetized the common large scale features observed in P-wave and S-wave models into mean models reproduced in Figure 13 A weak correlation between high conductivity and seismic velocity may be attributed for instance to water effect [START_REF] Koyama | Water content in the mantle transition zone beneath the North Pacific derived from thej electrical conductivity anomaly[END_REF].

We are getting close to obtain conductivity models that could be quantitatively compared to seismic data as well as geodynamic models. Some more work is still necessary to ascertain the full robustness of the features observed in Figures 1213. There is also the need to estimate as precisely as possible the uncertainty in the conductivity parameters. Last but not least,

we should be able to provide some description of the conductivity variation with depth if the data allowed it. The obvious step forward to address these questions is to update our database with observatory data from 1991-present.

Conclusion

We analyzed 32 years of magnetic monthly mean values from a worldwide 

  recorded at 120 geomagnetic observatories to obtain a new conductivity model of the mid-lower mantle. The strategy and methodology presented in this study were designed to analyze and model the observatory data to recover the lateral variation of lower mantle conductivity. The approach followed three steps. First, the data were globally analyzed to obtain a robust estimate of the external source field time series. Then, we carried out a 1-D inversion of the response function between the internal field and its dominant external dipole source. The 1-D conductivity profile was analyzed to infer the depth resolution of the data set and used as an initial model in the subsequent 3-D inversion. Finally, we ran a new 3D inversion scheme to derive the mantle electrical conductivity in the depth range acknowledged by the 1-D resolution analysis. The 3-D inversion was carried out in time and space domain. The rational to use a time and space domain approach compared to the usual spectral and spherical harmonic (SH) domain techniques was twofold. First, data are of various quality and duration. Several Page 5 of 42 A c c e p t e d M a n u s c r i p t

  a forward 3-D spherical solver for induction to study the detectability of 3-D mantle conductivity (e.g.,Tarits, 1994;[START_REF] Grammatika | Contribution at satellite altitude of electromagnetically induced anomalies arising from a three-dimensional heterogeneously conducting earth, using Sq as an inducing source field[END_REF]. This solver was now implemented in an inversion algorithm adapted from the 3-D plane wave inverse solution of[START_REF] Hautot | The deep structure of the Baringo Rift basin (central Kenya) from 3-D magneto-telluric imaging: Implications for rift evolution[END_REF]. The forward solver is in the frequency domain and calculates the electromagnetic (EM) field for an external (or internal) magnetic source input by its SH coefficients at a given frequency. The earth is parametrised Page 11 of 42 A c c e p t e d M a n u s c r i p t by a stack of shells which may be either homogeneous or laterally heterogeneous. The stack is limited downward by a homogeneous spherical core. In each heterogeneous shell, the electrical conductivity is given on a 2-D spherical grid. The conductivity is always in the space domain while the EM field is transformed forward and backward between space and SH domains in the numerical solution. The computed field is provided in the SH domain.The inversion is based on the non-linear minimization of a misfit function M between the observed magnetic field and the computed magnetic field time series at each observatory plus a damping term to smooth the conductivity contrasts. The computed field is the response function of the conductivity model to the observed source field obtained before and used as forcing terms in the 3-D forward solver. The inversion technique minimizes M with a

  lated). The weight W o are the same as in (2). The value Σ is the standard deviation taken here equal to 1nT . The sum is over the number of observatory N o and all time steps t. The regularisation term is the sum squared of all the log-conductivity contrasts in the model. The subscripts i and j designate the conductivity value in either cell or layer i or j. The damping A c c e p t e d M a n u s c r i p t

3

  with the lowest conductivity values equal to the 1-D conductivity value (6.1 S/m) divided by √ 10 and the highest value equal to that 1-D conductivity times √ 10. The conductivity in layer 1,2 and 4 are those listed in Table3. We simulated the magnetic field time series at all observatories and added 1 nT of noise. The source field is the one described in the previous section. The data

  checkerboard model. The resulting inverse solution is very good despite the uneven distribution of data over the map. The polar regions however are not well recovered. During the inversion process (not shown here), the conductivity model was recovered progressively from the equatorial region to the polar regions in relation with the strength of the source field. In the second example presented in this study, the inverse grid was finer than the checkerboard model. As a result, the inverse grid did not coincide with the checkerboard's. The inverse solution in Figure6is therefore much more patchy than in the previous example. Again, the model recovery was driven by the equatorial-polar trend during the inversion. The final model in Figure 6 has not reproduced the polar regions at all. The areas with data are recovered with obviously some spreading of the conductivity values where the inverse grid meshes are over the boundary of two checkerboard meshes. In general, the conductivity contrast are well recovered when data are over such a boundary. The model has overshoot values in resistive regions. The synthetic models were designed to test the ability of the time and 13 A c c e p t e d M a n u s c r i p t space domain algorithm to recover conductivity structures in the depth range 900-1400 km with synthesized observatory data. The tests run with various checkerboard sizes and inversion grid led to similar results. With coincidental grids, the model was always well recovered. The inversion with a grid that encompassed checkerboard mesh borders led to smeared structures which nevertheless agree reasonnably with the original conductivity distribution in areas with data. Finally we observed that the resistive regions were in general too resistive, an overshoot resulting from the sharp conductivity contrast between two checkerboard meshes.

  results. One possibility is to use different parts of the data time series because the source field is calculated independently at each time step.

  set was from 1958-1974 and the second set was from 1975 to 1990. Both inversion started with a value of 1.8 S/m in layer 3. The models in Figures 10-11 are presented without any interpolation. We also tested (not shown here) the influence of the conductivity values in layer 1, 2 and 4 as well as the thickness of layer 3 with a run in which these parameters were included in the inversion. The conductivity values in those layers were unstable and varied according to the pattern in Figure 4. The thickness changed by about 50-100 km without change in the layer 3 conductivity structure. In case 1 (Figure 10), we observed that the largest scale structures were always reproduced with slightly different conductivity values. The conductivities were somehow dependent on the choice of the initial values. The final model with an initial conductivity value of 1.8 S/m in layer 3 is overall more

  Figure 10. We expanded the conductivity values in SH and we recalculated the conductivity distribution for different ranges of SH degrees and orders to outline the structures that dominated at long wavelength. There are several salient features in this model. We observe areas of low conductivity beneath the Australian region, Western Africa, near Japan, North and Central America. High conductivity is observed in Eastern Africa, South-East Asia and Eurasia. The low conductivity values observed in the Pacific ocean seems resolved while the N-S extension of the Western Africa low conductivity region is probably an artefact caused by the very small number of observatories along the African coast.

  at 1220 km depth. Here we only show the longest wavelengths in the models (l = 1-9) for comparison with the conductivity model. For this comparison, we selected the model with the SH expansion form l = 1-7 (Figure12) because the most abrupt conductivity constrasts are filtered out. Qualitatively, our mid-mantle conductivity model (Figure13) shows some large scale common low conductivity-high velocity features with the tomography models, particularly beneath North and Central America, partly beneath South Astralia and to a less extent in South Africa, Japan, India and the Eastern part of Europe and North Africa. Common high conductivity -low velocity regions are observed as well in East Africa, part of Asia and Pacific though the later region was poorly constraint by a few observatories. Among the regions wtih reverse trends (i.e. high conductivity -high velocity or vice versa), we note the Indonesian region, Central Australia as well as the Western part of Europe and North Africa. A word Page 21 of 42 A c c e p t e d M a n u s c r i p t of caution is necessary. For instance, the quasi orthogonal trend observed in the South Atlantic near Africa (NW-SE in the conductivity model and NE-SW in the tomography models) may be the simple result of no magnetic observatory in the South Atlantic. In contrast, the trends observed in areas with observatories are probably robust. Hence, no correlation could be an indication of processes that act differently on conductivity and seismic velocity.

  set of geomagnetic observatory to infer the lower mantle electrical conductivity. Data were processed and inverted in the time and space domain and a vertically averaged laterally heterogeneous conductivity model in the depth range 900-1400 km was obtained. Large scale structures were revealed. Conductivity values vary by more than one order of magnitude between resistive regions and conductive domains. Several inversions were run on synthetic A c c e p t e d M a n u s c r i p t and real data to explore the stability of the inversion and to obtain clues about model resolution. The conductivity changes in the lower mantle may be partly due to temperature and iron content changes when correlated to tomography models. Otherwise, other processes should be involved. The interpretation is limited by the lack of mineral physics studies of conductivity enhancement of lower mantle minerals by minor phases such as water or carbonates. Eventually, the robustness of our findings should be tested further with long data time series including the magnetic monthly mean values from 1991-present. However, while the most recent data are of improved quality in terms of measurement precision and baseline reliability, there are fewer observatories than before and major threats exist to close some of them. Finally, many more years of satellite data are necessary to obtain geomagnetic fields at periods long enough to probe the deep mantle.

Figure 2 :

 2 Figure 2: Data duration for each observatory (horizontal black line).

Figure 3 :Figure 4 :

 34 Figure 3: Time series of the zonal (l = 1-3) spherical harmonic coefficients of the external (black) and internal (red) magnetic potentials obtained from the global SH analysis of the monthly mean data.

Figure 6 :

 6 Figure 6: Checkboard model. Bottom: original conductivity structure; Top: inverse solution. The open circles are the position of the sites where the synthetic data were synthesized. See text for details.

Figure 8 :

 8 Figure 8: Example of fit for three observatories. For each observatory, X is the north magnetic component, Y the east magnetic and Z the vertical component positive downward. The horizontal field is in the geomagnetic reference frame. The data are in black and the model in red.

Figure 10 :

 10 Figure 10: Top: Conductivity map for layer 3. This model is the average of two models obtained separately with two different 1-D starting values; Bottom: map of the relative conductivity difference (∆) between the two models. The ∆ value is the absolute value of the difference between two conductivities in one mesh divided by the mean value in that mesh. The open circles are the observatories used in the inversion and the crosses the observatories discarded (see text). The maps are in the geomagnetic reference frame.

Figure 11 :

 11 Figure 11: Maps of conductivity models obtained with data from 1958-1974 with 97 observatories (top), from 1975-1990 (middle) with 119 observatories and for the whole time series. For all 3 models, the 1-D initial conductivity value was 1.8 S/m. The maps are in the geomagnetic reference frame.
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Table 1 :

 1 List of geomagnetic observatory: IAGA code and geographical location.

	Semenov, V.Y., Jozwiak, W., 2006. Lateral variations of the mid-mantle
	conductance beneath Europe. Tectonophysics, 416, 279-288.
	Shankland,T.J., Peyronneau, J., Poirier J.-P., 1993. Electrical conductivity
	of the Earth's lower mantle. Nature, 366, 453-455.
	Tarits, P., Wahr, J., Lognonné P., 1992. Electrical conductivity hetero-
	geneities in the Mantle: correlation with mantle velocity structure. AGU,
	San Francisco, abstract.
	Tarits,P., 1994. Electromagnetic studies of global geodynamic processes.
	Surv. Geophys., 15(9), 209-238.
	Utada, H., Koyama, T., Obayashi, M., Fukao, Y., 2009. A joint interpretation
	of electromagnetic and seismic tomography models suggests the mantle
	transition zone below Europe is dry. Earth Planet. Sci. Lett., 281, 249-
	257.
	Uyeshima, M., Schultz, A., 2000. Geoelelectromagnetic induction in a het-
	erogeneous sphere: a new 3D forward solver using a staggered-grid integral
	formulation. Geophys. J. Int., 140, 636-650.
	Verhoeven, O., Vacher, P., Mocquet, A., Rivoldini, A.,Menvielle, M., Arrial,
	P.A., Choblet, G., Tarits, P., Dehant, V., Van Hoolst, T., 2009. Con-
	straints on thermal state and composition of the Earth's lower mantle

Utada,H.,

Koyama,T, Shimizu, H., Chave,A.D., 2003. 

A semi global reference model for electrical conductivity in the mid-mantle beneath the north Pacific region, Geophys. Res.

Lett., 30, 1194, doi:10.1029/2002GL016092. 

Table 2 :

 2 One-dimensional C-response for the P 1 0 geometry (geomagnetic dipole). Period (T) is in months.

	T (mo.) Re(C) km Im(C) km Σ km
	21.3	1926.8	-632.3	119.0
	16.0	1713.5	-580.7	238.5
	10.7	1693.2	-1124.6	446.6
	8.0	1523.2	-400.3	111.0
	5.3	1469.4	-370.8	73.5
	4.0	1164.7	-408.2	52.3
	2.7	1112.9	-210.3	58.9

Table 3 :

 3 Conductivity model used to synthesize the synthetic data. Layer 3 is heterogeneous (het.) .

	Layer Conductivity (S/m) Depth range (km)
	1	0.01	0-660
	2	0.1	660-900
	3	het.	900-1400
	4	3.3	1400-2400
	Core	25	-
		29	

 [START_REF] Becker | A comparison of tomographic and geodynamic mantle models[END_REF]at depth 1220 km recalculated at l = 1 -9.